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Abstract

The results of a two-dimensional flexural analysis applied to the Andean margin, which is based on the correlation

between topography and Bouguer anomaly, are here reviewed in order to characterize rigidity variations across and along

the forearc–arc transition of the Central Andes and to understand the role of the forearc in the formation of the Altiplano

Plateau. The forearc has maximum rigidities between 158 and 238S. Forearc rigidity decreases gradually southward and

sharply toward the plateau. The main orogen (elevations higher than 3000 m) is very weak along the entire Central

Andes. A semi-quantitative interpretation of these trends, based on the relationship between flexural rigidity and the

thermo-mechanically- and compositionally-controlled strength of the lithosphere, allows the following conclusions to be

made: (1) across-strike rigidity variations are dominated by the thermal structure derived from the subduction process; (2)

the forearc constitutes a strong, cold and rigid geotectonic element; (3) southward weakening of the forearc is directly

related to the decreasing thermal age of the subducted slab; (4) very low rigidities along the main orogen are caused by

the existence of a thick, quartz-rich crust with a low strain rate-to-heat flow ratio; (5) the strength of the plateau

lithosphere is localized in an upper-crustal layer whose base at ~15 km could be correlated with a P-to-S seismic wave

converter (TRAC1 of Yuan et al., 2000 [Yuan, X., Sobolev, S., Kind, R., Oncken, O. et al. 2000. Subduction and

collision processes in the Central Andes constrained by converted seismic phases. Nature, V 408, 21/28 Diciembre, p.

958–961]); (6) the forearc–plateau rigidity boundary corresponds to a zone of changing thermal conditions, eastward-

increasing crustal thickness and felsic component in the crust, and low strain-rate deformation, which correlates with a

west-verging structural system at the surface. These conclusions suggest that the rigid forearc acts as a pseudo-indenter

against the weak plateau and allows the accumulation of ductile crustal material that moves westward from the eastern

foreland. This pseudo-indenter is geometrically represented by a crustal-scale triangular zone rooted at TRAC1. This

model allows the integration of existing contradictory ideas on the dynamics of forearc–plateau interaction that are
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related to the relative importance of upper-crustal compressive structures and lower crustal accumulation below the

forearc.

D 2005 Elsevier B.V. All rights reserved.
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1. Introduction

The Andean Cordillera is the classic example of a

mountain chain formed during the subduction of an

oceanic slab under a continental plate. In this non-

collisional geotectonic environment, the existence of

the Altiplano–Puna Plateau (158–288S), the biggest

continental plateau on the Earth after Tibet, is a highly

intriguing phenomenon. As a result of the geo-

scientific work carried out in the last decades, it is

now accepted that the huge crustal volume related to

plateau formation (up to 75 km crustal thickness,

Beck et al., 1996; Yuan et al., 2002) is principally due

to crustal shortening concentrated at the eastern-most

edge of the orogen during the Neogene (Allmendinger

et al., 1997; Lamb and Hoke, 1997; Baby et al., 1997;

Kley et al., 1999; McQuarrie, 2002). But a remaining

question is how to relate this building mechanism at a

lithospheric scale with the processes occurring at the

western side of the orogen where the Nazca and South

American plates are actually interacting. There are

still no explicit answers to this question. Moreover,

much of the work that discusses this topic expresses

contradictory ideas, mainly about the relative geo-

tectonic importance of upper-crustal compressive

structures with respect to lower-crustal ductile defor-

mation below the forearc (compare for example

Isacks, 1988; Lamb and Hoke, 1997; Wörner et al.,

2000 and Wörner and Seyfried, 2001 with Muñoz and

Charrier, 1996; Victor et al., 2004 and Garcı́a and

Herail, 2001).

Based on the results of a flexural analysis applied

to the Andean margin (Tassara, 1997; Tassara and

Yañez, 1996, 2003), this review evaluates the

mechanical state of the western slope of the Central

Andean segment (158–348S) and contributes to a

better understanding of the tectonic role of the forearc

in the formation of the plateau. In contrast to other

flexural approaches (e.g. Stewart and Watts, 1997),

this analysis examines spatial variations of forearc
rigidity and along-strike gradients of horizontal

stresses. The results are discussed from a rheological

and tectonic point of view and allow a new geo-

tectonic model of the slab–forearc–arc interaction to

be proposed.
2. Geotectonic description of the Central Andes

The present-day Andes are principally the result

of an orogenic process that started in the Late

Oligocene after a major reorganization of the oceanic

plates in the eastern Pacific (e.g. Tebbens and Cande,

1997). This reorganization produced a tripling of the

convergence rate to 150 mm/year (Pardo-Casas and

Molnar, 1987; Somoza, 1998). Since the Early

Miocene, the convergence rate has diminished

continuously to the current situation in which the

Nazca and South American plates move at almost

the same absolute rate of ~37 mm/year (at ~238S),
giving a total convergence of ~74 mm/year in the

direction N788E (Norambuena et al., 1998; Anger-

mann et al., 1999).

The Central Andes (158–348S) are considered here

to be a continental-scale segment of the Andean

convergence system. The limits of this segment

coincide with the boundaries of several morphotec-

tonic units of the continental plate (see Fig. 1). These

limits are also correlated with abrupt N–S changes

from bflatQ (b108 dip) to bnormalQ (~308 dip)

subduction in the depth range 100 to 150 km, and

with the intersection of the Nazca and Juan Fernández

oceanic ridges with the continental margin. Based on

along-strike variations of topography, volcanism,

tectonic style and subduction conditions, the Central

Andes can be divided into three second order

segments, which are here named Altiplano (158–
238S), Puna (238–288S) and Frontal Cordillera (288–
348S). The definition and nomenclature of these

segments are partially taken from Jordan et al.



Fig. 1. Geotectonic framework of the Central Andean convergence system between 128 and 358S on a grey-shaded image of topography and

bathymetry (USGS, 1996; Smith and Sandwell, 1997). Morphotectonic units of the continental plate are depicted (partially modified from

Mpodozis and Ramos, 1989): cc, Coastal Cordillera; id, Intermediate Depression; cv, Central Valley; dc, Domeyko Cordillera; wc, Western

Cordillera; fc, Frontal Cordillera; ppc, Principal Cordillera; ab Atacama Basin; ap, Altiplano; pn, Puna; pc, Precordillera; ec, Eastern Cordillera;

sp, Sierras Pampeanas; ssa, Sierras Subandinas; sbs, Santa Barbara System. Triangles are active volcanoes of the Central (black) and Southern

(white) Volcanic Zones. Dashed black lines are 50 km contour lines of the subducted oceanic plate (Cahill and Isacks, 1992). Nazca and South

American absolute motion vectors with respect to a point in the Eastern Cordillera are from Marret and Strecker (2000). The position of the

Nazca and Juan Fernández oceanic ridges, as well as ages of the Nazca plate at the trench (from Müller et al., 1997), are also shown. The Central

Andes are subdivided into Altiplano, Puna and Frontal Cordillera segments (partially modified from Jordan et al., 1983; Mpodozis and Ramos,

1989; Kley et al., 1999). Profiles used in the flexural analysis are shown by the dashed white lines labelled p1 to p10.
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(1983), Mpodozis and Ramos (1989) and Kley et al.

(1999). Here the term bmain orogenQ is used to refer to
the sector comprising elevations higher than 3000 m.
In the next sections, the forearc and main orogen-

foreland sectors of the Central Andes are described

separately.
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2.1. Forearc

The Peru–Chile trench has a maximum depth of 8000

m. It is almost free of sediments and no accretionary

prism is observed along the margin (e.g. von Huene et al.,

1999). East of the trench, the oceanic Nazca plate

subducts with a constant dip of 308S (Cahill and Isacks,

1992; Creager et al., 1995) and the continental slope

ascends steeply to the coast. The distance between the

trench axis and the coast has a maximum of 170 km at

the Arica bend (188S) and a minimum of 70 km at 298S.
This geometry is correlated with the curvature of the

margin: concave-seaward in the Altiplano segment

(Bolivian Orocline of Isacks, 1988) and convex-seaward

in the Frontal Cordillera segment. Eastward of the coast

line and along the entire margin, uplifted metamorphic

(Palaeozoic) and basic magmatic (Mesozoic) rocks of the

Coastal Cordillera are exposed. Behind this unit, the

Intermediate Depression basin is filled with Cenozoic

volcanosedimentary deposits (Hartley et al., 2000). South

of 268S this basin disappears and the slope of the Coastal

Cordillera ascends continuously to the crest of the Andes.

No Neogene structural boundary between the forearc and

the main orogen has been reported along the Frontal

Cordillera segment. The Domeyko Cordillera (or Chilean

Precordillera) at the eastern side of the Intermediate

Depression, is an Eocene magmatic and tectonic belt

exhuming late Palaeozoic felsic igneous rocks (Mpodo-

zis and Ramos, 1989), which north of 258S is related to

a west-verging, high-angle structural system that

propagated slowly to the west during the Neogene

(Muñoz and Charrier, 1996; Victor et al., 2004; Garcı́a

et al., 2002; Jacay et al., 2002; Farı́as et al., in press).

This structural system has been described as the

western tectonic limit of the Altiplano–Puna Plateau

and following Muñoz and Charrier (1996) hereafter

will be named the bWest-vergent Thrust SystemQ
(WTS). Between 238 and 258S, and to the east of the

Domeyko Cordillera lies the Atacama basin, a major

topographic and geologic anomaly that is one of

several anomalous features occurring across the

margin at this latitude (Schurr et al., 1999; Götze

and Krause, 2002; Belmonte, 2002).

2.2. Main orogen and foreland

The Central Volcanic Zone (CVZ) of the Andes

(158–288S) is a chain of Quaternary stratovolcanic
complexes and andesitic–rhyodacitic domes of high-K

calcalkaline affinities (Allmendinger et al., 1997; Kay

et al., 1999) located on top of the Western Cordillera

(max. elevations N6000 m). This unit also contains

exposures of well-preserved volcanic features of

middle Miocene to Pliocene ages (Wörner et al.,

2000). Along the Altiplano and Puna further east,

there are restricted outcrops of shoschonitic basalts

and several large silicic complexes (de Silva, 1989).

The Altiplano is an internally drained basin filled with

gently deformed Cenozoic synorogenic sediments and

volcanics (Allmendinger et al., 1997; Baby et al.,

1997; McQuarrie, 2002), located at a constant

elevation of 3800 m. In contrast, the Puna further

south has irregular elevations averaging 4200 m.

The eastern boundary of the Altiplano–Puna

Plateau is the Eastern Cordillera (max. elevations

N5000 m), a doubly-vergant deformation belt active

until the middle–late Miocene (Herail et al., 1996;

McQuarrie, 2002). The active deformation of the

Altiplano segment has been absorbed since late

Miocene at the eastward-propagating thin-skinned

belt of the Sierras Subandinas. The tectonic style of

the active foreland deformation changes transitionally

south of 238S from the doubly-vergant thick-skinned

Santa Barbara System toward the uplifted basement

blocks of the Sierras Pampeanas south of 278S. These
elongated, narrow and 4000 m high ranges of

crystalline Palaeozoic rocks extend up to 700 km to

the east of the trench axis. They were uplifted

synchronously with the thin-skinned deformation of

the (Argentinean) Precordillera (Ramos et al., 2002).

The main orogen south of 288S is occupied by the

Frontal Cordillera. This unit could be considered, at

least lithologically, a southward continuation of the

Domeyko Cordillera. Described by Allmendinger et

al. (1990) as a narrow plateau of 80 km width and

average elevation of 4000 m (up to 6500 m), this

cordillera was uplifted by a doubly-vergant basement

fault system during the late Miocene. This uplift

occurred synchronously with the final phase of thin-

skinned deformation of Mesozoic sedimentary

sequences belonging to the Principal Cordillera in

the south-western part of the main orogen (Cristallini

and Ramos, 2000; Ramos et al., 2002). These events

correlate with the eastward shift and then cessation of

the volcanic arc at the Sierras Pampeanas, which has

been interpreted as an indication of the temporal
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development of flat subduction (e.g. Gutscher et al.,

2000; Kay and Mpodozis, 2002; Ramos et al., 2002).
-400

33 km
trench craton

0 x1 x2 x

30°
σh

gρch(x) ρc
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Te(x1)
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Fig. 2. Conceptual sketch of the applied flexural analysis. The

continental lithosphere is a thin elastic plate, whose thickness Te is

allowed to change along the horizontal�axis (note different values

of Te at x1 and x2). The lithosphere is composed of a crust of density

qc=2900 kg/m3 and 33 km thickness and a lithospheric mantle o

density qm=3300 kg/m3. Vertical topographic load gqch(x) [ g=9.8

ms�2, h(x) topographic elevation] and total horizontal stress rh

drive the downward deflection of the whole lithosphere and its

embedded Moho (dotted line). The density contrast between crus

and mantle (�400 kg/m3) generates a long-wavelength Bougue

anomaly (thin line in upper part of the figure). The mode

lithosphere is fixed at both extremes of the profile, which implies

zero deflection at the trench and easternmost craton. Replacement o

dense oceanic lithosphere (q=3100 kg/m3) by continental crust a

the westernmost edge of the modelled profile impose an artificia

mass deficit that is subtracted from the observed Bouguer anomaly

(dashed line in upper part of the figure) by computing the gravity

effect of a triangular body of oceanic lithosphere (dashed area

below a subduction plane dipping 308 to the east. The corrected

Bouguer anomaly (thick line in upper part of the figure) can be

compared with the model-generated anomaly during an iterative

change of Te(x) and rh that conclude with the best visual fit between

observed and calculated anomalies at long wavelengths (N300 km)
3. Flexural analysis

3.1. Data

A two-dimensional flexural analysis was applied to

15 profiles between 158 and 478S (Tassara, 1997;

Tassara and Yañez, 1996, 2003). Ten of these profiles

covering the Central Andes region are shown in Fig. 1

(p1 to p10). Each profile is orthogonal to the trench

axis and extends eastward more than 1000 km into the

stable South American craton. Data-spacing along

profiles is 5 km and each point contains, as input data

to the flexural analysis, bathymetry-topography and

Bouguer anomaly. The former was interpolated from

Smith and Sandwell (1997) and GTOPO30 (USGS,

EROS data centre, 1996) digital datasets. Bouguer

anomalies were extracted from a grid computed by

SERNAGEOMIN (Chilean Geological Survey) that is

based on more than 100000 gravimetric stations

compiled from different sources (see Tassara, 1997,

for a full description).

3.2. Method

Fig. 2 summarizes the concepts behind the

implemented method (see also Turcotte and Shubert,

1982; Watts, 2001). This flexural analysis assumes

that the continental lithosphere is a two-dimensional

thin elastic plate of variable thickness Te overlying an

inviscid asthenospheric mantle. This lithosphere is

composed of a crust with density qc=2900 kg/m3 and

a lithospheric mantle with density qm=3300 kg/m3.

Flexural rigidity is defined as D ¼ E
12 1�m2ð Þ T

3
e [Nm]

(Turcotte and Shubert, 1982). Poisson Ratio m and

Young Modulus E are considered constants with

magnitudes 0.25 and 70 GPa respectively. In this

framework, across-strike variations in Te (from trench

to craton in this case) control the rigidity distribution

of the lithosphere. Under the effect of vertical topo-

graphic loads gqch(x) [with g=9.8 ms�2, h(x)

elevation] and total horizontal stresses rh (resulting

from compressive external forces and tensional

internal body force), the elastic lithosphere is

deflected downward. This drives the deflection of
f

t

r

l

f

t

l

)

.

the embedded Moho and due to the density contrast

between crust and mantle (here �400 kg/m3), a long-

wavelength Bouguer anomaly is generated.

A modified version of the finite difference code of

Bodine (1981) was used to solve the equations

associated with the flexural problem (see Tassara,

1997 and Tassara and Yañez, 2003, for a full

description). According to the thin elastic plate

approximation, this problem is restricted to one

dimension (x in Fig. 2) and each profile is divided

into elements of 5 km length. Both extremes of the

profile are fixed (zero deflection at trench and

easternmost craton), and an initially constant crustal

thickness of 33 km was used.

The set-up imposes an artificial mass deficit (with

respect to the real Earth) at the westernmost edge of

the model. This is because the dense oceanic

lithosphere below the subduction plane is replaced

by continental crust in the starting model. In order to
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realistically compare the Bouguer anomaly generated

by the model with the observed anomaly along each

profile, a correction was applied to the observed

anomaly to account for this mass deficit. The

subtracted correction along each profile is simply

the gravity effect (relative to a continental crust of

density 2900 kg/m3) of a triangular body formed by
Fig. 3. Results of the applied flexural analysis. Values of elastic thickness T

for TeN70 km and white for Teb10 km. Awhite star marks the position of th

are the estimated total Horizontal Stress rh [�1012 N/m] for profiles where

structures of the bWest-vergant Thrust SystemQ (WTS, from Victor et al.,
oceanic lithosphere (density=3100 kg/m3) below the

slab top dipping at 308 to a depth of 33 km (dashed

area in Fig. 2). The geometry of this body is

consistent with the subduction geometry reported

by Cahill and Isacks (1992; see Fig. 1) and allows

the method to be applied continuously from the

westernmost part of the forearc to the entire
e along each modelled profile are shown by grey tones between black

e minimum Te value (Min-Te) along each profile. Arrows with values

it is not zero. Also shown are the Holocene volcanoes and the main

2004; Garcı́a et al., 2002; Jacay et al., 2002).
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continental margin. The long-wavelength bcorrectedQ
Bouguer anomaly is taken as the actual signal of the

Moho and lithospheric deflection, a procedure

supported by the small relative influence of sub-

crustal sources in the Andean gravity field (Götze

and Kirchner, 1997; Kösters, 1999).

An iterative change both in the elastic thickness

structure along the profile Te(x) and the value of total

horizontal stress rh, allows the best visual fit between

corrected and model-generated Bouguer anomalies at

long-wavelengths (N300 km) to be found. This

exercise concludes with the final values of Te(x) and

rh for each profile.

Sensitivity analyses (Tassara, 1997) indicate that

elastic thickness variations of 20% produce changes in

the predicted Bouguer anomaly that are within the

F25 mGal error for observed anomalies. This gives

an indication of the uncertainty associated with the

method. Similarly, rh is estimated with a total

uncertainty of F1.25�1012 N/m.

3.3. Results

Final Te estimates resulting from the modelling

are presented in Fig. 3, together with rh values for

those profiles where it is not zero. Along each

modelled profile, Te values are depicted by different

grey tones and a white star marks the position of the

minimum elastic thickness value (Min-Te). Also

shown are the Holocene volcanoes and main

structures of the West-vergent Thrust System

(WTS, after Victor et al., 2004; Garcı́a et al., 2002;

Jacay et al., 2002), that will be discussed in the next

sections. Table 1 summarizes the most relevant

parameters describing these results.
Table 1

Values of relevant parameters estimated for each profile

Segment Altiplano Puna

Profile (Lat.) p1 (158S) p2 (178S) p3 (188S) p4 (208S) p5 (238

Min-Te 5.5 4.5 5 1 7

Max-Te 71 69 69 72 36

d 145 215 195 190 255

DTe 0.45 0.30 0.33 0.37 0.11

rh [�1012 N/m] 2.5 2.5 0 0 0

Variations High rigidity of the forearc Anoma

Min-Te—Minimum value of elastic thickness; Max-Te—Maximum value

Max-Te; DTe—gradient of elastic thickness—(Max-Te�Min-Te)/d; rh—to
Fig. 4 shows bcorrectedQ, model-generated and

residual Bouguer anomalies of four representative

profiles. For wavelengths comparable with the main

orogen (N300 km), the residuals (or misfit) resulting

from the model show values lower than F30 mGal.

Observing Fig. 4 and considering that the Bouguer

anomaly ranges between 200 and �450 mGal at these

latitudes (e.g. Götze et al., 1994), these residuals

represent less than 5% of the maximum variation of

the gravimetric signal, thus supporting the validity of

the results.

At shorter wavelengths and in accordance with

the simple lithospheric model and boundary con-

ditions imposed, higher residuals appear. In the

forearc, residuals are on average 50 mGal. The

existence of these residuals, added to the fact that

values of Te calculated at the trench axis represent

a maximum estimate of the actual values that

could exist there (due to the zero-deflection

imposed at the trench) and considering the

uncertainties induced by the method in Te esti-

mates, justifies the use of the these results for a

semi-quantitative evaluation of first-order, continen-

tal-scale rigidity variations across and along the

continental margin.

From Fig. 3 and Table 1, the following first-order

spatial trends of elastic thickness and horizontal stress

can be delineated:

– Profile 5 (p5, 238S) has anomalous values

compared with profiles north and southward. This

fact is related to the anomalous character of the

whole lithosphere of the northern Puna segment,

i.e. the presence of major morphological anoma-

lies (e.g. Mejillones Peninsula and Salar de
Frontal Cordillera

S) p6 (258S) p7 (26.58S) p8 (28.58S) p9 (308S) p10 (338S)

4 0 0 2.5 3

63 62 57 55 47

145 215 215 210 240

0.41 0.29 0.27 0.25 0.18

0 0 0 2.5 4

ly Southward decrease of the forearc rigidity

of elastic thickness at the trench; d—distance between Min-Te and

tal horizontal stress.
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Fig. 4. bCorrectedQ, model-generated and residual (corrected—model-generated) Bouguer anomalies along four representative profiles (p2, p4,

p7, p10). Note that at long wavelengths residuals are lower than F30 mGal. In the forearc they are of the order of 50 mGal. Morphotectonic

units are as named in Fig. 1.
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Atacama), anomalously thick crust in the forearc

(e.g. Giese et al., 1999) and a postulated thermal

mantle anomaly that at least partially compensates

the Puna elevation (e.g. Withman et al., 1996).

The existence of these anomalies makes it

impossible to apply the above described assump-

tions and method to this sector. In the subsequent

description and discussion, this profile will not be

considered.

– For each profile, Te shows maximum values (Max-

Te) at the trench axis. In the Altiplano segment,

Max-Te varies between 69 km (p2–3) and 72 km

(p4). South of 268S, Max-Te diminishes system-

atically to 47 km at 338S (p10).

– The minimum value of Te (Min-Te) along the

Altiplano segment is located in the western part of

the Domeyko Cordillera, in spatial correlation with

the WTS. Further south, Min-Te is at the western

limit of the Frontal Cordillera.

– Te diminishes relatively sharply toward the

main orogen. This decrease is depicted by the

spatial gradient of Te; DTe=(Max-Te�Min-Te)/d

(with d the distance between Max-Te and Min-

Te). DTe has a maximum of 0.45 in the

Altiplano–Puna segments (p1) and decreases

gradually south of 268S to a minimum of 0.18

at 338S (p10).

– Along all the modelled profiles the main orogen

is characterized by Te values lower than 10 km. In
the Altiplano segment, this very low Te zone

extends up to the central part of the Eastern

Cordillera and further south it includes the

Argentinean Precordillera.

– East of the very low Te zone, the elastic thickness

increases to values in the range 65 km (Altiplano

segment) to 45 km (Frontal Cordillera segment).

– Estimated rh, with an uncertainty of F1.25�1012

N/m, is 2.5�1012 N/m between 158 and 178S, zero
between 188 and 298S and then increases south-

ward to values of 2.5�1012 N/m at 308S and

4�1012 N/m at 338S.

The decrease of both Max-Te and DTe south of

268S is interpreted as an indication of a real decrease

in the forearc rigidity. It is also important to note the

existence of a sharp rigidity contrast between the

forearc and the main orogen of the Altiplano segment

(as is shown in profiles p1 to p4).
4. Interpretation and discussion of the results

4.1. Basis for a geotectonic interpretation of Te
estimates

In order to give a sufficient framework for

geotectonic interpretation of Te variations across and

along the Central Andes, the relationship between Te
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and parameters describing the rheology and structure

of the continental lithosphere must be discussed. A

full discussion of this topic can be found in Kusznir

and Karner (1985), Ranalli (1994), Burov and Dia-

ment (1995), Jackson (2002) and in Tassara (1997)

and Tassara and Yañez (2003).

Let r(z) be defined as the deviatoric stress

externally applied to a two-layer lithosphere (crust

and mantle), and C(z) as the internal yield strength of

this lithosphere (both depending on depth z). If crust

and mantle are mechanically coupled, Te is equal to

the depth range over which r(z)bC(z). Within this

range, r(z) is elastically supported. Above and below

this elastic beam, r(z) generates permanent deforma-

tion of brittle and ductile nature, respectively. Brittle

strength is commonly described by Byerlee’s law

(Byerlee, 1978), which depends only on the brittle

gradient and increases linearly with depth. Ductile

strength is non-linearly dependent on strain rate,

temperature and rock type (e.g. Carter and Tsenn,

1987).

According to the definition of the elastic thickness

and for a given external stress field and brittle

gradient, Te is determined by the ductile strength of

the lithosphere and thus is also dependent on the

intrinsic crustal and mantle lithologies and on the

extrinsic thermo-mechanical regime defined by strain

rate ė and temperature distribution. In a first approx-

imation this distribution can be described by a linear

geothermal gradient that depends only in the thermal

conductivity and the surface heat flow density Q, a

parameter that can be measured on the Earth surface.

An inspection of the commonly advocated law of

ductile dislocation-diffusion creep of polymineralic

materials (e.g. Carter and Tsenn, 1987; Ranalli, 1987;

Burov and Diament, 1995; Porth, 2000) allows the

conclusion that Te is an increasing function of the

strain rate-to-heat flow ratio ė/Q acting on the

lithosphere, though it is more sensitive to changes in

Q due to the exponential relationship between

temperature and ductile strength. Moreover, it is

accepted that the strength of a polymineralic material

is dominated by the absolute content of quartz, which

is the weakest mineral in a silicate assemblage (e.g.

Carter and Tsenn, 1987; Handy, 1990; Burov and

Diament, 1995). Thus, different crustal rheologies

should be described by the content of this mineral in

the crust and, in this way, it can be established that
ductile strength and Te are a decreasing function of

this quartz content.

Mantle rheology is commonly described by the

properties of wet dunite (Carter and Tsenn, 1987;

Burov and Diament, 1995; Porth, 2000), and reduc-

tions in its strength derive mostly from water content,

a factor that also plays a role in crustal strength (e.g.

Jackson, 2002). Finally, if crust and mantle are

mechanically decoupled by a ductile lower crust, Te
is strongly reduced and the amount of reduction

increases with increasing crustal thickness (Burov and

Diament, 1995; Porth, 2000).

In summary: for a given external deviatoric stress

field, an assumed value of brittle gradient and a

homogeneous wet dunite mantle, Te is an increasing

function of the strain rate-to-heat flow ratio ė /Q and a

decreasing function of the thickness and quartz

content of the crust. In the next sections, this

relationship is used to discuss selected aspects of the

rigidity distribution estimated by the flexural analysis.

4.2. Across-strike Te variations

Fig. 5 presents Te profile p4 at 208S together with

the 2D steady-state thermal structure calculated at

218S by Springer (1999) assuming a subduction

model for forearc and magmatic arc and a crustal

stacking model describing simple underthrusting for

the eastern Plateau and foreland. The comparison

between model-derived surface heat flow density Q

and the averaged measurements at each morphotec-

tonic unit reported by Springer and Förster (1998) are

also shown, as are topography and the Moho

discontinuity at 208S after Yuan et al. (2000). There

is a clear correlation of Te with the isotherm-path that

suggests that the subduction-derived thermal structure

controls the global rigidity of the continental litho-

sphere. This conclusion can be extended to the whole

margin if it is assumed that thermal models of

subduction zones, independent of subduction param-

eters, show always the general structure described by

Springer (cf. Peacock, 1996; Gutscher et al., 2000).

The subducted slab thermal control on continental

rigidity seems to be especially relevant at the cold and

rigid forearc where a conduction-dominated thermal

model successfully reproduces the low Q values

reported here. However, Springer’s model is not able

to explain high Q values at the Plateau (locally as high
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as 180 mW/m2). According to Babeyko et al. (2002),

this discrepancy can be explained by assuming

thermal convection of a felsic, ductile and hot lower

crust together with the existence of shallow magma

chambers. The sharp change from high Te at the

forearc to very low Te at the main orogen could be

interpreted in terms of this across-strike change of the

thermal regime. However, the position of Min-Te to

the west of the volcanic arc and its related thermal

anomaly (see Figs. 3 and 5) suggests that other

factors, like the increase of crustal thickness toward

the orogen, across-strike changes of crustal lithology

from mafic-dominated at the forearc to felsic-domi-

nated at the Plateau (e.g. Lucassen et al., 2001) and

the injection of slab-derived water into the lithosphere

below the Domeyko Cordillera (ANCORP, 1999;

Giese et al., 1999), also control the localization of

this rigidity boundary.

Low Te values west of the main orogen could

partially be caused by faulting and low strain rates.

This suggestion is supported by the spatial correlation

between Min-Te and the western limit of the West-

vergent Thrust System (WTS). Estimates of deforma-

tion rates across the WTS (Victor et al., 2004) are as

low as 5�10�17 s�1, a value that lies at the lower

bound of geological strain rates (Pfiffner and Ramsay,

1982). Low deformation rates at the retro-wedge

boundary of asymmetric, Altiplano-like plateaus have

also been observed in numerical experiments con-

ducted by Vietor and Oncken (2002).
4.3. North–south weakening of the forearc

South of the Altiplano segment, an along-strike

weakening of the forearc can be observed (Fig. 3 and

Table 1): Max-Te=72 km and DTe=0.37 at 208S (p4)

decrease to Max-Te=47 km and DTe=0.18 at 338S
(p10). This weakening is correlated with a decrease

of the slab age from 50 Ma at 208S to 35 Ma at

33.58S (Fig. 1; Müller et al., 1997). According to the

inverse relationship between thermal age and surface

heat flow density for oceanic plates discussed by

Turcotte and Shubert (1982, p. 165), such a north–

south decrease of the slab age implies a ~20%

increase in the slab-derived heat flow. Taking into

account that Te is a decreasing function of Q, this

variation may explain the southward weakening of

the forearc.

Tassara (1997) and Tassara and Yañez (2003) show

that profile 10 at 338S presents the minimum values of

Max-Te and DTe found between 158 and 478S. South
of 338S, these values are slightly higher (Max-Tec50

km) than at this latitude, but still lower than along the

Altiplano segment. The substantial forearc weakening

observed at 338S could be at least partially related to

the thermal rejuvenation of the oceanic plate during its

passage over the Juan Fernández hotspot. From

forward modelling of magnetic anomalies, Yáñez et

al. (2001) point out that the age of the volcanic

edifices forming the Juan Fernández ridge near the

trench axis at 338S is 9–10 Ma. Thus, this locally
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young and hot oceanic lithosphere could generate a

local maximum in the forearc weakening.

Another factor that seems to be coupled with these

phenomena is the flattening of the subducted slab

along the Puna and Frontal Cordillera segments.

Although the change in slab dip angle occurs below

100 km depth and thus further east of the forearc

domain (see Fig. 1), this flattening is associated with a

southward increase of: the mechanical coupling in the

Wadati-Benioff zone (Gutscher et al., 2000; Yañez

et al., 2002), the maximum depth of the seismogenic

zone (Klotz et al., 2001) and the liberated seismic

energy (Gutscher, 2002; Pardo et al., 2002a). This

southward increasing seismic activity along the

interplate contact of the Frontal Cordillera segment

could produce a high frictional heating that can also

account for part of the southward weakening of

the forearc.

The fact that a reduction of Max-Te and DTe is not

observed to the north of 208S, in spite of decreasing

slab age to 40 Ma at 158S, suggests that both the local

thermal anomaly associated with the Juan Fernández

ridge and high frictional heating induced by flat

subduction should be added to the main thermal

control on forearc rigidity exerted by the slab age.

These combined effects explain the along-strike

variations of elastic thickness estimates.

4.4. Very weak main orogen

According to the concepts highlighted in Section

4.1 and following published analyses of 1D yield

strength envelopes (Carter and Tsenn, 1987; Burov

and Diament, 1995; Porth, 2000; Jackson, 2002;

Tassara and Yañez, 2003), the very low values of

elastic thickness along the whole main orogen of the

Central Andes (Teb10 km; compare with values in

Tables 5.2 and 6.2 of Watts, 2001), can be interpreted

as the combined result of a thick and very weak crust

dominated by a high quartz content and a low ė /Q
ratio.

Seismic experiments in the Altiplano and Puna

segments suggest a Moho depth up to 75 km below

the plateau and low seismic velocities and Poisson

ratios (Zandt et al., 1994; Beck et al., 1996; Schurr

et al., 1999; Swenson et al., 2000; Yuan et al., 2000,

2002). These low values have been interpreted to

suggest that the crust is wholly felsic in composition
(e.g. Swenson et al., 2000; Yuan et al., 2002; Beck

and Zandt, 2002). This interpretation is supported by

the bulk felsic geochemical composition derived for

the basement of these segments by Lucassen et al.

(2001). South of 288S, preliminary results of a seismic

tomography study (Pardo et al., 2002b) indicate a

Moho depth below the Frontal Cordillera of up to 70

km. According to Mpodozis and Kay (1990), late

Palaeozoic felsic magmatic rocks that form the Frontal

Cordillera are partially derived from an enriched

felsic-like deep crustal source. All the preceding

arguments support the existence of a relatively

homogeneous, thick and quartz-rich crust that char-

acterizes the main orogen of the entire Central Andes.

The existence of a low ė /Q ratio along the

Altiplano–Puna Plateau is directly supported by

anomalously high Q values (up to 180 mW/m2;

Henry and Pollack, 1988; Hamza and Muñoz, 1996;

Springer and Förster, 1998). Strain rates calculated

from geological deformation rates averaged over 10

Ma (Lamb, 2000; Hindle et al., 2002) and from non-

seismic GPS velocities (Klotz et al., 2001; Bevis et al.,

2001) are in the order of 10�15 s�1 (intermediate

range of geological strain rates, Pfiffner and Ramsay,

1982).

No heat flow measurements exist along the Frontal

Cordillera, but Hamza and Muñoz (1996) suppose that

this value should be in the order of 60 mW/m2. This

estimate is based on the maximum value observed

north of 158S by Henry and Pollack (1988) in a sector

which is similar to the Frontal Cordillera segment in

the sense that it has flat subduction and a related

volcanic gap. In this context, the very low Te
estimated for the Frontal Cordillera segment can be

explained only if the strain rate here is also very low.

Considering the kinematic data of Giambiagi and

Ramos (2002), Cristallini and Ramos (2000), Vergés

et al. (2002) and Jordan and Allmendinger (1986) and

then that the active deformation across this segment is

taking place in a broad sector between the Frontal

Cordillera (Cristallini and Ramos, 2000) and the

eastern Sierras Pampeanas (Ramos et al., 2002),

geological deformation rates averaged over 10 Ma

can be estimated to lie in the range 10�16–10�17 s�1.

GPS velocities determined by Klotz et al. (2001) are

in the order of 10�16 s�1. A detailed discussion of this

topic is beyond the scope of this contribution, but this

thermo-mechanical change along the Central Andean
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orogen, in the presence of a homogeneous thick and

felsic crust, should be considered a key characteristic

of the Andean system related to along-strike changes

of the foreland tectonic styles and, from a geodynamic

point of view, to the evolution of upper-plate

deformation and synchronous flattening of the sub-

ducted slab.

1D yield strength envelopes (Carter and Tsenn,

1987; Burov and Diament, 1995; Porth, 2000;

Jackson, 2002; Tassara and Yañez, 2003), also show

that very low Te values are an indication that the

only sector of the lithosphere containing strength is

the upper crust. For Tec10 km and depending on

the assumed crustal rheology, the brittle–ductile

transition should exist at a depth of 2–7 km. Below

~15 km, the lithosphere would have no strength and

deform ductilely for all ranges of external forces.

The proposed base of the competent upper crust at

~15 km depth correlates remarkably well with the

position of a P-to-S seismic wave converter observed

by Yuan et al. (2000) across the whole Plateau

(trans-Andean converter one or TRAC1). This intra-

crustal discontinuity is the top of a low velocity zone

related to a high temperature zone with partial

melting extending to middle-lower crustal depths

(Yuan et al., 2000). This zone is also imaged as a

high conductivity anomaly by magnetotelluric

experiments (e.g. Brasse et al., 2002).

4.5. Estimates of horizontal stress rh

In the context of the mechanical model used in this

study, estimates of horizontal stress rh should be

interpreted as the sum of all horizontal stresses acting

along the modelled profile. According to Froidevaux

and Isacks (1984), Porth (2000) and Vanderhaeghe et

al. (2003), horizontal stresses operating on a con-

vergent continental margin derive mainly from the

compressive force imposed by the convergence and

the extensional body forces related to the gravitational

relaxation of the orogen. Thus, along-strike variations

of rh should reflect the combined effect of independ-

ent variations of both forces.

Values of rh=0F1.25�1012 N/m observed

between 188 and 288S can be interpreted in terms of

an almost neutral state of total horizontal stress along

the Altiplano–Puna plateau. This neutral state results

from cancellation of compressive forces exerted by
the convergence and extensional body forces related

to the huge crustal root below the plateau. Allmen-

dinger et al. (1997) point out that the current state of

stress observed from seismic and neotectonic data in

the central part of the Altiplano–Puna is neutral to

extensional and suggest that bfar field compression is

balanced with the weight of the uplifted plateauQ. The
same observation is used by Froidevaux and Isacks

(1984) to calculate an external compressive stress of

6.1�1012 N/m that balances the horizontal extensional

stresses produced by the high and thick plateau. This

value will be taken in the following discussion as the

reference compressive stress that is imposed by the

current convergence conditions along the Altiplano–

Puna segment in order to neutralize the extensional

stresses induced by the Plateau.

One of these convergence conditions is that the

oceanic slab is older than 40 Ma (Fig. 1). The increase

of rh north of 188S to 2.5�1012 N/m and mainly

south of 288S to 4�1012 N/m (both with an

uncertainty of F1.25�1012 N/m) seems to be

correlated with decreasing age of the Nazca plate at

the trench (see Figs. 1 and 3). This decrease should

cause an increment in the slab buoyancy that is locally

reinforced around 158S and 33.58S by subduction of

the Nazca and Juan Fernández buoyant oceanic

ridges. Thus, values of rhN 0 can be interpreted as

the expression of a high compressive stress, whose

excess with respect to the horizontal extensional stress

of 6.1�1012 N/m is due to the relatively high

buoyancy of the subducted slab. In this context, the

external compressive stress directly generated by the

convergence (rh+6�1012 N/m) can reach values of

8.5�1012 N/m and 1013 N/m at the northern and

southern boundaries of the Central Andes. These

values are slightly lower than typical slab pull stresses

(e.g. Turcotte and Shubert, 1982, p. 287).

Along the Frontal Cordillera segment, two other

phenomena can also account for the southward

increase of rh. First, the previously discussed south-

ward-increasing magnitude and depth of interplate

coupling that is associated with the flattening of the

subducted slab (see Section 4.3) allows the interpre-

tation that the imposed compressive stresses are more

efficiently transmitted to the continental lithosphere in

this segment than further north. Second, the south-

ward narrowing of the main orogen means a decrease

of its total crustal volume and a corresponding
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decrease in extensional body forces. Even if no

increase of the external compressive stress is consid-

ered, this must generate a southward increase of the

total horizontal stress (i.e. rhN0). This reduction in

extensional body forces also means that the compres-

sive stress produced by the convergence at the

southernmost limit of the Central Andes should be

lower than 1013 N/m.
5. Geotectonic model of forearc–plateau

interaction at the Altiplano segment

The results discussed in this paper indicate that the

Andean forearc is a rigid geotectonic element on the

western edge of the convergence system that is

thermo-mechanically connected at long time-scales

with the strong and cold subducted slab. Palaeomag-

netic data on early Miocene rocks belonging to the

Altiplano forearc (e.g. Roperch et al., 2000; Lamb,

2001; Arriagada et al., 2003) show no tectonic

rotations during the Neogene. This suggests that the

current curvature of the Bolivian orocline was acquired

and frozen prior to the main phase of Plateau formation

and that the high rigidity of the forearc could be traced

as a long-term (at least 20 Myr) stable feature of the

continental margin. The current subduction geometry

along the Altiplano segment, which is dominated by

the parallelism between the convergence vector and

the symmetry axis of the Bolivian orocline (Gephard,

1994), probably is the steady-state situation in terms of

the thermal control of the slab on the forearc rigidity.

In this context and in spite of the effective ~85% of

convergence absorbed along the subduction plane

(e.g. Klotz et al., 2001; Bevis et al., 2001), the long-

term slab–forearc system can be interpreted as a rigid,

indenter-like backstop that has resisted the westward

movement of crustal material coming from the

shortened eastern foreland. This material is thus

forced to accumulate below the competent upper

crust of the Altiplano.

Considering that the trench axis and forearc also

move westward in an absolute reference frame, but

with a rate ~30% slower than the stable South

American craton (Lamb, 2000; Klotz et al., 2001;

Bevis et al., 2001; Hindle et al., 2002), the slab–

forearc system cannot be considered a real indenter in

the sense of directly pushing toward the orogen and
producing the deformation and crustal thickening

responsible for plateau formation (as is the case where

India indents against Asia to produce the Tibetan

Plateau: e.g. Tapponnier et al., 1986; Houseman and

England, 1993).

Fig. 6 shows the proposed geometry for the

convergence system and emphasises the structure

forming the forearc–plateau transition. The upper

eastern boundary of the forearc pseudo-indenter is

marked by the downward extension of the WTS, the

geometry of which was determined by Victor et al.

(2004) from geometric modelling and restoration of

surface structures at 20823VS. The lower eastern

boundary is here assumed to correspond with the

path of the 3508C isotherm of Springer (1999),

which limits the crustal seismicity observed in the

forearc at 208–228S (ANCORP, 1999). This situation

is also described at 228–248S by Belmonte (2002),

who points out that the 3508C isotherm constitutes a

cut-off limit for crustal seismicity and is therefore an

important mechanical and rheological limit across the

forearc–arc transition. David et al. (2002) also

observe crustal seismicity concentrated in a west-

dipping plane below the forearc at 188–19830VS,
which they consider to be a bthermal and rheological

boundary between the rigid forearc and the soft crust

of the magmatic arcQ. They calculate a stress tensor

with a maximum compressive stress axis parallel to

the convergence direction and dipping parallel to the

west-dipping seismicity plane. This fact allowed

them to propose the existence of a true east-verging

compressive structure limiting the rigid forearc

(Farı́as et al., in press). In the geometrical model

proposed here, both boundaries define a crustal-scale

triangular zone (Fig. 6). The eastern tip of this

triangular zone is located 25 km below the Western

Cordillera and is rooted at TRAC1 of Yuan et al.

(2000). The spatial continuity of these three features

along the Altiplano segment permits the proposed

geometry to be extended to the entire margin

between 188 and 238S.
TRAC1 is here interpreted as the base of the

competent upper crust of the plateau, which is thus

decoupled from the westward-moving ductile crust

related to the underthrusting of the Brazilian shield

below the Sierras Subandinas (Fig. 6; see also Beck

and Zandt, 2002). The proposed geometry below the

Plateau and foreland is similar to the model of



Fig. 6. Schematic cross-section at 208S and a 3D view of topography and bathymetry along the Altiplano segment, presenting the proposed

geometry of the forearc-plateau transition. Constraining information for this model is referred in the inset diagram. Dark grey tones represent

rigid sectors (forearc, plateau upper crust and foreland) and light grey tones show weak crust (middle-lower plateau crust, forearc wedge). In the

electronic version of this figure, dark blue colours in the continental crust represent rigid sectors (forearc and foreland), light red colours

represent weak middle-lower crust, brown is the competent upper crust of the plateau, light blue is the oceanic plate and green is the lithospheric

mantle. Crustal material in orange is confined to deform under low strain rates. Arrows depict the flow of material from the east.
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McQuarrie (2002), who suggests that the existence and

propagation of thin (15 km) and long (300 km) rigid

basement sheets decoupled from lower crust are the

principal mechanism of crustal shortening and thick-

ening to form the Plateau. Here it is proposed that

some sort of basal drag exists along TRAC1 which

transfers to the competent upper crust a slow westward

movement. This movement is related to the develop-

ment of the WTS and its low deformation rates. The

crustal material confined in the wedge of the forearc

triangular zone should be subjected to high pressures

and is probably deformed under low strain rates.

The ductile and partially melted middle-lower crust

coming from the east is forced to circulate below the

lower eastern boundary of the forearc. This process

seems to be partially coherent with the mechanism

proposed by Isacks (1988) to explain the formation of

the western monoclinal flexure and subsequent west-

ward tilting of the forearc during his simple-shear

stage of Plateau uplift (late Miocene to present). In this

scenario, the forearc and western orogen respond
passively to the uplift of the plateau as a single unit.

A similar model has also been invoked by Lamb and

Hoke (1997), Hartley et al. (2000) and Wörner et al.

(2002), but all these authors do not consider or give

little importance to the well-documented existence of

west-verging, high-angle and high-throw structures

uplifting the western margin of the Plateau (Muñoz

and Charrier, 1996; Victor et al., 2004; Garcı́a et al.,

2002; Farı́as et al., in press). The geotectonic model

proposed here allows the integration of these appa-

rently contradictory ideas through the decoupling of

upper and lower crustal deformation across a crustal-

scale triangular zone linked with the forearc–plateau

transition.
6. Conclusions
1. Review of a flexural analysis applied to the Central

Andean margin (158–348S) shows the following

results concerning forearc–arc interaction:
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a. The forearc region has high rigidity (Max-

TeN50 km) decreasing relatively sharply toward

the main orogen (DTeN0.18), which itself is

characteristically very weak (Teb10 km).

b. Both Max-Te and DTe are maximum along the

Altiplano segment and they decrease systemati-

cally southward. This is interpreted to reflect a

southward weakening of the forearc.

c. The position of Min-Te along the Altiplano

segment is correlated with the western limit of

the Domeyko Cordillera and the bWest-vergant

Thrust SystemQ (WTS) of Muñoz and Charrier

(1996).

d. The total horizontal stress rh resulting from

external compressive forces and internal gravita-

tional forces is 2.5�1012 N/m between 158 and
178S, zero between 188 and 298S, and increases

gradually southward up to values of 2.5�1012

N/m at 308S and 4�1012 N/m at 338S.
2. These results were interpreted and discussed from a

rheological point of view through a relationship

indicating that Te is a decreasing function of crustal

thickness and intrinsic quartz content in the crust

and an increasing function of the extrinsic strain

rate-to-heat flow ratio. The conclusions of this

exercise are:

a. Across-strike Te variations are at first-order due

to the thermal structure derived from the

subduction process.

b. A sharp rigidity boundary across the Altiplano

segment is caused by a combination of (1) a

change from slab conduction-dominated thermal

regime at the forearc to crustal thermal convec-

tion below the plateau (e.g. Babeyko et al., 2002);

(2) an eastward increase of crustal thickness and

water in the lithosphere; (3) an increasingly felsic

crustal composition (e.g. Lucassen et al., 2001);

(4) the existence of low strain rates below the

Domeyko Cordillera (Victor et al., 2004).

c. North–south weakening of the forearc could be

primary related to the decreasing thermal age of

the Nazca slab below the continent. Other

factors partially responsible for this weakening

can be an increased frictional heating driven by

the southward flattening of the subducted slab

and a local thermal anomaly in the Nazca plate

at 338S related to the young and hot Juan

Fernández ridge.
d. The forearc is a cold and rigid geotectonic

element at the western edge of the continent that

is thermo-mechanically controlled at long time-

scales by the subducted slab. Absence of post-

Oligocene vertical rotations in the Altiplano

forearc (e.g. Arriagada et al., 2003) suggests

that this rigid behaviour has existed throughout

the evolution of the plateau.

e. Along the whole main orogen, Teb10 km

reflects the existence of a thick, quartz-rich

crust submitted to a low strain rate-to-heat flow

ratio ė/Q. Geoscientific information supports

such a characterization and the supposed low Q

along the Frontal Cordillera segment (Hamza

and Muñoz, 1996) implies a very low ė . This
along-strike thermo-mechanical change along

the axis of the main orogen is a key feature of

the Andean orogeny.

f. According to yield strength envelopes, Teb10

km implies the existence of a competent upper

crust whose base is located at 15 km depth. This

depth is well correlated with the seismically-

defined TRAC1 intra-crustal discontinuity

(Yuan et al., 2000).

g. Estimates of total horizontal stress rh=0

(F1.25�1012 N/m) indicate a neutral stress

state along the Altiplano–Puna plateau. Extreme

values of 2.5�1012 N/m and 4�1012 N/m at the

northern and southern boundaries of the Central

Andes can be correlated with a high interplate

coupling related to the high buoyancy of slabs

younger than 40 Ma subducting together with

oceanic ridges. Along the Frontal Cordillera,

the southward increase of rh should be also

caused by the narrowing of the thickened crust

and the subsequent decrease of the extensional

gravity forces related to the orogen.

The cold and rigid forearc of the Altiplano segment

constitutes a pseudo-indenter which does not push

but resists the relative motion of the ductile crustal

material transported from the shortened eastern

foreland. This material is forced to accumulate

below the competent upper crust of the plateau.

This pseudo-indenting forearc is shaped by the

downward prolongation of the WTS, as is reported

by Victor et al. (2004), and by the 350 8C isotherm

of Springer (1999) that limits reported crustal
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seismicity (ANCORP, 1999). Both boundaries form

a crustal-scale triangular zone whose edge is rooted

at the TRAC1 seismic converter (Yuan et al., 2000).

This discontinuity decouples an almost stationary

(relative to the forearc) competent upper crust from

a westward-moving, ductile middle-lower crust

derived from the underthrusting of the Brazilian

shield below the Sierras Subandinas. Basal drag

along TRAC1 could transfer a slow westward

movement to the upper crust of the plateau that is

consistent with the low deformation rates of the

WTS (Victor et al., 2004). This model reconciles

contradictory ideas related to the importance of

upper-crustal compressive structures relative to

lower-crustal accumulation below the forearc in

the dynamics of forearc–plateau interaction.
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