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Preface for the First English Edition

Soils provide us with food, feed, fiber, and fuel. Furthermore, they support
many different forms of life on Earth. This book aims to promote the
understanding of soils, their development, their functions and their distri-
bution, and enable closer contact with this important natural resource.

For most of the chapters, the first English edition of this soil science
textbook represents a translation of the German 16th edition published in
2010, originating from the first edition in German in 1937. In keeping with
the organization and contents that made the German editions bestsellers, the
textbook covers all major aspects of soil science. However, the chapters on
soil development and classification and soil geography were completely
revised and adapted to international classification systems. A number of
figures have also been redrawn and revised for the first English edition. This
textbook aims to provide an up-to-date account of the current state of
knowledge in soil science. This textbook is designed as a basic textbook for
use in soil science courses and other courses that explore current develop-
ments in this field and is an invaluable resource for students in agriculture,
forestry, ecology, and environmental sciences. It will also be very useful as a
basic work that provides scientists and professionals with a profound intro-
duction to specific topics as well as the most relevant literature. It will guide
students through soil physical, chemical, and biological processes and
introduce them to soil geography, soil classification, and threats to soil
functions. This book represents a joint effort by German authors who have
diverse complementary backgrounds in soil science and who developed this
book over the past decades. The group of authors has worked closely
together, creating a textbook that has continuity in depth and style and that is
state of the art at the time of publishing. The authors wish to thank the
publisher for their excellent cooperation. We hope that the present and future
generations will use the knowledge in this book for a better understanding of
soils. We welcome any comments from all those who use this text.

The authors acknowledge the eminent help by Jacinda Richman, Annett
Biittner, and the publisher along the way to realizing this edition.

Spring 2015 The authors



Preface and Brief Historical Outline
for the 16th Edition

Scheffer/Schachtschabel is renowned as the standard textbook on soil sci-
ence both for students in the fields of agriculture, forestry, and natural sci-
ences in German-speaking countries, and for scientists and users concerned
with soils.

Written by the agricultural chemist Friedrich (Wilhelm) Scheffer, the first
edition was published in 1937 under the title “Agrikulturchemie, Teil A:
Boden” (Agricultural Chemistry, Part A: Soil). Its 112 pages contained an
evaluation of soils according to their capacity for producing plants, whereby
the focus was on the properties lending fertile soils their high productivity.

This first edition therefore only dealt with a portion of what was con-
sidered “soil science” at the time, since in “Teil B: Pflanzenernéhrung” (Part
B: Plant Nutrition), Scheffer provided a detailed explanation of the air, heat,
and nutrient balance of soils as the basis for plant production. The second
edition of “Teil A: Boden” (Part A: Soil) (1944) included a more detailed
description of humic substances as a product of microbial transformation of
organic matter, clay minerals based on X-ray diffraction, and of the soil types
including their genesis.

The third edition, published in 1952 and expanded to 240 pages, was
called “Lehrbuch der Agrikulturchemie und Bodenkunde, 1. Teil Bodenk-
unde” (Agricultural Chemistry and Soil Science, Part 1 Soil Science). From
now on, it was written by Fritz Scheffer in collaboration with Paul Schach-
tschabel (Fig. 1) and was revised at regular intervals of 4-6 years.

With the ninth edition (1976), the textbook was finally given its present
name “Scheffer/Schachtschabel: Lehrbuch der Bodenkunde” (Scheffer/
Schachtschabel: Textbook of Soil Science), which remained as a “trademark”
for all later editions. From this time on, new information was compiled by a
team of authors, which was expanded or developed according to the specialized
requirements. In the last three decades, this was mainly ensured by the
authors Blume, Briimmer, Hartge, Schachtschabel, and Schwertmann. A more
extensive description of the evolution of “Scheffer/Schachtschabel” can be
found in Blume et al. (2007).

With the continuously increasing number of pages in the last editions
(the 15th edition comprised 593 pages), the contents of “Scheffer/

vii
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Fig. 1 Prof. Dr. Dr. h.c. F. Scheffer (left) and Prof. Dr. Dr. h.c. P. Schachtschabel (right) at
the International Soil Science Conference in 1960 in Madison, USA

Schachtschabel” had also become differentiated to such an extent that a new
concept became necessary for the 16th edition. This involved focusing on the
condensation of the knowledge to the essentials, to do better justice to the
textbook character, and still maintain the integrity of the respective subject
matter. The contents of the 16th edition represent the basis for this English
translation.

In the 16th edition, Chap. 4 “Soil Organisms and Their Habitat” was
completely revised by Prof. Dr. E. Kandeler, and Chap. 5 “Chemical Prop-
erties and Processes” by Prof. Dr. R. Kretzschmar, while all of the other
chapters were updated by including the current state of research. Chapter 6
presents more recent insights into soil structural development, soil mechan-
ics, and the water balance, and the section on soil color was also revised.
Parts of Chap. 7 were rewritten for the English edition. The names for the soil
horizons (Sect. 7.3) and the soil classifications (Sect. 7.4) were mainly pre-
sented according to the World Reference Base for Soil Resources (WRB) and
the US Soil Taxonomy, and the chapter on German classification was
reduced. Section 7.5 now discusses the properties, genesis, ecology, and use
of all significant soils on Earth, primarily according to the WRB. Similar to
the WRB and the US Soil Taxonomy, the Reductosols were also treated as
oxygen-poor soils without water surplus and were supplemented with the
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Asphaltic Reductosols. New additions included soils characterized by a
yermic horizon in continental hot and cold deserts. The same applies for
Zoosols, i.e., soils with profound conditioning by animals (in addition to
earthworms and steppe mammals in Chernozems, also termites in subtropical
regions and penguins in Antarctica). Section 7.6 is now dedicated to Pa-
leosols on Earth, Mars, and Titan. More than thirty representative soil profiles
are shown on three color pages, as well as a deep colored soil section on the
planet Mars compared to a soil from India.

Chapter 8 Soil Geography was restructured accordingly, while Chap. 9
Soils—Plant Relations was completely restructured and expanded with the
physical properties of soils (Sects. 9.1-9.4). The sections on nutrient supply
(9.5) and on plant macronutrients (9.6) were also largely rewritten; Sects. 9.7
(micronutrients) and 9.8 (beneficial elements) were revised. Chapter 10 deals
with the threat to soil functions by chemical and nonchemical degradation,
possible remediation measures, and methods for the assessment of chemical
soil contaminations. The significance of soil protection is discussed in detail
in Chap. 11, including the fundamental laws and chemical issues involved in
soil protection.

Methodical details are not discussed in any of the chapters, since there are
enough other textbooks and practical manuals for this purpose; furthermore,
the literature was reduced, since modern specialized literature today is easily
accessible to those interested in soil science.

The chapters were divided among the authors as follows:

Briimmer 1 (Blume, Stahr)
Stahr
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Kandeler

Kretzschmar

Horn
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Stahr
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Numerous staff members and colleagues have contributed in many ways
to the production of the 16th German edition; without their collaboration, the
completion of the German textbook as a basis for the English translation in
the present form would not have been possible. We would like to thank you
all sincerely. In particular, we would like to mention Prof. Dr. J. Bachmann,
Dr. R. Baritz, Dr. Iso Christl, Prof. Dr. W. Foissner, Prof. T. Friedel,
Dr. T. Gaiser, Dr. J. Gauer, Dr. S. Haase, B. Heilbronner, Dr. A Kolbl,
Prof. Dr. B. Ludwig, Dr. M. von Liitzow, Dr. S. Marhan, Dr. W. Markgraf,
Dr. S. Peth, Dr. L. Philippot, Dr. C. Poll, Prof. Dr. L. Ruess, Dr. D. Stasch,
Prof. Dr. R. Tippkotter, Dr. A. Voegelin, Dr. J. Wiederhold, and
Dr. M. Zarei.
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We thank the lector Dr. J. Lorenzen-Peth for didactical correction and
critical review, and the publisher, particularly Dr. C. Iven, for his trustworthy
and patient collaboration.

Not only are soil scientists interested in soils, but also farmers, foresters,
gardeners, landscapers and landscape planners, ecologists, crop technicians,
hydrologists, geographers, geologists, mineralogists, chemists, biologists,
and archeologists. This is equally true for all those who deal with problems
associated with nature conservation, environmental protection, and legisla-
tion, as well as with soil remediation in the political, administrative, stan-
dardization, and business sectors. In all of these sectors, Scheffer/
Schachtschabel has become an indispensable source of information on
soils. This is particularly true for students and for the next generation of
scientists. May the new edition find like-minded readers and serve them as a
useful companion. We also hope that the translation of the German version
will spread the knowledge contained in Scheffer/Schachtschabel around the
world, and contribute to a better and more comprehensive understanding
of the processes taking place in soils as a vulnerable and especially nonre-
newable resource.

The book cover shows a Podzol, an Albeluvisol/Retisol, and a Fluvic
Gleysol.

Spring 2015 The authors
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Introduction: Soils—The Earth’s Skin

Soils are the biologically active part of the out-
ermost layer of the Earth’s crust, ranging in
thickness from a few centimeters to several
decameters. The Earth’s crust, in turn, generally
has a thickness of 540 km and is part of the
lithosphere, which has an average thickness of
approx. 100 km and consists of the tectonic
plates with the continents. The total distance
between the ground surface to the Earth’s center
is of 6370 km. These orders of magnitude illus-
trate how soils form a thin and fragile skin on the
Earth’s surface, requiring special care.

Soil science is the science of the properties
and functions, as well as the development and
distribution of soils. It deals with the possibilities
for soil use and the risks associated with misuse
by humans, as well as the prevention and reme-
diation of soil contamination and damage.

Soils as Natural Bodies
in Ecosystems

1.1

Soils evolve on land (terrestrial soils), in transi-
tion zones between water and land (semiterres-
trial soils), and under water (subhydric soils).
Terrestrial and semi-terrestrial soils are delimited
at the bottom by solid or unconsolidated rocks,
and at the top by vegetation cover and the
interface with the atmosphere, with gradual
transitions to neighboring soils. They consist of
minerals of various types and sizes (Chap. 2),
and of organic substances, the humus (Chap. 3).

© Springer-Verlag Berlin Heidelberg 2016

Minerals and humus are spatially arranged in a
specific way, forming together the soil structure
with a characteristic void system. The void sys-
tem consists of pores of various shapes and sizes,
which are filled with soil solution, i.e. with water
and dissolved substances, and soil air. Here,
numerous chemical and physical interactions
take place between the solid, liquid and gaseous
phases (Chaps. 5 and 6).

Soils are always biologically active. Their
voids contain a multitude of soil organisms that
may include more than 10 million microorgan-
isms per gram of fertile soil, some of which have
yet to be discovered, and together with other
organisms, transform the soil into a highly active
biogeochemical reactor. Parallel to this, the lar-
ger soil fauna loosens, mixes and aggregates the
soil and thereby shapes its habitat (Chap. 4).

Soils are natural bodies of various ages that
evolve through soil-forming processes, depend-
ing on the type of parent rock and relief under a
specific climate, and thus specific vegetation and
litter with characteristic biotic communities
(biocoenoses). Therefore, the evolution of soils is
connected with the development of life on Earth.
This was already stated by the soil scientist
W.L. Kubiena in 1948. In the Precambrian, as the
first bacteria and algae developed in the ocean,
there were only subhydric soils. With the devel-
opment of the first terrestrial plants 430 million
years ago in the Silurian, semiterrestrial and
finally also terrestrial soils were formed. At the
end of the 19th century, the Russian soil scientist
W.W. Dokucaev recognized soils as independent

H.-P. Blume et al., Scheffer/Schachtschabel Soil Science, DOI 10.1007/978-3-642-30942-7_1
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natural bodies. Following Dokucaev, the Swiss
soil scientist Jenny (1941) then defined soils
(S) as a function of their genetic factors: parent
material (P), climate (C), organisms (O), relief
(R) and age (T). Furthermore, in the last
5000 years of the Earth’s history, soils have
increasingly been affected until today by humans
(H) through various forms of land use (Chap. 7):

S=f(P,C,O,R H) T

With their complex interactions, the genetic
factors trigger soil-forming processes, which are
divided into transformation and translocation pro-
cesses. The former include mainly rock weathering
and mineral transformation, loamification and
brunification, as well as the decomposition of
organic matter and humification. Translocation
processes are triggered by percolating and
ascending soil water, e.g. leaching and salinization,
decalcification and carbonatization, clay migration
(lessivage) or podzolization. Depending on their
intensity and duration, transformation and trans-
location processes lead to characteristic soil prop-
erties, e.g. the soil horizons typical for the various
soils, which are litter-like at the top and become
more rock-like with depth. Altogether, this results
in the following causal chain of pedogenesis:

Genetic factors — soil-forming processes
— soil characteristics

Read in the inverse sequence, the character-
istics of soils today allow conclusions to be
drawn on processes that took place in the past, as
well as the genetic factors they depended on, and
thus contribute to a reconstruction of the land-
scape history (Chap. 7). Using the causal chain of
pedogenesis, predictions can also be made on
future soil and landscape development. Thus,
when one of the genetic factors changes, e.g. the
climate as a result of global warming, predictions
can be made on the changing pedogenic pro-
cesses in various regions of the Earth, and
therefore also on the future soil properties and
their changing options for land use.

Figure 1.1 Shows a typical soil as a natural
body. This loose soil (a Cambisol) developed from

solid rock (granite), called R horizon. Weathering
caused the hard rock to break down into fragments
(stones) and its minerals (quartz, feldspars, micas),
which together with newly formed minerals (clay
minerals, iron oxides etc.) as particles of different
sizes (stones, sand, silt, clay), form the inorganic
solid matter. Voids are created when the rock
breaks down: The coarser pores are mostly filled
with air, the finer ones with water. The formation
of clay minerals caused the A and B horizons to
become loamy and colored brown from iron oxide.
A small portion of the dead plant residues was
transformed by the soil fauna and flora into brown
to black humic substances, and mixed together
with minerals to ultimately form the brownish-
black colored A horizon, above which an organic
layer (O horizon) is found.

All soils collectively form the soil cover or
pedosphere (pedon, Greek: soil), which evolved
together with the biosphere in the overlapping
zone of the atmosphere, lithosphere and hydro-
sphere (Chap. 8). The ecosphere (Fig. 1.2)
comprises the entirety of all ecosystems, and thus

very dark fibrous loose

brown earthy

brown loamy l

light grey gritty loose
massive  hard

10dm

Fig. 1.1 Typical soil as a natural body
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1.1 Soils as Natural Bodies in Ecosystems
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Fig. 1.2 Position and functions of soils in the ecosphere (explanations in the text) (Briimmer 1978, 1984, 1992)

also includes the pedosphere. Similar and dif-
ferent soils are closely associated (Fig. 1.1 top) in
landscapes, which are characteristic sections of
the ecosphere. The soils of a landscape are con-
nected with each other through flows of energy,
water and material (Fig. 1.2). Thus, soils in
depressions are enriched with weathering prod-
ucts dissolved by surface flow and seepage water
from soils on the neighboring hills. Soils on
slopes are often eroded by surface flow, and the
neighboring soils in depressions are covered by
their erosion material. Substances that are dis-
solved in the seepage water and translocated to
greater depths reach the groundwater, and are
transported with the base flow into the depres-
sions. Through surface flow, interflow and base
flow, substances are transported from the hills to
the depressions, and finally to the surface waters
(streams, lakes and rivers) draining the land-
scape. Thus, depending on the constituent sub-
stances and including anthropogenic or natural
contaminations, soils influence the composition
and quality of the groundwater and runoff water.
The latter, in turn, influences the biocenosis in
the surface waters of the various landscapes.
Therefore, there is a close substance connection
both between the soils of a catena (lat. chain)
from the summit to the depression, and also

between the soils of a landscape and their
groundwater and surface waters.

Soils are (usually) covered with vegetation
and penetrated by roots (Fig. 1.1), and are pop-
ulated with animals and microorganisms; they
are always part of an ecosystem. Together with
the surface-near layer of air, they form the habitat
(=biotope) of a community consisting of plants,
animals and microorganisms (=biocenosis).
Accordingly, there are close interactions between
the biotope and the biocenosis, and also between
the surface and subsurface life communities.

The soil’s root zone offers the plants anchoring
and provides water, oxygen and nutrients
(Chap. 9). The latter also applies to soil animals and
microorganisms. The supply is mainly determined
by the respective reserves and the availability of
water, oxygen and nutrients in the root zone.

1.2 Functions of the Soils
in the Ecosphere

The concept and definition of the functions of
soils in the ecosphere (Fig. 1.2) were introduced
by G.W. Briimmer in the period from 1976—
1993, and further developed by the scientific
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advisory board of the Federal Government of
Germany in 1994. The ecosphere includes the
area at the ground surface, which is populated by
living organisms and characterized by various
interacting cycles of energy, air and water, as
well as inorganic and organic substances. It is
also called the Earth’s Critical Zone. Within the
ecosphere, soils represent the basis on which
human and animal life can exist. They form the
sites where higher plants take root, making use of
solar energy from the carbon dioxide in the
atmosphere, from the water entering the soil
through precipitation, and from the soil’s nutri-
ents, to build biomass and are producing oxygen.
This is then available to humans and animals as
food. At the same time, plants primarily provide
organic wastes and thus litter to the soil. The
litter serves as a food source for soil animals and
microorganisms. They consume the greater por-
tion of the incoming organic matter and trans-
form it back to CO,. The organic substances in
the bodies of all dead organisms are subject to
decomposition and transformation processes in
the soil, mineralizing the bound nutrients and
returning them to the cycles of elements in the
biosphere. In the German Soil Protection Act
from 1998, these natural soil functions are
defined as habitat functions (Chaps. 10 and 11).

Furthermore, natural soil functions include the
regulating functions of soils, which also play a
decisive role for life on Earth. Soils are effective
storage, filtering, buffering and transformation
systems, which can hold and transform water, dis-
solved and suspended nutrients, as well as con-
taminants from natural sources and from
anthropogenic emissions. For this reason, after
passing through intact soils, rainwater is generally
available as filtered clean groundwater for drinking,
irrigation and industrial water supplies. Soils and
sediments also have a strong influence on the water
balance of a landscape. In doing so, their water
storage capacity acts as a regulator in the land-
scape’s water balance (Fig. 1.2). Another important
function of soils is the storage of carbon, which is a
climate-relevant element in the form of its gases
CO, and CH,. Carbon is stored as humus in mineral
soils and especially in bogs and fens, or in the form
of dissolved carbonic acid anions, which can cause

calcium ions, liberated by weathering and other
pedogenic processes, to precipitate as carbonate.
The German Soil Protection Act from 1998 defines
the regulating and habitat functions as natural soil
functions (Chaps. 10 and 11).

The utilization functions of soils define
functions useful to man, such as their suitability
for agricultural and forestry use. Soils are also
used for waste deposits or as building ground,
and they supply raw materials such as clay, sand,
gravel, limestone, brick clay, etc. Furthermore,
soils provide the surfaces for residential, com-
mercial and traffic areas, but also for green areas
that provide residents with space for recreation
and relaxation, thus promoting their health.

As the foundation and as part of ecosystems,
soils shape the character of a landscape together
with the relief, rocks and climate, as well as the
biocenosis that developed based on these primary
factors and the respective anthropogenic effects.
Thus, soils represent records of landscape his-
tory, and their respective soil characteristics are a
reflection and archive of the natural and cul-
tural history of a landscape.

Soil functions vary both qualitatively and
quantitatively in different soils, and determine the
soils’ properties and thus their potential use.
Life on Earth depends on the soils’ various
functions, as well as their sustainable use and
conservation (Chaps. 10 and 11).

In addition to natural soils, there are also
cultivated soils that are influenced by humans.
The capacity of natural and cultivated soils to
serve as a site for plant growth is called soil
fertility. Soils can be evaluated according to this
capacity (Chap. 11). Cultivated soils mainly
serve for food production, but also for the pro-
duction of feed, organic raw materials, and
renewable fuels. In addition to its fertility, the
actual yield performance of a soil as a site for
crop production is also influenced by numerous
non-soil factors, such as climate, plant species,
soil tillage, fertilization, pest infestation etc.
Using soil information systems that were devel-
oped for many countries worldwide, detailed
information can be obtained on the properties
and state of the soils, as well as their potential for
use and their yield performance.
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1.3 Soils as an Open System
Worth Protecting

Energy and substances pass through cycles in
ecosystems, which are often not completely
closed since ecosystems and soils represent open
systems. Thus, soils are subject to the input and
removal of substances from both natural and
anthropogenic origins, and therefore have close
chemical and matter relationships with other
compartments of the ecosystem. Depending on
the properties of the soil and substances, a
transfer of substances can take place from the soil
into the food chain, groundwater, surface waters,
and the atmosphere (e.g. of CO, and CH,). The
percolation of seepage water in soils under
humid climate conditions causes the dislocation
and leaching of soil substances. Over the course
of hundreds to millions of years, this leads to a
natural acidification, nutrient depletion and deg-
radation of the soil. Under arid conditions, in
contrast, ascending groundwater (and also dust
deposition and rainfall) can lead to salt and car-
bonate accumulation in the soil.

In addition to the removal of natural sub-
stances under humid conditions, the leaching of
substances of human origin also plays an
important role. As a general rule, most sub-
stances produced and processed by man eventu-
ally reach the soils or waters through various
transport and dispersion processes. As a result of
the soil’s filtering, buffering and storage func-
tions, this often leads to an accumulation of
potentially toxic substances such as heavy
metals and persistent organic contaminants in
terrestrial, semiterrestrial and subhydric soils.
Contrary to air and water, contaminated soils can
often not be remediated, or only at high costs.

The agricultural use of soils can also lead to
soil contamination and degradation. Thus, par-
ticularly the agricultural use of land promotes
erosion by water or wind, and traffic with heavy
machinery promotes compaction. Especially in
arid regions, irrigation can lead to soil saliniza-
tion, and overgrazing in areas bordering on
deserts can lead to desertification. Because the
removal of primary and secondary harvest

products (e.g. cereals, vegetables, milk, meat,
wood, fuel) removes nutrient elements from soils
used for the production of biomass, the soil must
be fertilized to avoid degradation. Soil degra-
dation generally leads to a reduction in soil
biodiversity. Severe nutrient depletion of soils
(as is the case today in many developing coun-
tries) decreases soil fertility and increases
destruction of the soil structure and erosion,
jeopardizing agricultural production and food
security. However, the application of excess
fertilizer can result in contamination of the
groundwater and surface waters, and also of the
atmosphere if the soil’s buffering capacity is
exceeded.

Because of the soil’s natural (habitat, regu-
lating), utilization and archiving functions men-
tioned here, soils—together with water and air—
belong to humanity’s most precious resources, to
be protected at all costs. This has already been
expressly stated in the Soil Charter of the
European Council in 1972. In addition, soils are
a non-renewable resource. An estimated area of
0.22 ha of agricultural land is available per per-
son to supply food for the current world popu-
lation of about 7 billion people. With population
growth until 2050 reaching more than 9.6 billion
people, the harvested yields must be increased by
about 40 % under the optimistic assumption of a
constant soil area, in order to maintain a food
supply comparable to today’s situation. This is a
problem that has yet to be solved. For this rea-
son, the UN Convention to Combat Desertifi-
cation (CCD) was approved in 1996 to protect
soils. The functions of soils are protected in
Germany since 1998. The Act on Protection
against Harmful Changes to Soil and on the
Rehabilitation of Contaminated Sites (Soil
Protection Act) is based both on the natural and
the utilization and the archiving functions of our
soils (Chap. 11). Harmful soil changes are to be
avoided according to the law, and if harm has
already been done, it is to be rehabilitated in
order to maintain an intact basis for our habitat
and to enable sustainable land use. Most inves-
tigation methods required for this purpose are
internationally standardized. Founded in 2000,
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the European Land and Soil Alliance (ELSA)
is, among other things, committed to active soil
protection in cities and municipalities. The EU
Commission published an overview of the soils
of Europe and their endangerment, and since
2006, develops a Soil Protection Strategy with a
Soil Framework Directive for Europe.
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Inorganic Soil Components—
Minerals and Rocks

2.1 The Rock Cycle

The soil’s position in the material cycle of the
lithosphere (Fig. 2.1) shows that a large number
of processes are involved in the formation of
rocks, lithogenesis, in the form of a cycle. At the
beginning of lithogenesis, rocks are formed
through crystallization when the molten magma
cools down. They are subject to further diverse
changes through the processes of weathering,
erosion, transport, deposition, diagenesis, meta-
morphism and anatexis, which are connected to
one another in a cycle. Soils are a significant
station in this cycle. On the one hand, they are
the result of the transformation of rock in contact
with the atmosphere, hydrosphere and biosphere
(pedogenesis), and on the other, they deliver
material for the formation of new rocks. For this
reason, soils cannot be understood and classified
without knowledge of the rocks; however, the
same is true for many rocks without knowledge
of the soils (Kittrick 1985).

2.2 Minerals

2.2.1 General

Minerals are homogeneous components of rocks.
They are natural, predominantly inorganic and
chemically uniform compounds, whose elemen-
tal components are arranged in a defined, regular-
periodical manner; they are crystalline. The

© Springer-Verlag Berlin Heidelberg 2016

smallest geometrical unit of these crystals, which
have exactly the same chemism and symmetry
properties as the mineral, is called elementary
cell (Ramdohr and Strunz 1978).

The occurrence of the elements can be derived
from the average chemism of the Earth’s crust
(Table 2.1): Half of the mass can be attributed to
oxygen, one quarter to silicium, and the rest
consists almost entirely of Al, Fe, Mg, Ca, Na
and K cations.

The dominance of the O ion and its large
diameter (Table 2.2) indicate that most minerals
consist of more or less densely packed O” ions,
whose negative charges are neutralized by the
often much smaller cations in the gaps of the
O-packing. In doing so, the smaller cations such
as Si** have four O%~ ions (ligands) as their next
neighbours (coordination no. = 4), the somewhat
larger cations such as AI** have six (coordination
no. = 6), and particularly large ones like K* can
also have eight or twelve O~ ions. In addition to
0?7, the equally large hydroxyl anion OH™ and
S?” anions also act as ligands. Due to the various
sizes of the ions, their volume fractions in the
lithosphere may deviate considerably from their
mass fractions: Table 2.1 shows that oxygen
takes up 88 % of the volume, while important
cations like the comparatively large K*, Ca** and
Na* ions only account for 1-3 % by volume.

The average chemical composition of the
lithosphere also shows that compounds consist-
ing of O and Si, i.e. salts of silicic acid and the
pure oxide SiO, predominate. Corresponding to
the cation occurrence, the first eight minerals are

H.-P. Blume et al., Scheffer/Schachtschabel Soil Science, DOI 10.1007/978-3-642-30942-7_2



2 Inorganic Soil Components—Minerals and Rocks

8
Biogenic
materials
/ Diagenesis
Sedimentary i‘—

rocks Sedimentation

\
Transport
Y
Metamorphosis Soils

Y

Weathering, pedogenesis

_]

Metamorphic

rocks \» Magmatic
/ rocks
wtamorphosis /
Anatexis Crystallization

Primary mineral material

Fig. 2.1 The position of soils in the cycle of the
lithosphere

Al, Fe, Mg, Ca, Na, and K silicates (Table 2.1).
This is also true for most soils, which inherit the
silicates not only from the parent material, but
also form their own (pedogenic) silicates.

The conditions under which primary silicates
crystallize out of the magma differ fundamentally
in terms of temperature, pressure, oxygen and
water content from the environmental conditions
in the soil, where the crystal growth of the sec-
ondary minerals is usually strongly inhibited.
Lithogenic minerals, originating from rocks,
differ from pedogenic minerals, formed in the
soil, not only in their grain size, but also in other
properties, e.g. the sorption capacity. For this
reason, the two groups will be discussed sepa-
rately (Dixon and Weed 1989).

Table 2.1 Average chemism, mineral and rock constituents of the lithosphere (mass 2.85 x 10" t)

Oxides

Si0,

ALO;
F6203

FeO
MgO
CaO
Na,O

K,O
TiO,

CO,
H,O

MnO
P,0s

Mass (%)* Elements Mass (%) Vol. (%)
576 525 O 47.0 88.2
153 105 Si 26.9 0.32
25 40 Al 8.1 0.55
43 Fe** 1.8 0.32
3.9 33 Fe* 33 1.08
70 11.1 Ca 5.0 3.42
2.9 28 Mg 23 0.60
23 46 Na 2.1 1.55
0.8 - K 1.9 3.49
4 | =
14 -
016 -
022 -

Mineral Vol. (%) Rock constituents’ Vol. (%)

constituents

Plagioclases 39 Basalts, gabbros basic 42.6
igneous rocks etc

Quartz 12 Gneisses 214

K feldspars 12 Granodiorite, diorite and 11.6
syenite

Pyroxenes 11 Granites 10.4

Micas 5 Crystalline schists 5.1

Amphiboles Clays, clay schist 4.2

Clay 4.6 Carbonate rocks 2.0

minerals

Olivines 3 Sands, sandstones 1.7

Calcite, 2.0 Marble 0.9

dolomite

Magnetite 1.5

Other 4.9

minerals

“The 2nd column shows the average composition of superficial rocks (Hudson 1995)
*The predominance of basic rocks is due to the surface area dominance of the oceanic crust
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Table 2.2 Effective radii of various ions (pm) in crystals related to the coordination number IV or VI

VINa* 102 VAPt 39
VIK* 138 VIAPY 53.5
VINH* 147 VIFe?* 78.0
ViMg>* 72 VIpe+ 64.5
Vica®* 100 ViMn?* 83
VIMn4+ 53

2.2.2 Silicate Structure

The structure of silicates helps to explain their
diversity and properties, e.g. their weatherability.
The basic building block of SiO, and silicates is a
tetrahedron, in which the small tetravalent Si
atom is surrounded by four large oxygen ions
(Fig. 2.2 top). This creates a dense oxygen
packing that fills the space and only allows cat-
jons to fill the gaps. If the centers of the O*~ jons
are connected with each other, it creates a tetra-
hedron consisting of four triangles of the same
size (Fig. 2.2). Every SiO, tetrahedron has four
negative charges and is linked with other SiO4
tetrahedra via oxygen bridges. The types and
extents of the various cross-linking result in
different silicate structures: The tetrahedra in

A> &

Fig. 2.2 Spherical model of a tetrahedron (fop) and an
octahedron (right) in combination with a polyhedral
representation (left) to emphasize the coordination around
the central ion (coordination polyhedron). Only the upper
representation is to scale, the ions were drawn smaller in
the other two representations to improve clarity

Ve 15 p* 38
Vsi 26 0> 140
IVt 42 OH 137
So* 30
58 182
cr 153

tectosilicates are completely cross-linked in all
three spatial directions. Types of incomplete tet-
rahedron cross-linking include, layered or phyl-
losilicates with extensive 2-dimensional cross
linking, as well as band and chain silicates with
one-dimensional cross linking. If there is no
cross-linking at all, they are called nesosilicates
or orthosilicates. The tetrahedron basic units of
this structure types are the tectosilicate-SiO9,
phyllosilicate—Si2052_, band-Si40,,%", chain-
SiO5%~ and the insular or nesosilicate SiO4*,
characterized by an ascending O/Si ratio of 2.0,
2.5,2.75, 3.0 and 4.0, and increasing demand for
cations for the spatial connection of the tetrahe-
dron units (Fig. 2.3).

Mainly K*, Na*, AI**, Fe**, Fe**, Mg?* and
Ca®* are involved, and together with the linking
variations, they give rise to the chemical diver-
sity of the silicates. Both the structure and the
chemism have a significant effect on the weath-
erability of the various silicates (see Sect. 2.4).

Another variation of the silicates arises when,
instead of the Si**, the approx. 50 % larger AI**
(Table 2.2) occupies the centre of the tetrahe-
dron, without changing the ‘morph’ of the
structure (therefore isomorphic substitution).
However, it does change the charge conditions:
The charge of AI** that is missing relative to Si**"
is compensated by the uptake of additional cat-
ions, e.g. K*, Na* or Ca®* into the structure.

With 80 % per volume (including quartz
>90 %), silicates are the most frequently occur-
ring minerals in igneous rocks. They are also the
most important primary products for those min-
erals that are newly created by weathering and
thus by pedogenesis. The ranges of variation in
the chemical composition of the predominant
igneous silicates fluctuate strongly (Table 2.3).
The ranges show that silicates often do not



10 2 Inorganic Soil Components—Minerals and Rocks

Fig. 2.3 Types of bonding
in silicates: chain (left),
band (centre) and layered
structure (right)

Table 2.3 Chemism (mass %) of important minerals of igneous and metamorphic origins

Olivines Pyroxenes* Amphiboles” Muscovites Biotites K-feldspars Plagioclases
Si0, 38-47 47-53 39-54 39-53 33-45 63-66 43.5-69
TiO, - <4.4 - <39 <10 - -
ALO3 - 1-7 - 20-46 9-32 19-21 19-36
Fe,05 - 0.4-7.6 0.2-23 <8.3 0.1-21 <0.5 -
FeO 8-12 4-21 <9 - 3-28 - -
MnO - - - <23 - - -
MgO 38-47 10-18 3-25 <24 0.3-28 - -
CaO - 13-22 10-14 <4.5 - - <19.5
Na,O - - 0.5-2.3 <5.2 - 0.8-8.4 <12
K>O - - <1.7 7.3-13.9 6-11 3-16 -
H,O - - 0.2-2.7 2-7 0.9-5 - -
“Augite

®Common hornblendes

correspond to the ideal formula. This is mainly
due to isomorphic substitution.

2.2.3 Primary (Lithogenic,
Pyrogenic) Silicates

2.2.3.1 Feldspars
Feldspars are pale or weakly colored Na—K—Ca—
Al silicates with good cleavage and a hardness of
6. They belong to the tectosilicates, i.e., they
consist of a three-dimensional tetrahedral
framework. In the tetrahedra, '/, (alkali feld-
spars) or !/, (anorthite) of the tetrahedron centers
are substituted by AI**. To balance the charge,
the relatively large K*, Na* or Ca®* ions are
incorporated into the gaps in the silicate structure
(Fig. 2.4).

The most important types of feldspar are the
orthoclase (potassium feldspar, KAISi;Og),

albite (sodium feldspar, NaAlSi;Og) and anor-
thite (calcium feldspar, CaAl,Si,Og). These pure
types are rarely found in rocks. Thus, potash
feldspars usually contain Na (e.g. sanidine, an-
orthoclase, microcline); in which case, together
with albite, they are called alkali feldspars,
whose K,O content lie between 2.5 and 14.7 %.
Between albite and anorthite, there is a continu-
ous series of intermediates called plagioclases
(Ca—Na feldspars), where Na and Ca are com-
pletely interchangeable due to their similar ionic
radius (Na 102 pm; Ca 100 pm), contrary to Na
and K (138 pm). For this reason, with decreasing
albite and increasing anorthite fractions, Ca and
Al contents increase, while the Na and Si content
decreases. This also explains the variation in the
chemical composition of  plagioclases
(Table 2.3). In basic igneous rocks, in addition to
Ca-rich plagioclases, Si-poorer feldspar repre-
sentatives (foids), nepheline (NaAlSiO,) and



2.2 Minerals

Fig. 2.4 Tetrahedral model of an albite. The spheres are
the Na ions, the tetrahedra contain Si** and AI** at a ratio
of 3:1. The dotted lines surround the elementary cell

leucite (KAISi,Og) can occur, which are also
tectosilicates.

2.2.3.2 Micas and Chlorites

Micas are K-Mg-Fe—Al phyllosilicates with
extremely good cleavage, which is due to the
laminar arrangement of their structure (sheet-like
or phyllosilicates). The most common micas are
the light-colored muscovite and the dark biotite.
Muscovite is predominantly of metamorphic
origin, but also igneous (only in intrusive rocks)
and sedimentary. Biotite is usually igneous, and
the darker it is in color, the higher its Fe content.
The K content of both minerals lies between 6
and 14 % K,O.

In the sheet-like structure of the micas, the
SiO, tetrahedra are each linked with three (of 4)
O?" jons laying on one plane, ie. two-
dimensional (Figs. 2.3 and 2.5). The fourth O*~
ion that is not linked to the neighboring tetra-
hedron links the tetrahedral layer with the octa-
hedral layer, in which AI**, Mg?* or Fe** ions

1nm

Fig. 2.5 Model of a mica structure. The spheres are K*
ions. The thickness of one elementary layer is labeled

are six-fold coordinated. This octahedral layer is
followed by another tetrahedral layer; however, it
is rotated by 180°, so that the oxygen ions at the
tips also point to the octahedral layer. Two of the
six octahedrally coordinated oxygen ions from
the octahedral layer bond with both the tetrahe-
dral layers, and two form hydroxyl ions (OH )
with H*. The remaining two oxygen ions link the
octahedra via common edges to form sheets,
which is why micas are also referred to as 2:1 or
three-layered minerals (Fig. 2.5).

Three octahedron centers form one formula unit,
and altogether, their central cations have six nega-
tive charges to be compensated. In dioctahedral
muscovite, two of the three centers are occupied
with AI? * and in trioctahedral biotite, in contrast,
all three are occupied with variable proportions
of Fe** and Mg®*. For muscovite, this results in
the idealized formula KAI,(SizA1)O;o(OH),, and
accordingly for biotite K(Mg, Fe?")5(SizAl)
010(OH)s.

In micas, the three-layered structural units are
linked vertically to the layer planes by potassium
ions, which penetrate into the central gaps of the
6-0 rings of the outer oxygen layer of the tetra-
hedron (see Fig. 2.6), and thus hold the silicate
layers together (=interlayer cations). Because 6
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Fig. 2.6 Spherical model of the tetrahedral layer of mica
seen from the front (leff) and from the side (right) (true to
scale). The oxygen and the potassium are labeled, the
small black spheres are the Si** ions

oxygen ions on each side of the tetrahedral layer
contribute to the bonding, K* with its O*~ ions
has a coordination number of 12.

In a polyhedral model, the silicate sheets of
micas are shown as a sequence of tetrahedral and
octahedral layer at a ratio of 2:1 (Fig. 2.5), in a
spherical model, as a package of two O and two
(O, OH) layers. Together with the layer of K*
ions between the silicate layers, these form the
elementary layer with a thickness of 1 nm. The
actual crystal sheet consists of a more or less
large number of such elementary layers.

The so-called layer charge ¢ determines
whether there are interlayer cations or not: In
micas, one of each of the four Si** ions is
substituted by AI**. The lacking positive charge
is therefore compensated by an interlayer K.
However, the layer charge can vary over a great
range (see Sect. 2.2.4).

The strong cohesion of the silicate layers in
micas is not only a result of the high layer
charge, but is also due to the fact that the K™ ion
is only slightly larger than the gap at the center of
the oxygen hexagonal rings, and therefore pen-
etrates into these gaps (Fig. 2.6). Furthermore,
K* is relatively easily polarized, so that its
positive charge is slightly shifted under the
influence of the negative excess charge, which
can strengthen the bond.

The strength of the cohesion of the layers in
trioctahedral biotite is lower than in dioctahedral
muscovite, and therefore the availability of the K*
ions for plant growth is higher in biotite than in

muscovite. Possible explanations are: (a) the K-O
bond in trioctahedral minerals is somewhat longer
and thus weaker than in dioctahedral minerals,
(b) in trioctahedral three-layered minerals, the
vector of the OH-bond is approximately perpen-
dicular to the layer plane, while it forms and angle
of ~74° in dioctahedral minerals. As a result, in
trioctahedral micas, the distance between the H*
and the K* ions is smaller, i.e., the repulsion
between the two ions is stronger than in dioctahe-
dral micas. This also explains why K* is much more
difficult to liberate, as soon as the Fe**—OH groups
are converted by oxidation to Fe**~O groups.

The vertical linking can also occur without
interlayer cations only through the vAN DER WaAL
forces, as is the case with pyrophyllite
(Al,Si140,9(OH),) or talc (Mg3Si400(OH),). The
interlayer distance is then only 0.9 nm. The
bonding strength between the silicate layers
mainly depends on the charge per area; this is
demonstrated by the following sequence of scratch
hardness H: Talc (¢ =0, H = 1), smectite-vermic-
ulite group (¢ = 0.3-0.9, H ~ 1'/,), muscovite
(¢=1, H=2-2"1,), margarite (=2, H = 4).

The phyllosilicates also include the generally
green in color, Mg—Fe(Il)-rich chlorite (gr.
chlorés = green), which, like the micas, consist of
trioctahedral 2:1-layers. However, contrary to the
micas, it is not K* that is inserted between the
layers, but rather an independent, mainly triocta-
hedral hydroxide layer with the molecular for-
mula (Mg®*, Fe**, Fe**, Al);(OH)s (Fig. 2.7).
The substitution of M** by M** in both hydroxide
layers generates a positive charge, which com-
pensates for the negative charge of the tetrahedral
layers. The latter comes from the partial substi-
tution of Si** by AI** (Bailey 1991). Because the
two octahedrally coordinated layers are similar in
their structures and chemistry, chlorites can be
grouped according to the general formula:

(Métx73yMiIZy D)’) (Si4*XMi+ ) 010 (OH) 8

with M*™ = Mg?", Fe** and M* = Fe’* AIPT.

[ represents an empty space, i.e. an unoccupied
position in the structure. In addition to the purely
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Fig. 2.7 Polyhedral model
of the structure of chlorite.
The light octahedra with
the implied cation represent
the hydroxide interlayer

electrostatic attraction, there are also H-bridge
bonds between the OH-groups of the hydroxide
layer and the O™ ions of the two neighboring
tetrahedral layers.

2.2.3.3 Pyroxenes, Amphiboles
and Olivines

In contrast to the tecto- and phyllo-silicates, the
generally dark pyroxenes and amphiboles are
built with tetrahedral chains (Figs. 2.3 and 2.8)
or bands (chain silicates arranged in parallel. In
the tetrahedron centers, in turn, some of the Si**
jons were substituted by AI’* ions. The cations
inserted to equalize the charge, mainly Ca®*,
Mg®* and Fe®*, link the chains and bands.
Because this bond is weaker than the Si—O and
Al-O bonds within the chains and bands, they

are cleaved and weathered parallel to the chains
and bands.

Pyroxenes include mainly augite (Ca, Mg, Fe,
Al, Ti),(Si, Al)»Og and the minerals enstatite,
hypersthene and diopside, and the amphiboles
include the hornblendes (Ca,(Mg, Fe, Al)s(Si,
Al)gO,>(OH),) and actinolite, mainly found in
metamorphic rocks. On average, hornblende
contains more Al and less Ca than augite. It is
greenish-black to black in color, similar to bio-
tite, because it contains both Fe?* and Fe**
(given as FeO or Fe,0j3 in Table 2.3).

The olive-green nesosilicate/orthosilicate
olivine, (Mg, Fe?*),Si0,, is often found in basic
igneous rocks. Like the plagioclases, olivines
form a completely isomorphic series of interme-
diates with the end members forsterite (Mg,SiO,4)



14

2 Inorganic Soil Components—Minerals and Rocks

Fig. 2.8 Polyhedral model
of the pyroxene structure
(diopside) with chain-like
bonding of the SiO4
tetrahedra. The octahedra
contain Mg?*, the spheres
are the Ca**

and fayalite (Fe,SiO4). The SiO, tetrahedra
are not linked by shared O~ ions, but rather only
by Mg®" and Fe** ions. There is no isomorphic
substitution with AI’*. Olivines weather readily,
leading to the formation of serpentine.

2.2.3.4 Rare Silicates

Almost all igneous rocks contain small fractions
of several silicates, which belong to the so-called
heavy minerals, i.e. minerals with a density
>29¢ cm . These include titanite (CaTiOSi0,),
zircon (ZrSiO4) and tourmaline (idealized as
MA3X6[(OH)4|(BO3)3|Sl6018] with M = Na, Ca,
A = Mg, Fe, Li, Al, Ti; Cr; X = Al, Mg, Fe).
Tourmaline is an important supplier of boron for
plants.

Typical silicates of metamorphic origins are:
Garnet, (Ca, Mg, Fe**, Min);(Al, Fe*, Cr**)(SiOy)s,
andalusite and sillimanite, Al,OSiO,, staurolite,
(Fe**, Mg)y(Al, Fe¥)y04(SiO4)s (OsOH,) and

epidote, Cay(Al, Fe**)Al,[O/OH/Si0O4/Si>0-]
(OH) and also serpentine, Mg3Si,Os5 (OH),.
Igneous rocks that cooled very quickly contain
large amounts of non-crystallized silicates, vol-
canic glass, the chemical composition of which
varies in a wide range according to the magma.
In building materials such as concrete, poorly
crystallized, hydrated calcium silicates with the
composition mCa0O-SiO,-nH,0 occur as a reac-
tion product from clinker phases with the mixing
water, where mis ~ 1.5-2, depending on the water
addition. Morphologically, they form needles and
copings or bendings, and structurally, these sili-
cates resemble the mineral tobermorite, in which
the water molecules are embedded between the
silicate layers. From the clinker phases containing
Al, tetracalcium aluminate hydrates are formed
when the concrete hardens, and in the presence of
sulfate, analogous sulfates are also formed, such as
ettringite, CagAl,[(OH)4S04)]5-24H,0.
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2.2.4 Clay Minerals

2.2.4.1 General Properties

Clay minerals are defined here as silicate min-
erals occurring in the clay fraction (<2 um). Clay
minerals formed from the weathering products of
primary silicates are important constituents of
many soils and sediments, which are lacking in
igneous and metamorphic rocks. Structurally,
they are related to the phyllosilicates, however,
they have a very small particle size (<2 pm), and
therefore give mudstones, clayey rocks and
clayey soils their plasticity, their swelling prop-
erties and their capacity to adsorb ions and
molecules. Their chemical composition and their
charge can vary even within the same mineral
type (Table 2.4). Their nonstochiometric chemi-
cal composition is expressed in the molecular
formulas (see Table 2.5). They have “low”
crystallinity, which, together with the layer
charge, result in the reaction capacity of clay
minerals in soils. All of these properties can be

Table 2.4 Variation ranges for the chemical composition

attributed to the environmental conditions during
formation in the earth surface: low temperatures,
low pressure as well as the “impurity” and fluc-
tuating compositions of the weathering solutions
(Brindley and Brown 1984; Jasmund and Lagaly
1993).

2.2.4.2 Crystal Structure

and Classification
In addition to the structural similarities with the
micas, clay minerals have the following charac-
teristics (Newman 1987).

1. Like with the micas, the basic building units
of clay minerals are SiO, tetrahedral and
octahedral layers. Among the octahedral lay-
ers, a distinction is made between dioctahe-
dral (Al, muscovite type) and trioctahedral
(Mg, Fe, biotite type).

The charge is highly variable and can range
from almost 0 to >1. The tetrahedral charge
is always negative, the octahedral can be

of important clay mineral groups (in mass %)

Clay mineral SiO, Al,O3 Fe,03 TiO, CaO MgO K,0 Na,O
Kaolinites 4547 3840 0-0.2 0-0.3 0 0 0 0
Smectites 42-55 0-28 0-30 0-0.5 0-3 0-2.5 0-0.5 0-3
Vermiculites 33-45 7-18 3-12 0-0.6 0-2 20-28 0-2 0-0.4
Illites 50-56 18-31 2-5 0-0.8 0-2 1-4 4-7 0-1
Chlorites 22-35 15-48 0-4 0-0.2 0-2 0-34 0-1 0-1
Table 2.5 Examples for chemical structures of common clay minerals
Clay mineral Interlayer Central cations octahedral Central cations Anions and
occupancy layer tetrahedral layer water
Kaolinite Xo0.04 (A11,91F6854Tiov04) (Al 05Si; 95) Os(OH),4
Halloysite X0.04 (Al}.96) (Alg 0551} .05) 05(0H),42H,0
Mlite (dioct.) Ko.64Xo0.10 (Al 46Fed’ Fel5sMgy 55) (Alg 45513 55) 0,0(0OH),
Glauconite Ko.72X0.06 (Al 4sFed beFed ;Mg 41) o5 (AloogSizz4) 010(OH),
Vt?rmiculite Xo.71 (A10A14Fegfg4Fe(2;69Mg2_4O) (Aly.153512 87) 010(0OH),
(trioct.)
Mpntmorillonite Xo0.39 (A11 ‘50Fe(3)f§2Fe(2)f61 Mg0_38) (Alg.055i3.95) 010(OH), nH,0
(dioct.)
Palygorskite = (AlgsaFel §sMgog0) Siy 0,0(0H),(H,0)s

X exchangeable cations in equivalents, K interlayer potassium, n changing proportions of H,O, dioct. dioctahedral,

trioct. trioctahedral
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negative or positive. The total charge is then
approx. 0.2-1.0.

3. In clay minerals, interlayers can occur
between the silicate layers. These can consist
of ions (K), hydrated ions (Mg-H,O) or
octahedral layers.

4. Among platy clay minerals with “endless”
silicate layers, a distinction is made between
two-layer or 1:1, three-layer or 2:1, and
four-layer or 2:1:1 minerals. In the latter, the
interlayer consists of an octahedral layer. If
the layers are not charged, they are connected
by hydrogen bridges, dipole interactions or
VAN-DER-WaAALS forces.

5. A special type are band silicates, where five
or eight octahedra form a band, which is then
connected to other bands through Si—O-Si
bridges, and thus results in tubular structures
(palygorskite and sepiolite).

6. When there is a very rapid supply of Si and
Al from the weathering solution, clay miner-
als can be formed that consist of one single
tetrahedral-octahedral double layer. These
double layers are then bent to form hollow
spherules (allophane) or tubes (imogolite).

Clay minerals are classified according to the
occurrence of these properties (Table 2.6).

2.2.4.3 Kaolinite and Halloysite

As virtually pure Al silicates, these two clay
mineral groups are the most common dioctahe-
dral two-layer minerals, Al,Si,Os(OH)4, while
trioctahedral serpentine, Mg;Si,05(OH)y, occurs
more rarely.

In kaolinite and halloysite, every silicate layer
on the tetrahedron side is bordered by 0> ions,
and by OH ions on the octahedron side
(Fig. 2.9). The silicate layers in kaolinite are held
together by hydrogen bridges OH-O between the
OH™ ions of the octahedra and the O®” ions of
the tetrahedra in the neighboring silicate layer.
The octahedron centers are occupied by Al**,
and the tetrahedron centers by Si**. The layer
distance is 0.7 nm. In halloysite, in contrast, there
is a H,O layer between the silicate layers; its
layer distance is therefore larger by the thickness
of one H,O sheet (0.28 nm) and is of 1.0 nm.
When heated, but sometimes also already when
air drying, halloysite looses the interlayer of
water and contracts to 0.7 nm to form metahal-
loysite. In kaolinite and halloysite, the amount of
isomorphic substitution of Si by Al in the tetra-
hedra, and thus the charge of the silicate layers is
very low. In the octahedra, there is usually a little
substitution of AI** by Fe®* (see formulas in
Table 2.5).

Table 2.6 Classification of the most important clay minerals

Structure type Example

formula unit

1:1 or Kaolinite 0

two-layered-minerals Halloysite 0

Serpentine 0
2:1 or Illite >0.6
three-layered-minerals Visitenific 0.6-0.9
Smectite 0.2-0.6
Chlorite Variable

Fibrous pyroxene-like
Variable

Palygorskite 0
Allophane ?
Imogolite ?

Hisingerite ?

Height of the negative layer charge per

Occupancy of the
interlayer space

H,O

K

Exchangeable cations
Exchangeable cations

Hydroxide layer
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Fig. 2.9 Polyhedral model
of a two-layered silicate
(kaolinite). The spheres
symbolize the H" ions

Fig. 2.10 a Pseudo
hexagonal contour of
kaolinite minerals (San
Juanito, Chihuahua,
Mexico). b Halloysite and
kaolinite from the
weathering of granite
(Podzol, Bérhalde, Cv
horizon) (image M. Zarei)

Kaolinite usually forms hexagonal pm-sized
platelets, and halloysite forms tubes, rolled-up
platelets (Fig. 2.10) or hollow spherules. Pedo-
genic kaolinite crystals are often smaller (several
tenths of a pm) (Fig. 2.10a) and more rich in Fe
than the many kaolin deposits. With increasing
Fe incorporation, the crystal size and crystal
arrangement (both combined in crystallinity) are
decreasing. Kaolinite, as main component of the
kaolins, is used to make high-quality ceramic and
as filling material.

2.2.4.4 lllites and Glauconites

Illites show the closest similarity to the micas.
They are like these three-layer minerals, how-
ever, their negative layer charge with 0.6-0.9 per
formula unit is lower than that of the micas (1.0),

and other than through the Si—Al substitution in
the tetrahedra, also originate from the substitu-
tion of AI’* by Mg®* and Fe®* in the octahedra.
Due to the lower layer charge, the K content of
illites with 4-6 mass % is lower than that of

mica. Like with the micas, the silicate layers are
held together by K at approx. 1 nm layer dis-
tance. In soils, illites are formed through the
physical and chemical weathering of micas.
During the diagenesis of sediments, illites are
mainly formed from smectites through recrys-
tallization and chemical incorporation of potas-
sium between the layers. If the conversion is
incomplete, a portion of the layers inside the
crystal remains smectitic and thus expandable.
Due to this chemical heterogeneity, illite is not
classified as a defined mineral in the strict sense.
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Under the electron microscope, illites appear as
irregularly shaped platelets. Their crystals often
only consist of 100-300 silicate layers, i.e. they
have a thickness of approx. 0.1-0.3 um.

The green-colored glauconites are related to
the illites. They are found in marine sediments
and differ from the illites through a higher Fe
content in the octahedral layers. The glauconites
also contain generally K-depleted, partially
expanding layers.

2.2.4.5 Vermiculites and Smectites

Vermiculites and smectites are expandable three-
layer minerals, whose negative layer charge is
compensated by various exchangeable cations in
the interlayer space (Fig. 2.11). By definition, the
two minerals are separated by their layer charges:
Those with a charge of 0.6-0.9 per formula unit
are classified as vermiculites, those with 0.2-0.6
as smectites. With the addition of potassium,
vermiculites contract due to their high charge to
an interlayer distance of 1 nm, and therefore turn

Fig. 2.11 Polyhedral
model of a smectite. The
spheres (not true to scale)
between the silicate layers
are the exchangeable
cations
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into illites and contribute to the so-called
K-fixation of soils (Chap. 5), however, smec-
tites do not.

Vermiculites generally originate from biotites
through the oxidation of octahedral Fe**—Fe’*.
Due to the increase in the positive charge, the
negative layer charge is reduced, the mineral
expands and K is liberated from the interlayer
space. Vermiculites also differ from smectites in
the location of the isomorphic substitution and in
the chemical composition. When heated, vermi-
culites expand to many times their original vol-
ume, and are used in this form as isolation and
packaging material.

Due to their lower layer charge, smectites
store more water and therefore expand more than
vermiculites. The expansion height depends on
the height of the layer charge and the type of
interlayer cations. A smectite saturated with Ca>*
or Mg** stepwise stores up to four ~0.28 nm-
thick water layers, so that its interlayer distance
increases to approx. 2 nm. Sediments rich in

, —
=\ _N—d
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smectites and soils, such as Vertisols (Chap. 8),
therefore swell and shrink strongly with fluctu-
ating water contents. The swelling can trigger
landslides and can lead to structural degradation
in soils. The various smectites differ from one
another in the height of the layer charge, the
proportion of tetrahedral and octahedral charges,
and the chemical composition. Mg?*-rich forms
with mainly octahedral charge are called mont-
morillonite, AI**-rich with mainly tetrahedral
charge are beidellite, and Fe**-rich are nontro-
nite. Pure smectite deposits are usually mont-
morillonite, while smectites in soils generally
have higher Fe and lower Mg contents. Their
charge is of 0.3-0.4 per formula unit and is 40—
80 % tetrahedrally localized. Thus, they are
Fe-rich, beidellitic smectites. Under the electron
microscope, smectites appear as very thin and
therefore flexible sheets that are often folded or
rolled up at the edges, have an irregular bound-
ary, and are riddled with many structural faults.

Smectites are the main minerals of the eco-
nomically significant bentonites, as they occur
e.g. in Lower Bavaria and in Wyoming and
Mississippi, and have a multitude of technical
applications (e.g. as adsorbents, binding agents
for molding sands, additive for rinsing in deep
drilling).

2.2.4.6 Pedogenic Chlorites
Soil chlorites (secondary chlorites) are similar to
the ‘primary’ chlorites from rocks (Sect. 2.2.3.2)
in that they both contain between the 2:1 layer a
more or less complete hydroxide (Fig. 2.7)
interlayer, and their stacking distance is therefore
1.4 nm. Their dioctahedral silicate layers are like
those of vermiculite or smectite, and contrary to
the primary chlorites from rocks, their layer
interspace is sporadically occupied by an Al
hydroxide octahedral sheet (also called Al chlo-
rite) (Fig. 2.12). The Al hydroxides have a
structure similar to gibbsite (Sect. 2.2.6.2).
Through the imperfect filling of the interlayer
Al-hydroxy polymers, the properties of the for-
merly expandable three-layer minerals change:
They loose their expandability and their capacity
to contract with the addition of K. Already small
amounts of Al-hydroxy polymers are sufficient

® Exchangeable cations
] Al-hydroxy polymers

Fig. 2.12 Diagram of a pedogenic chlorite

(approx. '/ of the possible interlayer sites) to
cause this effect. The cation exchange capacity
decreases with increasing filling.

Treatment with NaOH, NaF or Na citrate
(100 °C) can dissolve the Al-hydroxy interlayer
polymers and reverse the above-mentioned
changes. Liming can cause a similar effect, if
the clay particles are not too big and the degree
of chloritization is not too high. The increase in
pH neutralizes the positive charges of the
Al-hydroxy polymer cations (OH/Al = 3; layer
charge = 0), which can then no longer be held by
the negatively charged silicate layers and exit the
interlayer space.

Pedogenic chlorites only occur naturally in
acidic soils, because only these release sufficient
Al. Favorable conditions for deposition are a pH
range of 4-5 and not too much organic matter,
because SOM binds the Al complex and thus
impedes deposition. If the pH drops even further,
in the interlayers no more Al-hydroxy polymers
are formed, and the soils can be “dechloritized”
(podzolization).

2.2.4.7 Palygorskite and Sepiolite

The two Mg-rich, trioctahedral clay minerals
palygorskite and sepiolite consist of bands of 2:1
silicate layers, which are staggered by one layer
thickness vertical to the layer plane. Both min-
erals differ only in the width of the bands (paly-
gorskite has 5 octahedra, sepiolite has 8 octahedra
per band). This band structure is expressed
physically in the fiber form of the crystals. There
are channels between the bands that are filled with
H,O molecules. The octahedra are mostly
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occupied with Mg, but sometimes also with Al,
Fe and Ti. Their excess negative charge is low.
Both minerals are formed in the alkaline range
and/or in saline soils. For this reason, they are
mainly found in semi-desert soils (Chap. 8).

2.2.4.8 Allophane, Imogolite
and Hisingerite

Allophanes are hydrous secondary aluminum
silicates with an Si/Al molar ratio of 0.5-1.0, in
some cases up to 4, originating mainly from the
weathering (Chap. 8) of volcanic glasses
(Sect. 2.4.2) in humid climates. They consist of
tiny hollow spherules with 3.5-5 nm outer
diameter and walls with a thickness of approx.
0.7-1 nm (Fig. 2.13). The walls of the hollow
spherules consist of a curved AI-O—OH octahe-
dral layer, where incomplete Si—O-
OH-tetrahedral layers are bound by O bridges
on the inner surface. In contrast to the other clay
minerals, the crystal arrangement only extends
over the range of the very small hollow spherules
(short range order), so that the allophanes were
long considered to be amorphous. Due to their
similarity to imogolite, Al-rich allophanes
(Si/Al = 0.3-0.4) are called proto-imogolite
allophane. The very rare hisingerite contains Fe
in the octahedral layer instead of Al.

In contrast, imogolite has a one-dimensional
long range order, since it consists of several pm-
long, very fine tubes with 1 nm inner and 2 nm
outer diameter. The outside of the tubes form a
dioctahedral Al hydroxide layer, which is con-
nected to an incomplete layer of Si—~O;0OH tet-
rahedra on the inside via O bridges. Therefore,
the outer surface of the tubes consists of AI-OH
groups, and the inside of Si—-OH groups
(Fig. 2.14). This results in the chemical structure
(HO); Al,O3SiOH, according to the sequence
from the outside to the inside, and an Si/Al ratio
of approx. 0.5.

2.2.4.9 Interstratified Minerals

The clay mineral crystals in soils often have
different elementary layers arranged in a regular
or irregular sequence (Fig. 2.15). Such minerals
are called interstratified minerals. With irregular
mixed layers, which occur more frequently in

Fig. 2.13 Thread-like structures of imogolite, Bw hori-
zon of an Andosol in Iceland (image M. Zarei)

O o Si
@ o Al
oo o
@@ HO

Fig. 2.14 Structure of imogolite: Cross section through
an imogolite tube. The smaller structural elements lie
somewhat underneath the plane of the drawing, and the
larger ones above

soils than regular sequences, the relative pro-
portions of the elementary layers can fluctuate
across a wide range. This includes those between

—_—
500 A

Fig. 2.15 Section through an expanded smectite with
1.0-1.8 nm layer sequence from the Bwk horizon of a
Calcic Luvisol on Lanzarote (image M. Zarei)
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chlorite and vermiculite, or between illite and
smectite, generally originating from the partial
weathering of chlorite or illite. There occur also
mixed layers between kaolinite and smectite. The
more rare, regular mixed layers—e.g. at a ratio of
1:1—are formed by the transformation of biotite
to vermiculite (hydrobiotite) or from chlorite to
smectite (corrensite) through the loss of the
interlayer K or of the hydroxide layer in every
second elementary layer. However, silicate layers
with different charges can be combined to a
crystal with mixed layers already during the
formation of the clay minerals from the solution.

The properties of the interstratified minerals
result from the type and the proportions of the
components. In general, the interstratified min-
erals are transitions that are more reactive than
pure clay minerals.

2.2,5 Clay Mineral Formation
and Transformation

2.2.5.1 Changes in the Interlayer
Filling

Among the phyllosilicates, the micas muscovite
and biotite as well as the primary chlorites are
most important for clay mineral formation
(Niederbudde 1996). Typical for these transfor-
mations is the preservation of the silicate layers,
even if they do not remain unaltered, while the
occupancy in the interlayer space changes. Sup-
ported by mechanical crushing, K* ions (Sect. 7.2)
are extracted from the edges of the micas and
substituted by other cations such as Ca** and Mg**
which, as hydrated interlayer cations, are not
pulled into the bowl-shaped depressions in the O
hexagonal ring like the K* ions, but rather remain
substitutable with other cations. This initially
leads to partly expanded layers at the edges of the
crystals, and with increasing K-loss, to completely
expanded layers (Fig. 2.16).

The decrease in the negative layer charge
facilitates or even enables the expansion. In the

O H

~ O~
~

O o0~0 02 © o expanded
Edge

OSONOXONONC expanded
Not

expanded

@ Non-exchangeable cations ~~ Water molecules
O Exchangeable cations

Fig. 2.16 Diagram of mica with a vermiculite or smectite
layer that is not expanded, expanded at the edges, and
completely expanded

micas containing Fe®* (biotite), this is a result of
the oxidation from Fe** to Fe®*, i.e. through an
increase in the positive charge. However, the
decrease in the negative charge is generally lower
than the extent of the Fe** — Fe** oxidation,
because some of the Fe>*~OH groups are trans-
formed into Fe®*—O groups by releasing H*, so
not only the positive, but also the negative charge
increases and/or part of the octahedral Fe** and
Mg2+ is released (Fe) or bound but still
exchangeable (Mg). With the dioctahedral micas,
the negative charge probably decreases through
O — OH transformation.

This process ultimately results in a completely
K-free and expanded clay mineral, which,
depending on the layer charge, is a vermiculite or
smectite. In the same way, primary chlorites are
transformed into vermiculite or smectite when
their (Mg, Fe, Al) hydroxide layer is dissolved by
protonation.

The transformation of micas into expandable
three-layer minerals takes place in the soil faster the
more the pH values drops and the K concentration
in the soil solution decreases; the equilibrium
solution for biotite is of 10-15 mg K L™, for
muscovite approx. 0.01 mg K L™". This demon-
strates that biotite weathers much more easily than
muscovite. Plant roots and K-fixing clay minerals
can lower the K concentration so much that biotite
turns into vermiculite within a relatively short time
(Nahon 1991).
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2.2.5.2 New Formation

from the Weathering

(Decay) Products

of Silicates
During chemical weathering, feldspars, pyrox-
enes, amphiboles, olivines and also phyllosili-
cates break down into their individual ionic
components. The new minerals can form either
inside (pseudomorphosis) or in the immediate
vicinity of the original mineral, but also after
transport of the weathering products to other
soils or waters (rivers, lakes, oceans).

Close spatial contact between weathered and
newly formed mineral demonstrate that struc-
turally related parts can be adopted. Such a
process is improbable for feldspars as tectosili-
cates, because during their transformation, e.g. to
kaolinite, tetrahedral Al is transformed to octa-
hedral Al and therefore the (Si, Al) tetrahedral
bond structure must be broken; thus, in contrast
to the primary phyllosilicates (mica, chlorite), the
structural relationship is minor.

The type of clay mineral that is formed under
a given set of conditions can be derived from the
pH and the composition of the solution as well as
the solubility products of the individual minerals
using stability diagrams (Fig. 2.25). They indi-
cate that smectite is formed in neutral to slightly
alkaline environments and with high concentra-
tions of Si and Mg, illite with higher K concen-
trations, kaolinite in the acidic range with
moderate Si concentrations, and at very low Si
concentrations (<10~ mol L), no more silicate
is formed, only gibbsite. Smectite and gibbsite
are therefore mutually exclusive. This concurs
with observations in nature (see Sect. 2.4.4).

Fig. 2.17 Formation and
transformation paths of
clay minerals (M = metal
cation)

Fragmentat/on "

T

Primary chlorite

With the formation of new clay minerals, Fe is
generally precipitated separately as an oxide,
because these are very poorly soluble.

2.2.5.3 Clay Mineral
Transformation

Clay minerals develop from the weathering of
rock to form soil. They may originate from rocks
and can be further transformed because the
conditions change in a particular direction with
progressive weathering. For example, the degree
of acidification increases with time in soils of
humid areas. As a result of this, aluminum can be
liberated from various minerals and embedded
between the layers of expanded three-layered
minerals, and they become pedogenic chlorites.
If the parent material contains vermiculite in
addition to biotite, they can absorb K* from the
potassium-releasing biotite and turn into illite
(illitization). With long-term tropical weath-
ering, the Si concentration decreases so much
that the initially formed smectite, as can be read
from the stability diagram (Fig. 2.25), is trans-
formed into kaolinite, and in extreme cases, even
into gibbsite (desilification, Chap. 8). Allophane
and imogolite are transformed over the course of
time into the better crystallized minerals kaolinite
and halloysite. Figure 2.17 summarizes the
described formation and transformation path-
ways of clay minerals.

2.2.6 Oxides and Hydroxides

Minerals in this group can be both of primary
and secondary origin. The most common oxide

+M2* +2K

Vermiculite % Secondary (soil) chlorite

—MZ*
+Al
+K

-Mg, -Fe +Mg, +Ca

/<v Kaolinite
Smectite

Feldspars
Micas -Si, -M
Pyroxenes, Amphiboles V\:ggggte;ed lllite
Olivine P Kaolinite, Gibbsite, Goethite, Hematite
Volcanic glass i) N AIIophane Imogolite

—(Na, K, Mg, Ca, Si

Halloysite
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in rocks and soils is quartz. In contrast, Al, Fe
and Mn oxides and hydroxides, as well as some
Si and Ti oxides, are generally characteristic new
formations of weathering, i.e. of secondary ori-
gin, and are therefore present in most soils and
sediments. In primary minerals, metals are
mainly bound in silicates, and are liberated dur-
ing weathering by hydrolysis and protolysis
(Stanjek 1997, 1998; Waychunas 1991). In doing
so, their silicate (SiO,4) ligands are substituted by
O and OH ligands (M = metal):

]-M—0—Si— + H,0 — I|-M—OH
+HO-Si—-0 (2.1)

The affinity to the new ligands increases with
increasing charge and decreasing size of the
metal cation. If metals are oxidized when they
are liberated from the silicate bond, e.g. Fe?* and
Mn?*, their tendency towards oxide formation
increases, while the tendency to form clay min-
erals decreases. The list of oxide minerals that are
found in rocks and soils reflects a great diversity
(Table 2.7).

2.2.6.1 Silica Oxides

The most important Si oxide by far in the Earth’s
crust is quartz (SiO,). Most quartzes are of
igneous and metamorphic origins (primary

Table 2.7 The oxide, oxihydroxide and hydroxide minerals of Si, Al, Fe, Mn and Ti in rocks and soils

Element Name Formula Color

Si [Quartz]* SiO, Colorless
Opal SiO,'nH,O Colorless
[Cristobalite] SiO, Colorless

Al Gibbsite y-Al(OH); Colorless
(Boehmite)® y-AlI0OH Colorless
(Diaspore) a-AlIOOH Colorless
(Corundum) a-Al,O3 Colorless

Fe Goethite o-FeOOH Yellowish-brown (7.3-1.6Y)
Lepidocrocite y-FeOOH Orange (4.9YR-7.9YR)
Hematite o-Fe>03 Red (3.5R—4.1YR)
Maghemite y-Fe, 03 Brownish-red (6.2YR-9.4YR)
[Magnetite] Fe;0,4 Black
Ferrihydrite 5 Fe;03-9H,0 Reddish-brown (2.8YR-9.2YR)
{Schwertmannite } FegOg(OH)sSO, Orange (6.2YR-0.3Y)

Mn Vernadite 7-MnO, -nH,0 Blackish-brown
Birnessite® (Mn,**Mn,*H)0;5'R(H,0), Blackish-brown
Lithiophorite® [ALLi(OH)g] [Mns*Mn**0,,] Blackish-brown
(Pyrolusite) MnO, Blackish-brown

Ti Anatase TiO, Light black
[Rutile] TiO,

Fe + Ti [[lmenite] FeTiO5 Black?
Pseudorutile Fe,_(Tiz09_(OH)3,

“[1 Usually only lithogenic

®(0) Rare in soils

¢{} More common in mine piles
9The interlayer cation R(=Na, K, Ca) is surrounded by water molecules
°Li/Al < 0.5 in soils
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quartz), a smaller fraction is formed in the soil. It
accounts for 12 % vol. of the composition of the
lithosphere (Table 2.1). It has a density of
2.65 g cm, conchoidal fracture and is usually
transparent/clear to white. Quartz consists
exclusively of SiO, tetrahedra forming a con-
tinuous 3-dimensional network. Therefore, there
are 4 half 0> ions for each Si** ion; this results
in the formula SiO,. The framework structure
contributes greatly to the high hardness (scratch
hardness 7 on the Mohs scale from 1 to 10) and
weathering resistance, so that quartz is accumu-
lated during weathering and transport processes
(Headnay et al. 1994; Dixon and Weed 1989).

As a second SiO, modification, cristobalite is
found in volcanic rocks and their soils. Often
found in soils and sediments, opal, SiO,-nH,0,
is a mixture of amorphous SiO,, poorly crystal-
lized cristobalite and tridymite, another SiO,
modification. The H,O content of opal, depend-
ing on its degree of aging, usually ranges from 4
to 9 %, its density from 2.1 to 2.2 g cm ™.

In the tropics and subtropics, Si originating
from weathering can accumulate in depressions
as quartz or opal. Si indurations are called sil-
crete (Chap. 8). In many other soils, opal is of
biogenic origin. Topsoils contain up to several
percent opal in many different shapes. This
so-called bio-opal either comes from the sup-
porting tissues of plants (phytoliths), especially
from grasses, or the needles of siliceous sponges.
Straw from cereals contains 1-1.5 % and grasses
~5 % SiO, by weight. The plant-specific form
of the bio-opal/phytolith particles (e.g. strips or
needles) often provides information on the his-
tory of the origin of the soil.

The majority of the Si liberated by weathering
is used in the formation of secondary silicates.
Only a small portion is precipitated as pedogenic
Si oxide. It is formed from the dissolved Si that is
present in the solution as orthosilicic acid H4SiOy4
(also formulated as Si(OH),). With higher con-
centrations and in the pH range from 5 to 7, the
silicic acid tends towards polymerization and its
solubility decreases. Finally, a hydrous, amor-
phous Si oxide is formed, which, passing through
opal, slowly turns into more or less well arranged
cristobalite, tridymite or quartz. In doing so, the

solubility decreases from approx. 60 to 1.4-3.3
(quartz) mg Si L™'. The solubility of bio-opal is
of 2-9 mg Si L™'. Polymerization can be inhib-
ited by adsorption of Si on other minerals, e.g. Fe
and Al oxides. In the range of pH 2-8, the sol-
ubility of Si oxides is almost independent of the
pH. Above pH 8-9, they depolymerize to form
silicate anions and the solubility increases.

The Si concentration of the soil solution
generally lies between the solubility of the
amorphous SiO, and of quartz. Its formation is
therefore thermodynamically possible, however,
it is kinetically inhibited because of the high
crystallization energy. This is why quartz is only
seldom found as a newly formed mineral in soils.

2.2.6.2 Aluminum Oxides

Among the crystallized Al hydroxides found in
soils, gibbsite (AI(OH);) is by far the most
common. The AI’* jons form octahedra with six
OH' ions that are connected via shared OH™ ions
to form layers, in which %5 of the octahedral
centers are occupied with Al. The crystals consist
of stacks of such Al-OH octahedron layers and
often form hexagonal platelets or columns of
clay or silt size (Fig. 2.18).

Furthermore, weathering produces two
AIOOH forms, diaspore and boehmite, which
mainly occur in bauxites (aluminum ore) and
have the same crystal structure (isotypic) as the
two Fe oxides goethite and lepidocrocite (see
Sect. 2.2.6.3).

Fig. 2.18 Gibbsite crystals on quartz (Ferralsol in
Northern Thailand, image M. ZARE1)
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Corundum (Al,O3) is generally of lithogenic
origin, and was also formed in tropical soils,
probably during fires.

Gibbsite is formed through slow hydrolysis of
the Al liberated during the weathering of silicates
containing Al (feldspars, micas, clay minerals,
etc.); however, this only occurs if, as is the case
in some tropical soils, the Si concentration drops
below 0.5 mg Si L™" due to strong desilification,
and is therefore no longer sufficient for clay
mineral formation (Fig. 2.26). Here, for example,
plagioclases can be directly transformed into
gibbsite. Similarly, gibbsite results from the
progressive desilification from clay minerals.

In acidic soils under temperate humid cli-
mates, no gibbsite is formed from the liberated
Al, because apparently the formation of Al sili-
cates (clay minerals) or Al sulfates, of
hydroxy-Al polymers in the interlayer of
expandable three-layered clay minerals, of Al
complexes with humic matter, or of amorphous
Al hydroxide seems to be preferred. The com-
position of soil solutions and the solubilities of
these compounds often imply the presence of
amorphous Al hydroxide or Al-hydroxy-sulfates
(e.g. alunite, KAl; (SO4),(OH)¢ or jurbanite,
AISO4(OH)-5H,0); direct identification of these
compounds has not yet been possible.

At a pH of 5, the solubility product
K, = aarraon (a = activity) of gibbsite (approx.
107*) results in an Al concentration of only
approx. 3 mg Al L™'. The amorphous form is 1—
2 orders of magnitude more soluble
(Kep ~ 1073%). However, because the solubility
increases with decreasing pH by three powers of
ten per pH-unit, gibbsite is no longer stable in the
highly acidic range.

2.2.6.3 Iron Oxides

The greatest portion of iron liberated from min-
erals by weathering is bound in Fe** oxides and
not, as with Al, in clay minerals. Because the iron
in primary minerals (biotite, amphibole, pyrox-
ene, olivine, magnetite) is usually divalent, it is
oxidized by oxygen from the atmosphere in the
presence of water and liberated from the silicate
bond. The Fe’* hydrolyzes to Fe(Ill) oxides
already at the weathering site (see Eq. 2.12 in

Sect. 2.4.2.3), giving the soil a uniform brown or
red color (Cornell and Schwertmann 1996). The
ratio of the oxidized to the total iron (corrected by
the Fe oxides in the rock) is therefore an indicator
of the soil’s degree of weathering. The ratio is 0.2—
0.3 in young soils from Pleistocene sediments, and
of 0.8-0.9 in old soils in the humid tropics. As
very stable weathering products (see Sect. 2.4.4),
the Fe hydroxides remain in the soil as long as
aerobic conditions exist. Under anaerobic condi-
tions, they are reduced with the microbial oxida-
tion of biomass (simplified to CH,0), i.e. they
serve as an electron acceptor (Chap. 4). In doing
so, they are dissolved:

4 FeOOH + CH,0 + 8H*

— 4Fe*™ + CO, + 7TH,0 (2.2)

The Fe*" moves along a redox gradient on a cm to
km scale, until it reaches aerobic areas, where it is
oxidized again and precipitated as Fe(Ill) oxide.
This results in local, sometimes hardened Fe
oxide accumulations in the form of mottles, con-
cretions and horizons (ferricrete, Sect. 8.2.6.2).

In soils where the Fe oxides are evenly dis-
tributed, the Fe oxide contents generally range
from 0.2 to 20 %; it especially depends on the
texture (sand < clay), on the parent material and
on the stage of pedogenesis. In accumulation
zones, like rust mottles, concretions and ferri-
cretes, it can increase up to 80-90 %.

On the one hand, the significance of iron
oxides for the matter balance of soils and land-
scapes lies in their capacity to incorporate trace
elements during their formation, such as chro-
mium and vanadium, and on the other, they bind
anions such as phosphate, arsenate, chromate,
selenite, but also heavy metals, firmly on their
surface and reduce its mobility in soils (see
Chaps. 5 and 9).

(a) Forms and properties
The two most common Fe(III) oxides in soils
and rocks (Table 2.7) are the generally nee-
dle-shaped goethite (a-FeOOH), and the
hexagonal platelet crystals of hematite
(a-Fe,03). Less common, but by no means
rare, are lepidocrocite (y-FeOOH), which
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usually forms strongly lobed or toothed
platelets or ledges, maghemite, the ferri-
magnetic form of Fe,0s, and the very poorly
crystallized, hydrous ferrihydrite (formerly:
amorphous Fe(Il) hydroxide), which mostly
occurs as aggregates with small crystals
2-5 nm in size. Small amounts of lithogenic
magnetite (Fe;0,) are found in many rocks,
which weathers relatively slowly. There are
also bluish-green colored Fe(ILII) hydrox-
ides, the so-called green rusts, which are
formed under anaerobic conditions and can
contribute to the bluish-green color of reduced
horizons in groundwater (Gleysol) soils.

The only structural element of the most
common Fe(Ill) oxide is an octahedron,
where the central Fe** is surrounded by six
O~ or by three 0>~ and three OH ™ ions. The
individual minerals differ only in the spatial
arrangement of the octahedra (Fig. 2.19). The
basic pattern of the hematite structure are two
FeOg octahedra that share three oxygen ions.
These double octahedra are connected to each
other at the edges (i.e. two shared O*~ ions
respectively) and form a three-dimensional
framework. In goethite, FeO3(OH); octahe-
dra are connected at the edges to form double
chains and these are linked at octahedral
corners (i.e. via one shared 0% ion and H*
bridges). In lepidocrocite, the double chains
form zigzag layers due to octahedral edges
that are held together by H* bridges. In ped-
ogenic or soilborne goethites and hematites,
some of the Fe’* ions are isomorphically
substituted by AI** ions (in goethite up to '/,

(b)

in hematite up to '/, of the Fe**). Because the
AP** ions are smaller than the Fe’* ions
(Table 2.2), the elementary cell of the
Al-substituted Fe(IIl) oxides is somewhat
smaller than that of the pure minerals.

All Fe(Ill) oxides are poorly soluble com-
pounds. The solubility products ast-(aop)”® of
goethite and hematite are of 10742—10744, that
of lepidocrocite is of about 10™%°, and of fer-
rihydrite 1077—=10%°. A typical characteristic
of Fe oxides in soils is that, because of the very
low solubility and crystallization-inhibiting
substances in the soil solution, they only form
very small crystals (nanoparticles) (goethite
and hematite 10-100 nm, ferrihydrite 2-
5 nm). Therefore, they have a very large spe-
cific surface (50-200 m? gfl), and can con-
tribute significantly to the total surface area of
the soil substance even at low contents.
Occurrence and formation

The mineral form and the properties of iron
oxides reflect the conditions of pedogenesis in
many ways. Because of its high stability,
goethite is found in soils of all climate regions
and is thus the most common pedogenic Fe
oxide. In the absence of hematite, it gives the
soil the typical yellow to rusty-brown color.
The conditions under which the Fe oxides
were formed in soils can be deducted both
from field observations and from synthesis
trials in the laboratory. Both Fe** and Fe** are
possible initial forms of iron, both of which do
not exist as naked ions, but rather are initially
surrounded by six water molecules. In the first
step, one of these water molecules dissociates

Fig. 2.19 Octahedral model of goethite (lef?), lepidocrocite (centre) and hematite (right). The smaller spheres are H*

ions
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a proton and thus reduces the charge of the
dissolved species. This (reversible) reaction
step, which takes place both with Fe** and
Fe’*, is called hydrolysis:

}2+

[Fe(OH,),]** +H,0 < [Fe(OH,),0H]*" +H;0*

(2.3)

The now lower-charged monomers dimerize
according to:

2[Fe(OH,);0H]*" & Fe, [(OH,)sOH]; " (2.4)

and then polymerize, forming —Fe—OH—Fe—
and —Fe—O-Fe bonds, resulting in crystalline
iron oxides:

nFe; [(OH,)sOH]; " +4n H,0

< 2nFeOOH + 4nH;0% (2.5)

Which oxide is formed by this reaction
depends, among other things, on the rate
with which the low-molecular components
are supplied, and whether the crystallization
is disturbed by other components in the
solution. If there is a rapid supply and/or
strong disturbances, the poorly crystallized
ferrihydrite is formed, e.g. with rapid oxi-
dation of waters containing Fe?* or in the
presence of organic compounds, as in the B
horizons of Podzols. The oxidation of Fe**
by chemolithotrophic bacteria (e.g. species
from the Leptothrix, Crenothrix or Gallio-
nella genera) also often leads to ferrihydrite,
which can fully incrustate the dead cells or
be slimy in texture. Ferrihydrite is found in
lake ores, bog irons and in the B horizons of
Podzols. In general, ferrihydrite can be called
a young Fe oxide; it is lacking in older, more
strongly developed soils.

Orange-colored schwertmannite, FegOg(OH)q
SOy, occurs in acid sulfate mine waters and soils
(acid sulfate soils) as a bacterial oxidation
product of pyrite. It is structurally related to ak-
aganeite, f-FeOOH, but probably contains sul-
fate in the tunnel instead of chloride.

When Fe is supplied at a slower rate, like e.g.
with the weathering of silicates containing Fe**
(mafic), the better crystallized mineral goethite is
formed. Goethite is promoted by carbonate ions
when present during the oxidation of Fe®*.
Because there are transitions between all forma-
tion environments in soils, ferrihydrite and goe-
thite are often associated in temperate climates;
this is also because ferrihydrite is a less stable
oxide that transforms into goethite through
solution in the course of time. This is also
delayed by substances such as silicate and
organic molecules that are sorbed on the
ferrihydrite.

Hematite is widespread and is closely asso-
ciated with goethite in tropical and subtropical
soils, giving them their red color (see Table 2.7).
Synthesis trials under simulated soil conditions
show that ferrihydrite is transformed into hema-
tite and goethite in two parallel reactions. Isotope
trials also show that the two reactions take place
in the solution, i.e., water is required. Compared
to goethite, hematite is promoted by lower
moisture contents and higher temperatures. The
formation of goethite, in contrast, is promoted
with increasing distance from the solubility
minimum of the ferrihydrite, which is in the
neutral range (pH 6-8) and coincides with the
zero charge point.

Because of their high stability, goethite and
hematite in soils do not directly transform into
each other through dehydroxylation or rehydr-
oxylation. Hematite is not formed from goethite
through the loss of water (except for fires), and
goethite is also not formed when hematite
absorbs water. This is not contradicted by the
observation that red tropical soils containing
hematite turn into yellowish-brown soils from
top to bottom (Xanthization), because under
more humid conditions today, hematite is pref-
erentially dissolved by reduction or complexing
with the participation of microorganisms and
organic substances, and goethite remains behind.

Lepidocrocite is mainly formed through slow
oxidation of Fe** at low carbonate ion concen-
trations. Although it is metastable compared to
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Fig. 2.20 Formation and
transformation paths of iron
oxide minerals (after

U. SCHWERTMANN)
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goethite, it only transforms into goethite very
slowly, so that it is persistent over a longer per-
iod of time. It mainly occurs in clayey, carbon-
ate-free, waterlogged soils in the form of orange
mottles or bands (Chap. 7).

Bacterially formed magnetite has been found
in soils influenced by groundwater. Maghemite
is either formed through the oxidation von lith-
ogenic magnetite especially in basic volcanic
rock, or through the effect of heat (fires) on other
Fe(Ill) oxides in the presence of organic

substances. The association with charcoal and
corundum suggests the effect of fire. Maghemite
and Feroxyhite are mainly finely distributed in
tropical and subtropical soils or widely spread in
concretions, because the frequency of forest fires
here is high. Figure 2.20 shows a sketch of the
explained formation and transformation paths for
the different iron oxides.

Thus, Fe oxides reflect the pedogenic condi-
tions in many ways. This is especially true for the
goethite-hematite ratio in soils. Soils in temperate


http://dx.doi.org/10.1007/978-3-642-30942-7_7

2.2 Minerals

29

and cool climates are usually free of hematite,
while many (sub)tropical soils also contain
hematite in addition to goethite. The soil hydro-
sequences in these regions contain less hematite
with increasing water saturation. At the same
time, they are toposequences where the upper,
drier soils are red, and the lower, more humid
soils are yellow. Even within the profile itself,
yellow topsoils are often observed above red
subsoils, which is a sign that hematite is not
formed or is not stable in the humic topsoil of
such soils. Lepidocrocite in soils of temperate
zones usually indicates a reducing, CaCOs;-free
environment, ferrihydrite the presence of crys-
tallization inhibitors (see above) or rapid oxida-
tion of Fe** in reductomorphic soils.

The extent of Fe substitution by Al also
depends on the pedogenic environment. In
acidic, strongly weathered soils (e.g. Ferralsols),
the Al substitution of goethite is generally high
(up to l/3 of the Fe), in neutral or reduced soils, in
contrast, it is much lower (<1/6). The spatial
proximity to a source of Al (e.g. clay minerals)
also plays a role. Finally, the crystallinity also
reflects the pedogenic environment. Thus, humic
soils in cool-humid climates contain more poorly
crystallized goethite associated with ferrihydrite,
while humus-free, strongly desilified, oxide-rich
tropical soils contain more well-crystallized
goethite.

2.2.6.4 Titanium Oxides

Rocks contain Ti in silicates and oxides; among
the latter, rutile (TiO,), ilmenite (FeTiO3) and
titanomagnetite (~Fe,4Tip04) dominate. The
Ti liberated by weathering is derived from pri-
mary, easily weathered silicates (biotite, amphi-
boles and pyroxenes), while the poorly
weatherable oxides are relatively accumulated in
the soil. Titanium is not only subordinately
incorporated into clay minerals during weath-
ering, but is rather mainly precipitated as anatase
(TiO,), in which the Ti is partly substituted by
Fe**. Anatase can also be synthesized at room
temperature. Pseudorutile is an Fe-Ti oxide of
variable composition that is formed from the
weathering of ilmenite. Titanomagnetites
weather (oxidize) to titanomaghemites.

The Ti content in strongly weathered soils can
increase to more than 1 %, in some tropical soils
on Ti-rich rocks to even more than 10 %, while
in younger soils of temperate climate zones, it is
usually only of 0.1-0.6 %.

2.2.6.5 Manganese Oxides

During the weathering of silicates containing Mn
(e.g. biotite, amphiboles and pyroxenes), the Mn>*
is precipitated under aerobic conditions mainly as
blackish-brown to black colored, poorly soluble
Mn(IV) oxide. Mn oxides occur in soils, like the
Fe(Ill) oxides, as mottles, particle coatings
(Mangans), concretions and crusts.

The mineralogy and chemism of Mn oxides
(Table 2.7) are more diverse than those of Al and
Fe oxides, because in addition to the tetravalent
Mn, they may also contain Mn>* and Mn**, and
absorb cations such as Li, Na, K, Ca, Ba, Al and
Fe for charge compensation. For this reason, like
the clay minerals, Mn oxides are often
non-stoichiometrically composed.

Only a few of the oxides have been reliably
identified in soils until now. They belong to the
phyllomanganates, consisting of MnOg octahe-
dral layers with an interlayer distance of 0.7 or
1.0 nm. The 0.7 nm mineral with an H,O layer is
called birnessite, and the form that is expanded
to 1 nm due to the embedding of a second H,O
layer is called buserite. The substitution of Mn**
by Mn>* and Mn?* creates a negative charge in
the MnOg layers, which is compensated by cat-
ions like Na*, K*, Mg?* and Ca®* between the
layers. In lithiophorite, a Li—Al hydroxide layer
is incorporated between the MnO, layers. Poorly
crystallized forms of the layer types are called
Vernadite (3-MnQO,).

Tunnel manganates occur more rarely in
soils, in which the MnOg octahedral chains form
tunnels of variable size that absorb exchangeable
cations and water. These include the MnO, forms
todorokite, K-containing cryptomelane,
Ba-containing hollandite, and rarely found in
soils pyrolusite.

The Mn oxides, like the Fe oxides, have a low
solubility, but can be subject to microbial
reduction and thus dissolved. Because Mn(IV)
oxides are more easily reduced than Fe(IIl)
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oxides (Sect. 4.3) and Mn** is only reoxidized
with the help of bacteria, manganese is more
mobile in a reducing environment. For this rea-
son, manganese oxides are more likely to occur
in soils as separate accumulations and are less
likely to be associated with iron oxides. Man-
ganese oxides have a high affinity to many heavy
metals, especially to Co, Ni, Pb and Zn, and
therefore co-accumulate these metals.

2.2.7 Carbonates, Sulfates,
Sulfides and Phosphates

The most common carbonate is CaCOj3, which
occurs as calcite, more rarely as aragonite. Car-
bonates with several cations are also widespread,
such as dolomite (CaMg(COs3),, 13.1 % Mg) and
ankerite, CaFe(CO;),, which usually also con-
tains Mg and Mn. Calcite and dolomite are the
main minerals of carbonatic rocks: limestone and
dolomite (Alaily 1996, 1998 and 2000).

In soils, calcite and dolomite are generally
inherited from the rocks. In the lower part of soils
in temperate humid regions, calcite is formed
from dissolved Ca(HCOs), that was eluviated
from the upper profile sections. It coats the inside
of the pores, or often occurs in loess soils as lime
concretion (loess puppet). Calcitic precipitations
from CaCOs-rich groundwater are called mea-
dow, spring or floodplain lime. In semi-arid
regions, lime crusts are formed, called calcretes.
The formation of dolomite (dolocretes) in soils
has only been observed in isolated cases. Side-
rite (FeCQOs) is formed both in sediments and in
soils under predominantly anaerobic conditions,
e.g. in fens and in association with goethite in
bog iron.

Anhydrite (CaSO4) and gypsum (CaSO,4-2
H,O, hardness 2) are the main components of
gypsum rocks. Gypsum occurs in small amounts
in many sediments and soils, especially in arid
areas. Furthermore, it is formed as an oxidation
product from sulfides.

For example, a K-Fe hydroxysulfate, the light
yellow jarosite, KFe3(OH)g(SO4),, is found as
an oxidation product of sulfides, in addition to
gypsum, in acid sulfate soils at pH 2-3.

The occurrence of baryte (BaSO,) is more
rare. Other salts, especially soluble sulfates and
chlorides, and to a lesser extent also nitrates and
borates of Na, K and Mg, are sometimes found in
large quantities in marine and continental
deposits (salt deposits), but also in soils of arid
regions.

Among the sulfides, the two forms of iron
disulfide (FeS,), pyrite and marcasite, are the
most common representatives. Finely-grained
and therefore black FeS, is widely distributed
in clayey sediments that were formed under
anaerobic conditions, but also in reduced soils,
coloring them dark. Iron monosulfide with vari-
able composition (Fe;_,S) and low crystallinity is
usually a young formation in anaerobic sedi-
ments and soils, and could be the instable pre-
cursor of pyrite (FeS + S — FeS,). Sulfides such
as greigite (Fe;S,) can also be directly formed by
bacteria in sediments and soils. The forms of
heavy metal sulfides (e.g. those of Cu, Pb, Zn
etc.) are particularly diverse.

Apatite, Cas(PO,4);(OH, F, COs3) is the most
important phosphate mineral that primarily sup-
plies the nutrient phosphorous to the pedosphere
and biosphere. It has both igneous and pedogenic
origins. Another, frequently occurring pedogenic
Fe** phosphate, e.g. in fens (ground water peat),
is vivianite, Fe;(PO,4), 8H,0, which is white
oxidizes at the surface when exposed to air and
turns bright blue.

23  Rocks

Rocks are solid or unconsolidated, natural min-
eral mixtures of the crust of the Earth. Their
mineralogical composition must be uniform over
a certain spatial, geologically significant extent.
The most important or highest classification cri-
terion of rocks is their genesis. The three main
types of origin are: hardening or cooling down of
magma (magmatism), sedimentation in the ocean
or on land (sedimentation), and transformation
under the effect pressure and heat (metamor-
phism). Classifications at lower levels and des-
ignations of the types of rocks are based on the
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mineralogical composition (e.g. mica schist), the
chemism (e.g. acidic, intermediary, basic igneous
rock), the texture and structure (e.g. coarse-grained/
fine-grained granite), the formation site (e.g. plu-
tonite, vulcanite), the fossil content (e.g. Bryozoan
limestone) and the type locality (adamellite, tona-
lite) (Wedepohl 1969; Wimmenauer 1985).

2.3.1 Igneous Rocks

Igneous rocks are formed from the hardening of
molten magma either deep in the Earth’s crust
(plutonites or intrusive rocks) or at the Earth’s
surface (vulcanite or extrusive rocks). In both
groups, the rocks are classified according to their
chemical SiO, contents into acidic, intermediate,
basic and ultrabasic igneous rocks. The desig-
nation “acidic” or “basic” refers to the silicic acid
content. The mineral constituents essentially
depend on the SiO, content, which is used to
define the various igneous rocks. Figure 2.21
shows this for the most important representatives
of the plutonites (top row) and vulcanites (bot-
tom row), and Table 2.8 summarizes their che-
mism. In Si-rich ‘acidic’ rocks, quartz, alkali
feldspars, Na-rich plagioclases and micas domi-
nate, and Si-poor ‘basic’ rocks are dominated by
Ca-rich plagioclases and dark, Fe-containing
pyroxenes, amphiboles and olivines. Therefore,
acidic igneous rocks are usually light in color,
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Fig. 2.21 The most common igneous rocks and their
mineral constituents (after E. Murad)

and the basic igneous rocks are dark (Carmichel
et al. 1974).

The chemism of igneous
according to the mineralogical constituents. As
can be seen in Table 2.8, the Ca, Mg, Fe, Mn and
initially also the P content increase when the Si
content decreases, while the K content decreases.
The corresponding intrusive and extrusive rocks
concur largely in their chemical composition,
however, they differ significantly in their struc-
ture (Fig. 2.21). In plutonites, the slow cooling
results in relatively coarse grained minerals (e.g.
with granites; from the Latin granum = grain),
while the fast cooling of vulcanites results in a
fine crystalline or even glassy matrix, in which
individual coarser crystals (inclusions) can be
embedded that were formed as early crystallisa-
tions out of the liquid magma (e.g. porphyric
structure).

Among the igneous rocks in the crust
(mass ~ 2.85 x 10" t), the granites and gran-
odiorites account for 22 % vol., the basalts and
gabbros for about 43 % vol. The rest are sedi-
mentary and metamorphic rocks (Table 2.8).
However, igneous rocks are only found to a
limited extent at the surface of the earth, and are
often restricted to mountainous terrain
(Fig. 2.22). Granites are widely distributed in the
Bohemian Massif with its bounding ranges
(Riesengebirge, Erzgebirge, Fichtelgebirge,
Bavarian Forest and Bohemian Forest), in the
Black Forest and in the Harz, while continuous
basalt masses are only found in the regions of the
Vogelsberg and the Rhon, as well as in Bohemia.
Larger areas of acidic igneous rocks are found in
Scandinavia, the Central Alps, the Carpathians,
in China, Canada, West Africa and the pacific
cordillera of North and South America. Large
areas of terrestrial basalts (‘plateau basalts’) and
andesite as well as their glass-rich equivalents are
found e.g. in East Africa, Central India, Asia
(China, Japan, Indonesia, Philippines), South
Brazil (Parana basin) and again in the cordillera
of North and South America. Basic plutonites
(gabbro, norite) are known in Germany from the
Odenwald and Harz, much larger occurrences lie
in Greenland, Scandinavia, Russia, Canada and
Africa (South Africa, Zimbabwe).

rocks varies
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Table 2.8 Average chemism (mass %, acc. to NockoLps in Wedepohl 1969) and mineral constituents (vol. %, acc. to
Wedepohl 1969 and Wimmenauer 1985) of common igneous rocks

Plutonites

Granites  Grano-diorites ~ Gabbros
Si0, 72.8 66.9 484
TiO, 0.37 0.57 1.3
AlLO4 13.9 15.7 16.8
Fe, 03 0.86 1.3 2.6
FeO 1.7 2.6 7.9
MnO 0.06 0.07 0.18
MgO 0.52 1.6 8.1
CaO 1.3 3.6 11.1
Na,O 3.1 3.8 23
K>O 5.5 3.1 0.56
H,O 0.53 0.65 0.64
P,05 0.18 0.21 0.24
Quartz 27 21 -
K feldspar 35 15 -
Plagioclase 30 46 56
Biotite 5 3 -
Amphiboles 1 13 1
Pyroxenes - - 32
Olivine - - ++
Magnetite and ~ + + 2
IImenite
Apatite + + +

“+ and ++ indicate contents below the percent range

2.3.2 Sediments
and Sedimentary Rocks

2.3.2.1 General

The rocks on land are exposed to the ‘weather’,
ie., they are weathered. As explained in
Sect. 2.4, this results in solid and dissolved
degradation products and new minerals, which
form soils together with the transformation
products from the vegetation (Fig. 2.1). Solid and
dissolved products are eroded or eluviated by ice,
water, wind and gravity, and deposited or pre-
cipitated (sedimented) at other, generally lower
sites (valleys, lakes and oceans); unconsolidated
sediments are formed. These consist of more or
less unaltered minerals (detritus) as well as newly

Vulcanites
Peridotites ~ Rhyolites ~ Andesites  Tholeiitic
basalts

45.5 73.7 54.2 50.8
0.81 0.22 1.3 2.0
4.0 13.5 17.2 14.1
2.51 1.3 35 2.9
9.8 0.75 5.5 9.0
0.21 0.03 0.15 0.18
34.0 0.32 44 6.3
3.5 1.1 7.9 104
0.56 3.0 3.7 22
0.25 5.4 1.1 0.82
0.76 0.78 0.86 091
0.05 0.07 0.28 0.23
- 30 5 -
- 40 11 -
- 25 55 40

15 -
26 - 10 40
70 - -
3 + 2 6
+ + ++ +

formed minerals (Fiichtbauer 1988; Tucker

1996).

The formation of sediment is therefore based
on the process sequence weathering — ero-
sion — transport — deposition and is often
caused by soil formation (Fig. 2.1). This process
sequence varied during the course of Earth his-
tory, e.g. due to climate change, fluctuations in
the sea level, glaciation or tectonics. As a result
of this, periods of soil formation on stable land
surfaces with weathering and vegetation-friendly
climate alternated with periods of soil degrada-
tion and sediment  formation  under
vegetation-hostile climates.

If the sediments consist mainly of mechani-
cally transported, largely unchanged rock
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Fig. 2.22 Distribution of
igneous rocks,
metamorphic rocks and
sediments in Central
Europe (adapted by

E. SCHLICHTING)

(a.s. = and similar rocks)
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material, they are referred to as clastic sediments.
Their grain size depends on the mobility of the
grains in the transport medium (wind, water, ice)
and the length of the transport path, i.e. unsorted
(e.g. in moraines) or relatively homogeneous, i.e.
sorted (e.g. in eolian sands). In contrast, if the

sediments owe their mineral composition mainly
to precipitation from the solution or biological
processes (biomineralization), they are called
chemical or biogenic sediments. Furthermore,
sediments can be designated according to the
transport medium (e.g. ice: glacial; wind: eolian)
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and the deposition site (mainland: terrestrial;
river: fluvial; lake: lacustrine; ocean: marine).

For clastic sediments, the different grain sizes
are sorted according to the transport strength of
the transport medium depending on their weight,
and are thus predominantly sorted by size.
Fine-grained sediments are formed with low
transport forces, coarse grained with high trans-
port forces. Rapid changes in the transport force,
e.g. in river valleys, river deltas, basins and
coasts, therefore lead to mixed layers between
clays, silts, sands and gravels. Such mixed layers
are found e.g. in the pre-alpine Molasse basin,
where the erosion material from the forming Alps
and the surrounding continents accumulated with
alternating depositional environments (partly
marine, partly fluvial and lacustrine).

All sedimentary rocks are initially deposited
in loose beds, but can be consolidated over the
course of time through cementation and/or the
load from overlying sediments through the pro-
cess of diagenesis to form sedimentary rocks.
Cementation is caused by clays, Ca-Mg car-
bonates as well as Si and Fe oxides, which are
precipitated out of correspondingly composed
aqueous solution in the pore space. The load
increasingly presses water out of the sediments,
beds them more densely and arranges parallel
sheet-formed structure of sediments. These pro-
cesses both increase the contact area between the
mineral grains and also the strength of the rock.
In general, more and more consolidated sedi-
mentary rocks are found with increasing geo-
logical age; Quaternary sedimentary minerals are
therefore predominantly (unconsolidated) sedi-
ments, while Mesozoic and Paleozoic deposits
are sedimentary rocks. These can be weathered,
eroded and transported again (Fig. 2.1), so that in
some cases, sediment can be subject to repeated
cycles of weathering, transport and redeposition
(see Sect. 2.1). Sediments can be usually recog-
nized because they are layered and typically
contain minerals in sedimentary environments
such as clay minerals, carbonates, and fossils,
and they accumulate stable primary minerals
(e.g. quartz, rutile, zircon, heavy minerals).

The chemical and mineralogical composition
of sediments varies greatly, even among those
with the same name. In general, the quartz con-
tent increases and the silicate content decreases
with increasing Si content (Table 2.9). Higher K
contents usually indicate rocks with higher con-
tents of potassium feldspars, micas or illites
(graywackes, claystones, loess), higher Mg con-
tents indicate rocks rich in chlorite and clay
mineral (graywackes, claystones) or dolomite
(dolomite), and higher Ca contents indicate
calcite-rich rocks (carbonate rocks, loess).

Sediments and sedimentary rocks only account
for approx. 8 % of the earth’s crust, and about half
of these are claystones, the rest are sand and
carbonate rocks in about equal proportions
(Table 2.1). However, sediments and sedimentary
rocks cover about 75 % of the surface of the
planet, and are therefore very significant for soils.
Therefore, the average chemical composition of
surface-near rocks sometimes differs greatly from
that of the earth’s crust (Table 2.1). The (con-
solidated) sedimentary rocks mostly form moun-
tainous landscapes, while plains and valleys are
filled with loose sediments.

The distribution of the individual types of
sediment is generally on a smaller scale than that
of igneous and metamorphic rocks, so that only a
few large-scale occurrences are mentioned in the
following.

2.3.2.2 Coarse Grained Sediments
(Psephites)

Coarse-grained (>2 mm) sediments include scree
(angular rock fragments) and pebble or gravel
(rounded rock fragments). The predominant
particle sizes >2 mm in angular rock fragments
are called grit, and in rounded rock fragments,
correspondingly, are called gravel/pebbles.
Angular rock fragments indicate a high transport
force, and are found in mountainous areas near
the erosion site and in the valleys, where they are
mainly glaciofluvial. Angular rock fragments are
consolidated to form breccia, and pebbles form
conglomerate (e.g. Nagelfluh). Sediments con-
taining very coarse components in a fine-grained
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Table 2.9 Average chemism (mass %) and mineral constituents (vol. %) of sediments (from WEDEPOHL)
Sand-stones® Gray-wackes Claystones Carbonate Eolian Loess®  Marly
Pelites rocks sand” glacial till*
SiO, 70.0 66.7 58.9 8.2 96.8 72.8 64.2
TiO, 0.58 0.6 0.78 ndf n.d. 0.77 0.48
AlLO; 8.2 13.5 16.7 22 1.3 8.6 6.3
Fe, 03 2.5 1.6 2.8 1.0 0.2 24 n.d.
FeO 1.5 3.5 3.7 0.68 n.d. n.d. 32
MnO 0.06 0.1 0.09 0.07 n.d. n.d. 0.06
MgO 1.9 2.1 2.6 7.7 0.1 0.85 1.0
CaO 43 2.5 2.2 40.5 0.1 5.1 9.7
Na,O 0.58 29 1.6 n.d. n.d. n.d. 0.7
K,0 2.1 2.0 3.6 n.d. 1.1 2.6 2.1
H,O 3.0 2.4 5.0 n.d. ~0.5° n.d. 2.4°
P,0s 0.1 0.2 0.16 0.07 n.d. n.d. 0.11
CO, 3.9 1.2 1.3 35.5 n.d. 34 7.7
Quartz 82 37 20 - 85 40— 38
45¢
K 5 28 10-15 12 13 10-15 16
feldspars
Mica® 8 29 45-55 12 2 20 22.5
Chlorite - 29 14 - - 1 2
Kaolinite - 29 14 - - 2 -
Calcite 3 3 3 53 - 10-15 17.5
Dolomite 3 3 3 35 - - 4
Sulfides 0.07 - 0.8 0.3 - - 0.7

Individual analyses by E. ScuricuTiNg and H.P. BLUME (eolian sand, marly glacial till) and D. ScHROEDER (loess)

"Including three-layered clay minerals
“Including organic matter
9Values for Central German loess

°The chemism is based on sandstone in the broad sense, the mineral constituents on sandstones in a more strict sense

fNot determined

matrix indicate special deposition conditions.
Bomb tuffs are formed when lava fragments fall
into volcanic ash, or suevite when molten frag-
ments fall into debris, or with mudflows into
lakes or marginal seas like with greywackes.

2.3.2.3 Sands and Sandstones
(Psamments)

Sands and sandstones are sediments or sedimen-

tary rock with more than 50 % of the particle size

fraction being sand (0.063-2 mm). The second

most common components can be added to the

name (e.g. silty sandstone with 25-50 % silt).

Sands are generally coastal or continental
Cenozoic deposits by water, e.g. from the melt
water of glaciers, as well as by wind (eolian
sands, dune sands). Various proportions of fine,
medium and coarse sand characterize the particle
size distributions of the different sands.

Sandstones are found in all geological peri-
ods. In the strict sense, sandstones contain >75 %
quartz. Red sandstones colored by hematite from
the Paleozoic and Mesozoic (old red and young
red sandstones) are widespread.

Greywackes are dark grey sandstones con-
taining mica and chlorite and rich in rock
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fragments, while arkoses contain kaolinite and
are rich in feldspars.

2.3.2.4 Silts and Siltstones, Clays
and Claystones (Pelites)

The texture of silt sediments is dominated by the
2-63 um particle size fraction. The most
well-known and significant silt sediment in soil
science is loess (see Sect. 2.3.2.6). Silt-rich sed-
iments are also formed in lakes with high sedi-
ment input.

Clays are sediments with high contents in the
<2 pum particle fraction. They are dominated by
the generally platy clay minerals, giving clays
their plasticity. Silt sediments, in contrast, are
non-plastic. In addition to clay minerals, quartz,
feldspars and micas occur in both types, but also
calcite, pyrite, Fe oxide and other minerals. Clays
are generally formed under calm sedimentation
conditions with low water transport forces.

With the diagenesis of clays and silts, water is
pressed out and the platy clay particles are bed-
ded densely parallel to each other, so that they
turn into claystones and silt stones. In doing so,
they progressively loose their plasticity. Clay-
stones and siltstones are widespread in the
Southern German cuesta landscapes, and clay-
stones in the Rhenish Slate Mountains on either
side of the Middle Rhine.

Poorly consolidated claystones are often eas-
ily eroded, and therefore form plains. Naturally,
claystones give rise to clayey soils (Vertisols,
germ. Pelosols).

2.3.2.5 Carbonate Rocks and Marls

Carbonate rocks are rocks with >5 % Ca and Ca—
Mg carbonates, predominantly as calcite and
dolomite. They can be classified according to
their carbonate content into limestones with
>75 % and marl with 25-75 % carbonate. There
are transitions to claystones and sandstones.
Carbonate rocks usually contain a few percent
Mg, which is mainly attributed to additions of
dolomite. If the dolomite content is >50 % (Mg
content > 6.6 %), they are called dolomites.
Most carbonate rocks were formed biogenically
in the ocean, so that they often have a high fossil
content. They occur as unlayered compact

limestones (e.g. ‘reef limestone’) and as
broad-bedded to thin-layered limestones.

During soil formation from carbonate rocks,
the carbonates are dissolved and transported
away. The non-carbonate dissolution residues
(mainly layered silicates and quartz) form the
mineral constituents of these soils (e.g. Rendzic
Leptosol, Lixisol).

2.3.2.6 Quaternary Sediments
Unconsolidated sediments that were formed dur-
ing and after the Quaternary glaciation are very
significant for soils. They are discussed here sep-
arately according to their genesis, although they
could also be classified into the scheme above.

(a) Loess,sands, floodplain sediments and mud
During the Quaternary glaciation, silt-rich
material was blown out of the periglacial,
vegetation-poor melt water and frost debris or
rubble floodplains, tundra and arctic arid
regions, which was then deposited with rain-
fall, decreasing winds or on the lee side of
hills: loess. In recent times, wind-blown silts
mainly come from hot deserts (e.g. Sahara).
The Pleistocene loess belt stretches from
France over the northern edge of the central
European low mountain range in the Ukraine
and towards Central Asia. There are other
large loess areas in North America and in
Argentina. In Germany, the loess thickness
varies from a few decimeters up to 140 m, but
it can also reach several 100 m, e.g. in China.
However, a thin loess layer (4—6 dm) also
covers large areas of higher terrain up to
600 m a.s.l.

Loess usually contains carbonates, is yellow
in color and has a pronounced maximum grain
size between 10 and 60 pm in diameter; its
clay content in Central Europe is of 10-25 %,
the silt content of 65-80 %, and the sand
content of 10-15 % (mainly fine and medium
sand). Illite dominates the clay mineral con-
stituents in Central German loess (Table 2.9);
in contrast, Southern German loess contains
higher proportions of smectite. Because it was
blown out of carbonate-rich deposits, the
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carbonate content of Southern German loess
can account for up to 35 %; in Central Ger-
many, it is usually of 5-20 %. A coarse--
grained variation of loess is sand loess,
occurring in several patches in North and
South Germany, but also at the border of loess
belts like Western China, Southern Argentina
or Southern Israel.

Pedogenesis began under the humid climate
conditions of the post-glacial period. During
this time, the carbonates in the loess of Central
Europe were leached up to depths of about
0.8-1.5 m (decalcification), and the
light-yellow loess was transformed into
yellowish-brown loess loam through iron
oxide and clay formation (brownification).
Soils with higher natural fertility were
formed, e.g. Chernozems and Luvisols.

In addition to loess, sands were also blown
out of areas with little or no vegetation,
so-called eolian sands, which are found all
over the world as shifting sand covers or hill
systems (dunes). They are found especially at
coastal or valley margins, where they were
populated by plants during the Holocene and
thus included in pedogenesis. In deserts,
eolian sands cover large areas (e.g. Sahara
28 %, Arabia 26 %, Australia 31 %). The
maximum grain sizes of eolian sands are of
0.2-0.6 mm; they are generally rich in quartz,
and can also be rich in calcite or gypsum in
arid areas.

Loose sediments are deposited in river val-
leys, deltas and at the coasts around the
world, their grain size ranging between gravel
and clay depending on the transport condi-
tions. The sediments in river valleys are
called fluvial sediments (or floodplain
loams), and those at the coasts are called tidal
flat muds and sands (Chaps. 7 and 8). Young
anthropogenic sediments with variable grain
sizes are called colluvium, which are often
formed at the hillside toe when soils on slopes
are used for agriculture and are therefore
more strongly eroded (see Chap. 7).

(b) Glacial sediments

When glaciers are melting, they leave mor-
aines and lake basins behind in the areas

(©)

formerly covered by the glacier, and river
terraces and sands in the areas in front of the
glacier. Moraine material is usually poorly
sorted and contains large rocks, the so-called
boulders, and depending on the texture and
carbonate content, is called glacial till, boul-
der clay, boulder marl or glacial sand. The
former glacier boundaries were marked by
wall-shaped, often sandy-gravelly terminal
moraines, in which the crushed gravelly sed-
iments are better sorted than in the ground
moraines, because the fine material was
washed out by melt water during the glacier’s
retreat. The fluvioglacial gravels of the river
terraces formed at the foot of the glaciers,
sands of the melt water areas, and lacustrine
silts and clays in glacier tongue formed closed
basins are also better sorted than moraine
material.

Glacial sediments cover large areas of the
Pleistocene Arctic glaciation in the northern
part of the entire northern hemisphere, and of
the alpine glaciers in high mountains and at
their base (Alps, Himalayas, Cordilleras etc.).
Periglacial cover beds (scree) and cryo-
genic substrates

Periglacial cover beds (scree) and cryogenic
substrates are loose sediments that moved
freely on slopes (>2°) as a slurry over frozen
underground. They occur at annual mean
temperatures around —2 °C in permafrost
regions. In the today temperate zones, they
were formed during the Pleistocene and are
mainly found now in low mountain ranges as
a 1-4 m-thick cover, consisting of several
layers above various unconsolidated rocks or
bedrock. Solifluction material can be rec-
ognized by the arrangement of stones parallel
to the slope, flow patterns, and often platy
structure.

They often display a regular sequence of
basis (Basislage), main (Hauptlage), top
(Oberlage) and cover layers (Decklage)
(German soil description rules). The texture
and mineral constituents of solifluction
material are determined by the parent
material and can therefore vary considerably.
Solifluction material is often rich in silts,
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because thin loess layers are transported and
mixed with frost debris from the underlying
rock. Stone-rich solifluction material is
called solifluction debris. Cryogenic soils
occur on level terrain due to cryoturbation
triggered by freeze/thaw cycles.

2.3.3 Metamorphic Rocks

Igneous and sedimentary rocks can be so strongly
altered by high pressure, high temperature and
tectonic movement (metamorphism) that they
sometimes turn into an entirely different rock,
called metamorphic rock. Metamorphic rocks
originating from igneous rocks have the prefix
ortho- (e.g. orthogneiss), and accordingly, those
originating from sediments have the prefix para-.
Depending on the parent material and the degree
of metamorphism, they can have very different
chemical properties and especially mineralogical
properties. Higher pressures and/or temperatures
result either from the high load applied by over-
lying thick layers of rock, or from the formation
of mountains (regional metamorphism). Further-
more, rocks can be transformed by contact with
hot magma (contact metamorphism).

Metamorphism begins at about 200 °C and,
except for contact metamorphism, 200 MPa
(corresponding to a depth of 7 km), and reaches
up to about 600-700 °C and 1-2 GPa (corre-
sponding to a depth of 35-70 km). Typical for
metamorphism is the transformation of a mineral
inventory defined by the parent material into a
new mineral association adapted to the pressure
and temperature conditions. It changes the rocks
much more drastically than diagenesis
(Sect. 2.3.2.1), because the minerals are aligned,
coarsened and transformed. The chemism of the
rocks hardly changes, unless there is migration of
pore solutions (metasomatism).

The alignment of the minerals, i.e. the parallel
arrangement of sheet or platy minerals perpen-
dicular to the main direction of pressure, results
in schistosity, a characteristic feature of many
metamorphic rocks. The position of the schis-
tosity areas in the crystalline rock is usually not
identical with the position of the layers in the

parent sediments. Coarser calcite crystals (sugar
like grains) result e.g. from the metamorphism of
carbonate rocks to marble. Typical new minerals
include mica (sericite), epidote, chlorite, serpen-
tine, talc, garnet, disthene, staurolite, andalusite
and sillimanite.

Gneiss is a common metamorphic rock,
originating from granite (orthogneiss) or various
Si-rich sediments (paragneiss) and accounting for
approx. 20 % of the lithosphere (Table 2.1). In
terms of their mineralogy, they are often similar
to granites or diorites (>20 % feldspars), but
differ from these because especially the mica
plates or platelets are arranged in parallel.
Phyllites and mica schist (<20 % feldspars) are
also widespread, usually originating from clays,
claystones greywackes. While there are hardly
any micas in claystones, they can already be
clearly seen in phyllites as fine flakes, and in the
form of larger crystals in mica schists. Si-poor
igneous rocks (e.g. basalt) are transformed into
green schist, amphibolites and eclogites.
High-purity limestones are changed into marble,
marls are transformed into mica schist with
highly variable mineral constituents, depending
on the degree of metamorphism. Quartzites are
formed from the metamorphism of quartz-rich
sands and sandstones. Contact metamorphism of
siliceous rocks results in very fine, massive
hornfels. Under very strong metamorphic con-
ditions, there is initially partial melting (anatexis)
and finally, total melting (diatexis) of the rocks.

Metamorphic rocks are most commonly found
worldwide in the old continental shields (cra-
tons), which were later exposed through erosion
or covered with younger rocks (basal complex or
basement). They form large areas in Scandinavia
and Canada, where they are often covered with
Quaternary sediments. There are continuous
areas of metamorphic rocks in the tropics and
subtropics (West and Central Africa, Brazil,
West Australia, India). Younger metamorphic
rocks are found in the alpinotype mountains
(Alps, Himalayas, Andes etc.). In Central
Europe, metamorphic rocks are found e.g. in
the Black Forest, in the Vosges, the Bavarian-
Bohemian Massif, the Rhenish Massif, the Harz
and the Central Alps.
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2.3.4 Anthropogenic Substrates

Especially in urban industrial areas, humans
relocate naturally developed soil or rock material,
and/or deposit technogenic substrates. Soils also
develop from such anthropogenic substrates or
mixed substrates.

Relocated natural substrates are usually from
soil removal by leveling and excavation for
construction projects (buildings, verges and road
cuts, railroad cuts and canals), some of which are
spread over an area, and some are piled up in
banks, dams or hills. Large-scale mine piles,
some of which were populated at a later time,
were created due to the mineral extraction of e.g.
coals and ores. A very special form of natural
substrate is the broken igneous rock used as rail
pavement in railway construction, where the
interstices of the crushed rocks can contain
transported dusts (soil material, emissions) and
formerly also soot from steam engines; it serves
as a harsh rooting medium and arid site for wild
plants. The fill can be attributed to dumping or
flushing. Both lead to stratification: In general,
dumped rock is bedded more loosely than flu-
shed material, but it can be compacted with
leveling.

The relocated substrates are divided according
to their textures, because these strongly influence
the ecological properties of the soils that develop
from them.

Most mine piles from coal mining (e.g. in the
Ruhr, Saxon, British and American coal mining
areas) contain pyrite. Within a few years, the
pyrite is oxidized with the participation of bac-
teria (e.g. Thiobacillus ferrooxidans) to form Fe
(II) oxides and sulfuric acid (Chaps. 5, 6,
Sect. 8.2). Depending on the pH, jarosite,
schwertmannite, ferrihydrite or goethite are
formed.

Already during Roman and medieval times,
dwelling mounds were often covered with topsoil
material or sod. The current building regulations
prescribe that the ‘topsoil” be separately removed
and spread back over the surface after termina-
tion of the construction measures.

Artificial technogenic substrates are defined
as fill made of material that was created or

strongly altered by humans, such as brick, mor-
tar, concrete, slag, waste, sewage sludge or ashes.
It is not only characteristic for these substrates to
contain highly variable solids, minerals are per
definition of natural origin but also a pronounced
heterogeneity in the composition and the con-
taminants. These substrates therefore differ
greatly in their properties and lead to very dif-
ferent soils (Sect. 8.7.4).

Building rubble usually consists of a mixture
of brick and mortar debris with 20-75 % porous
rocks, 5-10 % limestone, and various propor-
tions of gypsum. Brick debris from the Middle
Ages can also be completely free of carbonates.
Secondary components may include ashes, coal,
concrete, gypsum, metals, glass and porcelain
fragments, leather and bones.

Ashes may occur as fine-grained fly ash, or as
more coarse-grained boiler ash from coal fired
power station or waste incinerating plants. They
generally react strongly alkaline (pH values 8-
12). Ashes from coal combustion are low in
carbonates (<0.5 %), and those from waste
incineration are rich in carbonates (>10 %). They
were spread over areas or dumped on mine piles,
but fly ashes also hydraulically pumped and
cover large areas.

Slags from blast furnaces (with lump slag,
foamed slag and slag sand) or steelworks are
coarse-grained, porous, calcareous and react
strongly alkaline (pH values 9-12), in contrast,
gasworks slags react very acidic. They are found
in mine piles or as building material for struc-
tural, underground and traffic route engineering.

Waste is divided into household waste, over-
size waste, trade waste, road litter and industrial
hazardous waste. Household waste contains
materials such as ashes, metals, glass and ceramic
fragments, rubber, cardboard, leather, bones,
plastics, wood and other substances. Since the
introduction of waste separation, plant material
should mainly be disposed of in the organic waste
bin, making it rich in protein and thus readily
decomposable by macro- and micro-organisms.
Waste is fine to coarse grained and reacts alkaline.
Its lime content fluctuates greatly (especially
depending on the proportion of building rubble).
Waste was formerly disposed of over large areas
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or used to fill depressions (e.g. gravel quarries),
and today, it is stored in the form of compact,
supervised dumps or incinerated in waste com-
bustion facilities (thermal power plants); the
resulting slags and ashes are landfilled.

Sewage sludge is the residues from waste-
water treatment. Fresh sludge from the mechan-
ical treatment is inhomogeneous; in contrast,
decayed or rotten sludge is fine-grained and
homogeneous. Sewage sludge is rich in readily
decomposable  organic  matter, however,
depending on the type of conditioning, it may
also contain higher amounts of carbonates and
metal sulfides. It reacts strongly alkaline and is
generally landfilled as rinsed material, unless it
can be used as a soil conditioner on fields (see
Sect. 7.4).

Industrial sludge comes from the treatment
of commercial and industrial wastewater. There
are more than 100 different kinds of sludge,
depending on the sector, with highly variable
properties: sludge from the metal-working
industry is generally rich in metals and poor in
carbonates; tar and oil sludge as well as lacquer
and paint sludge contains a wide variety of
organic compounds, lime sludge is rich in car-
bonates; paper pulps represent a mixture of
cellulose, lime and kaolin clay, sludge from flue
gas desulfurization is rich in gypsum; sludge
from breweries, distilleries, dairies and the food
industry is rich in readily decomposable organic
matter, contains bentonite or diatomaceous/
infusorial earth.

24  Weathering

Minerals in igneous and metamorphic rocks were
formed under completely different physico-
chemical conditions, as they occur in soils, the
direct contact between the lithosphere, atmo-
sphere, hydrosphere and biosphere. As a result,
parent materials and their minerals weather in
soils. In addition to humification, weathering is
the most important matter-altering process of soil
formation; it comprises a multitude of physical,
chemical and biotic processes.

2.4.1 Physical Weathering

Physical weathering causes the decay of rocks
and minerals into smaller particles, without
altering the minerals chemically. It is mainly
initiated by pressure release of overburden, by
temperature, ice and salt bursts, through root
pressure, as well as through mutual mechanical
strain in the rocks.

When solid bedrock is gradually freed from
overlying rock or ice masses by erosion, the load
is reduced and they expand as a result of the
pressure release. This leads to the formation of
joints, and cracks, where the other forces of
physical weathering can attack.

Among these forces, the effect of tempera-
ture bursting increases the greater the range of
the temperature fluctuations and the greater the
speed of temperature change. Extreme values are
reached e.g. in high mountains and in subtropical
and tropical deserts. Daily fluctuations of 30—
50 °C were measured in deserts with annual
mean temperatures of >17 °C. The temperatures
of rock surfaces reached up to 84 °C, and then
dropped to 20-30 °C within a short time due to
rain. Because the thermal conductivity of rocks is
low, their outside and inside are warmed or
cooled at different rates through rapid changes in
temperature. Therefore, they expand or contract
differently, leading to pressure differences
reaching up to 50 MPa. This results in fissures
parallel to the surface, but also to cracks straight
through larger boulders (core cracks). Rock
flakes break off the surface and rock boulders fall
apart into sharp-edged rubble. This process is
accelerated by different color and expansion
coefficients in adjoining mineral grains. Granite
is more easily decayed than basalt, because it has
a coarser structure and consists of light- and
dark-colored minerals.

The effect of ice bursting (cryoclastic) can be
even stronger than the bursting effect caused by
temperature differences. This is based on the
properties of water, which increases its volume
by about 10 % when it freezes. For this reason,
ice is able to develop a considerable bursting
effect in rock fractures and cracks. Jointed rocks
and minerals with good cleavability, such as
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micas and feldspars, are particularly vulnerable.
The bursting effect, which can reach a pressure of
210 MPa with temperatures dropping down to
—22 °C, only reaches its maximum potential if
the ice cannot expand into voids that are filled
with air, i.e., if the cracks or pores are closed by a
firmly adhering ice plug during cooling. As a
result, the effect of ice bursting increases with the
size of the joint and pore volume, the degree of
water saturation, and above all, the frequency of
freeze-thaw cycles. Ice bursting transforms solid
rock into angular rock fragments, grit, sand, silt
and even coarse clay. Its effect is particularly
strong in climate regions where there are frequent
alternations between freeze and thaw periods
(e.g. in periglacial regions; see Sect. 8.2.1.1).

Salt bursts work similarly to ice bursting. In
arid regions (hot and cold deserts), dissolved
substances are not eluviated, accumulating in the
soil and on the outer surfaces of rocks with the
evaporation of water. If salts crystallize out of
oversaturated salt solutions, significant pressure
can arise if the sum of the volumes of the satu-
rated solution and the precipitated crystals is
greater than the volume of the oversaturated
initial solution. The volume can also increase
through the formation of hydrates, e.g. when
anhydrite, CaSQy, turns into gypsum, CaSQO,4-2
H,0. This may result in pressures of several tens
of MPa. Analogous to with ice bursting, salt
burst is promoted by frequently alternating dry-
ing and wetting cycles.

Mechanical weathering of rocks can also take
place through swelling and shrinking processes
in layered silicates. The hydration of cations in
the interlayer space of such silicates takes place
in stages, where, e.g. in smectites, up to four
layers of water molecules are incorporated
(intracrystalline swelling). The swelling pres-
sure arising from the embedding of the first water
layer is of ~400 MPa, and from the second and
third layers of ~110 and ~27 MPa. If clay-
stones with dehydrated layered silicates are
exposed at the surface through erosion, the load
becomes lower than the swelling pressure and the
layered silicates can take up water layers and
increase in volume.

Further expanding takes place through
osmotic swelling, where the water between the
clay particles diffuses, and dilutes the higher ion
concentration in the diffuse double layer sur-
rounding it relative to the outer solution. How-
ever, the pressures generated by osmotic swelling
are much lower, only around 2 MPa.

Plant roots can also penetrate into fissures and
cracks and press rocks (root burst) apart through
their growth (thickening). This results in pres-
sures of max. 1-1.5 MPa.

The rock fragments formed by physical
weathering are rubbed and hit against each other
during transport by ice, water or wind. This
mechanical strain rounds the rock fragments and
creates fine material, occurring faster and more
strongly when the individual mineral grains are
softer and easily divided. Feldspars, micas and
amphiboles and pyroxenes are therefore more
rapidly reduced to small fragments than quartz.
For example, to be reduced to a size of 2 cm in a
creek with 0.2 % slope, a 20 cm large granite
boulder would have to be transported over a
distance of approx. 11 km, a boulder of gneiss of
the same size over 5-6 km, and a soft sandstone
only 1.5 km.

In vegetation-poor regions, sand transported
with the wind can contribute to the physical
weathering of solid rocks (abrasion).

The significance of physical weathering for
soil formation is presumably low in humid
tropical and subtropical regions, where chemical
weathering dominates. In former glacial regions
of the northern hemisphere, in contrast, it gen-
erated large amounts of fine material from solid
rocks (see Sect. 2.3.2.6), in which pedogenesis
could take place faster than on solid bedrock.

2.4.2 Chemical Weathering

Chemical weathering includes all heterogeneous
reactions, i.e. occurring between the solution and
solids, causing the minerals, contrary to physical
weathering, to change their chemism or be fully
dissolved. Because it attacks the surface of the
minerals, its effect increases with decreasing
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grain size of the minerals. In this respect, phys-
ical weathering is a forerunner of chemical
weathering.

In addition to oxygen, the most important
agent of chemical weathering is water, which
dissolves the minerals, cleaves them hydrolyti-
cally or disintegrates them. The effect of water is
increased through inorganic (H,CO;) and
organic acids as well as through rising tempera-
tures (exception: poorly soluble carbonates). In
addition to readily soluble minerals, chemical
weathering also includes poorly soluble minerals,
especially the silicates. It breaks them down into
their components, from which new minerals are
then formed, either at the weathering site, i.e. in
the soil cover (pedogenic minerals), or after
transport of the dissolved weathering products
into depressions, lakes and oceans.

Many of these newly formed minerals differ
from the parent minerals of igneous and meta-
morphic origin, in that they are more finely
grained, more poorly crystallized, oxidized
and/or richer in OH-groups and water. In this
way, they reflect the specific conditions of min-
eral formation at the Earth’s surface.

2.4.2.1 Dissolution Through
Hydration

Dissolution is defined as the transition of a
mineral in the aqueous weathering solution,
without involving a chemical reaction in the strict
sense. The driving force of dissolution is the
striving of the ions at the mineral surface to
surround themselves with H,O molecules in the
presence of water, i.e. to hydrate and thus to
dissociate. The bonds of these H,O molecules to
the ions of the mineral are stronger than those of
the ions within the crystals of such minerals.
Accordingly, energy is released during hydration
(hydration energy, see Table 5.8).

This is the process involved in the weathering
(dissolution) of most alkaline and alkaline earth
chlorides, sulfates and nitrates, whose solubility
is quite high at several 100 g L™ (Table 2.10).
Readily soluble salts are those that are more
soluble than gypsum. Dissolution weathering is
significant in soil formation from salt and

Table 2.10 Solubility of salts that also occur as minerals

in water at 20 °C

Salt Mineral name Solubility/
-1
gL
CaS0,4-2H,0 Gypsum 2.4
Na,SO, Thenardite 48
NaHCO;3 Nahcolite 69
Na,SO,4-10H,O Mirabilite 110
MgCl,-6H,0 Bischofite 167
Na,CO5-10H,0 Natrite (soda) 216
KNO; Nitrocalite 315
(potash saltpeter)
KCl Sylvine 344
MgSO,-7H,O Epsomite 356
NaCl Halite 359
CaCl, Hydrophilite 745
NaNO; Sodium nitrate 921
Nitrohalite (chile
salpeter)
Ca(NO3),4H,O Nitrocalcite 1212

gypsum rocks, and in saline soils (Chap. 8). Salts
such as NaCl and gypsum, which enter soils in
humid regions through seawater, irrigation, fer-
tilization and road salt, are rapidly leached out.

2.4.2.2 Hydrolysis and Protolysis

If the components of the minerals react chemi-
cally with the H" and OH™ ions of dissociated
water, it is referred to as hydrolysis. Especially
compounds that consist of a weak acid and/or
weak base, e.g. carbonates and silicates, are
subject to hydrolysis. Thus, the majority of
rock-forming minerals are affected.

In soils of humid climate regions, the reaction
with the H" ions of the solution is the actual
driving force of this type of weathering. Here,
oxygen bridge bonds between metals M (Fe, Al,
Ca, Mg, K, Na etc.) and Si (silicates), C (car-
bonates) or P (phosphates) are broken, the Si—O-
M, C—O-M and P-O-M groups are protonized to
form —Si—OH (silanol), -C—OH (hydrogen car-
bonate) or -P-OH (hydrogen phosphate), and the
metals are liberated:
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Table 2.11 Solubility of CaCO; in water depending on
the CO, partial pressure at 25 °C

CO, partial Solubility (mg

pressure (kPa) CaCO; LY
0.031° 49
0.33 117
1.6 201
43 287
10 390

dCorresponds to the average partial pressure of air

—Si—O-M + H" = —-Si—-OH+M" (2.6)
—C-0-M+H" = —-C-OH™ +M** (2.7)
—P-O-M+H'"=-P-OH +M"" (2.8)

Equations 2.6-2.8 show that the equilibrium
shifts to the right side with increasing H* con-
centration (decreasing pH) of the solution; acidic
solutions therefore weather more strongly than
neutral solutions.

These weathering processes will first be
described using the example of carbonates.
Poorly soluble dolomite is decomposed by car-
bonic acid to form readily soluble Ca** and Mg**
hydrogen carbonates:

CaMg(CO3)2 +2 H2C03

= Ca(HCOs), + Mg(HCO3),  (2.9)

The concentration of carbonic acid in the
weathering solution increases according to
COs(g) + H,O = H,CO;5 (g = gaseous) with the
CO, partial pressure of the air it is in equilibrium

with. For this reason, the solubility of the car-
bonates increases in the same direction
(Table 2.11).

Contrary to many other weatherable minerals,
the solubility of carbonates drops with increasing
temperature, because the solubility of CO, in
water decreases in the same direction. Thus, at a
CO;, partial pressure of 0.03 kPa, the solubility of
calcite at 25 °C is of 49 mg, at 15 °C of 60 mg and
at 0 °C of 84 mg CaCO5 L. Still, carbonates in a
warm soil are generally more readily dissolved
than in cool soils, because the CO, partial pres-
sure of the soil air is higher due to the more
intensive biological activity. Carbonate weath-
ering leads to the degradation of carbonate rocks,
and to the decalcification of soils containing
carbonates formed from loess, calcareous glacial
till, and other rocks containing carbonates.

The hydrolysis of silicates is explained using
the example of feldspar. Figure 2.23 shows
feldspar crystals at different weathering intensi-
ties from a soil. The holes in the surface and its
regular form indicate that during weathering, the
feldspar dissolved without preference to indi-
vidual components (e.g. Ca2+), i.e. congruent,
and the geometry of the leaching of the compo-
nents depends on the crystal structure (here the
framework structure). The same is true for the
weathering of a hornblende, which then exhibits
other weathering forms, corresponding to its
band structure.

As solid products of hydrolytic cleavage of
potash feldspars, clay minerals such as kaolinite
are formed from the ionic and molecular

decomposition products (Eq. 2.10)

Fig. 2.23 Structure-oriented dissolution examples of mineral grains from a soil; potash feldspar (leff) and plagioclase

(right) with advanced weathering (image M. ZAREI)
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Fig. 2.24 Kaolinite newly formed by weathering in
dissolution caverns of a potash feldspar (image width
56 um; SEM image by M. Zarei)

2KAISi;Og + 2CO, + 11 H,0
— 2K" +2HCOj + 4 H,SiO,

+ ALSi,05(OH), (2.10)

In contrast, incorporation of liberated potassium
leads to the formation of illite (Fig. 2.24).

Equation 2.10 is an example for an incon-
gruent dissolution reaction, because the activi-
ties of the dissolved species are controlled and
altered by the newly formed solid phase (in this
case kaolinite), and no longer corresponds to the
chemism of the parent mineral. However, the
formulation of the equation does not say any-
thing about the mechanisms of dissolution on an
atomic level. In the first step, the K* ions at the
surface of the fresh feldspar are replaced by H*
ions and enter the solution. If this reaction takes
place in pure water, KOH is formed, which can
be seen in the alkaline reaction of a suspension of
feldspar powder in water:

=Si-O-Al= + H:0 — =Si-O-Al=+ K* + OH~
| H
K (6

(2.11)

The protonation destroys the Si—O—Al bond and
leads to the complete dissolution of the feldspar
with the liberation of dissolved ions, from which
secondary (clay) minerals are formed if their
solubility products are exceeded. Si—~O-Si bonds
must also be broken. The stability of the Si—~O-Si
bond depends on the type of structurally

neighboring metal ions. It is higher the stronger
its tendency towards covalent bonding; the bond
therefore becomes stronger in the sequence
K < Na < Ca < Mg < Al For this reason, pure Al
silicates such as andalusite are found detrital and
unaltered in some sandstones.

The newly formed minerals can be deposited
at the surface of feldspars, or when the feldspar is
dissolved, they can fill its volume and take on its
former shape (pseudomorphosis), as is often
observed with kaolinite and gibbsite.

The transformation explained for potash
feldspars can be also applied, in a more or less
modified form, to other silicates such as plagio-
clase, pyroxene and amphibole and olivine.
A special characteristic of platy phyllosilicates
(mica, chlorite) is that in the first weathering
stage, they only loose the embedded components
between the elementary layers (e.g. K in micas),
so that although the layer bonding is weakened,
the sheet-like structure as a whole is initially
maintained (cf. Sect. 2.2.5).

2.4.2.3 Oxidation and Complex
Formation

Many minerals such as biotite, pyroxene,
amphibole and olivine contain Fe and Mn in the
reduced, divalent form. They are therefore oxi-
dized in weathering environments containing O,,
i.e. in contact with the atmosphere. This breaks
the bonds in the mineral and liberates the oxi-
dized Fe and Mn, which are hydrolytically
transformed to oxides and hydroxides. For sili-
cates, this results in the following basic reaction
(with ] as solid phase):

|-Fe*"—0-Si—[+1/20, + 2H"

— |-Fe**—OH+|—Si—OH (2.12)
The oxidation of iron can also take place inside
the mineral structure, so that the positive charge
increases. To equalize the charge, other cations,
e.g. K* in biotite, can exit the structure or OH
groups can be transformed into O groups. With
the weathering of biotite, Fe?* is liberated in
addition to K* and precipitated as Fe(III) oxide.
Biotite thus looses its black color and becomes
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bleached. Protolysis is also involved in the oxi-
dative weathering of Fe(Il) silicates, as shown by
the following weathering reaction for pyroxene:

4 CaFeSi,0¢ + O, + 8 H,CO3 + 14 H,0
— 4FeOOH + 4 Ca(HCO3),+8 H4SiO4

(2.13)

The oxidation of magnetite, Fe;Oy4, results in
maghemite or hematite (Eq. 2.14), and the
oxidation of titano-magnetite correspondingly in
titano-maghemite or titano-hematite:

4Fe;04 + Oy — 6Fe,03 (214)

Oxidation processes in minerals therefore pro-
mote their further degradation. In addition to Fe
(II) silicates, siderite (FeCO3) and other Fe(II)
minerals are also subject to oxidative-hydrolytic
weathering. Because the formed Fe(III) oxides
have a pronounced brown, yellow or red color,
the weathering of most rocks is accompanied by
the corresponding coloration (e.g. brunification,
browning).

With iron sulfides such as FeS and FeS,
(pyrite), the sulfide ions are also oxidized in
addition to Fe**. This oxidation results in goe-
thite (FeOOH) and sulfuric acid (H,SOy,):

4FeS, + 150, + 10H,0

— 4FeOOH + 8 H,S0, (2.15)

If the pH falls below 3, Fe** can only be oxidized
bacterially by Thiobacillus ferrooxidans. Fur-
thermore, at these low pH values, the Fe** ion is
no longer fully hydrolyzed (OH/Fe** < 3), and
instead of Fe(Ill) oxides, Fe(Ill) hydroxysulfates
such as schwertmannite or jarosite are formed,
where the potassium comes from the weathering
of minerals containing K. If the sulfate concen-
tration drops or the pH changes, schwertmannite
is hydrolyzed to goethite:

FegOg(OH)( SO, + 2 H,0

— 8 FeOOH + H,S0, (2.16)

Depending on the proton buffering capacity of the
accompanying minerals, the pH may drop to such
low levels in oxidizing mining dumps containing

pyrite or in marshes that they significantly impede
plant growth. The toxic effect of low pH values is
even amplified by the liberation of AI’* from
silicates. Mine pile contamination can be coun-
teracted either by liming or preferably by cover-
ing (air exclusion) to prevent oxidation.

2.4.3 Role of the Biota

Weathering is generally more intensive in a liv-
ing, rooted soil than in a lifeless environment.
This is particularly due to the contribution of
plant roots and the lower representatives of the
soil flora (bacteria, algae, fungi).

In principle, the mechanisms taking place
with biotic weathering are the same as for
chemical weathering. The main effect is from the
biotically produced acids, e.g. during the
decomposition of litter. In addition to carbonic
acid, these are especially low-molecular organic
acids such as oxalic acid, tartaric acid, malic acid
and citric acid, but also aromatic acids such as
benzoic acid. The liberation of metals, which
form stable complexes with organic ligands (e.g.
citrate), is promoted by organic complexing
agents. Mainly Al, Fe and Mn, as well as heavy
metals like Cu and Pb, are bound by organic
complexing agents. Humic substances, especially
fulvic acids, also participate in the complex for-
mation with metals (see Chap. 3).

Furthermore, the microbial oxidation of
organic sulfur and nitrogen favors the formation
of H,SO, and HNOj. Finally, this also includes
proton release from plant roots in exchange for
absorbed metal cations (see Chap. 4).

In soils, the surfaces of the crystals of primary
silicates are often densely covered with fungal
hyphae, bacteria or algae, so that there is close
contact between the organisms and the mineral
surface. This contact can lead to more intensive
weathering due to the excretion of organic acids
and complexing agents. Lichens produce e.g.
oxalic acid, which reacts with Ca®* and Mg**
from the rocks to form Ca- and Mg-oxalate. The
low solubility of these oxalates promotes
weathering because the liberated metals are
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excluded from the weathering solution. Thus,
biotites lost potassium after spending a longer
period in the A horizon of acidic forest soils.
Here, the hyphae penetrated between the exfoli-
ated biotite crystals. From 1 kg of granite frag-
ments within a period of 30 days, 160 mg Fe,
100 mg Al and 220 mg Mn were dissolved in the
presence of a complex soil microflora; in con-
trast, only 0.2 mg Fe, 0.5 mg Al and 10 mg Mn
were dissolved in a sterile environment.

Such dissolution processes are important for
plants because of the mobilization of phosphate
from poorly soluble Ca-phosphates, e.g. apatite.
Similar dissolution phenomena were also
observed in the rhizosphere (=immediate root
periphery). Iron-complexing root exudates,
so-called siderophores, dissolve the Fe(Ill) oxi-
des and thus ensure the Fe supply for some
plants.

2.4.4 \Weathering Stability

Minerals are thermodynamically stable, if they
are in equilibrium with their chemical surround-
ings under the given pressure and temperature
conditions. This definition only has limited
applicability for soils, since equilibrium is sel-
dom reached between the minerals and weath-
ering solution in nature, because the weathering
products are constantly being extracted by:
(a) removal in dissolved form, (b) formation of
poorly soluble new minerals (clay minerals,
carbonates, oxides and hydroxides), and (c) the
formation of organic complex compounds with
Al and Fe, especially in soil horizons that are rich
in humus. Soils are not closed, but rather open
systems, with substances added to and/or
removed from the system. For this reason,
dynamic equilibria are established with time,
where the mineralogical composition continu-
ously adapts to the substance changes. This is
why weathering always is a never-ending pro-
cess. Chemical weathering and formation pro-
cesses in soils should therefore always be
considered  both  thermodynamically and
kinetically.

2.4.4.1 Thermodynamic Stability
Conditions

The stability of minerals against chemical
weathering correlates with the water solubility.
Readily soluble minerals such as salts (e.g. rock
salt) therefore weather most rapidly. The
sequence continues with the slightly less soluble
gypsum, the carbonates (calcite > dolomite) and
finally the even less soluble primary silicates.

The stability of primary silicates depends on
several factors, which often interact. These
include the structure type, the Si—Al substitution,
the type of metal cations, which connect the SiO,4
tetrahedra, and the content of oxidizable cations
like Fe** and Mn?*. In general, the stability of
the various structure types increases in the
sequence orthosilicates- < chain silicates-
< phyllosilicates- < tectosilicates, since the link-
ing of the SiO, tetrahedra and therefore the
proportion of Si—O-Si(Al) bonds increases in the
same sequence. In the same structure type, the
stability decreases with increasing substitution of
Si by Al, i.e. in the sequence quartz > ortho-
clase > nepheline, and for the plagioclases from
albite to anorthite. This is because the four
oxygen atoms of the tetrahedra are pressed apart
by the about 50 % larger Al ion.

The type of cations that link the SiO, tetra-
hedra influences the stability through their size
and charge. The stability increases with the
charge and decreases with the size of the linking
cation. For this reason, structures where the lar-
ger cations Mg>*, Ca®* and Fe** (Table 2.2) link
the tetrahedra are less stable than those linked by
Al, e.g. biotite compared to muscovite. Because
this influence can superimpose any other influ-
ence related to the structure, the orthosilicates
exhibit the stability sequence zircon > andalusite,
staurolite > olivine. The SiO, tetrahedra in zircon
(ZrSi04) are linked by Zr**, in andalusite
(Al,0Si0y) and staurolite by APP*, and in olivine
by Mg?* and Fe?*.

The content of oxidizable metal ions such as
Fe?* and Mn”* reduces the stability, because
their oxidation disturbs the charge and structural
ratios (in sixfold coordination, Fe* is 13 %
smaller than Fe2+, cf. Table 2.2) in the mineral.
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Table 2.12 Average lifetime of a 1 mm crystal of various silicates in years in soils (acc. to Lasaga 2014)

Albite
8.0 x 10*

Anorthite
1.1 x 10?

Diopside
6.8 x 10°

The fact that biotite weathers more readily than
muscovite is therefore closely related to its gen-
erally high Fe** contents. Pyrite is also particu-
larly readily weatherable, because it can be
oxidized although it is poorly soluble.

Altogether, these observations result in the
following approximate sequence of increasing
weathering stability for the rock-forming sili-
cates: olivine < anorthite < pyroxene < amphi-
bole < biotite < albite < muscovite ~ ortho-
clase < quartz. Values for the lifetime of 1 mm
crystals of various silicates are listed in
Table 2.12; they correspond to the previously
mentioned sequence. Under aerobic, surface-near
conditions, clay minerals as end products of
weathering are about equally as stable as the
structurally related muscovite.

The weathering stability can be qualitatively
assessed using stability diagrams, where the
stability fields for the individual minerals are
represented as a function of the composition of
the weathering solution at a state of equilibrium.
They are calculated from the thermodynamic
parameters (enthalpy of formation) of all of the
participating phases. Stability diagrams such as
Fig. 2.25 can be used to assess whether a mineral
is stable with a given weathering solution or if it
dissolves. Orthoclase and muscovite weather
more readily the lower the K and Si activity and
the higher the H activity (pH) in the weathering
solution (Fig. 2.26). For the kinetics (see
Sect. 2.4.4.2), a large deviation of the solution
concentration from the equilibrium concentration
(see Eq. 2.17) results in a rapid dissolution rate.

However, the precise location of the stability
boundaries is uncertain and can thus only be used
for a qualitative prediction, because (1) the free
energies of the individual minerals differ only
slightly from one another, and therefore the
energies of the transformation reaction cannot be
determined with sufficient precision; (2) equilib-
rium is seldom reached in the weathering envi-

ronment, i.e. at low temperature and low
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Fig. 2.25 Stability range of orthoclase, muscovite,
kaolinite, smectite and gibbsite at 25 °C as a function of
the activity (mol L™") of K*, H and H,SiO,. The two
dotted lines mark the H,SiO, saturation activities of
quartz and amorphous SiO,, the wavy lines show the
average composition of seawater. The arrow symbolizes
the changing of strongly undersaturated rainwater, which
becomes increasingly enriched with K* and H,;SiO,4 in
contact with minerals

pressure; (3) metastable phases are preferentially
formed, which only transform very slowly (if at
all) into stable phases. Thus, for example,
although the Si concentration in many weath-
ering solutions is significantly above that of
equilibrium with quartz, the latter is only formed
very slowly, if at all.

2.4.4.2 Kinetics of Chemical
Weathering

Stability diagrams (Fig. 2.25) have already been
used here to show that although undersaturation
forecasts that a mineral is not stable and will
dissolve, the stability diagrams do not say any-
thing about the rate at which dissolution takes
place. A quantitative description of the rate R at
which a mineral is chemically weathered can be
formulated as follows (White and Brantley
1995):
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Fig. 2.26 Liberation rates of Si from olivine and albite,
and of K from muscovite at 70 °C depending on the pH
(after Knaus and Wolery 1986)

Ea n n
Rate R = ko Amin expﬁ (a)g()(I1a]') f(AG:)
(2.17)

The individual terms in Eq. 2.17 can at least be
qualitatively linked to important soil properties:
The mineral type determines the mineral-specific
rate constant k&, which is of ~ 10710-
107" mol m™2 s™' for silicates. The reactive
surface A, increases with decreasing grain size,
which in turn is a function of the parent material.

Thus, the coarse-grained minerals of acidic plu-
tonite (e.g. granite) have less reactive surface
than the fine-grained minerals of basic vulcanites
such as basalt. The temperature-dependency of
the reaction is accounted for by the exponential
term, which comprises the activation energy E,,
the temperature T and the BoLTzmMANN constant R.
The chemical composition of the soil solution is
accounted for by the next three terms: The first
term is the proton activity (pH value), which is
raised to the power of the number n of protons
involved in the solution reaction. The liberation
rates of Si from olivine and albite (Fig. 2.26)
drop with rising pH in accordance with Eq. 2.10.
The rerise of the rates above pH 7 is due to an
increase in the silicic acid solubility in the alka-
line range. Such changes in the solubility
behavior (e.g. also through complexing reac-
tions) are accounted for by the rate equation in
the product term IT ai. The term g(I) takes
account of the fact that dissolution rates also
depend on the ionic strength.

Finally, the term f (AG,) takes in account that
the rate depends on the degree of undersaturation
and varies between 1 (i.e. maximum rate k, at
maximum undersaturation) and zero (equilib-
rium). For this reason, the water regime is of great
importance, as it determines how long water is in
contact with a mineral surface that is dissolving.
With a very short residence time in very
well-drained soils with high amounts of precipi-
tation, the weathering solution remains highly
undersaturated, so that even very poorly soluble
minerals are also dissolved on the long term (e.g.
quartz in tropical soils). The longer the soil solu-
tion is in contact with the solid phase, the more its
composition will approach that that is in equilib-
rium with the dissolving mineral (e.g. orthoclase).
However, the solubility product of a less soluble
mineral is usually exceeded (e.g. of kaolinite)
before this equilibrium is reached. The growth of
this new mineral depletes the corresponding ele-
ments in the weathering solution, and therefore the
solution composition of the seepage water perco-
lating below no longer corresponds to the com-
position of the weathering primary minerals (see
Eq. 2.10 for incongruent dissolution).
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2.4.4.3 Weathering Intensity

The weathering intensity can be characterized
mineralogically, e.g. using so-called index min-
erals. In humid climates, low weathering is
indicated by the dominance of gypsum, calcite
and olivine, moderate by biotite, illite and
smectite, strong by secondary chlorite and kao-
linite, and very strong weathering by gibbsite and
anatase. However, deviations are possible
depending on local weathering conditions. In
addition to changes in the mineral constituents,
increasing contents of mineral inclusions, e.g. of
goethite and hematite, also indicate increasing
weathering intensity.

Chemical indicators are also suitable for the
characterization of the weathering intensity. Soils
are initially mainly depleted of Na, Ca and Mg,
while the K content decreases more slowly.
Among the anions, especially chloride and sul-
fate are rapidly depleted, while even though
phosphate is liberated from the apatite, it is then
usually relatively strongly bound in another
form. Although silicate is also already depleted
in the initial phases of weathering, it is only
recognizable at an advanced weathering stage.
This desilification takes place in stages, because
initially Si-rich secondary minerals (illite, smec-
tite) are formed again, and then more Si-poor
minerals (kaolinite) are formed, until finally in
extreme cases, almost all of the Si is depleted. In
this rare state, the elements Al, Fe, Ti etc. rela-
tively accumulate strongly in form of oxides, and
associated with them, also several microelements
such as Ni and Cr, e.g. in bauxite.

The explained mobility sequence can be
derived from the comparison between the mean
element contents of the rocks (see Table 2.1) and
those of the river water residues (Fig. 2.27). The
sequence of decreasing mobility in an oxidative
environment is:

Cl > S > Na > Ca> Mg > K> Si > Fe > Al

The rate at which silicates are weathered in soils
can be calculated from the losses of Na, K, Ca
and Mg in the soil profile, and from the loads of
these elements and of Si in the watercourses.
For soils in temperate-humid regions, values
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Fig. 2.27 Relationship between the element contents in
rocks and in river water residues as a measurement for
their mobility (after Hudson 1995). The arrow indicates
accumulation in the river water or accumulation in the
rock

between 0.02 and 0.08 mol m > a '
obtained.

The stability of rocks against physical and
chemical weathering also depends on other rock
properties in addition to the structural stability of
their minerals. As mentioned above, e.g. granite
physically weathers more readily and therefore
more deeply than fine-grained basalt. It is the
opposite for chemical weathering: Here, basic
igneous rocks, especially fine-crystalline vulca-
nites due to their high content of readily weath-
erable minerals (olivine, pyroxenes, Ca-rich
plagioclase), weather more rapidly and more
deeply than acidic igneous rocks. As a result,
granites in temperate-humid climates form deep
soils whose mineral constituents (with the
exception of biotite) have changed little compared
to the parent rock, while basalts form shallow
soils with strongly altered mineral constituents.

were

Mineral Constituents
of Soils

25

Just like rocks, soils also consist of a mixture of
minerals. During the course of weathering, a
portion of the minerals was inherited unchanged
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Fig. 2.28 Mineral constituents in the particle fractions
sand, silt and clay (example from the glacial landscape of
Northern Germany)

from the parent rock, and another portion is
pedogenic. Thus, the less weathering and pedo-
genesis have taken place and the more poorly
weatherable the parent materials, the more the
mineral constituents of many soils reflect those of
their parent materials. In contrast, pedogenic
minerals are increasingly dominant in more
mature soils. This also influences the distribution
of the various minerals in the grain size fractions
of the soils. The sand and silt fractions consist
mainly of stable igneous and metamorphic min-
erals such as quartz, potash feldspars, micas
(mainly muscovite) and numerous heavy miner-
als (zircon, rutile, ilmenite, magnetite, tourma-
line) that remain after weathering, while in the
clay fraction, the clay minerals and oxides from
sediments and pedogenesis dominate (Fig. 2.28).

Soils originating from acidic igneous and
metamorphic rocks (e.g. granite, gneiss) usually
consist of >60 % quartz, those from sandstone,
fluvial and eolian sands up to 95 %. In contrast,
soils from loess, limestone and claystones are
lower in quartz (<50 %), while those from basic
igneous rocks hardly contain any quartz, unless it
is from eolian input. The quartz content is highest
in the sand fraction and decreases towards the
finer fractions (see Fig. 2.28). However, quartz

can still be found in coarse clay after cryoclastic
weathering. Soil development can lead to relative
quartz accumulations, if less stable minerals, e.g.
silicates, are degraded.

The feldspar content in soils in temperate-
humid climate regions often ranges from 5 to
30 %; from which 80 to 90 % can be attributed to
alkali feldspars, since Ca-rich feldspars weather
more readily. The influence of weathering
intensity is demonstrated by the fact that e.g.
soils from lower Pleistocene sands usually con-
tain <10 % feldspars, and those from the upper
Pleistocene sands on average 15-20 %. Soils
from loess, clay and clay schist have feldspar
contents of 10-15 %. The feldspar content
decreases towards the finer fractions (Fig. 2.28).
In soils from parent rocks with a high alkali
feldspar content, however, they can also still
occur in the clay fraction. In many soils in the
humid tropics, in contrast, feldspars are largely
transformed into clay minerals.

Plagioclases, pyroxenes, amphiboles and oli-
vines are only present in small amounts in the
coarser fractions, since they weather more readily
than alkali feldspars. Their proportion generally
decreases within the profile from bottom to top,
because weathering in the upper horizons is most
intensive. They are completely absent in strongly
weathered soils of the humid tropics (Ferralsols).

The mica content, consisting mainly of
muscovite and bleached (=weathered) biotite, is
highest in the silt fraction of soils, since micas
are easily mechanically degraded due to their
pronounced cleavability (Fig. 2.28).

In many young soils of temperate climate
regions, clay minerals and oxides are inherited
from sediments, however, they also originate
from pedogenesis. Thus, mainly illite and smec-
tite dominate in post-Pleistocene soils originating
from loess, calcareous glacial till, fluvial sedi-
ments and marshes, but also from claystones and
limestones. In contrast, the clay minerals in soils
are always pedogenic on parent materials that do
not contain any clay minerals, such as igneous
rocks. They are determined by the mineral
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Table 2.13 Dominating pedogenic clay minerals in
orders of the soil taxonomy orders and WRB reference
group (Chaps. 7 and 8)

Soil order/Reference group

Alfisols

Clay minerals

Illite, smectite, Al

Luvisols, Alisols chlorite

Andisols Allophane, imogolite,
Andosols halloysite
Aridisols Palygorskite, sepiolite,

Calcisols, Solonchaks, smectite
Solonez
Entisols None

Regosols, Leptosols,
Anthrosols, Technosols

Illite, smectite, Al
chlorite

Inceptisols

Cambisols, Umbrisols,
Gleysols, Stagnosols

Mollisols Illite, smectite,

vermiculite
Chernozems,

Kastanosems, Phaeosem

Oxisols Kaolinite, goethite,

Ferralsols, Plinthosols hematite, gibbsite

Spodosols Illite, Al chlorite,
Podzols (smectite), allophane
Ultisols Kaolinite, muscovite,

Acrisols, Lixisols hematite, goethite

Vertisols Smectite
Vertisols
Gelisols

Cryosols

Illite

composition of the igneous or metamorphic
rocks and the pedoclimate, and change with the
degree of soil development.

At low weathering intensity, smectite is often
found on basic igneous rocks (basalt etc.), in
contrast, illite and vermiculite are found on
acidic igneous rocks (granite u. a.), and primary
chlorites are often found on metamorphic rocks.
With stronger acidification, smectites and verm-
iculites are transformed into soil chlorites, and
primary chlorites are partially dissolved. Local

accumulations of goethite, lepidocrocite and
ferrihydrite occur in redoximorphic soils. On
volcanic ashes, soils with higher Si concentra-
tions contain allophane, and with lower concen-
trations, 1imogolite; at later stages of
development, in contrast, halloysite and kaolinite
dominate. However, allophane and imogolite are
also found in the B horizon of Podzols.

Numerous soils in temperate-humid climate
regions, e.g. Rendzic Leptosol, calcaric Rego-
sols, young floodplain and tidal Fluvisols, still
contain calcite and dolomite in the A horizon,
usually in the silt fraction (e.g. in loess). Pedo-
genic calcite is also found with increasing aridity.

The mineral constituents in strongly developed
soils of the perhumid tropics and subtropics are
dominated by kaolinite, goethite, hematite, gibb-
site and anatase. On acidic igneous and meta-
morphic rocks, weathering-resistant minerals such
as quartz, orthoclase or muscovite are also found,
which are largely lacking on basic igneous rocks.
Smectite is widespread in neutral to slightly alka-
line soils of seasonal wet and dry climatic regions,
while under dryer, semiarid conditions and higher
Mg concentrations, palygorskite and sepiolite and
various salts (sulfates, chlorides, nitrates, borates)
are found. In many regions (India, Central Africa)
with kaolinitic soils on plateaus and slopes,
smectite-rich soils (Vertisols) in plains with high
groundwater tables and in hollows are connected
by the landscape’s water balance. Typical pedo-
genic minerals in the anaerobic soil zone are iron
sulfides, siderite and vivianite.

Almost all soils contain small amounts (<2 %)
of heavy minerals, e.g. apatite, magnetite,
ilmenite, garnet, rutile, zircon, tourmaline etc.
The poorly weatherable heavy minerals accu-
mulate all the more with increasing intensity of
soil weathering. In contrast, the apatite content
decreases with increasing acidification.

Because the mineral soil orders of Soil Tax-
onomy and the soil reference groups of WRB are
broadly defined following a sequence of devel-
opment, they can be associated with dominant
pedogenic minerals (Table 2.13).
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Soil Organic Matter

3.1 Origins, Distribution

and Dynamics

In most topsoils, the mass of the soil organic
matter only amounts to a few percent, but has an
important influence on all soil functions and
plays a central role in the global carbon cycle.
For this reason, the carbon content, or the dark
color value, is a differentiating criterion for soil
descriptions in German and international
classifications.

About 80 % of the terrestrial organic carbon
reserves participating in the active C-cycle are
bound in soils, and only about 20 % in the
vegetation. Bound C is mainly returned to the
atmosphere through soil respiration due to
microbial oxidation processes. On the long term,
the non-mineralized fraction remaining in the
system is stored in the soil organic matter. This
carbon is subject to stabilization processes in the
soil, which protect it to a large extent against
microbial decomposition. Under constant envi-
ronmental and vegetation conditions, an equi-
librium is reached in the soil between the supply
and degradation of organic matter, resulting in a
characteristic humus or organic matter content.

Due to its large surface area, soil organic
matter is an important sorbent for organic and
inorganic substances in the soil solution. It offers
(mainly negative) charges and thus increases the
cation exchange capacity, but also contains
hydrophobic areas, where the less-soluble
hydrophobic organic substances can be bound.

© Springer-Verlag Berlin Heidelberg 2016

At the same time, the organic matter is of central
importance for the development of a stable soil
structure through formation of soil micro- and
macroaggregation. The organic matter content
essentially determines the color of the topsoil
and, especially in arable soils, has an effect on
the soil heat balance. The mineralization of plant
residues is a significant source of nutrients for
plants and microbial biomass. Last but not least,
soil organic matter is a source of C and energy
for the soil fauna and microflora. Organic matter
is the C and energy source for heterotrophic soil
organisms, so that with constant environmental
factors, there is a close correlation between
organic matter content and biological activity.
The maintenance of high biological activity
requires constant replenishment of the consumed
organic matter by adding plant residues to the
soil (see Chap. 4).

The chemical composition of the organic
matter is heterogeneous, because it consists of
plant and animal residues at different stages of
degradation. Soil organic matter comprises all of
the dead plant and animal residues and their
organic transformation products found on and in
the mineral soil. It also includes substances
introduced by human activities, e.g. synthetic
organic substances (e.g. pesticides, organic
wastes). Living organisms (edaphon, consisting
of the soil flora and fauna) and living roots do not
belong to the organic matter in soils.

The term humus is often used synonymous for
the organic matter in soils. Soil organic matter is
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composed of a mixture of plant and microbial
residues in different degrees of transformation.
Humus is a complex organic material of brown to
dark colored amorphous substances, which have
originated during the decomposition of plant and
animal residues by microorganisms, under aero-
bic and anaerobic conditions (Waksman 1938).
Chemically, humus consists of certain constitu-
ents of the original plant material stabilized
against decomposition, of substances modified
during decomposition, either by processes of
hydrolysis or by oxidation and reduction; and of
various compounds synthesized by
microorganisms.

In this chapter and in the rest of this book, the
term humus refers to the dead organic matter in
the soil as a whole. In mineral soils, the organic
matter is mixed with the mineral phase, but it
also forms the forest floor in many soils (ref. to
humus forms). In addition to solid organic sub-
stances, the soil water also contains dissolved
organic substances (“DOM” = dissolved organic

matter).
The following components are often
differentiated:

Plant litter: These are undecomposed or only
weakly transformed plant residues, and the tissue
structures are still morphologically recognizable.
They include both aboveground dead plant
remains and dead roots. These materials are
found in the litter layer (L horizon) on the forest
floor, but can also be isolated from the mineral
soil as particulate or light organic fraction. They
mainly consist of lipid, protein, polysaccharide
and lignin compound classes. Their turnover time
in the soil is short.

Partly degraded plant residues are found in
the forest floor O horizons or occur inside
aggregates. They are called occluded particulate
organic matter as they can be isolated after
destroying the soil aggregate structure. They
have longer intermediate turnover rates.

Stabilized soil organic matter: These are
strongly morphologically transformed substances
without macroscopically perceptible tissue
structures. They are stabilized against minerali-
zation, i.e. they have a low turnover rate or a long
residence time in soil. If they exist as

organo-mineral compounds, they can be isolated
from the mineral soil using particle size and
density fractionation, and are then often referred
to as heavy or fine organic fraction.

The decomposition of organic matter is also
called degradation, and their transformation into
humic matter is called humification or stabil-
ization. Mineralization refers to complete
microbial decomposition to form inorganic sub-
stances (CO,, H,O), where the plant nutrients
(e.g. Mg, Fe, N, S, P) contained in the organic
matter are also released. “Humification” is
defined as the transformation and binding of
organic matter in the soil, which leads to a sta-
bilization against mineralization.

Humic substances can be isolated from soils
by strong alkali and then further differentiated
into acid soluble (fulvic acid) and acid-insoluble
materials (humic acids). They are often used as
model compounds for soil organic matter, but
their occurrence in soils as defined macromo-
lecular entities is questioned more and more
(Piccolo 2001; von Liitzow et al. 2006; Schmidt
et al. 2011).

3.2 Contents and Quantities

of Organic Matter in Soils

The carbon content of organic matter varies
within individual substance classes, with poly-
saccharides containing about 40 % C, and lipids
about 70 % C. The average C content is usually
around 50 %. In addition to the nonmetals C, H,
O, N, S and P, the organic matter in soils also
contains metals. These occur either in an
exchangeable form (especially Ca, Mg,), or are in
the form of complexes, where they are generally
firmly bound (e.g. Cu, Mn, Zn, Al and Fe).

The organic matter content in the individual
soil horizons and the average organic matter
content in different soils vary across wide ranges
(Table 3.1, Chap. 7.2), and are also subject to a
seasonal variation. The content of carbon in a soil
is quantified by the concentration (mass of OC by
mass of the soil, e.g. mg g '), and the amount of
carbon by the stock (mass of OC, e.g. based on a
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Table 3.1 Contents and stocks of organic matter in different soils of southern Germany; data from Wiesmeier et al.

(2012)

Soil type
Parent material
Land use

Calcaric
Hyperskeletic
Leptosol
Limestone
Mixed forest

Dystric
Hyperskeletic
Leptosol
Quartzitic
schists
Coniferous
forest

Dystric
Cambisol
Sandstone
Deciduous
forest

Eutric
Cambisol
Loamy-sandy
tertiary
sediments
Cropland

Luvisol
Loess
Cropland

Podzol
Granite
Coniferous
forest

Gleysol

Fluviatile
sediments
Grassland

Planosol
Deciduous
forest

Horizon Depth

Ah
CAh

Ah
AhC

Ah
AhBw
Bwl
Bw2
Ap
Bwl
Bw2

Ep
Btl
Bi2

Ah
Eh
Bhs

Ah
2Ahl
3Alh
4BlIr
5Brll
6Brl2

Ah
Eg
2Bg
2C

(cm)

0-3
3-10
10-53

0-2
2-12
12-37

0-3
3-8
8-12
12-43
43-64
0-30
30-65
65-89

89—
105

0-33
33-45
45-57
57-93
0-7
7-10
10-37
37-67
67-72
0-21
21-29
29-45
45-69
69-81

81—
100

0-5
5-35
35-75
75-90

Bulk
density
(g em™)
0.20
1.00

1.20

0.20
1.00
1.00

0.10
0.48
1.03
1.53
1.60
1.33
1.56
1.57
1.59

1.33
1.52
1.50
1.54
0.29
0.80
0.92
0.93
1.00
1.29
1.31
1.22
1.23
1.61
1.73

0.74
1.18
1.36
1.58

Gravel
content
(%)

0
10
90

28
60

o B~ N O

10

Oleolo|e|@

20
40
60
70

ol ol o=

20

Texture
sand/silt/clay
(%)

11/57/32
15/53/32

58/38/7
58/38/7

61/32/7
60/32/8
59/32/9
62/23/15
38/40/22
30/47/23
18/55/27
30/46/24

6/66/28
2/53/45
2/56/42
6/61/34
59/30/11
65/28/7
64/25/11
50/35/15
60/32/8
47/40/13
38/43/19
42/36/22
67/19/14
75/13/12

7/74/19
8/73/19
8/44/48
12/52/36

oC
content

(gkg™h)
382
51

27

455
74
11

428
58
17

17

13

448
46
30
46
59
26
21
16
13

57
12

oC
stocks
(kgm?) (kgm)

2.3
4.6
14

1.8
53
1.1

1.1
1.4
0.7
35
0.5
6.4
3.6
1.8
0.8

5.8
1.2
0.9
23
9.1
0.9
4.5
5.1
0.9
6.8
2.7
3.8
3.0
0.5
0.8

2.1
4.1
1.3
0.6

oC

stocks in

the solum

7.3

8.2

7.2

12.6

10.2

20.5

17.6

8.1

(continued)
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Table 3.1 (continued)

Soil type Horizon Depth  Bulk Gravel
Parent material (cm) density content
Land use (gem™®) (%)
Ombric H1 0-20 0.10 0
Lsizes, H2 2040 0.10 0
Raised bog
H3 40-60 0.10 0
H4 60-90 0.10 0
H5 90— 0.10 0
100
Rheic Histosol HI1 0-6 0.23 0
Cemglimd H2 620  0.16 0
H3 2048 0.13 0
H4 48— 0.12 0
100

depth of 1 m over 1 ha). The quantity of organic
matter, in turn, depends on the soil type, the bulk
density and the content of stones and coarse
fragments. Soils with finer textures generally
store more organic matter than coarse-grained
soils. Litter horizons have organic matter con-
tents close to 100 %; their organic carbon content
(OC) usually lies between 400 and 450 g kg™ .
The highest concentrations and turnover of
organic matter are found in the topsoil. Ah
horizons in forest and arable soils have C con-
tents of 7.5-20 g kg~ '. In German arable soils,
the organic matter stocks average 100-
200 t ha™'. They can be higher in colluvial soils,
Chernozems, Andosols, Vertisols and Podzols.
Higher contents can be found in the topmost
horizons of permanent grassland soils (up to
about 150 g kg™"). The carbon concentrations in
the subsoil, with the exception of colluvial soils,
Fluvisols, Podzols, Vertisols and Andosols, are
much lower and mostly lie between 1 and
10 g kg~'. Recent inventories demonstrate that
large amounts of organic matter, although in low
concentrations, are stored in the subsoil (B and C
horizons). Redoximorphic soils exhibit particu-
larly high C concentrations, e.g. the A horizons
of Gleysols contain up to 200 g kg~*, H horizons
of fens and bogs more than 200 g kg™', whereby
raised bogs can contain up to almost 500 g kg™
C. In contrast, the OC contents in soils of arid
regions are much lower due to the low litter

Texture OoC OoC OC stocks in
sand/silt/clay  content  stocks the solum
(%) kg (kegm?) (kgm?)
- 533 10.7 52.3

533 10.7

523 10.5

507 152

535 5.4
- 403 5.6 69.2

513 11.5

529 19.3

525 32.8

input, with typical values lying between 2 and
6 g kg~ '. The stocks of organic carbon in soils
fluctuate across a wide range. They are regulated
by, among other factors, the climate, vegetation
and thus also the input of organic matter, the
groundwater level, the rooting depth, and the soil
type (Table 3.1).

Global estimations show that about 1500 Pg of
organic carbon (1 Pg = 10" g) are stored in the
first meter of terrestrial soils, about 700 Pg of
which is found in the top 30 cm (Table 3.2). When
considering a soil depth of 0-2 m, Batjes (1996)
obtained a total of about 2400 Pg OC. In com-
parison, the global C reserves in the plant biomass
only amounts to about 500 Pg C. Changes or
redistributions of the C stocks in the soil are thus
very important for the global C budget.

Only a small fraction of the soil organic
matter is water soluble and mobile, so it usually
does not play a role for the C balance. The
mobile, dissolved phase is still significant for
pedogenic processes, e.g. podzolization, but also
for the binding and translocation of contami-
nants. The soil solution contains between 1 and
100 mg L™" of dissolved organic carbon (DOC).

The quantitative determination of the
organic matter can be performed using different
methods:

1. Oxidation by combustion in oxygen and
determination of the liberated CO,. In soils
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Table 3.2 Global stocks® of terrestrial organic carbon (Pg C) by IPCC climate region in soil, and in above- and
below-ground phytomass carbon pools (from Scharlemann et al. 2014)

Climate region Soil Total (%) Phytomass (%) Terrestrial carbon pool
Topsoil Subsoil

Tropical wet 62.6 65.4 128.0 140.2 268.1
(47.7) (52.3)

Tropical moist 78.6 72.3 150.9 151.7 302.6
(49.9) (50.1)

Tropical dry 67.3 69.0 136.2 425 178.7
(76.2) (23.8)

Tropical montane 29.6 26.5 56.1 40.5 96.6
(58.1) (41.9)

Warm temperate moist 333 29.7 63.0 28.7 91.7
(68.7) (31.3)

Warm temperate dry 38.9 39.6 78.5 24.2 102.7
(76.4) (23.6)

Cool temperate moist 104.1 106.2 210.3 28.5 238.8
(88.1) (11.9)

Cool temperate dry 522 50.0 102.2 9.1 111.3
(91.8) (8.2)

Boreal moist 162.0 194.7 356.7 23.5 380.2
(93.8) (6.2)

Boreal dry 32.0 37.0 69.1 5.1 74.2
(93.1) (6.9)

Polar moist 30.6 21.7 524 2.2 54.5
(96.0) (4.0)

Polar dry 8.0 43 12.3 0.5 12.8
(96.2) (3.8)

Total 699.3 716.4 1415.7 496.6 1912.2
(74.0) (26.0)

“Estimates of global soil OC stocks by topsoil (0-30 cm), subsoil (30-100 cm) and the combined layers (0~100 cm or
when less to depth of soil layer)

containing carbonate and at combustion
temperatures exceeding 650 °C, it is neces-
sary to remove the carbonates prior the
analyses, or to determine the concentration
of carbonate-C separately (Kalbitz et al.
2013).

. If the thermal method is not available, the
oxidation of the organic matter using Cr(VI)
(dichromate) in a sulfuric acid solution and
photometric determination of the formed Cr
(IIT) can be used (based on Walkley and Black
1934). Alternatively, the excess dichromate
Cr(VI) or the CO, released by oxidation can
be determined. The Walkley-Black method
also requires the removal or separate deter-
mination of carbonate-C.

3. In organic soils and in soils where clays are
largely absent, the determination of the loss
on ignition at 400 °C provides sufficiently
accurate values.

The C content is determined using method
(1); the organic matter content is then calculated
by multiplying this value by 2.0. The factor
1.724 is also sometimes used, which results from
an assumed average C content of the organic
matter of 58 %. Dichromate oxidation (2) also
records other oxidizable substances, e.g. Fe(Il)
sulfides. The edaphon is also included to some
extent in the determination of the organic matter,
because it (except for larger animals or roots)
hardly can be removed from the sample before
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analysis. However, the related error is seldom
more than 10 %; it can be roughly estimated by
determining the microbial biomass.

3.3 Plant Residues and Their
Transformation During
Decomposition

3.3.1 Composition and Structure

of Organic Residues

3.3.1.1 Litter Type and Quantity

In addition to the above-ground biomass pro-
duced by green plants during photosynthesis
(wood, leaves, needles, twigs) and falling to the
ground as litter when they die, the parent
materials for soil organic matter formation
include dead roots, organic root exudates and
residues (rhizodeposition) as well as dead soil
fauna and microorganisms. These plant and
edaphon residues are continuously added to the
biologically active horizons of the soil. Plant
residues and exudates are called primary
resources, and those from microorganisms are
secondary resources. In addition to the incorpo-
ration of crop residues, organic matter is also
added to cultivated soils through fertilization and
waste disposal (e.g. liquid manure, compost,
sewage sludge). Soils in industrial-urban areas
are often also contaminated with organic con-
stituents from the petroleum and coal industry, as
well as from coal combustion (e.g. tar oil, coal
dust, black carbon).

The above-ground litter in forests mainly
consists of leaves and/or needles. In deciduous
forests of cool temperate climates, the twigs, bark
and fruit only account for a fraction of about
20 %, and in coniferous forests of 20—40 % of the
total litter falling on the surface. In temperate
climate zones, the contribution from herbaceous
vegetation to the total aboveground litter in for-
ests amounts to less than 5 %. The fraction of the
foliage in the total aboveground litter represents
on average about 70 %. In coniferous forests, the
total aboveground litter was estimated to be of
200-600 g dry mass m ™2 a_'. Similar ranges are

also found for the aboveground input in decidu-
ous forests, e.g. beech forests with 390-
570 g m % a_'. In coniferous forests, e.g. under
spruce, litterfall is not restricted to a specific
season. In general, the average quantity of
aboveground litterfall in forests increases with
decreasing latitude and increasing productivity
from  boreal coniferous forests  (100—
400 ¢ m?> a') to the tropics (600—
1200 ¢ m ™% a™"). In intensively managed forests,
the proportion of leaf or needle litter is high
compared to the woody constituents.

A considerable portion of the organic matter
reaches the soil as below-ground input, i.e. as
root litter and rhizodeposition. The predomi-
nantly low-molecular, usually N-rich organic
matter that is secreted by plant roots (rhizode-
position) contributes significantly to the C input
to the soil. Most of the root exudates are rapidly
metabolized by microorganisms, and due to this
constant C source, there is a high population
density in the rhizosphere. About 30, 50, and
75 % of the root biomass are found in the top-
most 10, 20 and 40 cm of the soil respectively;
however, the maximum rooting depth, and thus
also the range influenced by root residues and
rhizodeposition, is much larger. In this way, root
residues and exudates also reach greater depths,
and together with translocated organic matter
from the topsoil, contribute significantly to
organic matter formation in the subsoil. Grass-
land and steppe soils generally exhibit a greater
proportion of root mass in the total carbon input
compared to forest ecosystems under comparable
climatic conditions. In forests of cool temperate
climates, the contribution of root litter to the
input of organic matter, depending on the tree
species and the life form (evergreen or decidu-
ous), accounts for between 20 and 50 %. Under
wheat cultivation, the subsurface input is around
25 % of the total C input, under grassland around
40 %.

3.3.1.2 Chemical Composition

of Plant Residues
Essentially, there are two different types of tis-
sues undergoing decomposition: parenchymatic
tissues and woody tissues. Parenchymatic plant
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cells are found in the living, green tissues of
leaves, and in the cortex of young twigs and fine
roots. They consist mainly of cellulose and pro-
tein. Woody tissues form the woody parts
(xylem) and the supporting tissue (sclerenchyma)
of the stems, leaf epidermis, leaf veins and bark.
Woody plant residues, such as straw or wood,
contain mainly cellulose, hemicellulose and lig-
nin (also called lignocellulose).

Cellulose makes up the cell wall and consists
of glucose units that are linked to each other in
linear chains through hydrolyzable, glycosidic
bonds. The regular arrangement of the hydroxyl
groups along the cellulose chain leads to the
development of H bonds, and thus to the fibrillar
structure with crystalline properties that is char-
acteristic for plant organisms, accounting for
around 85 % of the cellulose molecule. Hemi-
cellulose and pectin are also cell wall compo-
nents and differ from cellulose in their
arrangement of various carbohydrate monomer
types, namely pentoses, hexoses, hexuronic acids
and deoxyhexoses (Fig. 3.1), with side chains
and branching. Plant hemicellulose in the soil can
hardly be analytically differentiated from micro-
bial polysaccharides. The pentoses arabinose and
xylose originate mainly from plant residues,
while microorganisms mostly produce the hex-
oses galactose and mannose, as well as deoxy-
glucose (rhamnose and fucose). As a storage
polysaccharide, starch is a component of the cell
and consists of glucose monomers.

Lignin is a high molecular, three-dimensional
substance made of phenylpropane units
(Fig. 3.2a). In woody plants, it fills and
strengthens the structure of the cell wall, which
mainly consists of linear polysaccharides. The
lignin from coniferous trees consists almost
exclusively of coniferyl alcohol units, and that
from deciduous trees has approximately equal
proportions of coniferyl and sinapyl alcohol. The
lignin found in grasses is formed from about
equal proportions of the three monomers co-
niferyl, sinapyl and p-coumaryl alcohol. The
various proportions of the individual phenylpro-
pane units result in different methoxyl group
contents, which are around 15 % for gymno-
sperm lignin and 21 % for angiosperm lignin.

Pentoses HOCHZ/ OH
Xylose
Ribose H\oH H/H
Arabinose
H OH
HOCH,
Hexoses 4
H OH
Glucose
Galactose HO\OH H/H
Mannose
H OH
H
(0]
Deoxyhexoses |, /CH, H
Fucose
Rhamnose HO\H OHOH
OH
COOH
Uronic acids n/H OH
Glucuronic acid
Galacturonic acid  HO\pH H/H
H OH
HOCH,
Amino sugars n/H OH
Glucosamine
Galactosamine HO\oH H/H
H NH.

Fig. 3.1 Important sugar monomers in soils

The monomers are linked by a multitude of
non-hydrolyzable C—C and C-O bonds.

Tannins are natural polyphenols with a great
diversity of compositions. The hydrolizable tan-
nins are esters formed by glucose and gallic acid.
The more complex structure of non-hydrolyzable
tannins or proanthocyanidins consists of up to 10
polyhydroxy-flavan-3-ol units. Organic com-
pounds with tanning properties are capable of
irreversibly linking proteins to one another. It is
assumed that this effect also plays a role in the
decomposition of litter in the soil, stabilizing
proteins against degradation.

Cutin forms the macromolecular frame of the
plant cuticle, which covers all of the aerial plant
parts and is bound to the epidermis through a
pectin layer. The cuticle consists of cutin, an
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Fig. 3.2 Aromatic building blocks of organic matter.
a Monomeric precursors of lignin (phenylpropane units):
(I) p-coumaryl alcohol, (2) coniferyl alcohol, (3) sinapyl
alcohol; b fragments of phenylpropane units modified by
decomposition. (/) Intact phenylpropane unit in the
macromolecule, (2) o-carbonyl formation, (3) splitting
off of the side chain and oxidation of the Ca, (4)
demethylation to o-diphenyl, (5, 6) ortho-ring cleavage;
¢ possible basic structures of the aromatic components in
humic substances: C substituted (/, 2) and condensed (3)
aromatic C

insoluble polyester made of various hydroxy and
epoxy fatty acids, mostly with chain lengths of
C,6 and C,g, in which low-molecular waxes and
fats are embedded. These extractable lipids
consist of a series of different substance classes,
e.g. long-chain hydrocarbons, primary and sec-
ondary alcohols, ketones, triglycerides and wax
esters. Similar to cutin, the suberin found in the
root cortex and subsurface storage organs also
has a polyester structure, however, it is embed-
ded in the cell wall of the peridermal cells. In
addition to aliphatic components, consisting of

long-chain fatty acids and dicarboxy(lic) fatty
acids (about 5-30 %), there is also a multitude of
phenolic components, especially cinnamic acid.

Proteins are the most common intracellular
compounds. They consist of a group of about 20
different amino acids that are connected with
each other through peptide bonds. 99 % of the
nitrogen in the remains of plants and animals are
bound in organic form, mainly in proteins. Pro-
teins also contain the majority of organically
bound sulfur in the form of the amino acids
cystine, cysteine and methionine.

N is also found in DNA (deoxyribonucleic
acid), the carrier of genetic information, and in
RNA (ribonucleic acid), responsible for the
translation of the information for protein syn-
thesis. The individual building blocks are de-
oxyribonucleotides, each consisting of one
heterocyclic N compound (the purine or pyrimi-
dine bases adenine, thymine, guanine, uracil and
cytosine), the monosaccharide deoxyribose and
one phosphoric acid molecule. They form the
double helix structure of DNA.

P in plant residues occurs mainly in organic
compounds as orthophosphate mono- and dies-
ters, mostly in inositol phosphates, which are
esters with hexahydroxycyclohexane, and
phospholipids.

Root exudates contain a multitude of gener-
ally low-molecular components, whereby sugars
and polysaccharides, organic acids, amino acids
and peptides dominate.

The proportions of the individual contents in
different raw materials are given in Table 3.3.
The cell wall constituents cellulose, hemicellu-
lose and lignin, as well as lipids, cutin/suberin
and proteins are the most important components,
accounting for more than 95 % both in the
above-ground plant parts and the roots. In addi-
tion, plant residues contain a multitude of sec-
ondary constituents such as phenols, free sugars,
amino acids, peptides and secondary metabolites,
such as phenols and resins.

3.3.1.3 Microbial Residues

Here, the most important secondary resources are
the residues from bacteria and fungi, which
mainly serve as a source of C and energy
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Table 3.3 Common composition of important C and energy sources for decomposition in the soil: plant residues,
microorganisms; % dry matter (compiled from Haider 1992; Fengel and Wegener 1989; Swift et al. 1979)

Cellulose Hemicellulose® Lignin Protein Lipids® C/N
% DM

Spruce (Picea abies)
Wood 40 31 28 <2 1.4 100-400
Bark 48 17 38 <2 21
Needles 15 13 14-20 3-6 7 40-80
Beech (Fagus sylvatica)
Wood 32 43 24 2 0.8 100-400
Bark 38 23 39 2 11
Leaves 20 17 11-16 6 5 30-50
Root wood 33 18 22 1.6 1.3 190
Fine roots 19 10 33 54 3.1 55
Ryegrass (shoot) 19-26 16-23 4-6 12-20
Alfalfa (shoot) 13-33 8-11 6-16 15-18
Wheat straw 27-33 21-26 18-21 3 50-100
Bacteria 0 4-32 0 50-60 10-35 5-8
Fungi 8-60 (chitin) 2-15 0 14-52 1-42 10-15
Phytoplankton (lakes) 18 + 50° 0 17 1.5 5-12

4and other non-cellulosic polysaccharides

Pand/or other fractions that are extractable with solvents (e.g. waxes, resins, chlorophyll)

“non-structural carbohydrates

(Table 3.3). With the exception of lignin, tanning
agents and cutin/suberin, all of the
above-mentioned plant compound classes are
also found in bacteria or fungi. Bacteria cell
walls consist of murein, lipids and lipopolysac-
charides. Murein is a peptidoglycan, which, in
addition to amino acids, contains the
bacteria-specific  constituents  galactosamine,
muramic acid and diaminopimelic acid. High
proportions of aliphatic biomacromolecules of
lipidic nature were detected in the cell walls of
various bacteria and algae, the precise structure
of which is not yet known. Many bacteria pro-
duce extracellular polysaccharides consisting of
neutral and acidic sugars. The cell walls of fungi
contain proteins, chitin (an amino sugar polymer
consisting of glucosamine, similar to cellulose),
sometimes cellulose, and other polysaccharides
containing a high fraction of mannose and glu-
cose. The exoskeleton of arthropods (Chap. 4) is

also made of chitin. Specific components of
bacteria or fungi can be used as biomarkers to
estimate the proportion of microbial residues in
the soil. Glucosamine from fungi and bacteria,
and galactosamine and muramic acid from bac-
teria are particularly well-suited for this purpose.

3.3.2 Decomposition
and Transformation
Reactions in the Soil

The degradation and mineralization of litter takes
place in several closely interacting phases.
Numerous organisms of the soil fauna and flora
are involved in these decomposition and trans-
formation processes. The first transformation
processes take place already shortly before or
immediately after plant organs or animals die,
consisting of enzymatic reactions of the organ-
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ism’s own substances (senescence). Here, poly-
mer compounds are broken down into individual
components by hydrolysis and oxidation pro-
cesses inside the cells (e.g. starch into glucose,
proteins into amino acids). Chlorophyll is trans-
formed into colorless decomposition products,
while yellow carotenoids accumulate and red
anthocyanins are formed, resulting in the autumn
colors of leaves. Furthermore, a large portion of
the mineral nutrients (K, Mg, Ca, u. a.) are lib-
erated and can be leached or absorbed by plants.

When the organic matter is deposited on or in
the soil and is broken down by the soil fauna, it is
rapidly mineralized to CO,, while the majority of
the mineralized N is incorporated into the micro-
bial biomass. The C/N ratio therefore becomes
narrower during the course of decomposition, and
can reach values of about 10. The mineralization
of organic matter to form CO, occurs from all soil
organic matter compartments, with the highest
rates from the decomposition of fresh litter and the
turnover of the microbial biomass. Because of the
properties of their chemical structures, certain
macromolecular components of plants or micro-
organisms are not readily decomposable by
microorganisms, and are called recalcitrant.
Especially aromatic plant constituents, particu-
larly lignin, but also long chain aliphatic com-
pounds accumulate selectively in the soil during
decomposition compared to other, more readily
decomposable substances, such as polysaccha-
rides. The availability of a N source probably
plays an important role in the regulation of the
decomposition of lignocellulosic substances in the
soil. Lignin can only be decomposed under aero-
bic conditions and its decomposition is inhibited
by oxygen deficiency, so that only low-molecular
lignin components or lignin precursors are
attacked. This causes the accumulation of lignin in
anoxic soils or sediments (formation of peat and
coal). During the course of the decomposition of
litter, phenols can form recalcitrant polyphenol-
protein complexes together with proteins and thus
reduce N losses in N-poor sites. The condensed
aromatic structures (Fig. 3.2c) resulting from
vegetation fires are considered to be recalcitrant.
In general, the following stability sequence can be

derived for organic compounds originating from
plants: sugars, starches, proteins < celluloses < lig-
nins, wax, resins, tannins.

A considerable portion of the organic matter
in soils can consist of finely distributed charred
organic matter (black carbon, charcoal), origi-
nating from vegetation fires. The leads to an
incomplete combustion of organic materials that
leaves behind a continuum of charred aromatic
structures condensed to different degrees. Both
the chemical recalcitrance and interactions of the
charred structures with minerals protect them
from rapid degradation, so that estimates for the
residence time of char in soils range from a few
hundred to more than 10,000 years.

3.3.2.1 Decomposition Pathways
for Various Plant
Constituents

The decomposition of sugars, starches, proteins,
hemicellulose or cellulose, and non-lignified parts
(Fig. 3.3) in general takes place most rapidly. In
contrast, lignocellulose is decomposed much more
slowly, as well as already decomposed material,
e.g. peat, manure or compost. Aquatic plants do
not have any supporting tissue, and therefore do
not contain lignocellulose. This is why the organic
matter in subaquatic soils is generally much more
strongly decomposed than peats or bogs in near-
shore marine environments. Polysaccharides
(cellulose, hemicellulose) and proteins serve as aC
and energy source for microorganisms and are
fully metabolized in the process. After extracel-
lular enzymatic hydrolysis the resulting monomer
or dimer fragments are absorbed by the microor-
ganisms. These substances are oxidized by het-
erotrophic bacteria as a source of energy
(“catabolism’). H,O and CO, are produced as end
products in aerobic environments, while the
associated mineral salts are taken up by the bac-
teria or are released in the soil solution. The same
products can be produced under anoxic condi-
tions, provided that other oxidizing agents (elec-
tron acceptors) such as NO; S0,%, Mn(1V) or
Fe(IlI) are available. However, decomposition is
then slower and usually incomplete, and results in
low-molecular organic substances such as fatty
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Fig. 3.3 Scanning electron
microscope image of an
oak leaf 4 weeks after
falling off the tree (from
Olah et al. 1978):

a Preferential
decomposition of
parenchymatic tissues, the
ligneous tissues remain
behind; b fungi can be seen
on the surface of the
decomposed leaf.

¢ Polysaccharide fragments
(P) of an algae cell in close
association with clay
minerals (CM);
decomposition of
secondary resources:

d invasion of a fungi
(Stropharia cubensis Earle)
by bacteria and
decomposition of the
cytoplasm after 7 days in
the soil; e/f fungi cell wall
before and after
decomposition by bacteria

acids, methane, hydrogen sulfide or also hydro-
gen, with a lower energy gain for the microbes.
A portion of the easily digestible substrates is
directly taken up by the microorganisms and
used for the synthesis of their cells (“anabo-
lism”). Labelling with radioactive or stable iso-
topes (usually '“C, '*C and '°N) showed that the
C and N from polysaccharides and proteins
added to soils is found in the microbial biomass
or their metabolites. Thus, plant polysaccharides
and proteins are mainly subject to microbial

resynthesis. A small fraction of the polysaccha-
rides can be selectively accumulated due to
“impregnation” with recalcitrant plant (lignin,
cutin) or microbial constituents (melanin).

In contrast, the decomposition of lignin takes
place much more slowly as an extracellular,
co-metabolic process, i.e. the lignin does not serve
as a C or energy source for microorganisms. For
this reason, the decomposition of lignin requires
the presence of a C and energy source (e.g.
sugar, cellulose), since the lignin-decomposing
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microorganisms, mainly white rot and soft rot
fungi, cannot grow with lignin as their only source
of C. Brown rot fungi cause a modification of the
lignin (e.g. demethylation), but no complete
decomposition. Thus the fate of C from lignin is
different to the fate of C from polysaccharides and
proteins. Lignin decomposition takes place
through a non-specific radical mechanism, which
leads to the cleavage of bonds in the side chains
and in the aromatic rings (Fig. 3.2b). On the one
hand, a liberation of CO, is observed that indicates
partial mineralization, and on the other, often only
part of the lignin macromolecule is transformed in
its structure. These modified lignin components
are subject to further direct oxidative transforma-
tion. Especially the more easily degradable frac-
tions of lignin, particularly those units that are
linked by ether bonds, are strongly transformed.
Lignin macromolecules that are modified by deg-
radation consist of aromatic components with a
high degree of C substitution, mainly carboxyl
groups (Fig. 3.2¢). Because of this and because of
the opening of the rings during decomposition, the
lignin molecule becomes increasingly soluble in
bases and also in water. Thus a part of the partly
degraded lignin components are leached. The
recalcitrant lignin constituents, i.e. the ring units
that are linked by C-C bonds, are selectively
accumulated. Lignocelluloses in the soil are
decomposed by a synergetic microbial commu-
nity, where cellulose and lignin decomposing
organisms work together. The microorganisms use

both low-molecular lipids and cutin as a C and
energy source, and at the same time, new microbial
alkyl-C compounds are formed in the soil. Gen-
erally all recognizable plant or microbial compo-
nents in a soil have turnover times lower than the
turnover times of the total organic matter
(Amelung et al. 2008).

Formation of Stable
Organic Matter

34

Plant and microbial residues and their transfor-
mation products can be protected from further
microbial degradation through various mecha-
nisms. These stabilization processes have an
effect on the mixture of fresh and transformed
plant residues resulting from the decomposition
phase, as well as on newly-formed microbial
residues that were in turn transformed (Fig. 3.4).
They lead to a significant deceleration of the
initial rapid mineralization rate.

Parts of the litter can be protected from further
decomposition inside aggregates where they are
poorly accessible, and thus enter the moderately
stable organic matter fraction. Poorly decom-
posable components (e.g. lignin or aliphatic
compounds) can be selectively accumulated in
these plant residues at different states of decom-
position. The sorption of dissolved organic mat-
ter (DOM), resulting either directly from the

Fig. 3.4 Processes of Pools Fractions
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decomposition of litter or from the microbial
biomass, can lead to the transfer of carbon into
the stable fraction. The development of
organo-mineral compounds leads to the forma-
tion of stable organic matter products, which are
mineralized only very slowly. Especially micro-
bial polysaccharides and proteins are stabilized
against further decomposition through binding
onto the fine-grained minerals of the silt and clay
fraction (Fig. 3.3c).

3.4.1 Stabilization
by Interactions
with the Mineral Phase

Organic substances can be stabilized and pro-
tected from microbial degradation through
interactions with minerals. This mainly involves
interactions with particles in the clay fraction
(clay minerals, iron oxides). This leads to the
formation of stable “clay-organic matter asso-
ciations” or organo-mineral compounds. The
binding between minerals and organic sub-
stances can take place through various mecha-
nisms and depends on the one hand on the type
of mineral and its surface charge, and on the
other, on the type and charge of the functional
groups in the organic matter. Therefore, pH
value and base saturation are of great importance
for the development of organo-mineral com-
pounds. The following mechanisms play a role
in binding of organic matter onto the mineral
phase (Fig. 3.5):

1. Binding onto singly coordinated hydroxyl
groups on the mineral surface, which can be
either protonated or dissociated depending on
the pH value of the soil. Through ligand
exchange, inner-sphere complexes are formed
between the carboxyl groups of the organic
matter and protonated surfaces with positive
partial charges. Here, the surfaces of Fe and Al
oxides, allophanes and imogolites, and also the
edge surfaces of clay minerals are most sig-
nificant, whereas no ligand exchange reactions
take place with silanol groups (SiOH)

. Weak interactions occur

(Fig. 3.5a, b). Fe and Al oxides, allophanes and
imogolites provide a particularly high specific
surface area for such interactions. Because
ligand exchange reactions only take place with
protonated,  singly-coordinated  hydroxyl
groups, they mainly play a role in acidic soils.

. In soils with slightly acidic or neutral pH

values, binding onto the siloxane surface of
clay minerals (Chap. 2) with permanent
charge increases in significance (Fig. 3.5a).
The dominating mechanisms are the ionic
bond between organic cations and the nega-
tive charges of clay minerals. The main
organic cations involved are amines (alkyls
etc.), amino sugars and amino acids, which
accept a proton below the isoelectric point and
thus have a positive charge. They are instead
of the exchangeable inorganic cations bound
by Coulomb forces. But also metal complexes
of organic acids can be adsorbed. A polyva-
lent, usually hydrated metal cation forms a
bridge and simultaneously neutralizes nega-
tive charges on the clay mineral and on the
dissociated acidic groups of the organic mol-
ecule. An outer-sphere complex is formed.
The exchangeable cations of clay minerals,
especially polyvalent cations such as Ca®* and
AI**, can have an effect on the stability of the
organo-mineral compounds. The adsorption
of organic acids onto a smectite that is satu-
rated with various cations increases in the
sequence Na* < K* < Ca®* < AI’* < Fe’*.
Extractants, such as sodium pyrophosphate,
which transform Fe, Al, and Ca into soluble
complexes therefore also extract a relatively
large amount of organic matter from the soil.
between the
uncharged, nonpolar groups of the organic
matter and the uncharged, neutral mineral
surfaces (e.g. Si—O-Si groups) (Fig. 3.5c).
Hydrogen bonds play a role in the binding of
larger organic molecules. H bonds form
preferentially via H,O molecules of the
exchangeable cations, or between molecules
that are sorbed and those that are not yet
sorbed. In contrast, they occur less frequently
between these directly with the mineral
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Fig. 3.5 Binding
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surface. Despite the weaker and short-ranging
individual bonds compared to the interactions
mentioned above, Van der Waals interactions
are probably mainly responsible for the
binding of larger molecules onto the
uncharged surfaces of clay minerals, e.g.
kaolinite, pyrophyllite, or quartz. Hydropho-
bic interactions can then lead to additional
binding of organic substances onto already
sorbed molecules. They are most significant at

low pH values, because the hydroxyl and
carboxyl groups are then protonated.

The decomposability of organic matter can
also be strongly reduced by complex formation
with metal cations. In this case, the bonding of
metal cations (Ca, Al, Fe, heavy metals) onto
the organic matter inhibits attack by enzymes.

This strong association between organic and
mineral matter in soils is evidenced by the fact
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Table 3.4 Properties and composition of organic matter in the particle size fractions of the A horizon of a Cambisol

(Guggenberger et al. 1994)
Characteristic

Composition (%)

Alkyl C (e.g. lipids) 40-46
O Alkyl C (mainly polysaccharides) 35
Aryl C (aromatic C) 24-26
C/N ratio Wide
Degree of transformation of lignin Low

Origin of polysaccharides

that it is impossible to fully separate the organic
matter from the mineral phase. It is possible to use
an alkaline solution (0.1 N NaOH, humic sub-
stance extraction) to partially extract the organic
matter from the soil, but a non-extractable frac-
tion (the so-called humic fraction) always remains
in all soils. A further portion can be extracted
when the minerals are previously dissolved using
hydrofluoric acid. Even through oxidation with
H,0O, or NaOCl, it is not possible to completely
destroy the bound organic matter.

There are many simple organic compounds
that can be bound onto minerals of the clay
fraction. These include alcohols, sugars, amino
acids and amines, as well as simple aromatic
compounds such as benzene, phenols etc. If the
clay fraction is isolated from the soil and its
composition is investigated, mainly alkyl com-
pounds and polysaccharides are found, however,
only low concentrations of aromatic compounds,
such as strongly transformed lignin fragments
(Table 3.4). Bound organic matter is also rich in
carboxyl and amide groups.

The stabilization in organo-mineral com-
pounds is also highly significant for the organic
nitrogen, the majority of which is bound in the
clay fraction in the form of slowly mineralizable
peptide structures. Some of these compounds are
also enzymes. Their activity and the decay rate
are reduced by binding onto the minerals of the
clay. For this reason, the C/N ratio in the clay
fraction is often between 8 and 12. However, it
must also be considered that this also includes
the NH,* that is bound to the clay minerals. The
association of organic substances and clay min-
erals becomes visible under the electron micro-
scope (Fig. 3.6). The high stability of

2000-63 pm

Plant residues

Mainly plant

63-2 um <2 pm

31-44 46-50

26-30 22-25

16-27 13-14

Medium Narrow

Medium Strong
Plant/microbial Mainly microbial

organo-mineral compounds is reflected by the
fact that the temperature of thermal decomposi-
tion of organic matter increases after binding
onto the mineral phase, and at the same time, the
decomposition rates of these bound organic
substances decline strongly.

Fig. 3.6 Scanning electron microscope images of the
association between organic matter and mineral particles
in the soil; B bacteria cells, C clay minerals, ECP
extracellular polysaccharides, F fungi, CW cell wall of a
collapsed cells, CWR cell wall remains, O amorphous,
humified organic matter (after Ladd et al. 1996)
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The cation exchange properties of clay miner-
als apparently hardly change through bonding/
binding with humic substances. In contrast,
organic substances can effectively compete with
the sorption of inorganic anions onto clay minerals
and oxides. Furthermore, the crystallization
(“aging”) of pedogenic Al and Fe oxides can be
delayed or inhibited, if adsorbed organic sub-
stances combine in very stable complexes with Al
and Fe ions. The polarization of the adsorbed
organic molecules and the high charge density of
the clay minerals may promote catalytic reactions
(protonation, oxidation, polymerization).

3.4.2 Stabilization by Spatial
Separation

Stabilization of otherwise readily decomposable
substrates in the soil can result from the spatial
separation of the substrate from the decomposers,
which thus prevents degradation. The spatial
localisation of organic matter in aggregates hin-
ders access by microbes and enzymes. Inacces-
sibility is mainly caused by occlusion of OM in
aggregates and entrapment of OM in pore spaces.
This usually involves partially decomposed plant
residues that are occluded inside the aggregates
and are inaccessible to microorganisms. It was
observed that the plant residues occluded inside
aggregates are enriched in lignin, while the
polysaccharides had already been degraded.

Soil aggregation has a strong effect on the
physical separation between substrate and
decomposers. The distribution and composition
of organic matter is regulated by the aggregation,
which in turn is determined by, among other
things, the soil type, the pedogenesis and the
activity of the soil fauna. The aggregation of
mineral soil particles by organic matter is a
complex series of interactions, taking place at
various spatial scales (Fig. 3.7). Particles in the
clay fraction are aggregated into packages of
<20 pm, which are then in turn bound to form
stable microaggregates with a size of 20-
250 pm. These are bound together to form
macroaggregates (>250 pum). Mainly polysac-
charides, secreted by roots and microorganisms,
are responsible for the formation and stabiliza-
tion of microaggregates. Microaggregates are
stable over decades. Macroaggregates result from
the effects of roots, fungal hyphae and other plant
residues, which link the microaggregates toge-
ther to form larger aggregates. For this reason,
stable macroaggregates have a high proportion of
relatively young particulate organic matter. The
stabilizing effect of these organic constituents in
the macroaggregates only lasts for a few years.
The composition and properties of the macroag-
gregate surface therefore differs significantly
from those inside the aggregates.

The formation of organo-mineral compounds
in soils as well as aggregation are promoted by
high biological activity, because microorganisms
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Fig. 3.7 Diagram of the association of organic matter in micro- and macroaggregates in soils of temperate climates
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constantly form reactive organic substances (e.g.
mucus) and soil fauna mixes organic matter
closely with mineral particles (see bioturbation).
Here, the formation of organo-mineral com-
pounds in the intestines of earthworms is of
special importance. The combination of poorly
degradable organic substances (e.g. peat) with
clay minerals under sterile conditions, in con-
trast, does not result in any stable organo-mineral
compounds, even after a longer period of expo-
sure. The significance of organo-mineral com-
pounds for soils lies mainly in the fact that the
organic matter binds mineral particles together
and thus makes a considerable contribution to the
structure formation. Accordingly, the formation
of stable aggregates is closely linked to the
development of organo-mineral compounds. If
the supply of organic residues is reduced or even
totally eliminated, the structure formation is
strongly impaired. This is associated with an
initial depletion of the organic matter, especially
in the fraction of the occluded plant residues.

3.4.3 Organic Matter
in Functional Soil Fractions

Physical fractionation, based on a separation
resulting from differences in density or particle
size, is used to separate the plant residues from
organo-mineral compounds. It is generally per-
formed following pre-treatment consisting of
agitation or ultrasound to destroy the aggregates.
The obtained fractions are then separated using
sieves, sedimentation and/or density fractionation
(Christensen 2001). With density fractionation,
the sample is suspended in a liquid with a density
between 1.6 and 2.4 g cm > (organic solvent
mixtures or inorganic salts), so that the light,
floating organic material can be separated. For
particle size fractionation, the material in the
>63 pm fraction (sand fraction) is separated,
which can be further fractionated by sieving. The
organo-mineral compounds <63 pum are sepa-
rated using sedimentation in water, and the
<2 pm fraction can be further separated via
centrifugation. Fractionation according to the
particle size and the density are often combined.

Using such combined particle size and density
fractionation, it is possible to separate specific
organic matter fraction from mineral soils. The
particulate organic matter can be found in the
light or coarse fraction, which mainly consists of
partly decomposed plant residues. The heavy and
fine fractions mainly contain organo-mineral
compounds. If the aggregation is selectively
destroyed by ultrasound, the occluded particulate
organic matter, mainly plant residues with a
higher degree of decomposition, can be isolated.

The OC fraction in organo-mineral com-
pounds, which cannot be separated from the clay
by ultrasonic treatment (to destroy the aggre-
gates) and subsequent density separation, lies
between 10 and 95 % in various soils. In general,
organo-mineral compounds account for high
proportions of the total carbon especially in the
subsoil, while in the topsoil, a larger fraction of
plant residues can be found in a form that is free
and/or occluded in aggregates. The content of
this particulate organic matter is higher in top-
soils under forest or grassland than under culti-
vated land. Plant residues are mainly added to the
topsoil; this is why their proportion in the organic
matter here is also the highest, while
organo-mineral compounds dominate in the B
horizon. For this reason, the degree of decom-
position generally increases from top to bottom.
However, it must be considered that root litter
and leaching of particulate and dissolved organic
matter have an influence on the composition of
the organic matter in the subsoil.

3.5 Composition
and Properties of Soil
Organic Matter

3.5.1 Binding Forms of C, N, P

and S in Soil Organic
Matter

Characteristic changes in the composition of the
organic matter take place during the course of
decomposition and stabilization processes. The
relative proportion of aromatic compounds
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generally remains constant or decreases, the
polysaccharides or O/N-alkyl C fraction decrea-
ses, and the alkyl C (long-chain aliphatic C
compounds) fraction increases. These conversion
processes lead to an increase in the alkyl C to
O/N-alkyl C ratio, a parameter often used for the
degree of decomposition of organic matter.
These typical changes can be observed both in
the organic layers of forest soils and in the par-
ticle size fractions of mineral soils (Table 3.4).
The proportion of carboxyl groups also increases
considerably during the course of humification.
This higher oxidation state is responsible for the
high, pH-dependent cation exchange capacity of
organic matter.

Vegetation and forest fires are observed on
about 530 x 10° ha of land annually worldwide.
These fires convert approximately 90 % of the
biomass to CO, and NO,; however, charcoal is
also formed due to the incomplete combustion,
which represents a relevant C and N sink when
entering the soil. It is assumed that charcoal is
mainly formed in steppe and savanna soils
through (natural) fires, but it also plays a role in
soils of temperate and boreal zones. This black
carbon, the decomposition product of charcoal
resulting from vegetation fires, is stored in the
soil and remains stable over long periods of time.
For this reason, in addition to the morphologi-
cally identifiable pieces of charcoal often found
in soils, high proportions of aromatic C and N
compounds can also be found in the finely dis-
tributed soil organic matter. This pyrogenic car-
bon probably mainly contributes to the organic
matter in particularly dark humic soils. High
proportions of black carbon have been docu-
mented in Chernozems and Chernozem-like
soils, and in anthropogenic soils (Terra preta).
The charcoal residues are most probably
responsible for the condensed aromatic structures
(Fig. 3.2¢) observed in many soils. Their for-
mation from the lignin of plant residues or other
precursors during biochemical conversion pro-
cesses has not been documented. Condensed
aromatic structures in the soil organic matter are
increasingly used as an indicator for vegetation
fires. Soils at the periphery of industrial areas
often also contain organic components

originating from industrial sources, such as coal
dusts, ashes and soot.

Nitrogen is an important constituent of soil
organic matter. While most of the C is liberated
as CO, over the course of decomposition, N is
initially mainly stored in the microbial biomass,
more than 95 % of which is stabilized in organic
matter on the long term. The C/N ratio of the
organic matter therefore becomes increasingly
narrow during the course of degradation and
associated soil organic matter formation, reach-
ing values of 10-12 in soils or soil fractions
which have been intensively processed. The
major part of the organically bound nitrogen is
probably stabilized in the form of amide struc-
tures. The majority of the nitrogen is found in the
form of peptide groups, a smaller portion in the
form of free amino groups. Wet chemical anal-
yses demonstrate that amino acids and amino
sugars, together accounting for about 30-70 % of
the total organic nitrogen, represent the majority
of the molecular units containing N. However,
because the hydrolysis is not complete, the total
content of peptide structures cannot be deter-
mined. Proteins and enzymes are sorbed onto the
clay fraction of soils, and are probably respon-
sible for the narrow C/N ratio of the organic
matter in this fraction. Contrary to former beliefs,
the proportion of nitrogen in heterocyclic aro-
matic compounds is considered to be low with a
maximum of 5-10 %. However, soils affected by
vegetation fires exhibit higher proportions of
heterocyclic N compounds, especially pyrrole
and indole structures.

Sulfur is also always a component of soil
organic matter. The C/S ratio is of about 200 in
grassland and forest soils, and about 130 in cul-
tivated soils. Up to 90 % of the sulfur is bound in
organic form, about 30-75 % of which as sulfate
ester. Another important binding form that is
found is C-bound sulfur at various oxidation
levels. Reduced organic S (oxidation level < +1)
includes organic mono- and disulfides as well as
thiols, e.g. as a component of proteins and pep-
tides; intermediate organic S (oxidation level +2
to +5) includes sulfoxides; sulfones and sulfo-
nates; oxidized organic S (oxidation level +6)
includes ester sulfates and sulfamates. According
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to Prietzel et al. (2007), the distribution of the S
binding forms depends on the land use and the
O, availability in the soil. The proportion of
reduced organic S binding forms increases in the
sequence: Arable land < forest soil < moor.
Phosphorus is also found in soils with more
than 60 % in organic form. Although a portion of
the organically bound phosphorus could not yet be
identified, more than 50 % of the total P in soils has
been found to be in the form of phosphate esters.
Analysis using nuclear resonance spectroscopy
(3 lP) demonstrated that the most important
chemical forms are orthophosphate monoester R—
OPO32_ (inositol phosphates, mononucleotides,
sugar phosphates), orthophosphate diester R;—
OR,—OPO*~ (phospholipids, DNA and RNA,
teichon acids) and phosphonate (C—P binding).

3.5.2 Properties of Soil Organic
Matter

The properties of the humic substances determine
the soil’s characteristics in many ways. Of course,
the influence of organic matter on the properties of
mineral soils is highest in the A horizons.

The adsorption capacity of humic substances
is significant for the binding of many nutrients
that are present as cations in the soil. During the
course of the humification process, the CEC
increases through oxidation and the formation of
carboxyl groups. In general, a sufficient humus
supply is particularly important for maintaining
the CEC in clay-poor soils, or soils where the
clay fraction mainly consists of clay minerals
with low CEC, e.g. kaolinite. This is particularly
true for organic layers and moors, where the CEC
is almost exclusively attributed to the organic
matter, as well as sandy soils, which owe about
75 % of their cation exchange capacity to organic
matter. The CEC of isolated humic substances
lies between 300 and 1400 cmol. kg_l, but it is
strongly pH-dependent. The CEC of soil organic
matter is much lower at 60-300 cmol, kg_l,
because the less transformed litter substances
only have a low CEC. In addition, part of the
charges can be protonated or is not available for

Table 3.5 Sorption capacity of the mineral and organic
components of an Ah horizon with different organic
matter contents for heavy metals (Lair et al. 2007)

Sorption capacity
(mmol2 kg71 LY

Cu Cd Zn
Mineral phase 10.7 2.5 3.5
Soil organic matter
Bare fallow 10.0 mg C g~ " 65.2 214 254
Grassland 26.0 mg C g~ 87.5 33.0 37.7

the CEC due to interactions with the mineral
phase or complex formation.

Metal ions, especially Cu®*, Mn>* and Zn*",
but also other polyvalent cations (e.g. Fe’",
AI**), can also be found in stable complexes with
organic compounds. In water-soluble form, these
chelates can be transported downwards through
the soil with seepage water (e.g. within the scope
of podzolization). They also increase the avail-
ability of chelated micronutrients for plants.

Organic matter also has a great significance
for the binding of inorganic and organic pol-
lutants in soils. The binding of pollutants onto
organic matter regulates their bioavailability and
thus also their persistence. On the one hand, this
prevents direct harm to organisms, and on the
other, it also reduces or retards their translocation
to deeper soil layers or to the groundwater.
Investigations in soils with different humus
contents show that the organic matter is mainly
responsible for the binding of heavy metals.
Depending on the humus content, the organic
matter in the Ah horizon of a Cambisol provides
6-16 times more sorption capacity for Cu, Cd
and Zn than the mineral phase (Table 3.5).

Soils with higher organic matter contents are
characterized by a higher porosity and lower
bulk density. This results in a linear relationship
over a wide range, only small changes are
observed at high OC contents, which are attrib-
uted to the organic matter’s low density.

Organic matter has considerable effects on the
soil’s wettability. Plant residues and strongly
transformed humic substances have hydrophobic
properties. The binding of organic molecules to
the surface of (hydr)oxides and clay minerals
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generally causes these surfaces to be more water
repellent. This has an effect on the development
of flow paths in the soil.

Organic matter has a positive effect on the
structural stability of soils. It favors the formation
of a stable aggregate structure, particularly in
Cambisols, Luvisols and Chermnozems. The
binding of organic matter onto the surfaces of
(hydr)oxides and clay minerals leads to the
development of very stable microaggregates
(<250 pm), which serve as building blocks for
the less stable macroaggregates (>250 pm)
(aggregate hierarchy). The development of mac-
roaggregates is particularly characteristic for
clayey soils and requires the continuous input of
organic residues. This promotes microbial activ-
ity and thus the production of microbial poly-
saccharides, which are mainly responsible for the
stabilization of macroaggregates.

This effect is less pronounced in Ferralsols
and Andosols, because here mainly oxides and
hydroxides have a stabilizing effect in primary
organo-mineral compounds, while macroaggre-
gation is largely lacking. Increased aggregate
stability counters the effects of erosion, since
there is less tendency towards soil surface seal-
ing. Furthermore, the stability towards heavy
loads is improved.

Humus has a high water storage capacity; it
can store about 3-5 times its own weight in water.
Through the aggregating effect, organic matter
also has an indirect effect on the pore size distri-
bution and water balance. This is why the humus
content determines the field capacity in sandy
soils. By adding large amounts of barn manure, it
was possible to increase the humus content in such
soils from 0.93 to 1.38 % within a period of
18 years, whereby the pore volume increased from
38.4 to 41.4 %. Mulch covers also decrease
evaporation and increase the infiltration of water.
A high soil organic matter content shifts the soils’
consistency limits towards higher water contents,
so that soil tillage can be performed at a wider soil
moisture range without structural damage.

Humic substances are the source of the dark
color of the topsoil, and thus promote the
warming of the soil in the spring in cool climate
regions (longer vegetation period). On the other

hand, an organic layer or mulch can lead to
insulation of the mineral soil against temperature
fluctuations.

3.6 Soil Organic Matter
Dynamics
3.6.1 Turnover Rates

and Turnover Time
of Organic Matter in Soils

The turnover time is defined as the quotient of
the humus in the soil with the annual input of
organic matter:

Turnover time (a¢) = amount of OM
(kg m~?)/annual net input (kg m 2 a ")

Under the assumption of steady state condi-
tions, one obtains information on the turnover
time of organic matter in the soil, i.e. the period
of time that is required to completely transform
the organic matter one time. The annual input of
organic matter represents about 3-5 % of the
stocks; about the same amount of C is liberated
back into the atmosphere. This results in esti-
mated average turnover times of several decades.
Depending on the data used, it is estimated to be
of 2640 a, but large differences are observed in
different climate and vegetation zones. Estimated
turnover times are of 18 a for soils under grass-
land, 16 a for deciduous forests, 6 a for tropical
forests, 7 a for agricultural soils, and more than
2000 a for tundra soils.

The inverse of the turnover time delivers the
decomposition rate k (a~') = annual net input
(kg m 2 afl)/amount of OM (kg mfz).

Depending on the composition and site con-
ditions, decomposition rates can vary across a
wide range. They fluctuate between 0.03 a~' in
tundra soils and 6 a~' in tropical rainforests.
Decomposition rates of up to 2-3 % d~' are
known to exist for readily degradable crop resi-
dues on field sites. In forest soils of temperate
zones, rates of approx. 0.1 % d ™' are given for
readily decomposable substances, and up to
107 % d™" for poorly decomposable substances,
which then represent an (almost) inert fraction.
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3.6.2 Estimation of the Turnover
Time

3.6.2.1 '*C Content of Organic
Matter

The radiocarbon age of the soil organic matter
is derived from the natural '*C activity. The
radiocarbon method is based on the measurement
of the ratio of the quantity of the carbon isotope
C to "’C in a sample. The average turnover
time of OC in the soil or in soil fractions can then
be calculated from the decay constant or the
half-life of '*C. The '*C content of a sample can
be either determined by counting the decaying
C nuclei with a Geiger counter or by counting
the still existing '*C nuclei using accelerator
mass spectrometry. The latter method requires
less material, but is more complex and expen-
sive. The results are given in pmC (percentage of
the modern C fraction) or as "*C age in years
before present, and are based on a standard from
the year 1950. The determination the
“C/radiocarbon age enables an estimate of the
average turnover time of the organic matter in
soils or individual fractions. Meanwhile, it is
possible to determine the '“C contents for indi-
vidual components of the organic matter, e.g. for
the microbial biomass and also for the mineral-
ized CO, (Fig. 3.8). The use and atmospheric
testing of nuclear weapons between 1945 and
1963 strongly increased amount of '*C in the
atmosphere. Still today, the '*C/**C ratio has not
yet dropped back to levels from before 1945.
This bomb (radio)carbon can be detected in soils
and generally changes the '*C signature of the
organic matter to “younger” values, however,
due to its penetration behavior into deeper soil
horizons and in various organic matter classes, it
can be considered as a tracer enabling conclu-
sions about current pedogenic processes, e.g.
bioturbation in Chernozems, pedoturbation in
Vertisols, cryoturbation in Cryosols, and perco-
lation into the aquifer.

The organic/litter layers of forest soils are
recent, as is also the topmost layer of Ah hori-
zons, with a '*C age of less than 500 years,
because the organic matter in the topmost profile

S1C (%)
Surface flux (128+9 %o)
—200 100 ]

-100 0
0 1

7 Heavy fraction

N
o
1

{ Light fraction
40 4

(2]
o
1

Soil depth (horizon mid point)

Atmosphere |

Fig. 3.8 6"C contents (°/o,) Of various organic matter
fractions in a forest soil in temperate climates (after
Trumbore 2000)

section is continuously being renewed by the
addition of fresh plant litter. The impact of C
losses through the cultivation of native soils
became obvious in the Great Plains, where the
average *C age was increased by 900 years. This
demonstrates that cultivation mainly liberates C
from fractions with a low '*C age.

With increasing depth, the radiocarbon age
achieves values between 2500 and 4000 years
before present. Both in cultivated and in native
Phaeozems, the organic matter at a depth of 10—
20 cm demonstrates a 1200-year higher '*C age
than at a depth of 0-10 cm. This is coupled with
a lower mineralization rate of the organic matter
from deeper soil horizons. "*C ages of up to
5000-6000 years BP were observed in the sub-
soils of Chernozems and Luvisols, while the Bh
horizons in Podzols have a younger e age due
to constant additions of recent OC.

In general, the '*C age of the individual
organic matter fractions increases with increasing
profile depth (Table 3.6). As expected, smaller,
still poorly decomposed fragments of lignin and
polysaccharides are usually only 10-100 years
old. Organic matter that is bound in organo-
mineral associations is particularly well stabi-
lized against decomposition. The oldest organic
matter is found in the fine silt and clay fractions,
e.g. in the illuvial horizon of Luvisols.
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Fig. 3.9 Recording of the
turnover time of organic
soil carbon based on the

C, vegetation
8'3C ~ -11%o

change in the 6'C
signature after the change
from C3 to C4 vegetation,
as well as the quantity and
mean turnover time of OC
in density fractions of a
Luvisol from loess,

24 years after the =
conversion from wheat ? Cy
cultivation to grain maize £
cultivation (after John et al. 8
2005)
Time >
OC fraction Amount Proportion | Turnover time*
(g C kg™ | maize-derived (years)
OC (%)
Total OC 13.0 35.7 54
OC bound to mineral surfaces 11.3 31.4 63
(heavy fraction, > 2 g cm™®)
OC in free particulate organic matter 0.5 64.8 22
(light fraction, < 1.6 g cm™)
OC in occluded particulate organic matter 1.1 38.3 49
(light fraction in aggregates, 1.6 ... 2 g cm™)

*mean turnover time assuming homogeneous C pools and first oder decomposition kinetcs

3.6.2.2 '3C Isotope Signature
of Organic Matter

The transformation and turnover time of organic
matter can also be determined through the mea-
surement of the *C isotope signal in the soil
(Fig. 3.9). This method takes advantage of the
fact that the *C signature of plants with C4
photosynthetic metabolism (C4 plants, e.g.
maize) is significantly different from that of C3
plants. The average 8'°C difference between C3
and C4 vegetation is about 15 °/,,. For example,
after many years of maize cultivation, the frac-
tion of maize C in a soil can be determined where
the soil organic matter previously had a C3 sig-
nature. This method makes it possible to measure
the C turnover in situ over longer periods of time.
In a Luvisol, the fraction of maize OC in the soil
organic matter was of 36 % after 24 years of
maize cultivation, corresponding to a turnover
time for the soil organic matter of 54 years. This
also then enables the detection of the carbon

fixed in different fractions. While mainly maize
C was found in the light fraction, only 31 % of
the carbon in the mineral-bound fraction came
from the maize residues with a turnover time of
63 years. The light fraction occluded in the
aggregates has substantially longer turnover
times. This confirms that the turnover times of
carbon in the clay and fine silt fraction are much
longer than in the coarse or light fractions.

The use of tracers (model substances or plant
residues) labeled with '*C or '°N, which differ
from the natural background in terms of their
isotope composition, enables tracing of the
development of specific components in the soil,
both in laboratory experiments and in field trials.
A special advantage of this method is that the use
of stable isotopes enables the recording of
long-term processes, and in combination with
thermal or chemolytic degradation, also enables a
component-specific isotope analysis on a
molecular basis.
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Unlabelled C

Labelled C
y =70.9 e2%4 291 g 008

Organic carbon retained in soil (%)

10 T T T T
0 2 4 6 8 10

Period of incubation (years)

Fig. 3.10 Loss of soil C and C from '*C labelled rye
straw over the course of a 10-year open field incubation
(after Jenkinson 1977)

3.6.3 C Turnover Modeling

The turnover of fresh organic matter added to the
soil can be described with an equation, where the
turnover rate is proportional to the amount of
existing substrate:

A = Age ¥

Here, A, and A, are the quantities of organic
C in plant residues at the time 0 and at the time ¢,
and k is the reaction constant per unit of time. In
this Ist order equation, the quantity of added
organic matter is reduced respectively by half
(half-life) within a specific period of time. This

Fig. 3.11 The Roth C
model, example for a
multi-component model to
simulate the C turnover in
soils (after Coleman and
Jenkinson 1999)

inputs

Organic i E

enables a good description of the decomposition
of plant residues during the first years (Fig. 3.10).

To describe and predict C storage and
dynamics in the soil, one must take account of
the varying stability of the different SOM pools,
which results from the turnover times described
above. For this reason, the organic matter in most
turnover models is found in a finite number of
compartments or pools. Current carbon turn-
over models (Fig. 3.11) use three or more
functional pools that are characterized by differ-
ent carbon turnover rates. In addition, the turn-
over rates are often described using relationships
with the soil moisture, temperature, clay content,
pH value and the N availability. The organic
matter is generally differentiated into three pools:
rapid turnover (labile), slower turnover (inter-
mediate), and very slow turnover rate (passive).
The quantitative description of the turnover
behavior in the different pools is based on the
empirically obtained turnover rates described
above.

The labile pool is transformed very rapidly,
within a few months or years, but only accounts
for about 1-5 % of total soil organic matter. The
labile fraction of soil organic matter consists of
undecomposed, readily available residues from
plants and microorganisms, and is mainly sig-
nificant for the short-term nutrient supply in
soils. In soils used for arable farming, about half
of the organic matter has an average turnover
time of 10-50 a, i.e. it corresponds to the inter-
mediate pool. The intermediate pool mainly
consists of partially decomposed plant residues,
where the lignin accumulated compared to the

CO,

Decay

<z CO;
ecay
----- -

RPM: Resistant Plant Material

DPM: Decomposable Plant Material
BIO: Microbial Biomass

HUM: Humified OM
IOM: Inert Organic Matter
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more readily degradable polysaccharides. This
fraction is probably protected against decompo-
sition through aggregation, and is therefore
strongly influenced by various management and
soil tillage methods (Fig. 3.4). This fraction can
be successfully isolated using the above-
mentioned combined fractionation according to
the particle size and density.

The passive pool has average turnover times in
the range of hundreds to thousands of years. Some
model approaches also contain an inert pool, which
is considered to be non-decomposable and is
therefore included as a constant. The stable humus
fraction accounts for the passive pool in the models
and is most significant in terms of quantity. The
very stable fractions of soil organic matter probably
mainly consist of charred organic matter and
organic substances in organo-mineral compounds.
Organo-mineral compounds are dominated by
polysaccharides and alkyl-C compounds, whereas
aromatic constituents are of secondary importance.

The multitude of processes that lead to very
long-term stabilization of organic matter in the
passive pool has made the prediction of the
magnitude and degradation behavior of the pas-
sive carbon pool difficult until now. For this
reason, it has not yet been possible to establish a
satisfactory relationship between the conceptual
pools of the model and the measurable fractions
of the soil organic matter, and to selectively

Rotthalmiinster (Corn monoculture)

Flux active

C-Input
0.46 (kgm™ ) a'

0.02...0.03 kg m2a"
0.4...0.5 % SOC

isolate them from soil. In addition to insufficient
fractionation and characterization methods, this
is mainly due to the fact that organic matter in the
soil exists as a continuum, and not in discrete
fractions. Nevertheless, the fundamental compo-
nents of the individual pools are meanwhile
described in such widely used models.

3.6.4 Soils as a Carbon Reservoir
and Source

Within the framework of climate protection, the
soil’s function as a carbon reservoir has gained
major interest, because building up the soil carbon
pool leads to a sequestration of atmospheric CO,.
At the same time, CO, storage as well as all bio-
genic greenhouse gases, i.e. also nitrous oxide
(N,0) and methane (CH,) must also be considered
(Lal 2004). Figure 3.12 shows the C pools and
fluxes of the soil C cycle. In every soil under nat-
ural vegetation or with long-term unchanging use,
a steady-state is established between the supply
and decomposition of organic matter according to
the climatic conditions (Table 3.7). The produc-
tion of CO, in soils is almost entirely from root
respiration and microbial decomposition of
organic matter. Like all chemical and biochemical
reactions, these processes are temperature-
dependent (Fig. 3.13). The question as to

Flux intermediate Flux passive
0.04...0.09 kg m=a" 0.0004...0.003 kg m g’
0.7..1.7 % SOC 0.007...0.06 % SOC

f Input

SOC Ap: 5.4 (kgm™), T=54a

. Rhizodeposition

» and roots

Active pool:
0.17 (kgm?) a'| 13..20 %
N\, | 0711 kgm®
T<35a

Intermediate pool: Passive pool: |}
70...80 % par 7...10 % 1
3.8..43kgm? [10.4...0.5 kg m?|!
T=50...100 a T>200a

DOC: 0.5...0.4 %: 0.03 kg m™

(40/60 = active/passive)

Flux DOC: 0.002...0.009 kg m2a™"; 0.04...0.16 % SOC

Fig. 3.12 Mineralization rates in different soil organic
matter pools. Active, intermediate, passive pool: deter-
mined using the particle and density fractionation.
Calculation of the turnover times (7) using 53¢
measurements in C3/C4 conversion soils (Flessa et al.

2008), C stocks and C input from maize straw
(Kogel-Knabner et al. 2008a, b), C input underground
(roots and rhizodeposition) (Ludwig 2005), DOC: guide-
line values from Haynes (2005), von Liitzow et al. (2007)
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Table 3.7 Turnover time for soil organic matter in different climatic zones

Climatic zone

Ecosystem
Boreal Boreal coniferous forest
Temperate Mean value 31 sites
Temperate forests
Temperate forests
Cool temperate forests
Humid

Subhumid savanna

Humid savanna

Maritime (Rothamsted

Wheat, unfertilized
UK)

‘Wheat, NPK
Grassland, unfertilized
Tropical Mean value, 23 sites
Tropical rainforest

Tropical rainforest

Turnover time

References

Method
(a)
2200 Trumbore (2000) Calculation®
63+7 Six et al. (2002) 13C method
12° Trumbore (2000) Calculation”
11-31°¢ Garten et al. (2006) Calculation®
30* Jenkinson (1981) Calculation®
34% Jenkinson (1981) Calculation®
37¢ Jenkinson (1981) Calculation®
22% Jenkinson (1981) Calculation®
30? Jenkinson (1981) Calculation®
77% Jenkinson (1981) Calculation®
36+5 Six et al. (2002) C method
9 Jenkinson (1981) Calculation®
2.5° Trumbore (2000) Calculation”

“Estimated from the ratio of the net primary production to the OC content of the soil

PCalculated from OC stocks and soil respiration

“Calculation based on measured OC stocks and estimated C input

ture senS‘IﬁViw
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Fig. 3.13 The intrinsic temperature sensitivity of
decomposition of an organic-C substrate is a function
of the decomposability of the molecule and the ambient
temperature. In general, more complex molecular struc-
tures have higher activation energies and, hence, higher
temperature  sensitivity.  Environmental

and  soil

whether the build up of soil organic matter (e.g.
through higher organic matter input or changes in
land use) would ultimately lead to a net CO,

constraints on decomposition will dampen or obscure
the intrinsic temperature sensitivity by reducing substrate
availability, often causing the measured (or ‘apparent’)

temperature sensitivity to be less than expected. Modified
from Davidson and Janssens (2006)

fixation can only be assessed on an ecosystem
level, in conjunction with the net primary pro-
duction (NPP) (net biome productivity
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NPP — respiration losses). The role of soils as a
source or sink for greenhouse gases can thus only
be evaluated through simultaneous consideration
of the losses through heterotrophic respiration and
gains through biomass production and litter
incorporation. If carbon stored belowground is
transferred to the atmosphere by a warming-
induced acceleration of its decomposition, a
positive feedback to climate change would occur.
Conversely, if increases of plant-derived carbon
inputs to soils exceed increases in decomposition,
the feedback would be negative (Davidson and
Janssens 2006). Soil moisture, temperature and
soil texture, as well as the quantity and quality of
the supplied litter as a substrate for soil organisms,
are important site factors for the intensity of bio-
logical turnover processes, which produce CO,,
N,O and CHy (see Chap. 4.2).

Under the same climatic conditions and with
the same C supply, clay-rich soils often have
higher humus contents than sandy or silty soils.
This is probably due to a combination of stabi-
lizing processes through direct interactions with
the solid phase and aggregation. The higher
humus contents in fine-grained soils are explained
by (a) the capacity of clay minerals, aluminum
and iron oxides to adsorb organic substances and
thus reduce microbial decomposition; (b) the
higher content of aggregates, where the enclosed
carbon compounds are protected from decompo-
sition by microorganisms, and (c) the resulting
more frequently occurring anoxic conditions.
Therefore, a smaller fraction of the organic matter
is mineralized in clay-rich soils than in clay-poor
soils (Fig. 3.14). Here, the significance of the clay
fraction is particularly high when the clay con-
tents are low. As shown in Fig. 3.15, the accu-
mulation of C and N in the fine fractions
decreases with increasing clay and silt content.
Long-term field experiments demonstrate the
dependence of the soil organic matter content on
the organic matter inputs (Table 3.8; Fig. 3.16).
Inorganic fertilization has a direct influence on
the organic matter content in soils through the
yield quantities and thus the crop residue supply.
Under comparable crop rotations, the soil organic

100

Ic = loamy clay
Organic'®N 8! = sandy loam

Ic

Organic'C

Biomass'‘C

Organic' C and'™ N (% of input)
=

0 1 2 3 4 5 6
Turnover time (years)

Fig. 3.14 Residual 4C and residual '>N and biomass
%C in a clay (Cl) and a sandy loam (Ls) during the
decomposition of labelled legumes under field conditions
(after Ladd et al. 1996)

(a) 30
'% o Clay y=18.9 x%78 r = —-0.90***
20 4 Fine + medium silt: y =32.4 x7"% r=—-0.91***
A A
L ®
L Fo
10 %
s
0 DAfha 0 0o, o o Opg
T l T T T
0 40 60 80
(b) 5
30 o Clay y =253 x4 r=-0.88"*
® o Fine + medium silt: y = 27.0x0% r = -0.89"*
1%
) o o
T T T

Proportion of fraction (%)

Fig. 3.15 Enrichment factors (Anreicherungsfaktoren)
for a organic carbon (AFc) and b nitrogen (AFy) in the
clay, fine silt and medium silt fractions of soils with
various clay and silt contents. AF- = % C in fraction/C in
the bulk soil, AFy = % N in fraction/N in the bulk soil
(from Schulten and Leinweber 2000)
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Table 3.8 Long-term effects of farmyard manure (FYM) application, mineral fertilization (N, NP, PK, NPK) and bare
fallow on OC concentrations (mg g~ ') of agricultural topsoils

Site Germany Spain
Bad Madrid
Lauchstadt

Climate Cool temperate ~ Mediterranean

Duration (years) 108 26

Crop rotation Sugar beet/ Sugar beet/
spring barley/ potato/cereals
potato/winter
wheat

Clay content (%) 21 27

pH 7.0 na

Unfertilized control 15.7 5.5

FYM 20.6 9.5

Application FYM 10 10

(tha™! yeafl)

N 19.4 -

NP 20.4 -

PK 18.5 -

NPK 20.9 6.1

FYM + NPK 22.9 10.0

Bare fallow - -

Sweden UK India China

Ultuna Rothamsted ~ Ranchi Yangling/
Shaanxi

Cool Temperate Sub- Semi-arid

temperate  maritime tropical

53 155 30 20

Spring Winter Soybean/  Winter

cereals/ wheat winter wheat/

fodder wheat maize

crops

37 25 25 na

6.6 6.3 5.3 na

15.0 10.3 3.5 7.4

22.1 27.3 na na

8 35 na 21

- - 3.4 8.5

- - 4.2 10.2

- - - 8.4

- 10.3-12.4 4.5 10.0

- 26.3 4.7 13.9

9.7 - - 7.9

From Blair et al. (2006), Borjesson et al. (2012), Korschens et al. (2013), Manna et al. (2007), and Yang et al. (2012)

na Not available

10
§
€
%
23 J
£ <
5 4 \’\V\_‘
(@] /
L 44/ s
[\ /
o ll====-_-: A A :
Qo TS v
S 21
o
(@)
0 T T
1850 1900 1950 2000
Year

Fig. 3.16 Temporal change in the humus content in
loamy Cambisols from the long-term trials in Rothamsted
under different management since 1852; Square box (O)
barn manure, filled circle (@) unfertilized, triangle (A)
NPK, black down pointing triangle (¥) barn manure,
unfertilized since 1871 (after Jenkinson 1988)

matter content of the soil increases with increas-
ing yields through fertilization. In wet soils (peat)
and soils with thick forest floor layers, the
strongly retarded biological decomposition of
organic matter in these soils results in carbon
storage (Figs. 3.12 and 3.13).

Although they are difficult to predict, boreal
thawing processes are an important influencing
factor on the global soil C balance. The top 3 m of
all permafrost-zone soils within the northern cir-
cumpolar permafrost zone contain about 1024 Pg
C. This C accumulated over thousands of years
under cold and sometimes waterlogged condi-
tions, but becomes partly susceptible to thawing as
the climate changes to warmer conditions. If these
soils thaw, the ancient C stored in the permanently
frozen layer is available for decomposition by soil
organisms and is released to the atmosphere. The
progressive mineralization of previously con-
served organic matter stocks in the soil could
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affect one quarter to one third of the global soil C
resources. However, the extent to which these
changes have an effect on the soil C stocks mainly
depends on the soil moisture conditions. Some of
this C is easily metabolized and will be consumed
quickly by microorganisms while other fractions
are more difficult to break down because the sta-
bilization processes described above also take
effect here and will thus remain within the soil for
much longer. How much greenhouse gas is
released will depend on the balance between the
release of carbon dioxide (CO,) or methane
(CHy), i.e. the prevalence of aerobic or anaerobic
conditions after thawing and the subsequent
decomposition (Schuur et al. 2013). The green-
house effect of methane is 20-30-fold higher than
that of CO,. Where the tundra is transformed into
active moors, they can continue to grow. While
the humus body continues to grow, so do the
methane emissions.

Changes in land use disturb the steady state
between the supply of organic matter and
decomposition. Deforestation and the cultivation
of previously forested areas, or the conversion of
steppe or grassland into arable land as well as
inverse measures have a strong effect on the
organic matter dynamics, with changes preferen-
tially in the topsoil. The temporal changes in the
organic carbon occurring here follow the same
course as those of organically bound nitrogen. The
global soil C stocks have been continuously
reduced since the beginning of soil cultivation
about 10,000 years ago. About 20 % of the current
atmospheric CO, concentration can probably be
attributed to the cultivation of natural sites, 24—
32 % of which to the decomposition of soil organic
C. The most important factors are, as shown in the
following examples, deforestation and the con-
version of grassland or forest to cropland, soil
tillage, and drainage. Conversion of native grass-
land or forest to cropland, resulted in losses of 20—
40 % of the soil organic matter stocks, mainly from
the topsoil (Scharlemann et al. 2014). The reduc-
tion of the OC content in the topsoil after the
conversion of steppe or grassland into arable land
is due to the combined effect of erosion losses,

biochemical decomposition of the organic matter,
and dilution effects through tillage (deepening of
the ploughed A horizon). Soils under permanent
grassland or forest often contain more organic
matter than neighboring arable land, because litter
input is higher and the topsoil is not tilled. When
land has been taken into cultivation, the sub-
sequent loss of organic matter does not take place
uniformly, but rather preferentially from the par-
ticulate organic matter fraction, which mainly
contains younger, poorly decomposed plant
residues.

If the natural aggregation state of a soil is
disturbed, e.g. due to soil tillage and the culti-
vation of natural soils, the turnover rate of the
physically protected fraction increases, and there
are particularly high C losses from the coarse
fraction. The more often the soil is tilled during
the course of the season, and the more ploughings
are used, the more the humus content decreases.
In doing so, the mineralization of previously
physically protected organic matter from aggre-
gates is stimulated. This degradation, caused by
intensive aeration and destruction of the aggre-
gates, can be reduced if loosening, non-inversion
tillage is used instead of ploughing.

Managing soil carbon is considered to produce
multiple benefits and improve soil properties as
well as soil fertility. Actual management concepts
suggest to increase soil carbon contents by
appropriate management and at the same time
enhance arange of ecosystem services (Table 3.9).
Increasing the soil OC of degraded soils could
simultaneously ensure high agricultural produc-
tivity, sequester CO, whose emissions might
otherwise exacerbate climate change, and enhance
water capture. Based on the discoveries of
long-lasting fertility of the Terra preta, application
of biochar to soils is considered a strategy that
would increase stable soil organic matter, increase
bioavailable water, lower bulk density, act as a
liming agent, and reduce leaching of pesticides
and nutrients to surface and ground water. Biochar
is a carbon-rich product resulting from pyrolyzing
biomass. When applied to the soil it is considered
to be resistant to decomposition, effectively
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Table 3.9 Management options to promote C sequestra-
tion in agricultural topsoils

Management option Potential C

sequestration

(tha! year_l)
Conservation/zero tillage 0-0.8
Incorporation of crop residues 0.2-0.7
Application of manure/slurry 0.2-1.5
Improved rotations/intermediate crops  0.1-0.6
Organic farming 0-0.5
Bioenergy crops 0-0.6
Improved grazing management 0.2-0.7
Conversion cropland to grassland 0.3-1.9
Conversion cropland to forest 0.5-1.9

Based on data from Smith (2004), Vleeshouwers and
Verhagen (2002), Dendoncker et al. (2004), Freibauer et al.
(2004)

sequestering the applied carbon and mitigating
anthropogenic CO, emissions. Other promoted
benefits of biochar application to soil include
increased plant productivity and reduced nutrient
leaching. However, the effects of biochar are
variable and it remains unclear if recent enthusi-
asm can be justified (Gurwick et al. 2013).
Although biochar application to soil has been
considered to be long-lasting carbon capture
strategy, only few data are available to date to
evaluate the stability of biochar in situ and show
variable and uncertain results. But despite the
variability introduced by soil and climate, the
addition of biochar to soils resulted, on average, in
increased aboveground productivity, crop yield,
soil microbial biomass, rhizobia nodulation, plant
K tissue concentration, soil phosphorus (P), soil
potassium (K), total soil nitrogen (N), and total
soil carbon (C) compared with control conditions.
Soil pH also tended to increase, becoming less
acidic, following the addition of biochar. Thus,
although there remain many uncertainties biochar
addition to soils holds promise in being a
win-win-win solution to energy, carbon storage,
and ecosystem function (Biederman and Harpole
2013).
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Soil Organisms and Their Habitat

The edaphon comprises all organisms living in
the soil. Based on the body diameter of the
organisms, the edaphon is divided into the clas-
sifications microflora, microfauna, mesofauna
and macrofauna. The body width of soil organ-
isms largely determines their microhabitats
(Fig. 4.1). Microflora (bacteria, archaea, fungi,
algae) and microfauna (protozoa, nematodes)
form the community of microorganisms in soils.
Soil organisms influence soil formation (pedo-
genesis) directly (e.g. through burrowing activity
and decomposition of organic matter) and indi-
rectly (e.g. by feeding on plant roots). Soil
microorganisms and soil fauna whose life cycle
stages all take place in the soil, belong to the
permanent soil organisms. Temporary soil fauna
spend only part of their life cycle in the soil (e.g.
insect larvae), while periodical fauna often leave
the soil and then return. Alternating soil fauna
alternate between aboveground and underground
generations (Fig. 4.2). However, permanent soil
organisms can also be spread through the atmo-
sphere in resistant dormant forms (cysts, spores),
or sorbed onto dust particles. Active or passive
transport of soil organisms within the soil profile
can take place as well.

The first sections introduce individual groups
of organisms living in the soil; subsequent sec-
tions describe ways in which soil organisms have
adapted to their habitats and explain their func-
tions in the soil, including their ability to serve as
very good bioindicators for natural and anthro-
pogenic changes in soils. The last section

© Springer-Verlag Berlin Heidelberg 2016

explains important classic and molecular

approaches in soil biology.

4.1 Soil Organisms

Microflora and Viruses
in Soils

4.1.1

Soil organisms can be classified into three
domains according to the different structures of
their ribosomal RNA (rRNA): bacteria (Bacteria),
archaea (Archaea) and eukaryotes (Eukaryota)
(Fig. 4.3). Bacteria and archaea, collectively ter-
med prokaryotes, do not have a cell nucleus.
Eukaryotes are organisms with a cell nucleus and
cell membrane and are generally much larger than
prokaryotes. Viruses, viroids (infectious mole-
cules consisting of ribonucleic acid) and prions
(potentially pathogenic proteins in animals and
human beings) have their own taxonomic classi-
fication. Viruses in the soil often use bacteria as
hosts. However, plant, animal, and human
pathogenic viruses have also been found in soils.
Current knowledge of the ecology of viruses in
the soil is limited. Viruses do not have their own
metabolism; they are dependent on that of the
host cell. Because viruses can destroy their host
cell during infection, their presence is likely to
affect the microbial foodweb.

Soil bacteria (Bacteria) are small
(0.2-2.0 pm) unicellular organisms. Parasitic
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Fig. 4.1 Size classification of soil organisms according to their body diameter (after Paul 2015)
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Fig. 4.2 Different soil organisms either spend their entire life or only certain stages of their life in the soil. The various
behaviors are represented using different insects (after Coleman and Crossley 1995)

bacteria (e.g. Rickettsia in ticks, fleas, mites and  differentiating soil bacteria is named after the
lice) range in size from 500 to 200 nm (Fig. 4.4). Danish scientist Hans Christian Gram, based on
Soil bacteria cannot easily be distinguished based differential staining of the bacterial cell walls.
on their shape. A classical method of Gram-negative bacteria have an outer cell
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Fig. 4.3 The universal tree of life constructed by analysis of sequences of small subunit rRNA genes (after Fuchs and
Schlegel 2007)
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Fig. 4.4 Size comparison of microorganisms, soil pores and particle sizes (after Maier et al. 2000)
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Fig. 4.5 Comparison of the cell wall structure of Gram-negative and Gram-positive microorganisms (after Maier et al.

2000)

membrane consisting of lipopolysaccharides,
porins (pore-forming transmembrane proteins)
and other mac- romolecules (Fig. 4.5). In con-
trast, gram-positive bacteria do not have an
outer cell membrane; their cell walls mainly
consist of peptidoglycan. However, some soil
bacteria, e.g. cyanobacteria, cannot be clearly
classified according to the staining method. Soil
bacteria are characterized by high functional
diversity: at least 150 different metabolic path-
ways and 900 different reactions performed by
bacteria have been described. Proteobacteria
(subclasses: a, B, y, 0 and ¢ proteobacteria) and
representatives of the firmicutes, actinobacteria
and bacteroidetes have often been isolated from
the soil using culturing methods. Details on the
phylogeny of these microorganisms can be found
in Bergey’s Manual of Bacteriology. The a pro-
teobacteria have developed various feeding
strategies, including feeding on dead organic
matter, symbiotically or parasitically. The a
proteobacteria also include rhizobia, which can
fix nitrogen in symbiosis with legumes. § and y
proteobacteria (e.g. Burkholderia and Azoarcus)
use readily available plant exudates found in the

plant rhizosphere. The S proteobacteria also
include various nitrifiers, denitrifiers and
xenobiotic-decomposing microorganisms. Many
sulfate-reducing microorganisms belong to the
subclass of the J proteobacteria. Firmicutes are
Gram-positive bacteria characterized by low
levels of the nucleotides guanine and cytosine.
They form endospores and can therefore persist
in soils for long periods. Actinobacteria (e.g.
Streptomyces) grow very slowly in the soil and
exploit a diversity of hard-to-decompose organic
compounds as food sources. Cyanobacteria are
photoautotrophic, Gram-negative, uni- to multi-
cellular Eubacteria. Cyanobacteria use a larger
range of the light spectrum than plants for their
photosynthesis, and can therefore also success-
fully colonize areas of low light intensity (e.g.
the underside of rocks). In addition to chloro-
phyll, they use various phycobilins as accessory
pigments for photosynthesis. Many cyanobacte-
ria transform molecular nitrogen into ammonium
(nitrogen fixation) in special cells (heterocysts).
Molecular methods furthered the discovery of
additional soil microorganisms; however, many
of these have remained unculturable until now.
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Representatives of the Acidobacteria group are
probably of special ecological significance and
are found in almost all terrestrial habitats.

Archaea differ from the two other domains
particularly through the structure of their cell
walls and plasma membranes. The cell walls of
archaea do not contain murein (peptidoglycan)
and the plasma membranes do not have
ester-bound lipids; in contrast, they contain
ether-coupled lipids as well as complex RNA
polymerases. Archaea are resistant to antibiotics
that target cell walls. The significance of archaea
in terrestrial ecosystems is much greater than was
earlier assumed. Initially, archaeca were found
mostly in extreme environments (e.g. in hot
springs, in highly concentrated saline solutions, in
very acidic or very alkaline environments). In
recent years, however, archaea have been found in
most soils and it is thought that they may play an
important role in the nitrogen cycle. Some archaea
produce the enzyme ammonia monooxygenase,
which is required for the transformation of nitrate
to nitrite during nitrification. Meanwhile, due to
their special surface structures (S-layer), archaea
are used in bio- and nanotechnology for microbial
ore leaching, biogas production and for
ultrafiltration.

Fungi spread through the soil with their cylin-
drical, thread-like cells (hyphae, diameter 1-
10 pm). The hyphae of a fungus, are referred to
collectively as its mycelium. All fungi are
eukaryotes and, with few exceptions, their cells
have a cell wall. Until recently, fungi had been
classified into five different phyla: Chytridiomy-
cota, Zygomycota, Glomeromycota, Ascomycota
and Basidiomycota. However, the taxonomy of
fungi is currently being revised, e.g. representa-
tives of the Zygomycota will be classified with the
Glomeromycota and various subphyla. Chytridi-
omycota form mobile zoospores and are not very
common in soils. Zygomycota use readily avail-
able carbon sources very rapidly and are therefore
also called sugar fungi. They produce thick-walled
zygospores, which are formed after the fusion of
two different hyphae. Zygomycota have thermo-
philic representatives that can grow at tempera-
tures of up to 60 °C. The phylum Glomeromycota
includes all fungi that form arbuscular mycorrhiza

(see Sect. 4.1.4) as well as those that can interact
symbiotically with cyanobacteria. The Ascomy-
cota (sac fungi) get their name from their repro-
ductive structure (ascus = special cell of sexual
fruiting bodies). Haploid ascospores are formed in
the asci after meiosis (reduction division). This
group includes many yeast and mould fungi, edible
mushrooms (e.g. morels, truffles), as well as a
multitude of fungi without sexual stages in their
life cycles (Deuteromycota). Ascomycota (e.g.
Moucor, Penicillium, Trichoderma and Aspergillus)
play an important role in the decomposition of
litter in soils. The Basidiomycota form a large
group, whose hyphae are septate and divided into
individual compartments. Several Basidiomycota
(white-rot fungi) completely decompose lignin
from dead plant material and lead to white-rot of
wood, where the cellulose remains behind as a
white mass. Brown-rot fungi only decompose
cellulose and hemicellulose, and leave various
brown-colored oxidation products of lignin
behind. Certain fungi also live on protozoa and
nematodes; others are plant pathogens (e.g. species
from the genera Phytophtora, Fusarium, Gaeu-
mannomyces) or hyperparasites of plant patho-
genic fungi (e.g. Trichoderma) and are therefore of
biotechnological interest. The Peronosporomyce-
tes (formerly Oomycota) are much more closely
related to algae than to the higher fungi. The
Oomycota include the pathogens of numerous
plant diseases, such as late blight in potatoes and
downy mildew (Peronosporaceae). The taxonom-
ical position of the Myxomycota (slime molds) is
also disputed. As heterotrophic organisms, they
form plasmodia (plasma masses with many cell
nuclei or ameboid cells). Plasmodia can move like
large amoebae and feed through phagocytosis, but
can also form mushroom-like fruiting bodies. Most
species are found on various substrates (dead
wood, grass, dead plant parts and moss).

Soil algae are mainly active in the upper
centimeters of the soil. In the continental Ant-
arctic, they play an important role in humus
formation after the snow has melted. Soil algae
are eukaryotic organisms containing chlorophyll
in their cells, and as phototrophic organisms,
they can use light as an energy source. The range
of species of soil algae consists of euterrestrial
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Fig. 4.6 Single-cell green algae (Radiococcaceae), a
member of the Trebouxiophyceae (Chlorophyta), in
culture. The cells excrete extracellular polymer substances
(EPS), which become visible through the addition of ink
particles. Scale: 20 pm. Image Collection of algae
cultures, University of Gottingen

and facultative terrestrial representatives. Facul-
tative terrestrial algae are constituents of aero-
plankton in the atmosphere; they temporarily
enter the top soil layer, but cannot establish
themselves permanently in the soil. Euterrestrial
algae, in contrast, are optimally adapted to the
soil environment and exhibit site specificity.
Most soil algae belong to the green algae
(Chlorophyta, Streptophyta), yellow-green algae
(Heterokontophyta: Xanthophyceae) or diatoms
(Heterokontophyta: Bacillariophyceae). Green
algae and cyanobacteria, the latter classified
among the bacteria, enter symbioses with certain
Ascomycetes; the product of these symbioses are
called lichens. Soil algae often excrete extracel-
lular polymer substances (EPS), which contribute
to the physical stabilization of soils. Figure 4.6
shows the wide zone of EPS excretion, which is
differentiated from the surrounding medium
through dye particles. Environmental changes
can be detected by monitoring soil algae.

4.1.2 Soil Fauna (Micro-, Meso-,
Macro- and Megafauna)

As single-celled eukaryotes, protozoa are the
smallest soil fauna and are important members of
the microfauna. Protozoa have adapted to life in the

soil through the formation of cysts, dormant stages
(anabiosis [from the Greek anabiosis = resuscita-
tion]), and tolerance to high CO, concentrations.
Protozoa generally reproduce through asexual
division of the mother cell into two daughter cells;
sexual propagation is rare among protozoa. Three
groups of protozoa are found in the soil, classified
according to their motility as follows: flagellates
(Mastigophora), amoebae (Sarcodina) and cili-
ates (Ciliophora) (Fig. 4.7). Flagellates can move
in the soil water by means of one or several flagella.
Phytoflagellates contain chlorophyll and live pho-
toautotrophically in the topmost soil layers. Fla-
gellates mainly feed on bacteria. A smaller number
of flagellates live exclusively as parasites or
pathogens. Trichomonas species live in the guts of
termites and other insects. Naked amoebae
(Amoebina) and testate amoebae (Testacea)
develop cytoplasmic appendages (pseudopods).
Amoebae feed by absorbing particulate substances
(bacteria, fungi, algae or small organic particles)
(phagocytosis). Ciliates have cirri, which assist in
motility and food intake. Site-specific ciliates are
found in organic layers (e.g. mull and moder).
Ciliates often feed on bacteria; however, some are
also predators on other protozoa.

Because their body diameter is smaller than
0.2 mm, nematodes (Nematoda) are members
of the microfauna. With their cylindrical body
shape tapering at the end, they are very well
adapted to conditions in the soil. They live in the
thin water films, around soil aggregates, and in
the rhizosphere. Nematodes absorb oxygen
directly through their body surface. The shapes
of the animals’ heads are important taxonomical
characteristics in nematodes (Fig. 4.8): Nema-
todes use their stylets to pierce plant roots or
fungal hyphae. Predators have teeth and ridges to
break down their food. Bacteria feeders have an
oral cavity opening into a muscular, sucking
pharynx; they suck in their food by contracting
their pharynx. A distinction is made between
free-living and parasitic nematodes. Ectopara-
sites pierce root hairs and cells with a short or
long stylet, migratory endoparasites move within
the root tissues, and sedentary endoparasites
reside in galls or cysts. Free-living nematodes
mostly feed on bacteria or fungi. By grazing on
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Fig. 4.7 (a-b) Ciliophora (photos a Colpoda inflata,
length ca. 50 pm; b Pattersoniella vitiphila, length ca.
200 pm); ¢ Amoebina (naked amoeba, Mayorella sp., size
about 40 um); d Testacea (testate amoebae), Euglypha

soil microorganisms, nematodes mobilize nutri-
ents and accelerate mineralization processes in
the soil.

Arthropods (Arthropoda) are members of
the mesofauna (Fig. 4.1). Arachnids (Arach-
nida), crustaceans (Crustacea), centipedes and
millipedes (Myriapoda), and insects (Hexa-
poda) have a chitin cuticle, protecting them from
desiccation and mechanical injury. Collembola
(springtails) and Acari (mites) are particularly
common representatives of the microarthropods
in soils.

Springtails (Collembola) are wingless ani-
mals that are unable to dig, using the voids in the
soil as habitat. Epedaphic forms live on the sur-
faces of soil and snow. They are protected from
UV radiation by their strong pigmentation and
hair coat. Their long antennae serve, among other
functions, to detect odors, and their
well-developed furcula (an abdominal, tail-like

_
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sp., length ca. 50 um); (drawings b and c after Paul 2015;
drawings a and d and photos a-d from W. Foissner,
University of Salzburg, Austria)

appendage) helps them to escape from predators.
Hemiedaphic species colonize the litter and the
topmost soil layer. Euedaphic-living species are
found in deeper soil layers. This life strategy is
characterized by size reduction, shortening of the
extremities, reduction of the eyes and lack of
pigmentation. Collembola mostly feed on fungi
and bacteria or on dead plant parts, carrion and
feces from larger animals. With their scouring
mouthparts, predatory Collembola feed on roti-
fers, water bears, nematodes, and even on eggs
from other springtails.

The species- and individual-rich group of mites
(Acari) also uses—Ilike Collembola—the pore
space as habitat. Because they are unable to dig,
they cannot expand their living environment. As
arachnids, mites have four pairs of walking legs
and use their mouthparts to break down their food
or to pierce and suck plant sap. In soft-bodied
mites, respiration takes place through the skin and,
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Fig. 4.8 The head
structure of different
nematodes gives an
indication of their feeding
habits: a Bacteria feeders
suck their food into their
mouths with appendages on
their heads (e.g. Acrobeles
sp.), b Stylets are used by
phytophagous and
mycophagous nematodes to
pierce roots and fungal
hyphae (e.g. Tylenchid sp.),
¢ Ridges enable predatory
species to break down their
food (e.g. Mononchus sp.)
(drawings after Coleman (h)
and Crossley 1996, photos
after Eisenback and Zunke
2000)

(a)

in species with a cuticle, through tracheal tubes.
Tracheae are air channels that are distributed
throughout the body, emerging outside at several
points called stigmata. The position of the stigmata
(respiration openings) is an important taxonomical
characteristic (Fig. 4.9): The soft-bodied astigma-
tid mites (Astigmata) breathe through their skin
and have no stigmata. Prostigmatid mites (Pros-
tigmata) have one pair of stigmata close to their

heads, and predatory mites (Mesostigmata) above
the hips of their walking legs. Oribatid mites
(Cryptostigmata) have several concealed stigmata
that are distributed all over the body. Oribatid mites
live in the litter and the topmost soil layers. Mites
feed on living plant parts (macrophytophagous),
microorganisms (microphytophagous), nema-
todes (zoophagous), feces of other animals
(coprophagous), or carrion (necrophagous).
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Fig. 4.9 Typical representatives of the Acari (mites),
which are characterized by different locations of their
breathing openings (stigma): a Prostigmate mites (Labi-
dostommatidae, Prostigmata), b Mesostigmate mites
(Mesostigmata) and ¢ Cryptostigmate mites (Carabodes
ornatus, Orbatida); [scanning electron micrograph images
from: Sue Lindsay a, Valerie Behan-Pelletier b and Katja
Domes and Mark Maraun c]; (drawings modified after
Gisi et al. 1997)

Spiders (Araneae) are members of the mac-
rofauna, and are the most species-rich order of
the arachnids after the mites. They live on the
soil surface and feed on e.g. mites, springtails, or
ants, which they first inject with digestive fluids
and then suck dry. The harvestmen (Opiliones)
are mostly nocturnal predators; they can be easily
recognized by their four pairs of legs, which are
much longer than their body diameter.

Woodlice (Isopoda) are the only crustaceans
adapted to terrestrial life. The occurrence of gills
in various terrestrial woodlice is a reminder of
their aquatic origins. Other woodlice (e.g. com-
mon woodlouse, Oniscus asellus) breathe
through trachea-like lungs in their paddle-shaped
hind legs (pleopods), called pleopodal lungs.
Woodlice prefer moist sites; they are usually
nocturnal and contribute to the primary decom-
position of litter by feeding on dead plant
material.

Enchytraeida represent a small family of the
Oligochaeta; together with the earthworms, they
belong to the phylum Annelida (segmented
worms). Enchytraeidae are found globally in
subarctic to tropical regions. Particularly high
population densities can be found in soils with
low pH values, where earthworms cannot live.
Enchytraeidae are colorless and almost transparent
worms with a length of 1-50 mm. The diversity of
the Enchytraeidae is much lower than that of mites
or Collembola. Enchytracidae mainly feed on
bacteria and fungi, which they absorb together
with particulate organic matter. It is assumed that
Enchytraecidae can influence the community
composition of soil microorganisms through
selective feeding. The feces of Enchytraeidae
contribute to stabilization of the soil structure.

Earthworms (Lumbricida) are important
members of the macro- and megafauna, and are
found on all continents with the exception of
Antarctica. Earthworm abundance is high in
forest and grassland soils of temperate and
tropical regions. Extremely cold or arid regions
(e.g. deserts, tundra, polar regions) are sparsely
populated by earthworms. A distinction is made
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between three different types according to their
life strategies (Table 4.1): Epigeic species (e.g.
Lumbricus rubellus) live predominantly in the
humus layer and in accumulations of organic
matter (compost, decomposing wood). These
comparatively small earthworms are protected
from the UV radiation of light by strong pig-
mentation. Anecic species (e.g. Lumbricus ter-
restris) exploit both the surface litter as a food
source and the mineral soil as refuge (e.g. during
periods of drought). Endogeic species (e.g.
Aporrectodea caliginosa) live in mineral soils
and dig burrows to a depth of 50 cm. They feed
on organic particles that they consume together
with soil. Under conditions of desiccation, they
roll themselves up to minimize water loss. Like
deep-burrowing worms, they are not found in
medium and coarse sand or in gravelly soils.
The smallest earthworm species is less than
20 mm long; giant earthworms, living in Australia
(e.g. Megascolides australis), can grow to 3 m in
length. Earthworms have up to 160 segments, each
of which is equipped with small bristle-like
structures called setae. The setae consist of chi-
tin and proteins, and serve as anchors to the sur-
face of the burrows during locomotion. As
burrowing animals, earthworms make use of the
peristaltic movement of the two layers of muscles,
a thin outer layer of circular muscle, and a much
thicker inner layer of longitudinal muscle, to

expand their habitat. Earthworms do not have
skeletons; they maintain their structure with
fluid-filled chambers functioning as hydrostatic
skeletons. Earthworms breathe through their skin,
which must be kept moist by the mucus-producing
cells. Earthworms have hemoglobin for the
transport of oxygen throughout the organisms.
Earthworms are hermaphroditic animals that
reproduce by exchanging semen between two
partners. The larvae develop in fertilized eggs
inside a cocoon in soils, and become adult animals
within a few weeks. Earthworms survive the
winter in a dormant state (quiescence) that is
triggered by low temperatures.

Ants (Formicidae) are important members of
the macrofauna which can be found all over the
world and include more than 12,000 species;
there are about 180 species found in Europe. No
ants have yet been found in Iceland, Antarctica,
and in parts of Polynesia. Ants belong to the
insects that form colonies, having strong local
effects on soil structure through their burrows,
and warming the soil significantly through
intense bioturbation. Many ants are predators
(e.g. the red wood ants of the genus Formica)
and feed on other insects.

Termites (Isoptera) are particularly numer-
ous in Africa and America. In the rainforests of
the Amazon, the biomass of ants and termites
account for one third of the overall animal

Table 4.1 Life forms and characteristics of earthworms living in Central Europe (after Stahr et al. 2012)

Litter forms
Epigeic species

Life form/characteristic

Deep-burrowing worms
Anecic species

Mineral soil forms
Endogeic species

Pigmentation Uniformly Brown (the back is Without pigmentation
brownish red blackish-reddish brown)

Body length 20-120 mm 150-450 mm 20-150 mm

Digging muscles Reduced Strongly developed Developed

Food intake At the soil surface At the soil surface In the soil

Intestinal passage Slow Variable Fast

Respiration Intensive Medium Weak

Light sensitivity Weak Moderate Strong

Threat from predators Very high Low (retreat in tunnels possible)  Weak

Survival of unfavorable Encysting in Diapause or no dormant stages Often quiescence

periods cocoon
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biomass. They are not found in Central Europe
beside a few exceptions (introduced species).
Termites are insects that build colonies in most
cases. They change the soil structure through
their various structures (e.g. termite hills and
subterranean nests). The function of termites in
the subtropics (savanna) is similar to that of
earthworms in temperate climates. Lower ter-
mites decompose wood in symbiosis with
microorganisms that live in their gut.
Microsymbionts (flagellates and bacteria) in the
gut of termites produce enzymes that decompose
wood components. Carbon dioxide, hydrogen
and methane are liberated as decomposition
products. Higher termites feed on humus or
fungi, which they cultivate on substrates (e.g.
wood, cellulose) in their underground structures.
Some termites (e.g. Mastotermes) have symbiotic
bacteria in their guts that can fix N,.

Mammals (Mammalia) live in the soil either
periodically (e.g. mice, hamsters, rabbits, bad-
gers, foxes, as well as ground squirrels and
gophers in steppe soils) or permanently (e.g.
moles), and mix the soil with their burrowing
activities. The European mole (Talpa europaea)
lives mainly in meadows, forests and cultivated
landscapes of temperate regions; they are not
found in the cooler regions of Eurasia or in the
Mediterranean area. In continental and maritime
Antarctica, penguins strongly contribute to soil
formation through the building of ground bur-
rows using rocks and excrement.

4.1.3 Numbers and Biomass
of Soil Organisms

4.1.3.1 Abundance of Organisms

Soil organisms from various size classes are
represented in the soil in different numbers. As a
general rule, the numbers of soil microorganisms
dominate those of larger soil animals. An over-
view of the abundance (number of individuals of
a species related to a specific area or volume
unit) and biomass of the most important soil
organisms in soils of Central and Northern Eur-
ope can be found in Table 4.2. However, a site
does not simultaneously provide optimal living

conditions for all groups of organisms. Minimum
values for microorganisms are several orders of
magnitude lower than the given average values,
while individual groups of the macro- and
megafauna are completely absent. The impor-
tance of the individual animal groups for eco-
system function can be compared using their
respiration rates (Fig. 4.10). Soil microorganisms
account for the highest fraction of the total res-
piration of an ecosystem at 91 %. Among the soil
fauna, the smallest soil animals (protozoa) con-
tribute the most to total respiration.

An important criterion for the characterization
of the quantity of soil microorganisms is their
carbon content. Using the fumigation-extraction
method (see Sect. 4.5.1), approx. 100-1,000 pg
C g™! of soil is given for agricultural soils and
approx. 500-10,000 pg C g™' of soil for forest
soils (Table 4.3). Microbial biomass decreases
within the soil profile. The highest quantity of
carbon, which is stored by microorganisms, is
found in litter layers of forest soils and in the
topmost centimeters of grassland soils. The per-
cent fraction of microbial carbon in the total
quantity of organic matter of a soil is similar for
all soils: 0.9-6.0 % (mean values 2-3 %). For a
forest soil, Raubuch and Joergensen (2002) cal-
culated that the carbon flux through the microbial
biomass is of approx. 540 kg C ha™' a™.

4.1.3.2 Spatial and Temporal

Variability of Soil

Organisms
Food supply, temperature and soil moisture are
important factors determining the spatial and tem-
poral variability of soil organisms and their func-
tions. Studies of soil microbial properties in a depth
profile revealed, for example, that
N-mineralization showed a more pronounced
depth gradient than invertase and phosphatase
activities (Fig. 4.11). The distribution of roots in
the soil profile provides an initial indication of the
main activity zones of the soil organisms. If organic
substances are transported as dissolved organic
matter (DOM), colloids or particles to deeper soil
layers, they are used by heterotrophic soil micro-
organisms as sources of carbon and energy under
aerobic or anoxic conditions. The microbial
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Table 4.2 Mean (m) and high (h) numbers as well as the live mass of the most important soil organisms in soils of
Central and Northern Europe (after Dunger 1983)

Group Number of individuals per m? Mass (g m™>)
m h m h

Microflora
Bacteria 10" 10' 100 700
Actinobacteria 10 103 100 500
Fungi 10" 10" 100 10°
Algae 108 10" 20 150
Microfauna (0.002-0.2 mm)
Flagellates 108 10'°
Rhizopods 10’ 10" 5 150
Ciliates 10° 10°
Nematodes 10° 108 5 50
Mesofauna (0.2—2 mm)
Rotifers 10* 10° 0.01 0.3
Water bears 10° 10° 0.01 0.5
Mites 7 x 10* 4 x10° 0.6 4
Springtails (Collembola) 5 x 10* 4 % 10° 0.5 4
Macrofauna (2-20 mm)
Enchytraeids 3 x 10* 3 % 10° 5 50
Snails 50 10° 1 30
Spiders 50 200 0.2 1
Woodlice 30 200 0.4 1.5
Millipedes 100 500 4 10
Other polypods 130 2 x 10° 0.5 3
Beetles with larvae 100 600 1.5 20
Dipteran larvae 100 10° 1 15
Other insects 150 15 x 10° 1 15
Megafauna (20-200 mm)
Earthworms 100 500 30 200
Vertebrates 0.01 0.1 0.1 10

1% Arthropod PGHRTTEoEE: colonization of deeper soil layers takes place either

pods 16

2 80 31 Ot1hsers through active or passive transport of the organ-
2 o0l isms (Fig. 4.12). Mobile soil microorganisms use
% . O‘Q:S their flagella to reach their food sources; soil
gz 47| ¢ microorganisms without flagella are transported
2 passively within the soil profile through diffusion

204
and convection. Deeper soil layers also provide soil

Rospiration Biomass Respiration fauna an opportunity to retreat in case of poor
(%) (2.7gDMm™?) (%) weather conditions (dryness, cold).
The spatial distribution of soil organisms

Fig. 4.10 Mean biomass and respiration of soil organ- L . )
isms. DM dry matter (after Weaver et al. 1994) within an area is also determined by the food
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Table 4.3 Microbial biomass and organic matter of soils from different ecosystems. The determination is performed
using the fumigation extraction method or substrate-induced respiration (after different sources)

Ecosystem Horizon (cm)
0-5

0-20

Litter layer
0-10

10-20

Litter layer
0-10

10-20

Arable soil

Grassland

Forests, temperate climate

Cuic (ng ") Corg (%)
250-1,080 1.0-3.0
70-720% 0.8-2.5
9,650 2.0-20
2,670 2.9-15
1,120 1.9-10
10,830 20-45
1,670 3.4-40
730 1.8-6.7

“Determination of the microbial biomass using substrate-induced respiration
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Fig. 4.11 N mineralization, invertase and alkaline phos-
phatase activities at various soil depths of a grassland
(Chernozem, Colorado). The results from deeper soil
layers were given as a percent deviation from the results
from the topmost soil layer (0-5 c¢m). (30.2 ug NH, -
N g 7 d": 100 % of the N mineralization; 3.8 mg
glucose g 3 h™': 100 % invertase activity, 0.7 mg phenol
g 3 h7': 100 % alkaline phosphatase activity; the pH
value (H,O) of the surface soil is 7.2 and the organic
matter content is 0.89 %) (after Kandeler et al. 2006)

supply and microclimatic conditions. Geostatis-
tical methods have shown that the distance
between two plants in agricultural and forested
soils influences the occurrence of soil microor-
ganisms. Biogeography investigates the distri-
bution patterns of soil organisms on a regional
and global scale. Until now, according to an idea
from the microbiologist Martinus Beijerink, it
was assumed that many soil microorganisms are
ubiquitous and that environmental conditions
determine which microorganisms can establish
themselves (everything is everywhere, the

Active transport

Convectlon
D|fqu|o

Diffusion layer

Surface

Fig. 4.12 Active and passive transport of bacteria to an
organo-mineral surface (after Maier et al. 2000)

environment selects). The global distribution of
soil microorganisms takes place through various
transport mechanisms (water transport through
rivers, groundwater and oceans; transport
through the atmosphere by dust particles and
aerosols; transport through animals and human
beings). Even in very remote areas (such as
Antarctica), mainly microorganisms are found
that are already known from other regions.
However, new molecular methods have shown
that there are soil microorganisms that only occur
locally (endemic soil microorganisms). Intraspe-
cific requirements for growth temperature, pH
value and substrate concentration (NH,"), for
example, determine the dominance of nitrifiers in
various ecosystems. Penicillium is often found in
temperate and cold regions, while Aspergillus
dominates in warmer regions.
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Fig. 4.13 The effect of seasons in the northern hemisphere on the respiration of soils in different ecological zones.
(T temperature as a limiting factor, M soil moisture as a limiting factor) (after Wood 1995)

The temporal variability of the abundance and
activity of soil microorganism differs regionally
(Fig. 4.13). In grasslands in temperate zones, the
low temperatures in the winter and phases of low
soil moisture in the summer limit the activity of
soil microorganisms. Dryness is the cause for the
low activity of soil organisms in tropical savan-
nas in the winter. In tropical rainforests, constant
temperature and moisture conditions lead to a
constant rapid decomposition of organic com-
pounds during the whole year. Therefore, eco-
system functions vary among different biomes
(biomes are defined by similar climatic and
geographic conditions). Tundra and desert soils
contain only few organisms, because there is a
lack of food, heat or water. The composition of
species also depends on the climate: In the tro-
pics and subtropics, for example, large earth-
worm species (e.g. Lumbricidae) are lacking. For
this reason, despite the higher abundance of
smaller earthworm species, the biomass in rain-
forest soils is low.

4.1.4 Soil Organisms
as a Biocoenosis

Interactions Between Soil
Organisms

All of the soil organisms living in a site form a
biocoenosis, consisting of individual populations
of different species. The ecological living and

4.1.4.1

habitat conditions determine the composition of
the biocoenosis. Quantity and quality of the
biocoenosis differs depending on the climate,
relief, vegetation, soil form, soil depth and sea-
son. Within a biocoenosis, the diversity (number
of different species), abundance, and trophic
level (diet) determine which organisms dominate
or are displaced, as well as the extent of the
interactions between two populations. In a loose
biocoenosis, both partners use the same food
resources without having direct contact; in doing
so, they can behave indifferently towards one
another (meutralism) or compete with one
another (competitive exclusion). The inhibition
of a partner can take place through the excretion
of inhibitors (amensalism); antibiotic inhibition
takes place between microorganisms, and alle-
lopathic inhibition between plants. Soil organ-
isms can also mutually promote one another by
decomposing substrates that can then be used by
other organisms (metabiosis, e.g. litter decom-
position or nitrification). For this reason, the loss
of individual animal species or organisms groups
can significantly disturb various metabolic path-
ways of an ecosystem.

A higher intensity of interaction is found in
organisms that colonize plant and animal sur-
faces (epibiosis), and thus make use of the
partner’s exudates. Parasites damage their part-
ner, e.g. through the removal of nutrients (e.g.
plant parasitic nematodes). With symbiosis, both
partners are involved in intensive spatial
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and physiological interactions. Symbioses
(nitrogen-fixing bacteria, mycorrhiza-forming
fungi) are discussed in more detail in Sect. 9.6.
1.1; several symbioses between microorganisms
and animals have been described in Sect. 4.1.2.
4.1.4.2 Interactions Between Soil
Microorganisms and Plants

in the Rhizosphere

The rhizosphere is the narrow region of soil that
is directly influenced by root secretions and
associated soil microorganisms (Fig. 4.14). The
direct surroundings of plant roots are a preferred
microhabitat for soil microorganisms and various
soil animals. Soil organisms can live in the rhi-
zosphere, on the surface of roots (rhizoplane),
and/or inside the root tissues (endophytic habi-
tat). Microorganisms in the rhizoplane are
attached by adsorption and/or through the
development of short hair-like fimbriae more or
less strongly to the root’s surface. Rhizobacteria,
which form the strongest associations with plants
and live inside the plant roots, are called
endophytes.

Roots exude, both actively and passively,
various volatile, soluble, and particulate materials
as root exudates (Fig. 4.14). The release of
sugars, amino acids, and organic acids stimulates
the growth of soil microorganisms, which react
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by growing rapidly on the readily available
nutritive medium. However, plants also release
growth factors and signal compounds into the
rhizosphere, which serve to facilitate cell com-
munication. Organic compounds are added to the
soil not only as root exudates, but also as muci-
lages (high-molecular weight compounds like
polar glycoprotein, and an exopolysaccharide
produced by nearly all plants) and lysates
(higher-molecular weight substances that are
released through autolysis or microbial decom-
position of old root cells). The composition of the
microbial community in the rhizosphere is
determined by the plant species, their root mor-
phology and their root exudates. Figure 4.14
shows various microbial interactions. On the one
hand, rhizosphere microorganisms compete with
the plant for nutrients and oxygen, and on the
other, they can also liberate nutrients and make
them available to the plants. Pathogenic micro-
organisms first have to establish themselves in
the rhizosphere before they are able to penetrate
the roots. They can be either inhibited or pro-
moted by the organisms living there. The cell
walls of pathogenic fungi, for example, can be
dissolved by chitinase that is excreted by rhizobia
(example of parasitism). Various pseudomonads
can repress less competitive pathogenic micro-
organisms through better nutrient acquisition.

Beneficial interactions

Rhizobium spp., Frankia spp.,

Symbiotic N-fixation Nostoc spp.

Fungal symbiosis | Mycorrhizal fungi

Production of plant growth-promoting
compounds

 Production of antibiotics,
siderophores or volatile compounds
Parasitism

Competition for nutrients or
ecological niche

* Induced disease resistance

Detrimental interactions

,Biocontrol“

ULl

Plant pathogens | Deleterious bacteria or fungi

I
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In general, plant growth promoting rhizobacteria
(PGPR) living in the rhizosphere are bacteria that
directly or indirectly stimulate plant growth.
PGPR’s  produce  compounds such as
growth-stimulating phytohormones or those
(siderophores), which improve plant nutrient
uptake. These microorganisms increase the
plant’s resistance towards pathogens or abiotic
stress factors (e.g. frost) and modulate the con-
centration of plant signals (e.g. ethylene). The
rhizosphere also provides an ideal habitat for
various soil animals (e.g. protozoa, nematodes).

4.1.4.3 Symbioses Between
Microorganisms and Plants

Various mutualistic symbioses describe interac-
tions between two organisms where both partners
gain benefits (Table 4.4). Several nitrogen-fixing
bacteria form symbiotic biocoenoses with plants,
whereby the plants supply the bacteria with car-
bon and energy sources and the bacteria provide
the plants with nitrogen. The symbiosis between
root nodule bacteria and legumes is particularly
well investigated, since nitrogen fixation has
practical importance for plants such as soybean,
clover, alfalfa, and peas. According to the host
specificity and the development of the nodules,
a distinction is made between Rhizobium,

Bradyrhizobium, Sinorhizobium, Mesorhizobium
and Azorhizobium. Nodules are formed in the
following manner: free-living rhizobia are attrac-
ted to species- or genus-specific signal substances
from the plant (e.g. certain flavonoids such as
luteolin and genistin) and grow on the root sur-
face. The rhizobia cells enter through a deformed
root hair and cause the plant to form an intracel-
lular tube (infection thread). Infection threads
enter the central root tissue and release the rhi-
zobia in these cells, where they differentiate
morphologically into bacteroids (swollen vesi-
cles with a peribacteroid membrane). The plant
supplies various organic acids as energy sources
for nitrogen fixation. Nitrogen fixation and
excretion of ammonium take place in the bacter-
oids and are catalyzed by the enzyme nitroge-
nase. Ammonium is transported from the
bacteroid to the plant cells, converted to glutamine
or other nitrogen-containing compounds, and
transported into the plant tissues (see Sect. 9.6.1.1
for more information on symbiotic N, fixation).
Soil fungi develop close interactions with
higher plants. The fine roots of more than 90 % of
flowering plants live in symbiosis with fungi
(mycorrhizae). The fungal hyphae radiating out
of the mycorrhizae increase the contact area with
the soil. With their small diameter (2—-12 pm),

Table 4.4 Important mutualistic symbioses (after Fuchs and Schlegel 2007)

Contribution from the microbial partner
CO, fixation

N, fixation

Frankia

Azoarcus

Acetobacter

Nutrient supply

Synthesis of essential amino acids and Bacteria

cofactors
Removal of metabolic products (hydrogen)

Decomposition of polysaccharides

(celluloses) protozoa
Movement Spirochaetes
Synthesis of antibiotics Eubacteria

Microorganisms
Cyanobacteria

Rhizobia and others

Fungi mycorrhiza

Methanogenic archaea

Eubacteria, archaea,

Eukaryotic partner
Fungi (lichen)

Legumes, alder, sea buckthorn, white
dryas

Kallar grass

Sugar cane

Livermosses, mosses, Azolla
Most terrestrial plants, many trees

Many insects (mycetome), Protozoa

Protozoa

Termites (guts), cockroaches

Protozoa

Nematodes, insects
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fungal hyphae can absorb nutrients and water
from pores that are not accessible to the roots. The
advantage of mycorrhization for plants is mainly
in improved phosphate absorption from mineral
and organic phosphorus sources in the soil.
In alkaline soils, mycorrhizae can prevent iron
chlorosis and manganese deficiency symptoms.
Mycorrhizae act as an “anti-stress factor” for
higher plants, which creates a positive effect
particularly in sites with low water and mineral
nutrient availability. Many forest trees (beech,
oak, spruce, pine, fir) cannot survive without ec-
tomycorrhizae completely coating their roots,
because they not only absorb nutrients and water
for the host, but also protect from soil-borne
pathogens. Most higher fungi in forests (basidio-
mycetes), such as boletus, russula, and milk-caps,
are ectomycorrhiza fungi. Endomycorrhizae are
widespread in cultivated soils. Fungi in the Glo-
males family colonize root cells intracellularly by
forming arbuscles (dichotomously branched
hyphae). Arbuscular mycorrhizae facilitate phos-
phorus absorption in phosphate-poor and in
strongly phosphate-fixing soils of the tropics and
subtropics. Ericoid mycorrhizae play an impor-
tant role in the P supply for Ericaceae plants in
moors and heathlands.

In most mycorrhizae, the heterotrophic fungal
partner is dependent on organic substances from
its host plant and obtains carbohydrates from the
roots. However, this loss of assimilates for the
host plant is low compared to the benefit gained
from the mycorrhizae for the absorption of
nutrients and water. Still, some mycorrhizal
species undergo a direct transition to a parasitic
mode of life, where the fungus or the host
damages or kills its partner.

Interactions Between Soil
Microorganisms and Soil

Animals

Soil animals are characterized by different feed-
ing behaviors and preferences. They influence
the abundance and activity of soil microorgan-
isms through selective feeding. Figure 4.15
shows that smaller soil animals (nematodes and
protozoa) graze on soil microorganisms in the
rhizosphere and thus liberate nitrogen, which is

4.1.4.4

then used by plants for their growth. Improved
plant growth, in turn, promotes root exudates and
microbial growth. This cycle was named the
microbial loop by the Swedish scientist, Mari-
anne Clarholm (1981).

Soil animals are responsible for the passive
distribution of microorganisms in the soil. Soil
microorganisms can be transported on the surface
of the bodies or inside soil animals, or are con-
sumed as food by larger soil animals (e.g.
earthworms) and excreted after passing through
their digestive systems, becoming active again
somewhere else. Some soil animals (e.g. ants and
termites) require microorganisms in their guts for
the digestion of poorly degradable organic
substances.

Nutrient release

Root exudatio

Bacteria_t.-

Protozoa
Nematodes

Fig. 4.15 Interactions between soil animals (protozoa,
nematodes), rhizosphere microorganisms and plants. By
feeding on rhizosphere microorganisms, soil animals
liberate nutrients that stimulate plant growth (see text:
microbial loop)
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4.2 Environmental Conditions
4.2.1 The Soil as a Source

of Nutrients and Energy
for Soil Organisms

Nutrient and energy sources are distributed het-
erogeneously in the soil, and therefore their
accessibility by soil organisms varies (Fig. 4.16).
Soil bacteria depend more strongly on the
transport of substrates with soil water than soil
fungi, which grow towards the food source with
their hyphae. The rhizosphere, drilosphere and
detritusphere are preferred microhabitats for soil
microorganisms. These microhabitats are also
called hot spots and are characterized by high
nutrient and energy source availability. Plant
roots exude different low-molecular organic
compounds that attract soil microorganisms
chemotactically. Soil microorganisms that use
readily available food sources aggregate in the
rhizosphere. The drilosphere is defined as the
direct zone of influence by earthworms. This
microhabitat includes the earthworm burrows in
the soil (the first 1-2 mm of the wall of the
earthworm burrows) and the excretion products
from earthworms (intestinal contents, feces).

Fig. 4.16 Biotic and
abiotic factors determine
the presence of various
microorganisms in an
aggregate. The arrows

Aerobic microorganisms

Facultative
under the figure show the (adaption to
direction of diffusion for +/— oxygen
individual elements or stress)

processes (after van Elsas

et al. 2006)
Anaerobic
microorganisms
(obligate requirement
for O, absence)

(obligate requirement for Oy)

Earthworms stabilize the surfaces of the burrows
with mucilage secretions. The walls of earth-
worm burrows are preferentially colonized by
soil microorganisms, protozoa, nematodes and
fine roots. The detritusphere, the layer that
includes the litter and the adjacent soil influenced
by the litter, is a very thin but microbiologically
highly active zone in soil.

In all habitats, soil organisms use nutrients
and energy sources for tissue formation and to
maintain their life processes. In order to describe
the role of individual soil organisms in matter
cycling, they are assigned to individual trophic
levels. Microorganisms use oxidizable chemical
compounds (chemotrophy) or light energy
(phototrophy) for energy conversion (Fig. 4.17).
Chemoorganotrophic and chemolithotrophic
microorganisms either use organic (e.g. sugar) or
inorganic (e.g. sulfur) compounds as electron
donors. Soil microorganisms incorporate carbon
from numerous organic compounds into their
body substance. Microorganisms that use litter
and dead or alive soil organic matter as carbon
sources are called heterotrophic. Only a few soil
organisms can use CO, and H,O to build organic
compounds (C autotrophs). Photoautotrophic
microorganisms (e.g. algae, cyanobacteria, and

Zymogenous hetero-
trophs, fast growing on
organic substrate

Autochthonous

~_ heterotrophs,

slow, steady growth on
organic substrate

Chemoautotrophs,
energy via oxidation of
compounds

| Oxygen

N2, NOx, Oy

[ pH

| Soil water |

| Predation |




4.2 Environmental Conditions

105

some flagellates) obtain the required energy from
sunlight and use CO, as a carbon source to build
their cell substance. Chemolithoautotrophic
bacteria (e.g. nitrifying bacteria) obtain their
energy from the oxidation of inorganic com-
pounds, and their cell carbon from CO, and H,O:
Nitrosomonas oxidize NH,* to NO,~, Nitrob-
acter NO,~ to NOs™, Thiobacillus H,S and S to
SO,*, and Leptothrix and Thiobacillus Fe** to
Fe**. The energy that is bound in this way is
liberated again by other organisms through a
reversal of the above-mentioned processes (res-
piration). The classification of soil microorgan-
isms based on their energy and carbon
requirements contributes to understanding the
roles of individual soil microorganism groups in
an ecosystem. In recent years, however, it has
become increasingly clear that there are excep-
tions to this general rule. Nitrifiers that live het-
erotrophically, for example, cannot be classified
according to the scheme.

Soil animals are generally heterotrophic
organisms that feed on alive or dead organic
matter. They are separated into three groups
according to their contribution to different soil
processes (see Fig. 4.18):

e Ecosystem engineers (e.g. earthworms, ter-
mites, ants) change the physical structure of

Fig. 4.17 Physiological
classification of soil
organisms according to
their use of carbon and
energy sources (after van
Elsas et al. 2006)

Phototrophy

/N

the soil, and influence the nutrient and energy
flux in the soil.

o Litter transformers (e.g. arthropods) break
down the litter and thus make it more acces-
sible for soil microorganisms.

e The micro-foodweb includes soil microor-
ganisms and their direct predators (nematodes
and protozoa).

Soil organisms are also classified according to
their food source. Saprotrophic organisms live
from dead organic matter, phytophagous from
live plant material, mycophagous from fungi,
coprophagous from digestive products of other
animals, and zoophagous organisms live as pre-
dators on other soil fauna.

Soil organisms have mineral nutrient require-
ments similar to those of higher plants: N, P, K, Ca,
Mg, S, Mn, Fe, Cu and Zn are essential, sometimes
also B, Co, Mo and V. Earthworms (e.g. Lumbri-
cus terrestris) and land snails (Helix pomatia)
require Ca-rich sites, while Enchytraeidae and
arthropods thrive in more nutrient-poor soils.

4.2.2 Water and Atmosphere

Water is vital to all soil organisms. Soil micro-
organisms require water to maintain the osmotic
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Fig. 4.18 Organization of
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potential of their cells, for the transport of sub-
strates to the cells, for the removal of excretion
products from cells, and for locomotion (mobile
stages such as flagellated spores), etc. Soil
microorganisms live mainly in the thin film of
water surrounding all organic and mineral parti-
cles. This water film does not freeze at temper-
atures below 0 °C, and thus provides good living
conditions over a broad temperature range. Bio-
films with a thickness of approx. 0.1 mm, con-
sisting of hydrophobic organic molecules,
develop inside individual pores at the boundary
surface between the soil water and the soil
atmosphere, and can be rapidly colonized by soil
microorganisms.

Soil microorganisms have adapted to the
varying water potentials found in soil. A water
potential of —50 kPa is optimal for aerobic soil
microorganisms. Under arid or wet conditions, the
activity of aerobic soil microorganisms is
reduced. With low soil moisture, the activity of
soil microorganisms decreases due to the limited
diffusion of organic substrates and reduced
mobility of the microorganisms. Bacteria react
more sensitively to desiccation than fungi. Con-
siderable differences in the reactions towards
water stress can also be observed within the bac-
teria: nitrifiers are more sensitive than ammonifi-
ers. Therefore, under severely arid conditions, the
NH,* formed by ammonifiers is no longer

__________________

Termites

Earthworms

ECOSYSTEM
ENGINEERS

converted and accumulates in the soil. Bacteria
that can survive in highly arid environments are
called xerophilic microorganisms. Resistance to
desiccation is often coupled with resistance to
temperature extremes. The various dormant forms
of soil organisms are described in Sect. 4.1.

The dependence of soil microorganisms on the
presence of oxygen in the soil varies. Because
oxygen only dissolves to a limited extent
(0.031 cm’ 0O, ™! at 20 °C) in soil water, oxygen
can rapidly become a limiting factor for microbial
growth in microhabitats. Aerobes are species that
live under full oxygen tension (the atmosphere has
21 % O,). The oxygen reaches the inside of the
cells of aerobic soil microorganisms through dif-
fusion. In loose sandy soils, the O, supply for soil
microorganisms is ensured on average at field
capacity, and in dense clayey soils, at 50 % field
capacity. Anaerobic organisms can live without
oxygen, either intermittently (facultative anaer-
obes) or completely (obligate anaerobes). These
groups include the soil bacteria Clostridium
pectinovorum (pectin decomposer), C. cellulolyt-
icus (cellulose decomposer), C. sporogenes (pro-
tein decomposer) as well as yeasts, which can live
anaerobically but require oxygen for the formation
and germination of their spores. Obligate anaer-
obic microorganisms are inhibited or even killed
by the presence of oxygen. They do not have any
catalases and peroxidases to detoxify the toxic
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intermediate products from aerobic metabolism
(e.g. H,O,). Obligate anaerobiosis is observed
only in Bacteria and Archaea, and in a few fungi
and protozoa.

The larger members of the soil fauna require
oxygen and cannot live under stagnant moisture
conditions in soils. Heavy rainfall can force some
soil animals to the surface due to lack of oxygen.
Soil animals absorb oxygen either through their
skin, through gills or tracheae. Cutaneous res-
piration represents a primitive form of respira-
tion, yet is very effective due to the positive ratio
of body surface to body volume. Earthworms
dissolve atmospheric oxygen through the moist
mucilage film on their skin; oxygen penetrates
the epidermis into the blood vessels and is
loosely bound to hemoglobin. Other soil animals,
such as insects, centipedes, millipedes, and spi-
ders, cannot breathe through their skins because
of their chitin exoskeletons. They absorb oxygen
through tracheae. Woodlice breathe through
trachea-like lungs in their paddle-shaped hind
legs (pleopods), called pleopodal lungs.

4.2.3 pH Value and Redox
Potential

Soil acidity is a chemical property of soils that has
a decisive effect on the species composition and
function of soil organisms. The pH value can
affect soil organisms directly (e.g. by changing
the enzyme activities of soil microorganisms) or
indirectly (e.g. by changing the solubility of ions).
While bacteria prefer soils in a pH range of 5-7,
fungi dominate in acidic soils. Soil microorgan-
isms can be classified into the following groups
according to their preferred pH range: extremely
acidophilic (pH 1-3), acidophilic (pH 1-6), al-
kaliphilic (7-12) and extremely alkaliphilic (pH
13) microorganisms. The obligate acidophiles
include several Acidithiobacillus species as well
as several archaea genera (e.g. Sulfolobus, Ther-
moplasma). Acidophilic soil microorganisms
have adapted to low pH values in the soil through
mechanisms such as modification of their cell

membranes. Particularly long-chained fatty acids
(32-36 carbon atoms) protect the membranes
from acid hydrolysis. In addition, acidophilic soil
microorganisms can control ion transport through
their cell membranes very effectively. In this way,
they maintain the pH value inside their cells
between 5 and 7, although the pH of their envi-
ronment is approx. 2. Alkaliphilic organisms are
found in strongly alkaline habitats (natron lakes
and soils with high carbonate content). A prefer-
ence for alkaline sites is often coupled with a
tolerance to high salt concentrations.

Soil animals tolerate different soil acidities.
Most earthworm species prefer soils with neutral
to slightly acidic pH values. In strongly acidic
soils, in contrast, only few and mostly epigeic
earthworms (pure litter-dwellers) are found,
which make only a small contribution to biotur-
bation. Earthworms are not found in strongly
acidic peaty soils. Enchytraeidae tolerate lower
soil pH values than earthworms. The optimal pH
is hard to determine for many members of the
mesofauna, because other factors such as food
supply and soil moisture play a more important
role for them. Protozoa and nematodes, however,
react very sensitively to changes in soil pH.

Soil fauna can change the soil pH through the
excretion of urea and other compounds. In acidic
forest soils, for example, earthworms excrete
feces with a pH that is at least one pH value unit
higher than the surrounding soil.

In addition to pH value, the soil’s redox
potential also plays a significant role in the
function and species composition of soil organ-
isms. However, soil microorganisms themselves
also influence the soil’s redox potential (e.g.
through respiration processes of aerobic soil
organisms and reduction processes of anaerobic
microorganisms).

4.2.4 Temperature
Soil temperature affects physical, chemical and

biological processes. The relationship between
an increase in temperature and the rate of
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microbiological processes was described by
SvANTE ARRHENIUS using the following equation:

k — A e Ea/RT

A is the pre-exponential factor, Ea is the
activation energy, R is the universal gas constant
(8.314 x 107> kJ mol™! K™), e is the base of the
natural logarithm, T is the temperature in Kelvin,
and k is the specific reaction rate (per unit time).
The Oy temperature coefficient is the factor by
which the reaction rate increases with an increase
in temperature of 10 °C. The Q,( value depends
on the quality of the organic matter, on the
microbial reaction, and on the temperature range.
On average, the Qo value is 2.0 for carbon
mineralization at a temperature range of 10-30 °
C, and 1.7 for N mineralization.

Soil microorganisms can be classified into the
following groups according to their preferred
temperature range: psychrophilic (=5 to 28 °C),
mesophilic (18—45 °C), thermophilic (42-70 °C),
extremely thermophilic (65-90 °C), and hyper-
thermophilic (85-110 °C) microorganisms. Most
well known soil bacteria are either psychrophilic
or mesophilic. Psychrophilic soil microorganisms
maintain their membrane function at low tem-
peratures through the production of unsaturated
fatty acids, and thermophilic soil microorganisms
protect themselves from the denaturation of
enzymes at high temperatures through the pro-
duction of thermally stable proteins. Thermophilic
microorganisms are found, e.g., in composts.

Soil organisms have developed different
strategies to survive periods of unfavorable
temperature and moisture conditions. Several
organisms can survive cold periods as spores
(bacteria, fungi), cysts (protozoa, nematodes) or
as eggs encased in a cocoon (earthworms).
Nematodes, rotifers and water bears strongly
decrease the water content of their cells and
reduce their life processes to a minimum (ana-
biosis: anabiosis = to return to life). Many
arthropods lower their freezing point in the
winter by maintaining a high glycerin content in
their tissues and can thus survive in frozen soil
horizons. In Central Europe, earthworms spend

the cold season in a type of cold rigor at a soil
depth of 40-80 cm. Vertebrates seek out deeper,
frost-free horizons.

4.3 Functions of Soil Organisms

Soil organisms are significantly involved in dif-
ferent soil functions: 1. Decomposition and
transformation of organic matter, 2. Formation of
humic substances, 3. Structure formation and
bioturbation, 4. Redox reactions, and 5. Detoxi-
fication of contaminants. Soil microorganisms
are considered omnipotent, because together
they are able to decompose or transform virtually
all organic compounds that are added to the soil.
Xenobiotic substances (xenobiotica) represent
an exception; they can be decomposed only
slowly by soil microorganisms or not at all.
Microorganisms play an important role in the
reduction/oxidation reactions in soils, since
numerous microbial processes are coupled with
the liberation or consumption of electrons or
protons. Soil fauna contribute to the decompo-
sition of litter substances and to structure for-
mation (bioturbation). They influence the species
composition of the microbial and animal bio-
coenoses through their food selection. The indi-
vidual functions of soil organisms will be briefly
explained subsequently. The focus of this chapter
is on the role of soil organisms in the decom-
position of litter. Sections 9.6 and 9.7 explain the
function of soil microorganisms in the minerali-
zation and immobilization of nutrients and
micronutrients in more detail.

4.3.1 Function of Soil Organisms

in Matter Cycles

4.3.1.1 Foodwebs

The different animal and microorganism groups in
an ecosystem are classified according to trophic
levels, which reflect their feeding behavior.
Autotrophic green plants are called primary pro-
ducers, and all other organisms are consumers.
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Primary consumers are herbivores; in contrast,
secondary consumers are carnivores. Reducers are
heterotrophic bacteria and fungi who take their
food from all of the other trophic levels.
Figure 4.19 shows a foodweb representing the
mutual interactions of the organisms during the
decomposition of organic materials in a grassland
soil. Primary consumers and primary reducers first
make use of rhizodeposits and litter substances. In
doing so, both groups of primary decomposers
modify the organic matter in various ways. As
primary decomposers, soil animals (earthwormes,
Enchytraeidae, millipedes, macrophytophagous
snails) break down and transport organic sub-
stances, and bacteria and fungi as reducers are

Fig. 4.19 Foodweb

responsible for the enzymatic cleavage of organic
compounds. Secondary decomposers (mites,
springtails, some nematodes and protozoa) and
predators include groups of organisms with mi-
crophytophagous or saprophagous feeding habits
(feeding on dead organic matter). Because many
soil organisms cannot be observed in the soil
during their quest for food, their position in the
foodweb is insufficiently understood. A new
method has been established to follow food
selection activities of different soil organisms,
based on the theory that consumers incorporate
neutral lipids from their prey into their own bodies
without modification (Fig. 4.20).
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Fig. 4.20 Consumers absorb marker fatty acids with
their food and store them unchanged in their own neutral
fats. The determination of the neutral fats can therefore

4.3.1.2 Carbon Cycle

Cyanobacteria, purple bacteria, nitrifiers, and
sulfur-oxidizing bacteria contribute to carbon
fixation and thus to primary production. How-
ever, the greater portion of primary production is
transformed by plant photosynthesis into organic
compounds. Figure 4.21 shows important pro-
cesses through which soil organisms participate
in the carbon cycle. During the decomposition of
organic residues, soil microorganisms and fauna
incorporate part of the carbon into their own
bodies (assimilation). Compared to bacteria,
fungi incorporate more carbon into their bodies.
A complete mineralization to CO, and water can
only occur under aerobic conditions; under
anoxic conditions, organic compounds are
decomposed progressively through nitrate
reduction, sulfate reduction, fermentation, meth-
anogenesis and acetogenesis. Methanogens liv-
ing in soil use fermentation products (e.g.

Fig. 4.21 The role of soil
microorganisms in the

carbon cycle (after van CH,
Elsas et al. 2006)
c
o |®
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Microbial biomass

enable conclusions on the food preference of the soil
fauna (after Ruess et al. 2005)

organic acids, alcohols) as substrates for methane
formation. Methanotrophic microorganisms
oxidize methane in aerobic microhabitats. The
decomposition pathways for individual constitu-
ents of litter are described in Sect. 3.5. This
section describes only the decomposition of high
molecular weight substrates using cellulose as an
example. Soil microorganisms excrete extracel-
lular enzymes (endo-1,4-f glucanase and
exo-1,4-f glucanase) that catalyze the decom-
position of polymers to cellobiose. Cellobiose is
split by the enzyme 1,4-f glucosidase to form
glucose, which is then absorbed by the cells and
used as a source of carbon and energy. Accord-
ing to a very similar principle, all other high
molecular organic substrates are initially reduced
to smaller fragments by extracellular enzymes
outside of the microorganisms, before the indi-
vidual monomers (sugar, amino acids etc.) are
transported into the cells and used in cell ana-
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porated by soil microorganisms into organic
compounds such as glutamine and glutamic acids.
Both N-fixation and the incorporation of nitrogen
into organic compounds are processes with high
energy demands. Bacterial nitrifiers and nitrifying

Fig. 4.23 Soil microorganisms catalyze important pro-
cesses in the nitrogen cycle. Anammox: anoxic ammonia
oxidation, DNRA: dissimilatory nitrate reduction to
ammonium, R-NH,: pool of organic N compounds (after
Philippot et al. 2007)
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archaea are able to use a 2-step process to trans-
form ammonia into nitrite and then into nitrate,
and to gain energy from this process. Archaea
play an important role not only in extreme sites,
but also in many other terrestrial ecosystems.
Bacteria nitrify ammonia only in alkaline and
slightly acidic environments. It is thought that
archaea can operate across a broader pH range.
Nitrate is absorbed by soil organisms and plants.
During assimilatory nitrate reduction, nitrogen is
converted back to an organic form. Under anoxic
conditions, denitrifiers progressively transform
nitrate into N, via the formation of nitrite, NO,
and N,O. All reduction steps are catalyzed by
enzymes, which are either membrane-bound or
found in the periplasmic space (between the outer
and inner membranes of Gram-negative bacteria).
The capacity to reduce nitrates under anoxic
conditions has been observed in numerous soil
bacteria, but soil fungi do not perform this pro-
cess. Not all nitrate reducers are capable of per-
forming all of the steps of denitrification. In
recent years, numerous genes have been identi-
fied that are responsible for the synthesis of
individual enzymes targeting specific partial steps
of the N cycle (Table 4.5). This makes it possible
to determine the number of microorganisms that
can perform a specific partial step of denitrifica-
tion, nitrification or N fixation.

Nitrate reduction, as the first step of denitri-
fication, is not the only process inducing the
formation of gaseous nitrogen forms. Under
facultative anoxic conditions, nitrifiers can ini-
tially form nitrite, which can then be reduced to

NO, N,O and finally to N,. Another reaction
performed by special nitrifiers was discovered a
few years ago in sewage waters: ammonia can be
oxidized under anoxic conditions (anoxic
ammonia oxidation or anammox). In this
reaction, ammonia is converted to elemental
nitrogen with nitrite as an electron acceptor.
Performing this reaction requires the coexistence
of two different groups of nitrifiers: one group
(e.g. Nitrosomonas) produces nitrite through
nitrification in oxygen-rich environments, and
the second group (e.g. Brocadia) uses nitrite and
ammonia under anoxic conditions for the anam-
mox reaction. The heterogeneous distribution of
oxygen in microaggregates or along biofilms
leads to the assumption that the anammox reac-
tion also takes place in soils. Anammox bacteria
have been only recently observed in soils (e.g.
marsh, rice soils and permafrost soils).

4.3.2 Function of Soil Organisms
in Redox Reactions

Soil microorganisms use coupled
reduction-oxidation reactions to produce energy
for their metabolism. Some soil microorganisms
oxidize reduced inorganic compounds under
aerobic conditions, and use this reaction to pro-
duce adenosine triphosphate (ATP 1is an
energy-rich molecule and universal energy car-
rier in living organisms). Under anoxic condi-
tions, oxidized compounds are reduced by soil
microorganisms (Fig. 4.24, Table 4.6).

Table 4.5 The functional genes of bacteria targeting enzymes involved in N cycling

Process Enzyme Functional gene Reaction
Denitrification Membrane-bound nitrate reductases narG NO; — NO;
Periplasmic nitrate reductases napA
Cd, nitrite reductase nirS NO; — NO
Cu nitrite reductase nirk
Nitrogen monoxide reductase norB NO — N,O
Quinol nitrogen monoxide reductase gnorB
Dinitrogen oxide reductase nosZ N,O — N,
Nitrification Ammonia monooxygenase amoA NH; — NO;
N fixation Nitrogenase nif N, — NH;
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Table 4.6 Soil microorganisms oxidize and reduce metals, and use metals as terminal electron acceptors for anaerobic
respiration AR, as an energy source E or change the metal species for detoxification D or non-enzymatic activity NE

(after Paul 2015)

Element Reaction Strategy
Oxidation Fe 2Fe*t — 2Fe* + 2¢” E
Mn Mn?* — Mn** + 2¢~ E.D
Hg Hg® — Hg”" + 2¢~ NE
As AsO,” — AsO4* + 2e” D
Se Se*™ — Se¥ + 2e” E
U U* — U + 2¢” E
Reduction Fe 2Fe** + 2¢” — 2Fe** AR
Mn Mn** + 2¢” — Mn** AR
Hg Hg®" + 2¢~ — Hg’ D
Se SeO; + 8~ — Se’” AR
Cr Cr® + 3¢ — Cr'* AR, D
U Ut +2¢” — U AR

The microbial oxidation and reduction of iron
and manganese play an important role in soil
development. The Gram-negative rods Acidi-
thiobacillus ferrooxidans, which obtain their
energy from the oxidation of Fe**, reduced forms
of sulfur, metal sulfides and hydrogen, are

particularly well investigated. Carbon dioxide
and ammonium are used by Acidithiobacillus
ferrooxidans as carbon and nitrogen sources.
These microorganisms are found in strongly
acidic habitats, such as the tailings piles of coal
mines. Various archaea oxidize iron under
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extreme thermophilic conditions (65-90 °C).
While Mn can be chemically oxidized at higher
pH values in the soil, bacteria and fungi are
responsible for this reaction at pH values below
8. Different exopolymer structures were discov-
ered in bacteria around their cell walls, in which
this enzymatic reaction takes place. Some rhi-
zosphere microorganisms oxidize Mn to MnO,,
which can be observed on the surface of the roots
as a black deposit.

Fe and Mn reducers are responsible for the
decomposition of organic substances and xeno-
biotic substances in deeper soil layers. However,
the microbial reduction of Fe and Mn takes place
only in virtually oxygen-free soil horizons, which
are also poor in nitrate and sulfate. The reduction
of iron by these microorganisms is coupled
with the production of various fermentation
products (organic acids, alcohols, hydrogen).
Soil microorganisms can also use other inorganic
(selenate, arsenic) or organic compounds (fuma-
rate, dimethyl sulfoxide) as electron acceptors.

4.3.3 Function of Soil Organisms
in Soil Structure
Stabilization

Soil organisms have developed different mecha-
nisms to stabilize soil structure. Soil algae and
cyanobacteria produce mucilage in the topmost
millimeters of young soils (e.g. volcanic soils,
soils in glacier forelands) and in desert soils, to
protect themselves from desiccation or to deter
competitors. The formation of mucilage stabilizes
the surface soil of these sites and protects the soil
from erosion. The production of extracellular
polysaccharides (EPS) by various soil bacteria
primarily serves to attach the microorganisms to
surfaces (roots, humus, organo-mineral particles),
to recognize host cells, and to provide protection
from harmful substances and from desiccation.
The adhesive effect of these mucilages leads to the
development of microaggregates (<250 pm).

Fungi and fine roots promote the stabilization of
soil structure through their widely branched
hyphal networks.

Soil fauna influence soil structure through
intestinal excretions and bioturbation. Earth-
worms and Enchytraeidae combine organic and
inorganic constituents in their intestinal tracts to
form clay-humus complexes which increase the
soil’s structural stability. The feces of different
earthworm species vary in their stability. For
example, Lumbricus terrestris forms large, stable
feces, while Lumbricus rubellus produces com-
paratively small and unstable excretion products.
Earthworm casts are enriched with microorgan-
isms that accelerate decomposition processes.
Earthworms can produce up to 40 tha™' a~' on a
meadow site in Central Europe, and in the tropics
up to 260 t ha' a™' of feces. In arid regions,
woodlice have a special significance for structure
formation, because they transport to the soil
surface fecal pellets that are also enriched with
clay-humus complexes. Termites contribute to
bioturbation through building of their nests.
Some termite species use soil particles from
specific horizons for the construction of the nests,
other species selectively use particles that have a
higher clay fraction. Termite hills consist of a
mixture of soil particles, saliva and feces, which
hardens in the air after passing through the
intestine. Ant nests (e.g. subterranean, hill or
wood nests) consist of small wood or plant parts,
soil crumbs, resin from conifers or other natural
materials.

Bioturbation does not only take place through
digging, but also through rummaging soil ani-
mals (moles, small rodents, wild boars). This
form of bioturbation plays a special role in the
formation of Chernozems. Small mammals
(hamsters, European ground squirrels, prairie
dogs) transport humic material to deeper soil
layers during both winter cold and summer dry-
ness. Vertebrates (moles, small rodents, boars)
can cause bioturbation of the same magnitude as
earthworms.
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4.4  Soil Organisms as
Bioindicators
4.4.1 Effect of Soil Management

on Soil Organisms

4.4.1.1 Mineral and Organic
Fertilization

Mineral and organic fertilization affect soil
organisms directly through the input of nutrients,
and indirectly through increased plant growth.
The reactions of soil microorganisms depend on
the type, quantity and quality of the fertilizer.
With the same input of nutrients, manure
amendments stimulate the activity of soil micro-
organisms more strongly than mineral fertilizer
treatments (Fig. 4.25). A long-term fertilization
trial in Bad Lauchstidt was implemented in 1902
on a humus-rich, carbonate-free soil (Phaeozem),
and investigated the long-term effects of different
fertilizers. While the quantity of soil organic
matter after NPK or farm yard manure fertiliza-
tion only increased by ca. 10-20 %, microbial
biomass and its activity increased by more than
60-100 %. Higher nutrient availability, increased

250
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[ Min. fertilization (NPK)
200 1 @ Farmyard manure
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% Deviation

100

50

Corg Cmic Urease Alk. Phos.
Fig. 4.25 Mineral and organic fertilization increase the
abundance and the metabolic capacities of soil microor-
ganisms in the Ap horizon of a Chernozem (Bad
Lauchstédt, field experiment established in 1902; annual
mineral fertilization, organic fertilizer applied every
2 years). The results of the fertilized treatments are given
as a percent deviation from the unfertilized control
(100 %). (16 mg C g’l: 100 % of the organic carbon,
4.84 mg Cpc g’lz 100 % of the microbial carbon;
13.7 ug N g' 2 h™': 100 % of the urease activity, 0.3 mg
phenol g' 3 h™': 100 % alkaline phosphatase activity)
(after Kandeler et al. 1999a)

rhizodeposition and litter are responsible for the
stimulation of soil microorganism growth. How-
ever, the determination of microbial biomass
represents only a rough estimate, and does not
provide any information on the species distribu-
tion of the microbial community under these
conditions. Mineral and organic fertilization
preferably promote r-strategists in the soil,
organisms that can react to the input of nutrients
with rapid growth; K-strategists are specialists in
the decomposition of complex substrates and are
less competitive under these conditions. Not only
does the quantity of an organic fertilizer, but also
the quality of the added material play an impor-
tant role in the reactions of soil organisms
(Fig. 4.26). Swedish scientists started a field
experiment in Uppsala in 1956 in which they used
similar amounts of carbon (2,000 kg ha™ afl) of
different qualities (green manure, farm yard
manure, and peat). Soil organic matter increased
more strongly in the treatment fertilized with peat
than in all of the other treatments. The different
dynamics of soil organic matter can be explained
by the reactions of soil microorganisms: Peat
accumulates in soil organic matter because soil
microorganisms can less easily decompose this
material than green manure and farm yard man-
ure. Peat also leads to a drop in the soil pH.
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Fig. 4.26 The quality of the organic matter that has been
added to a Cambisol in Ultuna (Central Sweden) since
1956 changes the microbial biomass and chemical soil
properties: The results of the fertilized treatments are
given as a percent deviation from the bare fallow
treatment (100 %). (11 mg C g™: 100 % of the organic
carbon, 1.2 mg N; g’lz 100 % of the total nitrogen,
1.38 mg Cpic g": 100 % of the microbial carbon;
fallow = bare fallow) (after Kirchmann et al. 2004)
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At lower pH values in the soil, the species com-
position of the microbial community shifts
towards a higher dominance of soil fungi. Com-
pared to soil bacteria, these microorganisms
incorporate more carbon into their own biomass,
and thus use carbon more efficiently than bacteria.
Carbon accumulates over the long-term in soils
with a stronger fungal dominance.

4.4.1.2 Soil Tillage

Soil tillage modifies the habitat of soil organisms.
Soil-turning tillage (e.g. plough) leads to a uni-
form distribution of nutrients and organic sub-
strates in the surface soil. After ploughing, soil
microorganisms benefit from the improved aer-
ation and better distribution of organic substrates.
Many soil animals (e.g. earthworms), in contrast,
are either killed by intensive soil tillage or lose
their habitat (e.g. through the destruction of the
earthworm burrows). Soil-turning tillage prac-
tices have a lasting effect on the functional
diversity of earthworms. Anecic and epigeic
earthworms, which always or sometimes stay in
the surface soil, are more strongly affected by
soil tillage than endogeic earthworms. The effect
of soil tillage also depends on the season. If soil
tillage is performed when the soil is very dry, the
soil fauna cannot escape to deeper soil layers
quickly enough. Members of the meso- and
macrofauna react more sensitively to soil tillage
than members of the microfauna (nematodes and
protozoa). Soil tillage can also lead to subsoil
compaction at greater depths, which has a neg-
ative effect on soil flora and fauna.

Minimum and reduced soil tillage practices
are considered conservation tillage methods,
because the soil is only loosened and not turned
over. A reduction in tillage intensity concentrates
food resources and soil microorganisms in the
topmost soil layers (0-5 or 0-10 cm). A few
years after the conversion of soil tillage to
non-turning methods (cultivator, direct seeding),
phosphatase activity, as a measure of the
decomposition of organic phosphorous com-
pounds, had increased in the topmost 10 cm
(Fig. 4.27). Soil tillage changes the distribution
and function of soil microorganisms in the
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Fig. 4.27 Soil tillage intensity (plow, cultivator or direct
drilling) influences the function of soil microorganisms in
the surface soil of a Chernozem (0-10 cm) in Fuchsenbigl
(Austria) (after Kandeler et al. 1999b)

profile; however, it does not necessarily change
the overall turnover by soil microorganisms
within the whole soil profile.

Conservation tillage promotes the presence of,
e.g., deep-burrowing earthworm species (e.g.
Lumbricus terrestris, Aporrectodea longa),
which depend on a food supply at the soil sur-
face. The permanent tunnels of deep-burrowing
earthworms increase the infiltration rate of rain-
water and contribute to reducing erosion. In
general, the abundance and diversity of numer-
ous soil animals (mites, collembolan, diplopods,
earthworms) increases after a reduction in soil
tillage intensity. For this reason, the activation of
soil biota is an important goal of conservation
tillage practices.

4.4.1.3 Pesticides
Pesticides can affect soil microorganisms directly
or indirectly (Fig. 4.28). Direct damage includes
the reversible or irreversible binding of pesticides
to the active centre of enzymes. If pesticides
change the number of species and species com-
position of the microbial community, it is con-
sidered an indirect effect. In general, the
bioavailability of pesticides determines the
duration and intensity of the inhibiting effect on
non-target organisms (see Chap. 10).
Insecticides have negative effects on the soil
animals (nematodes, earthworms, beetles,
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Fig. 4.28 Response of soil microorganisms after appli-
cation of pesticides

spiders). Chlorinated hydrocarbons have partic-
ularly long-lasting effects on soil fauna because
of their poor degradability. Phosphoric acid
esters, carbamates and pyrethroids have a highly
toxic short-term effect.

4.4.2 Environmental Pollution

4.4.2.1 Heavy Metals

Heavy metals can have a toxic effect on both soil
microorganisms and soil animals. Because of
their ionic character, heavy metals bind to various
cellular ligands and replace essential nutrients at

Fig. 4.29 Soil
microorganisms have
developed resistance
mechanisms towards heavy
metals. EPS binding:
extracellular
polysaccharides, efflux
pump: heavy metals are
transported out of the cell;
intracellular sequestration:
storage of the heavy metals
in the vacuole (after Maier
et al. 2000)

Reduction .«
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Precipitation as metal salts

their natural binding sites in organisms. For
example, phosphate is replaced by arsenate at
various binding sites inside the cells. Interactions
between heavy metals and DNA and proteins
disturb the cell division of soil organisms and the
synthesis of proteins. Proteins are partially dena-
tured and lose their functional capacity. As a
result, heavy metals reduce organism growth,
change the morphological structure or inhibit
biochemical processes in the individual cells. Soil
fauna absorb heavy metals through their skin and
with their food. Earthworms store a large fraction
of heavy metals in their cuticle. This leads to
bioaccumulation of heavy metals within the food
chain. The toxicity of heavy metals varies among
different soil organisms. As a result, the abun-
dance and diversity of the soil community change.

Unlike organic pollutants, inorganic contam-
inants are not biologically decomposable. For
this reason, soil organisms have developed dif-
ferent resistance mechanisms to heavy metals
(Fig. 4.29). These mechanisms either prevent the
cells from ingesting heavy metals, or cause the
absorbed heavy metals to be made innocuous
inside the cell or be excreted. Cadmium, for
example, is bound directly on the outer cell wall
or on extracellular polysaccharides (EPS), and
thus cannot penetrate into the cells. Some soil
microorganisms and plants produce proteins with
a high proportion of the amino acid cysteine

CHsHg*
(CHa)2Hg

Intracellular
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Outer membrane
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v

Cd* — CdS
Cd?* —= CdPO,



118

4 Soil Organisms and Their Habitat

(metallothioneins), which bind heavy metals (Cd,
Zn, Cu, Ag and Hg) and reduce the availability
of heavy metals inside the cell. Efflux pumps
transport toxic metals out of the cells. Mercury
and silver ions can be transformed into volatile
organic compounds and also be discharged.
Chapter 10 gives practical examples of the toxic
effect of heavy metals on soil organisms and of
the use of soil organisms as bioindicators.

4.4.2.2 Organic Pollutants

Soil organisms react to contamination by
organic pollutants (e.g. mineral oils, pesticides)
with either inhibition or promotion of their met-
abolic activities. If an inhibition of microbial soil
respiration is observed, it can be attributed to a
death of part of the population or to an impair-
ment of metabolic capacities. Organic pollutants
can change the properties of cell membranes and
therefore have a negative effect on the transport
function of membranes. An increase in soil res-
piration after pollutant application indicates
either a stress reaction from the microorganisms,
which require additional energy for cell repair
mechanisms, or microbial use of the organic
pollutants as a substrate.

Organic pollutants are biodegraded by a series
of enzymatic steps. Complete degradation con-
verts the pollutant into CO, and water (biomin-
eralization). Under sub-optimal environmental
conditions (e.g. oxygen limitation), the organic
pollutants can only be partially degraded (bio-
degradation). If the compound and the bridges
between sub-units of the pollutant (e.g. esther
bridges) are similar to natural substances, the
organic pollutant is relatively quickly decom-
posed. The persistence of organic pollutants is
generally due to lack of the individual enzymes
required for their decomposition. Cometabolism
is defined as the simultaneous degradation of two
compounds, in which the degradation of the sec-
ond compound (e.g. an organic pollutant) depends
on the presence of the first compound (the primary
substrate). Decomposition of the organic pollutant
does not yield any energy for the microorganisms
(Fig. 4.30). The partial decomposition of chloro-
phenol by fungi is performed cometabolically:
With the simultaneous presence of phenol and the
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Fig. 4.30 Co-metabolism enables soil microorganisms to
decompose toxic substances. Both the substrate (phenol)
and 3,4-dichlorophenol (co-substrate) can be decomposed
by the same unspecific enzymes (after Fritsche 1998)

cosubstrate 3,4-dichlorophenol, the nonspecific
enzyme phenol hydroxylase can use both com-
pounds at the same time. The fungus does not
further decompose the resulting metabolite
4.5-dichlorocatechol. Incomplete decomposition
of organic pollutants leads to reactive intermedi-
ates that may persist longer in the soil than the
initial products. Soil remediation measures make
use of the soil microorganisms’ capacity to fully
mineralize organic pollutants (see Sect. 10.3).

4.4.3 Climate Change

The increase in carbon dioxide concentrations in
the atmosphere, slow rise in temperatures and
changing distribution of rainfall have mainly
indirect effects on soil organisms. To date, how-
ever, the individual factors have been mostly
investigated separately. Elevated atmospheric
carbon dioxide concentrations lead to an increase
in plant growth as well as to a change in the
quantity and quality of organic compounds (litter
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substances, rhizodeposits) that are available to soil
organisms as substrates. The higher water use
efficiency of plants under high CO, contents in the
atmosphere leads to an increase in soil moisture,
which has a positive effect on soil organisms and
plants, especially in dry spells during the vegeta-
tion period. Many field trials have shown that soil
microorganisms rapidly convert the additional
substrate, and that additional fixed carbon is
quickly mineralized again. Over the long-term,
however, changes in litter composition (higher
C/N ratio) can cause a shift in the soil microbial
community composition towards a higher domi-
nance of soil fungi. Because soil fungi use carbon
more effectively than soil bacteria and therefore
store more carbon in their biomass, this mecha-
nism may lead to carbon storage in the soil.

An increase in soil temperature has a direct
effect on soils by stimulating the growth and
activity of soil organisms, and an indirect effect
through changes in the chemical-physical soil
properties (pressure, volume, viscosity of liquids
etc.). Interactions between all climate-relevant
factors (climate-relevant gases, temperature, dis-
tribution of precipitation) and soil organisms
have been insufficiently documented to date.

4.5 Methods in Soil Biology

4.5.1 Microorganisms

4.5.1.1 Field Methods

Various sum parameters for soil biological
activities are recorded in the field. To quantify
the decomposition of litter by soil organisms,
litter bags are exposed at the soil surface or in the
topmost soil layers. The weight loss of the litter
is then determined, sometimes also the changes
in litter quality (C/N ratio, cellulose and lignin
content). Because of the significance of these
processes for climate change, the microbial and
plant production of various gases, which are
released from the soil surface into the atmo-
sphere, are of special interest. Different chambers
are used to determine the net emissions of CO,,
CH, and N,O from soils. They are placed on the

soil and accumulate gases for a certain period of
time (e.g. one hour), after which the gas com-
position is determined. Stable isotopes (e.g.
13C02) are used in the field to record the incor-
poration of carbon into the plant, the transport of
carbon to the roots and into various fractions of
the soil organic matter. These results enable an
estimation of the carbon balance of a site and an
assessment as to whether a specific site shifts
toward becoming a source or a sink of
climate-relevant gases (CO,, CH; and N,0)
under a specific soil management regime.

4.5.1.2 Physiological, Biochemical
and Molecular Methods

Microbiological methods are used in the lab to
characterize the abundance, diversity and func-
tion of soil microorganisms. To estimate the
microbial biomass of a soil, microbial carbon is
determined using substrate-induced respiration,
the chloroform fumigation extraction method, or
the chloroform fumigation incubation method.
With the substrate induced respiration
(SIR) method, glucose is added to the soil and
the maximum respiration in a defined time period
is determined. Microbial carbon is then calcu-
lated either by oxygen consumption or CO,
production. With the chloroform fumigation
incubation method (CFI), approximately 90 %
of soil microorganisms are killed with chloro-
form and then mineralized by the remaining
microorganisms. The quantity of liberated CO,
represents the basis for the calculation of
microbial carbon (in mg C per kg of soil). The
chloroform fumigation extraction (CFE)
method involves the extraction and quantification
of microbial constituents (C, N, P, and S)
immediately following chloroform fumigation in
soils. Due to a range of shortcomings, culture
dependent methods (e.g. most probable counts)
are currently used less frequently than in the past.
Several methods to quantify signature molecules
as biomarkers for specific groups of soil
microorganisms have been developed during the
last decade. The ergosterol content—an impor-
tant cell wall component in many fungi—serves
as a measurement for the fungal biomass.
Phospholipid fatty acids are constituents of all
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membranes in bacteria and fungi; individual
phospholipid fatty acids are used as quantitative
biomarkers because of their specific synthesis by
individual ~ microorganism  groups  (e.g.
Gram-positive bacteria, Gram-negative bacteria,
fungi, VA mycorrhiza). It is now also possible to
quantify different groups of microorganisms
using molecular methods (e.g. quantitative
polymerase chain reaction: gPCR). The results
are given as the number of copies of a specific
gene sequence of the ribosomal ribonucleic
acid per gram of soil. Various color reactions in
cells are used to determine the spatial distribution
of soil microorganisms: DAPI (4',6 diamidino-2-
phenylindol) DNA-binding fluorescent dye and

phylogenetic Sensors (fluorescent-marked
oligonucleotides).
Figure 4.31 shows different methodical

approaches in molecular ecology to determine
the abundance and diversity of the soil microbial

community. First, the DNA/RNA from the soil is
extracted and purified through various steps. In
quantitative PCR, DNA amplification is moni-
tored at each cycle of PCR. When the DNA is in
the log linear phase of amplification, the amount
of fluorescence increases above the background
level. The point at which the fluorescence
becomes measurable is called the threshold cycle
(Ct) or crossing point. If the diversity of the soil
microbial community is of interest, fingerprint
methods (e.g. denaturing gradient gel electro-
phoresis (DGGE) and restriction fragment length
polymorphism (RFLP)) are used; the DNA/RNA
of soil organisms are gel electrophoretically
separated based on their different DNA sequen-
ces. The DGGE method uses a chemical gradient
(e.g. urea) to separate fragments of different
stabilities. The RFLP methods use restriction
endonuclease digestion of the DNA fragments to
produce species-specific fragments. The band
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patterns are tested for their similarity using sta-
tistical methods (e.g. cluster analysis). Individ-
ual DNA fragments that are visible as bands on a
gel are inserted into a plasmid, transferred into
Escherichia coli as a host cell, cloned, and then
sequenced (determination of the sequences of
individual nucleotides). Information on the indi-
vidual sequences (clones) are stored in databases
(clone libraries) and used to identify soil
microorganisms and to estimate their phyloge-
netic alignments. Stable isotope probing tech-
niques (SIP) introduce a stable isotope-labelled
substrate into a microbial community and moni-
tor the fate of the substrate by extracting signal
molecules, such as phospholipid fatty acids and
nucleic acids, and determining which specific
molecules have incorporated the isotope. SIP
approaches allow investigations of substrate
assimilation in minimally disturbed communities
and provide a tool for linking functional activity
to specific members of microbial communities.

The functions of soil microorganisms are
determined using physiological, biochemical,
isotopic, and molecular methods. The determi-
nation of enzyme activities allows the charac-
terization of specific reactions within metabolic
cycles. Dehydrogenases are intracellular
enzymes and provide information on the activity
of the active microbial biomass. The decompo-
sition of numerous high molecular compounds
(e.g. xylan, cellulose, proteins) is catalyzed by
enzymes (e.g. Xylanase, cellulase, protease) that
are excreted by microorganisms. These extra-
cellular enzymes are adsorbed onto the humus
and clay fractions, and thus protected from rapid
decomposition. Functional genes targeting dif-
ferent enzymes involved in N cycling are shown
in Table 4.5.

4.5.2 Soil Fauna

Macromorphological observations (earthworm
tunnels, feces particles, litter decomposition) in
the field are the basis for many soil zoological
investigations. Micromorphological investiga-
tions using soil thin sections make it possible to
describe the degree of litter decomposition, the

distribution of feces particles in the soil, as well as
bioturbation processes between different soil
layers, allowing conclusions to be drawn about
animal activities. Evidence for feeding activities
can be either obtained directly from the profile by
describing the morphology, or through field trials.
With the bait-lamina test, a nutritive paste inser-
ted into micro-holes on a test stick is exposed to
feeding. After a defined period of exposure, the
fillings are checked for losses due to feeding.
However, this method does not deliver any
information on which animals feed on the bait.

Earthworm sampling is performed with the
electric trap method or by hand sorting in the
field. To determine the abundance of protozoa, a
soil suspension is made and microscopic meth-
ods are used to count the individuals. Most of the
methods used for microarthropod extraction are
either variations of the Tullgren funnel, using
heat to desiccate the sample and force the
microarthropods into a collection funnel, or
flotation in solvent solutions followed by filtra-
tion. The activity density of epigeous animals is
determined using Barber traps that are dug in at
ground level. However, the results cannot be
related to a specific unit of area; in addition, less
active animals or certain stages of a species (e.g.
juveniles) are found more rarely than active adult
animals. Insect larvae (Diptera, beetles, Hyme-
noptera) are caught using emergence traps. These
traps are equipped with photo eclectors; they
make use of the negative geotropism and positive
phototropism of most insects.
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Chemical Properties and Processes

Many regulating functions of soils (Sect. 1.2) are
based on biogeochemical processes, and are
therefore affected by soil chemical properties.
Examples are the storage and supply of nutrients,
the sorption and degradation of contaminants, as
well as the buffering of acid deposition. The
chemical processes taking place at biogeochem-
ical interfaces are of outstanding importance.
About 40-60 % of the soil volume consists of
pores, which can be filled with water (soil solu-
tion) or gases (soil air), depending on the actual
soil moisture. The soil solids mainly consist of
minerals and smaller fractions of organic matter.
This porous system of mineral and organic soil
particles, gases, aqueous solutions and organisms
leads to the formation of very large and chemi-
cally reactive interfaces. These interfaces can
adsorb, complex, precipitate or chemically
transform various ions and molecules. This
chapter provides an introduction to the chemical
properties and processes regulating the behavior
of nutrients and contaminants in soils.

5.1 Soil Solution

The aqueous phase of the soil is called soil
solution. It consists of free water, dissolved ions
and molecules, and dispersed colloidal particles.'

'Colloidal particles are defined as solid particles with a
diameter between 1 and 1000 nm in at least one
dimension. Colloidal particles do not settle rapidly unless
they coagulate, have a very large specific surface area, and

© Springer-Verlag Berlin Heidelberg 2016

Structural water bound in the crystal lattice of
soil minerals does not belong to the soil solution.

In permeable and well-drained soils, water
input primarily takes place through atmospheric
precipitation, which also adds some dissolved
and suspended substances to the soil.

5.1.1 Composition of Rainwater

Water already reacts with aerosol particles and
gases during cloud formation through conden-
sation of water vapor in the atmosphere. Water
droplets also take up substances from the atmo-
sphere during precipitation events. Rainwater
therefore always contains dissolved ions and
suspended solids, which are added to soils with
precipitation (Table 5.1). The most important
sources of dissolved or suspended substances in
rainwater are (depending on the geographical
location):

e Marine aerosols (Na, CI, Mg, SOy, Ca, K, etc.)

e Terrestrial dusts (Si, Al, Ca, K, Na, Mg, SOy,
COs;, etc.)

e (Post) volcanic aerosols and gases (Si, Al, Mg,
COZ, CH4, NH3, etc.)

e Biological emissions (oxalate, malonate, cit-
rate, acetylene, etc.)

e Natural trace gases (CO,, N,O, NO, NO,,
NH3, HCI, CH4, etC.)

(Footnote 1 continued)
can be transported with seepage water through medium
and coarse pores if they are dispersed in the pore water.
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e Anthropogenic emissions (NO,, SO,, CO,,
soot particles, mining dusts, industry, and
traffic)

Rainwater over marine and coastal areas is
enriched in NaCl, because NaCl-rich aerosols are
formed through the dispersion of water droplets
over the oceans. Marine aerosols are also rela-
tively rich in Mg and SOy,. In contrast, rainwater
over the continents contains more CaSQ,. Ter-
restrial dusts are the most important source of Ca,
i.e. soil particles that have entered the atmo-
sphere through wind erosion. Another important
source of SO, is anthropogenic SO, emissions
from the combustion of fossil fuels. Gaseous SO,
reacts in the atmosphere with ozone (O3) and
H,O leading to the formation of sulfuric acid
(H,SO,4), a strong acid. SO, emissions are
therefore an important factor in the formation of
acid rain, with pH values between 3.5 and 5.5.
Another important source of acidity is the for-
mation of nitric acid (HNOjz) from mono-
nitrogen oxides (NOy), which are released with
the combustion of fossil fuels.

In the atmosphere, NOj are also formed by N,
oxidation during lightning discharge, which can
significantly contribute to natural nitrogen inputs
in terrestrial ecosystems. Atmospheric nitrogen
inputs can also be in the form of ammonia (NH3),
which can originate both from natural emissions
(e.g. wild ruminants, NH3 volatilization from
calcareous soils) and from anthropogenic sources
(e.g. domestic animals, liquid manure and sew-
age spreading on agricultural fields).

5.1.2 Composition of the Soil
Solution

5.1.2.1 Dissolved Inorganic
Substances

As soon as rainwater comes into contact with
soil, the concentrations of dissolved substances
change. The chemical weathering of silicates
releases H,SiOY, Ca®*, Mg®*, K*, Na* and other
ions. Protons are consumed in most silicate
weathering reactions, which therefore contribute

Table 5.1 Typical concentrations of dissolved ions (in
mg L) and pH-values in rainwater (after Berner and
Berner 1996, slightly modified)

Ton Rainwater, oceans and Rainwater,
coastal regions continents
Cl™ 1-10 0.2-2
Na* 1-5 0.2-1
Mg>* 0.4-1.5 0.05-0.5
K* 0.2-0.6 0.1-0.3
Cca** 02-15 0.1-3.0
SO2 13 1-3
NO; 0.1-0.5 0.4-1.3
NH,* 0.01-0.05 0.1-0.5
pH 5-6 4-8.5

to the neutralization of acids (Sect. 5.6.4). The
dissolved cations are in equilibrium with
exchangeable cations on negatively charged
surfaces of clay minerals and organic matter.
Cation exchange and specific adsorption on sur-
faces generally determine which ions are stored
in the soil, and which are readily leached out
with seepage water. There are also microbial
conversion processes taking place, such as the
microbial oxidation of ammonium (NH;") to
nitrate (NO3 ), a process called nitrification
(Sect. 9.6.1.3). The metabolism of organisms
(e.g. aerobic respiration) leads to the consump-
tion of some gases (e.g. O,) and the production
of others (e.g. CO,). This also changes the con-
centrations of dissolved gases in the soil solution.
Table 5.2 shows typical ranges for measured
concentrations of dissolved substances in soil
solutions of soils under forest and arable land in
Central Europe.

The composition of the soil solution at a given
site is subject to temporal fluctuations, which are
caused by seasonal changes in the vegetation,
soil moisture, soil temperature and other factors.
In periods with high precipitation, the soil solu-
tion is diluted by infiltrating rainwater. Vice
versa, the concentrations of dissolved substances
increase in periods with high evaporation. The
composition of the soil solution can also vary
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Table 5.2 Typical composition of the soil solution (saturated paste extracts and suction cup solutions) from
non-contaminated to weakly contaminated arable soils and acidic forest soils in temperate humid climates

Parameter Units Forest soils
Range
pH (CaCl,) 2.8-4.0
pH (soil solution) 3.04.5
EC dSm™! 0.2-1.6
DOC mg L™ 30-500
HCO;™ + H,CO; mg L™ (<1-40)
Ca mg L™ <1-180
Mg mg L™ <0.01-30
K mg L™! 0.3-50
Na mg L™ <1-40
NH,* mg L™ 0.5-20
NO;~ mg L™ 5-450
NO,~ mg L™! (<1)
cr mg L~ 3-170
S04 mg L™ 5-350
HPO,* + H,PO,~ mg L~! <0.05-12
Si mg L™ (2-60)
F mg L™ 200-30,000
Al pg L1 200-30,000
Fe pg L7 5-10,000
Mn pg L7 20-30,000
Cu pg L <1-800
Zn pg L7 30-4000
cd pg L7 0.5-50
Pb pg L 0.5-250
As pg L7 <0.1-50

Arable soils

Frequent values Range Frequent values
3.2-3.8 4.1-7.5 5.0-6.8
3.2-4.0 4.8-8.2 5.6-7.8
0.3-1.2 <0.1-1.8 0.3-0.7
50-150 5-500 15-50
(1-5) 5-210 20-100
1-40 5-600 40-160
0.1-10 1-60 5-25
1-15 0.1-80 3-30
1-20 2-50 2-20
0.5-10 <0.1-16 0.2-4
10-200 1-800 20-200
(<) <0.1-30 <0.1-1
5-70 1-400 6-100
15-150 5-300 10-120
<0.05-5 0.4-40 1-10
(5-40) 1-40 4-25
0.3-2 0.1-4 0.2-1
500-10,000 <10-10,000 100-5000
50-5000 <5-8000 20-3000
50-15,000 <1-3000 <1-700
1-50 1-300 3-60
80-2000 1-800 10400
1-25 <0.1-20 <0.1-3
2-100 <1-120 <1-50
<0.1-10 <0.01-12 1-8

Values in parentheses: few data available (Sources Bradford et al. 1971; Campbell and Beckett 1988; Briimmer et al.,

unpublished)

spatially. Infiltrating water in coarse pores often
has a different composition than water that has
been stored in fine pores for longer time periods.

Seepage water leaving the soil and moving
towards the groundwater through the vadose
zone contains much higher concentrations of
dissolved substances than rainwater. Precipita-
tion, evaporation, and infiltration continuously
disturb the chemical equilibria in the soil and
thereby drive chemical reactions. This promotes
chemical weathering and the formation of new
minerals (Sects. 2.2.5 and 2.4.2).

However, precipitation is not the only input of

water in all soils. If the groundwater table is high,
water can also rise through capillary forces into
the unsaturated soil and carry dissolved sub-
stances. Mudflats and wet beaches at the coasts
are regularly flooded with seawater. Soils affected
by lateral subsurface flow or periodic flooding
(e.g. floodplains) also receive external inputs of
water and dissolved substances. For this reason,
riparian floodplain soils are important sinks
and/or sources for contaminants in river water.
On agricultural fields, the input of irrigation water
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can play an important role. Depending on the
water quality and quantity, this can lead to con-
siderable inputs of dissolved substances into the
soil, and especially in arid regions, to Na accu-
mulation or even soil salinization. External inputs
of water and dissolved substances always have a
major influence on biogeochemical cycles and
chemical properties of soils.

5.1.2.2 Dissolved Organic Matter
(DOM)

Microorganisms and plant roots secrete soluble
organic compounds (e.g. organic acids, enzymes,
siderophores) to mobilize nutrients that are
bound in soil solids. Some constituents of
humified soil organic matter can also dissolve in
water. The dissolved organic substances in the
soil solution as a whole is called DOM (dissolved
organic matter). The concentration of dissolved
organic matter is commonly measured as organic
carbon, and is therefore reported as DOC
(dissolved organic carbon).” Many studies con-
sider substances that pass through a 0.45 pm
membrane filter to be “dissolved”. However, it
must be considered that the transitions between
dissolved, macromolecular, and colloidal sub-
stances are a continuum, and that this opera-
tionally defined “dissolved” fraction may also
contain small colloidal particles <0.45 pm.

Depending on soil characteristics and land
use, the DOC concentration in the soil solution
can range between 5 and 500 mg L™ (Table 5.2).
Soil solutions from Ap horizons of arable soils
often contain between 15 and 50 mg L™' DOC.
The average DOC concentrations are higher in
soil solutions from Ah horizons of forest soils,
frequently with values between 50 and
150 mg L™'. Both the concentrations and the
chemical composition of DOM are subject to
seasonal variations caused by changes in soil
moisture, soil temperature, input of litter

2Other abbreviations commonly used in the literature
include TOC (=total organic carbon), POM (=particulate
organic matter), POC (=particulate organic carbon), DON
(=dissolved organic nitrogen), and DOP (=dissolved
organic phosphorus).

substances, and the biological activity of plants
and microorganisms.

Dissolved organic matter consists of a multi-
tude of chemical compounds of various origins.
A considerable fraction of the DOM can consist of
carbohydrates, especially in densely rooted soil
horizons. Polysaccharides often dominate this
fraction, but disaccharides (e.g. sucrose) and
monosaccharides (e.g. glucose, fructose, galact-
ose, mannose) are also found. However, di- and
monosaccharides are rapidly decomposed again
by microorganisms. Low-molecular weight
organic acids and other complexing ligands are
another very important group of organic sub-
stances in DOM. It includes simple aliphatic
mono- and dicarbonic acids (e.g. acetic acid,
oxalic acid, fumaric acid), hydroxycarboxylic
acids (e.g. citric acid, tartaric acid, gluconic acid)
and ketonic acids (e.g. oxaloacetic acid, ketoglu-
taric acid) as well as aromatic hydroxycarboxylic
acids (e.g. salicylic acid, protocatechuic acid,
gallic acid), dihydroxybenzenes (e.g. catechol,
hydroquinone) and various aldehydes, polyphe-
nols, amino acids, fatty acids, and siderophores.
Siderophores are a group of extremely strong
complexing ligands for Fe** (there are hundreds of
different known siderophores). They are excreted
by microorganisms (bacteria, fungi) and many
grasses (e.g. wheat, barley) under iron-deficient
conditions to dissolve Fe from soil particles. The
concentrations of these acids and complexing
ligands in the soil solution are significantly influ-
enced by the content of decomposable organic
matter, the microbial activity, and the amounts of
organic substances secreted by plant roots.

In addition to these relatively hydrophilic
substances, DOM also contains considerable
fractions (30-60 %) of more hydrophobic com-
pounds, which can be present in dissolved or
colloidal form. These are mainly degradation
products of polysaccharides, lignocellulose, and
lignin from plant residues, as well as fulvic and
humic acids. These hydrophobic DOM constit-
uents can bind hydrophobic organic chemicals
(e.g. PAH, PCB, dioxins, various pesticides) and
thus considerably increase their apparent solu-
bility and mobility in the soil. The fulvic and
humic acids also act as complexing ligands for
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essential (e.g. Fe’*, Cu®*, Zn**) and/or poten-
tially toxic (e.g. Hg?*, AI**, Cd**, Pb**, Cu*)
metal cations.

In soils with anthropogenic contamination,
synthetic organic compounds can also be found
in the soil solution. Some of these compounds
are strong complexing ligands for metals (e.g.
ethylenediaminetetraacetic acid, EDTA; nitrilo-
triacetic acid, NTA) or surface-active substances
(surfactants). Such substances can enter the soil
through spreading of sewage sludge or irrigation
with waste water, and then lead to the mobili-
zation of heavy metals.

For microorganisms in deeper soil horizons,
DOM represents a very important mobile energy
source. About 3—40 % of the DOM in seepage
water are readily decomposed by microorgan-
isms, whereas the remaining fraction is more
recalcitrant. If the soil is not sufficiently aerated,
microbial decomposition of organic matter can
lead to anoxic conditions and then promote the
reduction of nitrate, manganese and iron oxides,
sulfate, and some trace elements (Sect. 5.7.4).

5.2 Gas Equilibria
The larger pores in unsaturated soils are filled
with gas, which is called soil air. The composi-
tion of soil air is described in more detail in
Sect. 6.5.1. Due to soil respiration by plant roots
and aerobic soil organisms, the relative O, partial
pressure in soil air is decreased, while the CO,
partial pressure is increased relative to the atmo-
sphere (Po, = 0.21; Pco, = 0.00038). The less
aerated and the more biologically active a soil is,
the more these differences will be pronounced.
Soil aeration can be inhibited by high water
content or by soil compaction (Sect. 10.7.2).
Under anoxic conditions, other trace gases can be
produced in the soil in addition to CO,, such as
nitrous oxide (N,O), a by-product of the micro-
bial reduction of NO; (denitrification), or
methane (CH,4), which is formed by certain
bacteria under strongly anoxic conditions.

Gases in the soil air can also be partially dis-
solved in soil water. Inversely, dissolved substances

Table 5.3 Henry constants for the solubility of various
gases in water (at 25 °C) (after Stumm and Morgan 1996)

Gas Henry constant (M hPa ')

CH;COOH 7.56 x 107"
NH, 5.63 x 1072
H.S 1.04 x 107*
COo, 335 x 1077
N,O 2.54 x 107>
CH, 1.27 x 10°°
0, 1.24 x 10°°
N, 6.25 x 1077

in soil water can outgas into soil air. In addition to
the above-mentioned gases, other low molecular
weight organic acids and synthetic organic com-
pounds (e.g. pesticides) can outgas, provided that
they are sufficiently volatile (Sect. 10.3).

The equilibrium between the gases in soil air
and those dissolved in soil water can be descri-
bed using HENRY’s Law. HENRY’s Law describes
a linear relationship between the partial pressure
of a gas A in the gas phase (pa, in hPa) and the
concentration of the gas dissolved in water ([A
(ag)], in M):

[A(aq)] = Kupa (5.1)

where Ky (M hPa™!) is the HEnrY constant for
the corresponding gas at a given temperature.
Table 5.3 lists the HENRY constants for several
important gases at 25 °C. It is obvious from these
constants, that the solubility of gases in water is
highly variable. For example, acetic acid
(CH3COOH) and ammonia (NHj3) are highly
soluble in water, whereas the solubilities of O,
and N, are several orders of magnitude lower.

53 Speciation and Complex

Formation

Dissolved ions and molecules in the soil solution
can form complexes with each other. Thereby,
their chemical form, the speciation, changes.
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The chemical forms (i.e. oxidation state, coordi-
nation chemistry, and bonding partners), in
which the chemical elements or molecules exist,
are called species.

Aqueous solution speciation is particularly
important for trace elements. It influences their
chemical behavior in the soil, including their
mobility, availability to organisms, and toxicity.
Because the soil solution contains many different
metal cations, inorganic anions, and dissolved
organic molecules, every element may be found
in a large number of different species
(Table 5.4).

The analytical determination of the dissolved
species of an element can be difficult, costly,
and time-consuming, and in many cases, it is not
yet feasible at all. Alternatively, the concentra-
tions of dissolved species can be calculated
based on their thermodynamic stabilities (if
known). This section briefly explains some basic
principles required for aqueous speciation
calculations.

Table 5.4 Examples of important species of dissolved
metal cations in soil solutions

Cation  Species (examples)
Na* Na*, NaHCO$
K* K", KSO4~

Mg?t  Mg?*, MgS0Y, MgCO%, Mg-DOM

Ca** Ca**, CaS0Y, Ca-DOM, CaHCO;*,
Ca-DOM

AP* APPY, AIF?, AIE,*, AISO,*, AIOH>*, Al
(OH)3, AI-DOM

Fe* Fe?*, FeSOY, FeH,PO,*, FeCOY, FeHCO5™,
Fe-DOM

Fe** FeOH?*, Fe(OH)3, Fe-DOM

Cu** Cu**, CuCOY, Cu-DOM

Zn** Zn>*, ZnS0§, ZnHCO5*, ZnCOY, Zn-DOM

Ccd** Cd>*, CdS0§, CdCl*, CdHCO5*, Cd-DOM

Pb** Pb>*, PbSOS, PbHCO;*, PbCOS, PbOHY,

Pb-DOM

The importance of individual species strongly depends on
the pH and composition of the soil solution. Carbonate
species are most important in neutral to alkaline soils
(DOM dissolved organic matter)

5.3.1 lonic Strength,
Concentration,

and Activity

The chemical activity of a dissolved species not
only depends on its concentration, but is also
influenced by the ionic strength of the solution.
The ionic strength I is a sum parameter reflecting
the total concentration of dissolved ionic charges
in an aqueous solution. It is defined as:

I:;Zmiziz

where m; is the molality” and Z is the charge of
each ion 7 in solution. The activity @; of an ion
i can be expressed as:

mi
ai = «/ -
1 m?

where y; is the activity coefficient (dimensionless)
for the ion i, m; is the molality of the ion 7, and m? is

(5.2)

(5.3)

the standard molality (m{ = 1molkg™"). Note
that the activity a;, contrary to the concentration, is
also dimensionless.

Various (semi-)empirical equations, only two
of which are introduced here, have been developed
to estimate the activity coefficients for dissolved
ions. The extended DEeBYE-HUCKEL equation is
frequently used for the calculation of the activity

coefficients up to ionic strengths of 7 = 0.1 M:

—AZNT

5.4
1 + Bo/T' (5.4)

logy; =

where A and B are temperature-dependent con-
stants (A =0.5116 and B =0.33 at 25 °C), and the
ion-specific parameter o; depends on the effective
diameter of the ion i in solution (Langmuir 1997).
The ionic strength I is expressed here as the ionic
strength (I, molal) relative to the ionic strength
under standard conditions (° = 1 molal) (I’ = V/I°),
whereby the units cancel out.

3The molality m; is the concentration of an ion i in
mol kgfl. In dilute aqueous solutions, the molality can be
approximated with the molarity M;, the concentration of
the ion i in mol L™! (or M).
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Another frequently used empirical equation is
the DAVIES equation:

72 vr
"\ VT

This equation offers the advantage that it does
not contain any ion-specific parameters, and
provides a good estimation of activity coeffi-
cients up to an ionic strength of 7 = 0.5 M. The
same activity coefficient y; is obtained for all ions
with the same absolute charge |Z|. Figure 5.1
shows the activity coefficients calculated using
the DAVIES equation for mono-, di-, and trivalent
ions (|Z| = 1, 2, and 3) as a function of the ionic
strength. In extremely dilute aqueous solutions,
y; ®# 1 and the activity of each ion approximately
corresponds to the wvalue of its molality
(or molarity). The greater the ionic strength, the
smaller the activity coefficient (0 < y; < 1), and
the activity of an ion is much lower than the
value of its molality. This effect is also stronger
the higher the ionic charge |Z].

The calculation of activity coefficients for
solutions with very high ionic strengths (>0.5 M)
requires more complex equations, such as the
Prrzer model (Langmuir 1997; Suarez 1999).
However, such high ionic strengths are only
encountered in saline soils.

logy, = —A - 0.3]’) (5.5)

1.0
> 0.8
c
Q0
L 0.6
= \
[0}
\
8 N
> 0.4 \\
= lon charge \
3] — Z1=1 \\
< 029 ... 1Z1=2 N
1 -=—-12Z21=3 S~
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107 1078 1072 107"

lonic strength (M)

Fig. 5.1 Activity coefficients y; according to the Davies
equation [Eq. (5.5)] for mono-, di- and trivalent anions
and cations (|Z| = 1, 2, 3) as a function of the ionic
strength of the solution

5.3.2 Solution Speciation

5.3.2.1 Dissolved Complexes
and lon Pairs

Let us consider the trace element copper (Cu),
which is mainly present in its +2 oxidation state in
well-aerated soils. Under acidic conditions and in
the absence of ligands, dissolved Cu(Il) is mainly
found as a hexaquo complex (Cu(Hzo)?), ie.
Cu?" is surrounded by six water molecules in the
first hydration shell. This species is also called
free Cu”* species. With rising pH values, a con-
tinuously increasing fraction of the dissolved Cu®*
is subject to hydrolysis, i.e. water molecules in the
first hydration shell deprotonate according to:

Cu(H,0)" = Cu(H,0);OH" + H"

log K| = —7.497 (5.6)

Cu(H,0);0H" = Cu(H,0),0H) + H"

logK, = —8.733 (5.7)

This leads to the formation of the two first
hydroxo species, written as CuOH" and Cu(OH))
without the water molecules. Other hydroxo
species include Cu(OH)3, Cu(OH)7 ", and the
polynuclear species Cu,(OH)3" and Cus(OH);".
However, the fractions of these species contrib-
uting to total dissolved Cu(Il) are generally low.
Nonetheless, species that are only present in
small fractions can still be of great ecological
significance, e.g. if they are highly toxic for
organisms. A well-known example is the poly-
valent Al cation, [Al;304(0H)(H20)12]™,
which is considered to be extremely toxic to
plant roots.

Similarly, many other metal cations also form
hydroxo species in water, whereby the log K;
values decrease in the sequence Hg?* > Cr’* >
AP*>Cu* >Pb** > Zn*" > Co™ > Ni*" > Cd** >
Mn>* (a smaller log K; value means that the first
hydroxo species will become significant at higher
pH values).

Metal cations can also form complexes or ions
pairs with other ligands, which results in a mul-
titude of possible metal species (e.g. CuCl",
CuSO0Y, CuHPOY, Cu-citrate” and Cu-oxalate®).
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Important inorganic ligands in soil solutions
include F, CI", SO, NO;~, PO,>", and
HCO; . Organic ligands include low-molecular
weight carboxylic acids (e.g. citric, oxalic, ma-
lonic acid) that are excreted by plant roots and
microorganisms, but also higher-molecular
weight fulvic and humic acids and other poly-
meric organic molecules. Many ligands are
Bronsted acids (or their anions), and can thus
donate (or accept) protons. Their speciation and
reactivity in terms of metal complexation there-
fore change with pH. For example, orthophos-
phate (PO,””, fully deprotonated anion of
phosphoric acid H3;PO,) is mainly found as
H,PO;™ in acidic soils, while HPO,>~ dominates
in weakly acidic to neutral soils.

Depending on the metal cation and the ligand,
different types of complexes can be formed. In
outer-sphere complexes (also called ion pairs),
the metal cation retains its complete first hydra-
tion shell (Fig. 5.2, left). The ligand remains
outside of the metal’s hydration shell and the

Outer-sphere complex Inner-sphere complex
(a)

° © ©
Hydration

(b) ﬁz(N/ shell \ﬂ_'

(c) OH, OH,
Hgo\cl:UZ{Ochr Hzo\'|AIS _OH;
H,0” | NOH, Ho” | VE-

OH, OH,

Fig. 5.2 Outer-sphere and inner-sphere complexes:
a schematically, b as a polyhedral model, ¢ example of
CuClI" as an outer-sphere and AIF** as an inner-sphere
complex. In the outer-sphere CuCl* complex, the Cu?**
cation is coordinated with six water molecules. The CI™
anion is electrostatically attracted, but does not penetrate
the first coordination shell. In the inner-sphere AIF**
complex, the ligand F~ is in the first coordination shell
surrounding the AI** cation

ions in the complex are held together by elec-
trostatic attractive forces. Several examples of
ion pairs in soil solutions are CuCl*, NaHCOO,
CaCO0§, CaHCO5*, MgSO0Y, and CaSO}.

In contrast, if the ligand penetrates the first
coordination shell surrounding the metal, it forms
an inner-sphere complex (Fig. 5.2, right). The
bond can have ionic or covalent character.
Inner-sphere complexes are generally more sta-
ble than outer-sphere complexes. Several exam-
ples for inorganic inner-sphere complexes in soil
solutions are AIF**, AIF," and AISO,*. Table 5.4
provides several other examples for important
species of dissolved metals in soil solutions.

Another factor influencing the stability of
dissolved complexes is the number of bonds
between a metal cation and a ligand. This is
called the denticity of a complex. Monodentate
complexes only have one bond from the ligand to
the metal cation. In contrast, if the ligand is
doubly-coordinated with the metal cation, it is
called a bidentate complex (Fig. 5.3). Several
ligands are capable of multiple coordination with
a metal cation (polydentate complexes). Organic

OH,  CHs

2o\é Ot \

0" | oo
OH,

Monodentate (Cu-acetate*)
OH,
2O\C|Ju21 O\
edhid
OH,

Bidentate (Cu-carbonate)

C—

// CH,COOH

Tridentate (Cu-citrate ™)

Fig. 5.3 Examples for monodentate complexes, biden-
tate complexes, and chelate complexes in solution (after
Essington 2004)
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ligands, which are capable of bidentate or poly-
dentate coordination with a metal, are also called
chelating agents, and accordingly, their com-
plexes are called chelate complexes (Greek
chele = claw). Bidentate or polydentate com-
plexes are generally more stable than corre-
sponding monodentate complexes. CO5>~ und
SO, are two inorganic ligands capable of
forming both monodentate and bidentate com-
plexes. Examples of chelating agents found in
soil solutions are oxalate (bidentate), salicylate
(bidentate), and citrate (tridentate).

5.3.2.2 Mass Action Law

and Stability Constants
The formation of a dissolved complex can be
described using the following general reaction
equation:

aM™" + bL"™ = M,L! (5.8)
where M™ is the metal cation with a positive
charge m, L" is the ligand with a negative
charge n, a and b are the stoichiometric coeffi-
cients and ¢ is the charge of the complex
(g = am — bn). At chemical equilibrium, the

following equation applies”:

KO _ {MaLg }

My )

where K° is the thermodynamic stability con-
stant of the complex M,L!. Using the activity
coefficient, the thermodynamic stability constant
can be converted into a conditional stability
constant K°, which is expressed in terms of
concentrations and thus only applies at a given
ionic strength 1.

K b
(ML)

(5.10)
YM,L,

The activity coefficients y; can be calculated
using the extended DEBYE-HUCKEL or the DAVIES
Equation [Egs. (5.4) and (5.5)].

4Activities are represented here with curly brackets {...}
and concentrations with square brackets [...].

5.3.2.3 Mass Balance Equations

In addition to the reaction equations and the
corresponding stability constants, a speciation
calculation must also take account of the mass
balances for all involved components. For the
metal M and the ligand L, the mass balance
equations are:

My = [M™ ] +a[M,L}] + -+ (5.11)

Ly = [L" ]+ b[ML{] + - - (5.12)

where Mt and Lt are the total concentrations of
the metal and ligand, respectively, and all rele-
vant complexes must be accounted for in the sum
as shown for the species M,Lg.

5.3.2.4 Computer Programs

for Chemical Speciation

Calculations
Numerous computer programs are available for
chemical speciation calculations in aqueous
geochemical systems. Several of these programs
are available as freeware (e.g. Visual-MINTEQ,
MINTEQA?2, PHREEQC), while others require a
license (e.g. ECOSAT, MINEQL+, The Geo-
chemists Workbench). Most speciation programs
can couple solution speciation calculations with
mineral dissolution/precipitation, partitioning of
gases, adsorption/desorption, as well as redox
reactions, and are thus suited for the calculation
of thermodynamic equilibria in complex geo-
chemical systems such as soils. However, only
some programs can take reaction kinetics and
reaction pathways into account (e.g. PHREEQC,
The Geochemists Workbench).

5.4  Solubility and Dissolution

Kinetics

The soil solution is in direct contact with the
surfaces of soil minerals and the solid organic
matter. Dissolution and precipitation reactions, in
addition to many other reactions, take place at
these water-solid interfaces. Such reactions lead
to e.g. the precipitation or dissolution of salts,
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gypsum, or carbonates. They also play an
important role in the bioavailability of nutrients
and potentially toxic trace elements in the soil.
Surface reactions also have a significant effect on
the weathering of primary silicates and the for-
mation of secondary minerals (oxides, clay
minerals).

The formation and dissolution (or chemical
weathering) of various minerals in the soil
depend on the activities of the dissolved ions in
the soil solution, as well as on the thermody-
namic stability of all the minerals involved
(mineral solubility). The kinetics of the indi-
vidual reactions determines the temporal course
of these processes. Even minerals that are com-
monly considered to be “insoluble” are soluble to
a certain degree in water, and can weather over
long time periods in the soil (the term “sparingly
soluble” is therefore preferred).

5.4.1 Solubility Constant, lon
Activity Product,

and Saturation Index

The solubility or thermodynamic stability of
minerals can be expressed using a solubility
constant. Consider the following general disso-
lution reaction for a mineral with the sum for-
mula M,L,(OH).:

M,Ly,(OH),(s) + ¢cH" (aq)
— aM™ (aq) + bL" (aq) + cH,O(l)

(5.13)

where (s) designates a solid phase, (ag) an
aqueous species, and (/) the solvent, and the
electroneutrality must be fulfilled by the condi-
tion am — bn — ¢ = 0. As already introduced in
Sect. 5.3.2, M™ is a metal cation with positive
charge m and L" is a ligand with negative
charge n. At chemical equilibrium, the following
equation applies:

o)
iss {MaLb (OH)C }H{H+}c

(5.14)

where K¢ 1S the solubility constant of the
mineral. The solubility constants of minerals can
be calculated from the free enthalpies (Gibbs
energy) of the individual components. Such
thermodynamic constants represent the basis for
long-term stability predictions of minerals in
soils and the calculation of ion concentrations in
equilibrium with mineral phases.

For pure phases (mineral, water, gas), the
activities under standard conditions (T =25 °C or
298 K and p = 1013 hPa) are equal to unity. This
value can also be used as an approximation for
the activity of H,O in dilute aqueous soil solu-
tions and for most mineral phases in the soil.
Under this assumption, the solubility constant
reduces to the solubility product constant Kgp:

MLy

K =
Sp {H+}c

(at chemical equilibrium)
(5.15)

Table 5.5 lists the solubility product constants for
selected minerals that are commonly found in
soils.

The term on the right hand side of Eq. (5.15)
also corresponds to the ion activity product
(IAP) of a solution with respect to the specific
mineral. The ratio between the actual JAP of an
aqueous solution and the constant Kgp of the
mineral is used to calculate the saturation index
SI of the solution with respect to the mineral:

IAP
SI = log (—)
Ksp

(5.16)

The saturation index indicates whether a solution
is over-saturated (S/ > 0), under-saturated
(S < 0), or at chemical equilibrium (SI = 0)
with the mineral phase.

5.4.2 Stability Diagrams

The solubility of different minerals can be repre-
sented graphically in stability diagrams (Sect. 2.
4.4). Such diagrams show which minerals can
dissolve or form under specified conditions. Let
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Table 5.5 Solubility product constants (log Ksp) for selected minerals with the corresponding ion activity products

(IAP) (based on Robarge 1999 and Visual-MINTEQ database)

Mineral Molecular formula
Carbonates

Calcite CaCOs

Dolomite CaMg(COs3),
Siderite FeCO;

Sulfates

Gypsum CaSO,4-2H,0
Jarosite KFe3(S04),(0OH)g
Phosphates

Variscite AIPO,4-2H,0O
Strengite FePO,-2H,0
Octacalcium phosphate CasH(PO,)5-3H,0
Hydroxyapatite Cas(POy4);(OH)
Oxides

Quartz 0-Si0,

SiOy(am) SiO,

Gibbsite y-Al(OH)3
Al(OH)3(am) Al(OH)3
Fe(OH);(am) Fe(OH);3

Hematite o-Fe,03

Goethite a-FeOOH
Silicates

Forsterite Mg,SiO4
Anorthite CaAl,Si,Og
Albite NaAlSiz;Og
Microcline KAISi;Og
Muscovite K(AlL)(AlSi3)O0;((OH),
Kaolinite Al,Si,O5(OH),

IAP log Ksp
{Ca®*}{CO5*"} —8.48
{Ca®" }{Mg**}{CO5>"}? -17.09
{Fe**}{CO5*"} -10.24
{Ca®*} (S0} —4.61
{K*}{Fe**)13{S0,2 12 {H*) —-14.80
{APT}{PO,} -21.8

{Fe*"}{PO,’"} -26.4

{Ca® Y H'}{POS ) —47.08
{Ca®* )P {POS TP (HY) ! —44.33
{H,Si09} —4.00
{H4Si0$} —2.74
(AP} {H') 3 8.29
(AP} (HT} 3 10.80
{Fe* H{H} 3.19
{Fe* HH} -0.71
(Fe**}{H'} 3 0.49
{Mg*"}{H,Si0f} {H*} 28.29
{Ca®*} {APP )2 (H,Si04} > (HY) 8 26.10
{Na*} {AI**} {H,Si09) {H*} 3.67
(KT AP} {H,Si09)* (H} 0.61
(K AP P{H,SI09} (H) 10 13.44
{AP*)2{H,Si09)2{H"} ° 5.45

The activity of HO was assumed to equal unity (dilute aqueous solutions). Amorphous to weakly-crystalline phases are
identified as (am); here, Fe(OH);(am) represents ferrihydrite, which is also often written as 5Fe;O03-9H,0

us consider a lead-contaminated soil as an
example and ask the following questions: Which
of the possible Pb solid phases could control the
activity of Pb>* in the soil solution? Would the
addition of phosphate lead to a reduction in the
solubility of Pb®*? Relevant minerals in this
system are e.g. alamosite [PbSiO;], lead
hydroxide [Pb(OH),], cerussite [PbCOj3], hy-
droxypyromorphite [Pbs(PO4)3(OH)], hydroxy-
apatite [Cas(PO,4);(OH)], and brushite

[CaHPO4-2H,0]. Assuming that the soil is cal-
careous (calcite) and the relative partial pressure
of CO; in the soil air, Pco,, is 0.0038 (i.e. 10-fold
higher than in the atmosphere), the solution
equilibrium of calcite (at 25 °C) controls the
activities of dissolved Ca**, CO5* and H* ions
({Ca®*} = 8.8 x 107% {CO5>7} =3.76 x 10°¢;
pH 7.57). Assuming further that the activity of
dissolved silicic acid is controlled by the solu-
bility of amorphous silica  [SiOy(am)]
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({H4Si0%(aq)} = 1.82 x 1073), the dissolution
reactions with the corresponding solubility prod-
uct constants for the considered minerals can be
written as (after Essington 2004):

PbSiO;(s) + 2H" + H,0 — Pb*" + H,Si0)
log Ksp = 5.94 (5.17)

Pb(OH),(s) + 2H" — Pb*" 4 2H,0
log Ksp = —8.15 (5.18)
PbCO;(s) — Pb>" + CO3~
log Ksp = —13.13 (5.19)

Pb; (PO4)3(OH) (S) +4H"
— 5Pb*" 4+ 3HPO; + H,O
log Ksp = —25.67 (5.20)

Cas(POy);(OH)(s) + 4H™
— 5Ca’" + 3HPO™ + H,0
log Ksp = —7.21 (5.21)

CaHPO, - 2H,0(s) — Ca*" + HPO; ™ + 2H,0

log Ksp = —6.62 (5.22)

The following relationships can be derived from
the respective equations for the solubility product
constants:

For alamosite:

log{Pb*" } = log Ksp — log{H,SiO}} — 2pH

(5.23)
For lead hydroxide:
log{Pb*"} = log Ksp — 2pH (5.24)
For cerussite:
log{Pb*"} = logKsp — log{CO;"} (5.25)

For hydroxypyromorphite:

log{Pb*"} = %log Ksp — %log{HPOZ’}
4
(5.26)

For hydroxyapatite:

log{HPO; } = %log Ksp — glog{Ca”}
4
(527)

For brushite:
log{HPO; ™ } = log Ksp — log{Ca*"} (5.28)

By inserting the values for Kgp and the given
activities of Ca**, CO5>", H,SiOY, and H* (pH
value), the stability diagram shown in Fig. 5.4 is
obtained. A soil solution can be represented as a
point in the diagram according to its activities of
HPO,>~ and Pb**. If the point is located to the

{ PbSIO,
- Pb(OH),
7o _____ _PoOH)]
o) :
o : PbCO;
= : :
= : B
2 o] 5
[ N
%: S
<1 S 2%
S: 7= 8
_1 0 T T - T T T T - T
40 -9 -8 -7 6 -5 -4 -3 -2

log {HPO/}

Fig. 5.4 Stability diagram for phosphate and lead solid
phases at equilibrium with calcite, SiO,(am) and
Pco, = 0.0038. Examples: (A) The solution is over-
saturated with respect to cerussite (CaCOs3), but under-
saturated with respect to all other solid phases. (B) The
solution is over-saturated with respect to hydroxyapatite
and hydroxypyromorphite, but under-saturated with
respect to brushite, cerussite, lead hydroxide (Pb(OH),)
and alamosite (PbSi03). (C) The solution is over-saturated
with respect to hydroxyapatite (CaCOs;), but under-
saturated with respect to all other solid phases
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left or below the stability line of a particular
mineral, the solution is under-saturated with
respect to this solid phase (SI < 0). If the point
is located to the right or above the line, the
solution is over-saturated (SI > 0). Points located
on the line itself indicate that the solution is in
equilibrium with respect to the solubility of the
respective mineral (SI = 0).

The following information can be concluded
from Fig. 5.4: When the activity of HPO,>™ in the
soil solution is low ({HPO,*"} < 107%), the
activity of Pb** in solution may be controlled by
the solubility of cerussite (if present). The
maximum  possible activity of Pb>* s
1.97 x 1078; above this value, cerussite would
precipitate until equilibrium with cerussite is
reached. Alamosite and lead hydroxide are not
the most stable phases. If they are present, they
would dissolve and the released Pb** would
precipitate as cerussite. Soil fertilization with
brushite could increase the activity of HPO,*™ in
the soil solution up to a maximum of 2.73 x 10™*,
This reduces the solubility of lead, because
hydroxypyromorphite is now the most stable
lead solid phase. Cerussite would dissolve under
formation of hydroxypyromorphite, and the
activity of Pb>* in the soil solution would drop to
a minimum of 9.88 x 107'°.

The above-mentioned effects can be used in
practice to immobilize lead in contaminated soils.
However, the mineral transformation kinetics
under soil conditions is slow, so that a significant
reduction in the solubility of lead is often observed
only years after the application of phosphate
fertilizer.

5.4.3 Dissolution
and Precipitation Kinetics

The Kinetics, i.e. the rates at which minerals
dissolve and precipitate, vary greatly with min-
eral type and strongly depend on environmental
conditions in the soil (e.g. temperature, pH value,
complexing ligands, dissolved ions). Because
soils are open systems, chemical equilibria, pro-
vided that they are even ever reached, are fre-
quently disturbed by fluxes of matter and energy.

For example, chemical weathering and soil for-
mation under humid climate conditions are dri-
ven by frequent rainfall and leaching of
dissolution products, because thereby the soil
solution remains under-saturated with respect to
the primary silicates.

Many silicates dissolve fastest under strongly
acidic or strongly alkaline conditions (Fig. 2.26).
Weathering under the influence of protons is due
to proton-promoted dissolution. The weathering
rates of silicates in soils increase after complete
leaching of carbonates and the onset of soil
acidification, because the rate of proton-
promoted dissolution generally increases with
decreasing pH.

In addition to protons, organic ligands can
also accelerate the weathering of minerals, which
is due to ligand-promoted dissolution (Fig. 5.5,
Sect. 2.4.3). Many organisms (higher plants,
bacteria, fungi) make use of this effect to mobi-
lize nutrients by excreting complexing ligands
that attack the mineral structures. An example is
the excretion of siderophores and/or organic
acids by fungi, bacteria, and plant roots. These
organic ligands form surface complexes at min-
eral surfaces and accelerate the dissolution of
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Fig. 5.5 Dissolution rate Ry of 5-Al,O5 depending on
the adsorbed concentration Cy of different organic ligands
on the surface. The dissolution rate increases proportional
to the adsorbed concentration of a ligand. The effect of the
ligands on the dissolution rate increases in the sequence
benzoate, phthalate, malonate, oxalate, salicylate (after
Furrer and Stumm 1986)


http://dx.doi.org/10.1007/978-3-642-30942-7_2
http://dx.doi.org/10.1007/978-3-642-30942-7_2

136

5 Chemical Properties and Processes

minerals by extracting metal ions from the crystal
lattice. Siderophores are extremely strong com-
plexing ligands for Fe(Ill). The formation of
complexes with dissolved Fe(Ill) leads to a
strong reduction in the activity of dissolved Fe**
ions, and thus also increases the dissolution rates
of iron minerals.

The chemical weathering of primary silicates
can be irreversible in soils, because most primary
minerals are only formed at elevated pressure
and/or temperature. Even if the soil solution were
strongly oversaturated with respect to these
minerals, other secondary minerals would pre-
cipitate first. Thermodynamic calculations alone
are therefore not sufficient to determine which
minerals are formed. Besides their thermody-
namic stability, it also depends on how fast the
different possible minerals are formed, i.e., on the
kinetics of crystal growth processes. Amorphous
or poorly-crystalline phases often form rapidly
and are therefore the first weathering products.
However, they can then slowly dissolve or
recrystallize under formation of other, more sta-
ble phases. The precipitation of iron hydroxides
is an important example. If the weathering of
silicates liberates Fe(Il) and it is oxidized to Fe
(II) by O,, it initially forms a poorly-crystalline
iron hydroxide (ferrihydrite, 5 Fe,O5-9 H,0).
However, ferrihydrite is not the most stable
phase thermodynamically, and it can therefore
slowly dissolve again under formation of goe-
thite (0-FeOOH) or hematite (a-Fe,O3),
depending on the soil conditions (Fig. 2.20). For
this reason, kinetics plays a very important role
in many chemical processes in soils involving
dissolution or precipitation processes.

5.5 Sorption

Adsorption and desorption of substances are
among the most important processes taking place
at interfaces between solid, gas, and solution
phases in soils. Adsorption and desorption are
defined as the enrichment and release of dis-
solved or gaseous ions or molecules at the sur-
faces of solids. The solid phase involved is called

sorbent and the adsorbing substance is the sor-
bate. Not only dissolved ions, but also
uncharged inorganic species and molecules (e.g.
organic compounds, water) can be adsorbed on
surfaces.

The nature of the interaction forces between
the sorbate and the surface of the sorbent can vary
(Fig. 5.6). Charged ions can be attracted to
oppositely charged surfaces by electrostatic for-
ces. This type of interaction is relatively weak,
and the kinetics of such adsorption and desorption
processes are fast. For this reason, ions adsorbed
solely by electrostatic forces can be easily
replaced by other dissolved ions; they are called
exchangeable ions and the process is called ion
exchange. Stronger bonds with the surface arise
when a sorbate forms coordinative bonds with
reactive surface functional groups. This process is
also called specific adsorption or chemisorp-
tion. The adsorption and desorption kinetics are
then often much slower, especially desorption.
Organic molecules can also be adsorbed onto
mineral surfaces and organic matter through the
formation of hydrogen bonds or through hydro-
phobic interactions (Sect. 10.3.3).

The adsorption of some metal ions onto
mineral surfaces can lead to the formation of
polymeric sorbate species and even promote the
precipitation of a new solid phase on the surface
(surface precipitation). Inversely, desorption
can be considered an important partial step of the
dissolution of solid phases. The boundaries
between ion exchange, specific adsorption, and
surface precipitation in soils are gradual, and the
processes can often only be differentiated using
spectroscopic methods.” For this reason, the term
sorption is often used as an umbrella term for
adsorption and surface precipitation.

>One of the most important spectroscopic methods in this
context is extended X-ray absorption fine structure
spectroscopy (EXAFS), which requires the use of
synchrotron X-ray radiation (extremely brilliant, mono-
chromatic radiation).
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Fig. 5.6 Sorption of ions
(sorbate) on a mineral
surface (sorbent)
(schematic). The mobility
and bioavailability decrease
with increasing bonding
strength (from top to
bottom)

Reactive Surfaces
and Surface Charge

5.5.1

The capacity of a soil to adsorb dissolved or
gaseous substances significantly depends on the
type (charge density, reactivity, hydrophobicity)
and size (area, roughness) of its surfaces
(solid-water and solid-gas interfaces). In moist to
wet soils, interfaces between solid and gaseous
phases play a secondary role, because the
hydrophilic surfaces of soil minerals are covered
at least by a film of water. Processes at the
mineral-water interface play the larger role,
except under very dry soil conditions.

5.5.1.1 Specific Surface Area

The size of the surface area per unit mass of a
solid substance is referred to as specific surface
area (in m* g ').° It depends on the size, shape,

5The specific surface area is usually determined using the
N,-BET method. This is accomplished by measuring an
adsorption isotherm for N,-gas at -196 °C, and using the

Hydration shell
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Outer-sphere complex
Inner-sphere complex
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Inner-sphere complex on vacancy site

lon
J Dissolved hydrated ion
lon in the diffuse layer

Exchangeable

Decreasing mobility and bioavailability

and surface roughness of the particles. Small
platy particles have a much greater specific sur-
face area than large spherical particles of the
same density. For this reason, the particle size
distribution (especially the clay content) of a soil
has a significant effect on its specific surface area.
The specific surface area of the sand fraction is
less than 0.1 m? g~ ', while the silt fraction typ-
ically has 0.1-1 m? g ', and the clay fraction has
5-500 m? g~ specific surface area. Thus, in a
clay loam soil with equal weight fractions of
clay, silt, and sand, the clay fraction accounts for
approximately 99 % of the soil’s total specific
surface area. The clay fraction, consisting mainly
of secondary layer silicates and smaller fractions
of secondary oxides and oxyhydroxides of Fe,

(Footnote 6 continued)

data to calculate the specific surface area. However, the
N,-BET method does not detect internal surface area of
swelling clays and humic substances. These can be esti-
mated from the adsorption of polar molecules (e.g.
EGME, ethylene glycol methyl ether).
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Al, and Mn, is therefore the most important size
fraction as a sorbent for dissolved and gaseous
substances.

The specific surface areas of soils vary greatly
(between 1 and 500 m? g_l), and in addition to
soil texture, also depend on the clay mineralogy
and the organic matter content. Among the clay
minerals, smectite and vermiculite have the
largest specific surface area with 600—
800 m” g~ '. Most of this surface area (up to 80—
90 %), however, is located in the interlayers of
these swelling 2:1-type phyllosilicates (Sect. 2.2.
4.5) and is called internal surface area. In
contrast to the external surface area, it is largely
independent of the particle size. However, only
ions and molecules that are capable of penetrat-
ing the interlayers of clay minerals (e.g. water,
hydrated ions, polar organic molecules in smec-
tites) can be adsorbed onto these surfaces. In
contrast, the interlayers of illites are mostly
non-swelling, and are therefore not accessible to
water and dissolved substances. For this reason,
illites mainly have external surface area and have
a much lower specific surface area (50—
200 m* g~ ') than swelling clays. More than 70 %
of the external surface area of phyllosilicates is
found on the basal surfaces, and only up to 30 %
at the edges of the platy clay particles. The same
is also true for kaolinites, which typically have
specific surface areas between 10 and
150 m* g~', depending on the particle size.

Allophanes and imogolites, which are mainly
found in young soils with volcanic ashes, have
exceptionally high specific surface areas (700—
1100 m? g '). These nano-crystalline minerals
are responsible for the strong fixation of phos-
phate in soils developed from volcanic ashes.
Poorly crystalline iron hydroxides (e.g. ferrihy-
drite) also have a very high specific surface area
(200-600 m* g~'), because the primary particles
are only a few nm in size. These primary nano-
particles form microporous aggregates, so that a
large fraction of the total surface area is only
accessible by diffusion through micropores.
More crystalline iron oxides, such as goethite and
hematite, have much lower specific surface areas
(50-150 m’ g_l) and a greater fraction of the
total surface is freely accessible for solutes. The

specific surface area of humic substances is
estimated at 800-1200 m® g~!, whereby the
measured values also depend on the method
used.

5.5.1.2 Significance of Surface
Charge

The surfaces of minerals and organic substances
in contact with aqueous solutions almost always
carry negative or positive electrical charges. The
sum of these charges is called (net) surface
charge. It is always balanced by the charges of
ions that are adsorbed directly to the surface or
reside in a diffuse layer surrounding the surface
(Fig. 5.6). This solid-liquid interface, including
the adsorbed ions and the diffuse layer, is called
the electrical double layer.

The surface charge of colloidal particles in the
clay fraction is of great significance for chemical
and physical processes in soils. Especially the
adsorption of water, ions, and organic molecules
is strongly affected by the surface charge. The
adsorption of water and ions, in turn, determines
the swelling behavior of the clay minerals (par-
ticularly in smectites), and thus the physical
properties of clayey soils. The stability of soil
aggregates, transport of clay particles, and col-
loidal transport of contaminants also strongly
depend on the surface charge of the soil colloids
(Sect. 6.2.1).

Surface charge can arise through two principal
mechanisms: (a) Isomorphic substitution in the
crystal lattice of minerals, resulting in structural,
pH-independent surface charge (permanent
charge, mostly negative), and (b) Protonation or
deprotonation of reactive surface hydroxyl
groups, resulting in pH-dependent surface charge
(variable charge, negative or positive). These
two types of surface charge will be explained in
the following sections.

5.5.1.3 Permanent Surface Charge

Permanent negative surface charge is mainly
found in primary and secondary 2:1 layer silicates
(e.g. micas, illites, vermiculites, smectites). The
1:1 layer silicates (e.g. kaolinites, halloysites,
serpentines) have no or only very low permanent
charge. Negative permanent surface charge arises
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through isomorphic substitution of higher
valence by lower valence metal cations in tetra-
hedral or octahedral positions (Sect. 2.2.2). For
example, tetrahedral positions can be partly filled
with trivalent cations such as AI** (or Fe’™)
instead of Si**, or octahedral positions in
di-octahedral sheets can be filled with divalent
cations like Mg®* or Fe** instead of Al'.
Because the number and arrangement of oxygen
atoms in the crystal lattice remains unchanged, a
negative excess charge arises. This structural
charge is compensated by cations in the inter-
layers and at the external basal surfaces of layer
silicates. In micas and illites, the structural charge
in the interlayers is compensated solely by non-
hydrated K* ions, which are non-exchangeable.
In vermiculites and smectites, in contrast, the
interlayer cations can be exchanged by other
(hydrated) cations. Thus, the total structural
charge contributes to the cation exchange capac-
ity of these minerals. In primary and secondary
chlorites, the negative structural charge of the 2:1
layers is compensated by the positive charge of
additional octahedral sheets in the interlayers
(Fig. 2.7).

5.5.1.4 Variable Surface Charge
and Point of Zero Charge

Many minerals have hydroxyl (—OH) groups at
their surfaces, which can accept or donate
protons (and thus positive charges). These
include especially the oxides and hydroxides of
Fe, Al, Ti, Si, and Mn, but also the edges of
clay minerals, which also possess reactive
surface hydroxyl groups. At low pH values
(i.e. high H activity in solution), the surfaces
are more strongly positively charged due to
protonation of surface functional groups. In
contrast, the surface becomes more negatively
charged at high pH values (i.e. low H" activity
in the solution), when more surface functional
groups are deprotonated. In addition to pH,
protonation and thus the surface charge are also
influenced by the ionic strength of the solution.
This type of charge is therefore called variable
charge. Variable charges are compensated for

by specifically or nonspecifically adsorbed
cations or anions (see ion exchange and surface
complexation).

The protonation of surface hydroxyl groups
that are only coordinated with one metal cation
(Me) in the crystal structure can be schematically
written as:

= MeOH’™ + H" —= MeOHJ*"  (5.29)

where =Me represents a trivalent metal center (e.g.
AI**, Fe*™) in octahedral coordination with six
oxygen atoms (including the surface OH group).
The OH group at the surface can be assigned a
nominal partial charge of —0.5. Through proton-
ation, the partial charge increases to +0.5 and the
OH group turns into a water molecule (Lewis
acid). This water molecule can be substituted by
other specifically adsorbing ligands, such as
phosphate (see surface complexation).
Analogously, the protonation of surface
groups that are coordinated with three metal
atoms of the crystal lattice can be written as:

(= Me);,0°°" + H" — (= Me),0H*"
(5.30)

This also results in a nominal charge of —0.5 or
+0.5, depending on the protonation of the
group.  Doubly-coordinated = OH  groups
[(Me)onO] are thought to be less reactive in the
pH range found in soils, and hardly contribute to
the variable charge of oxide surfaces.

Although the surface hydroxyl groups of
oxides may exhibit different protonation con-
stants (pK,), the two above-mentioned proton-
ation reactions (Egs. 5.29 and 5.30) are often
represented by a single equation:

=SOH™" + H' = SOHY*"  (5.31)

where =SOH is a general term representing a
reactive surface hydroxyl group. The pH value at
which the surfaces of a mineral carry an equal
amount of positive and negative charges, i.e.
have a net-charge of zero, is called point of zero
charge (pHpzc).
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5.5.1.5 Surface Charge

of Individual Soil

Components
Layer silicates in the clay fraction (clay minerals)
carry permanent negative charge on their basal
surfaces, caused by isomorphic substitution in
the crystal lattice. The charge density (C m > or
mol. m %) of different clay minerals varies
strongly: It decreases in the sequence il-
lites ~ vermiculites > smectites > kaolinites,
halloysites. Kaolinites and halloysites have no
(or very little) permanent negative charge.

In addition to the permanent negative charge
on basal surfaces, clay minerals also exhibit some
variable charge at the edge surfaces, which pos-
sess reactive surface hydroxyl groups. In 2:1 layer
silicates, silanol groups (Si-OH) dominate at the
edges with a low point of zero charge (pHpzc)
(Table 5.6). For this reason, in the pH range found
in soils, these surfaces are predominantly nega-
tively charged. In kaolinites, aluminol groups
(Al-OH) play a more prominent role and the
point of zero charge of the edge surfaces is
therefore higher (pHpzc ~ 4.8). Thus, in strongly
acidic soils, the edge surfaces of kaolinite are
positively charged and act as an anion exchanger.

Iron and aluminum oxides occurring in soils
exhibit only variable charge with a high point of

Table 5.6 Points of zero charge (pHpzc) of several soil
minerals in the absence of CO, and specifically adsorbing
cations and anions

Mineral Point of zero charge (pHpzc)
Oxides

Ferrihydrite 8.5-9.5
Goethite 8.5-9.5
Hematite 8.5-9.5
Gibbsite 8.5-9.5
Rutile and anatase 5.0-6.0
Birnessite 3.0-4.0
Silicates

Allophane 8.0-9.0
Kaolinite 4.0-5.0
Illite, smectite 2.0-3.0
Feldspar 2.0-3.0
Quartz 2.0-3.0
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Fig. 5.7 Acid-base titrations of pure hematite (a-Fe,O3)
(Christl and Kretzschmar 1999) and of humic acid
isolated from an organic surface horizon (Christl et al.
2000) at different ionic strengths. For hematite, the
titration curves intersect at the point of zero charge at
pH 9.3. Below this, the surface charge is positive. For
humic acid, there is no common intersection point and the
charge is negative over the entire pH range

zero charge, typically between pH 8.5 and 9.5
(Table 5.6; Fig. 5.7). These oxide surfaces are
therefore positively charged in acidic soils, while
their surface charge is very low in neutral to
weakly alkaline soils. Especially in acidic soils,
oxides act as anion exchangers. Allophanes and
imogolites also carry only variable charge, with a
point of zero charge in the alkaline pH range
(pHpzc ~ 8.5). Under acidic conditions, allo-
phanes and imogolites are therefore predomi-
nantly positively charged and act as anion
exchangers.

Humic substances have variable charges,
mainly originating from the deprotonation of
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carboxyl (-COOH) and phenolic OH groups.
These groups are Breonsted acids of varying
strength, i.e. they can each donate one proton and
then carry a negative charge (e.g. R-COOH —
R-COO™ + H"). The pK, values of carboxylic
acids are in the strongly to weakly acidic pH
range, while phenols only donate a proton in the
neutral to alkaline range. Carboxyl groups there-
fore contribute most to the negative charge of
humic substances. In addition to these acid
groups, humic substances also have base groups
that can accept protons and are then positively
charged (e.g. amino groups, “NHj3). However, the
concentrations of such groups are much lower
than those of acid groups, so that the net charge of
humic substances is always negative (Fig. 5.7).
The points of zero charge given in Table 5.6
apply for pure mineral phases in contact with

aqueous solutions in the absence of specifically
adsorbing anions or cations. In comparison, the
points of zero charge of iron and aluminum
oxides in soils can be considerably lowered by
the specific adsorption of anions, e.g. HCO; ,
HPO,>", and organic acids (including fulvic and
humic acids).

5.5.1.6 Surface Charge in Soils

Based on the charging properties of different soil
components, the surface charge of soils depends
on its solid phase composition (e.g. clay miner-
als, oxides, organic matter), the pH value, and the
concentrations of specifically adsorbing anions,
cations, and organic matter. Figure 5.8 shows
several examples for the positive and negative
surface charge in soils, determined from cation
and anion adsorption as a function of pH.
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Fig. 5.8 Positive and negative surface charge in soils
differing in clay mineralogy and organic matter content,
determined from non-specific anion and cation adsorp-
tion. a Acrisol developed from graywacke, New Zealand,
subsoil with similar proportions of 2:1 and 1:1 clay
minerals and b Andosol developed from rhyolite, New

pH
Zealand, subsoil with 100 % allophane (after Fieldes and
Schofield 1960). ¢ Ferralsol developed from basalt,
Brazil, with ~90 % gibbsite, goethite and hematite and
~10 % kaolinite, A horizon with 2.5 % C,, and
d corresponding B horizon with 0.7 % C,,, (after van Raij
and Peech 1972)
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The net charge of weakly to moderately
weathered soils (Fig. 5.8, e.g. Acrisol) is negative
across the entire pH range, because these soils
still contain considerable amounts of 2:1 layer
silicates with negative permanent surface charge.
Additionally, organic matter carrying negative
variable charge can significantly contribute to the
cation exchange capacity (CEC, Sect. 5.5.2.1),
especially in topsoils. Even under acidic condi-
tions, the positive surface charge on oxide sur-
faces is comparably low, so that the anion
exchange capacity (AEC) of these soils is always
much lower than the CEC. In topsoils, the posi-
tive charge on oxide surfaces is further dimin-
ished or even reversed by specifically adsorbed
organic substances or phosphate.

In contrast, mainly Fe and Al oxides and the
clay mineral kaolinite dominate the clay fraction
of highly weathered tropical soils (Fig. 5.8, e.g.
Ferralsol). The organic matter content is partic-
ularly low in the subsoil (B horizon). Especially
under acidic conditions, these soils have more
positive than negative surface charge and can
store more anions than cations through ion
exchange. The CEC of these soils is very low
(<10 cmol. kg™"), because kaolinite does not
have much negative permanent charge and the
pH is close to the point of zero charge of edge
surfaces of kaolinite (pHpzc * 4.8), resulting in
low variable charge as well. Only the organic
matter in the topsoil is capable of storing con-
siderable amounts of cations. If the topsoil is
eroded, these soils loose a large portion of their
storage capacity for exchangeable Ca**, Mg**
and K*.

The CEC is higher (up to 50 cmol, kg™') in
volcanic soils rich in allophane (Fig. 5.8, e.g.
Andosol), although allophanes also only carry
variable charge. This is due to the high concen-
tration of reactive hydroxyl groups at the surfaces
of allophanes, and the often strong accumulation
of organic matter in such soils.

5.5.2 lon Exchange

Ion exchange plays a vital role in the storage of
plant-available nutrients in soils, especially Ca>*,

Mg**, K* and NH,*, but also in the behavior of
trace metals (e.g. Cd**, Zn**) and anions (e.g.
CI", NO;3 ). The term ion exchange is defined as
the nonspecific adsorption of ions on oppositely
charged surfaces, whereby the ions are mainly
held at the surface by electrostatic (Coulomb)
forces and can be easily exchanged by other ions
in the soil solution. The following will mainly
focus on cation exchange, because the negative
surface charge strongly dominates in most soils.
However, the important principles of cation
exchange also apply to the nonspecific adsorp-
tion of anions onto positively charged surfaces.
Anion exchange mainly plays a role in acidic,
highly weathered soils (e.g., Ferralsols) and
volcanic soils (Andosols).

5.5.2.1 Cation Exchange Capacity
(CEQ)

The sum of all permanent and variable negative
surface charges in a soil, which is balanced by
exchangeable cations, corresponds to the effec-
tive cation exchange capacity (CEC.g,
in cmol, kg™ "). It is usually determined from the
sum of exchangeable major cations (Ca”*, Mg**,
K*, Na", AI’**, H") at the soil’s native pH.
Inversely, the sum of all positive surface charges
of a soil corresponds to its anion exchange
capacity (AEC), which is also pH-dependent.

The fraction of the CEC.g¢ occupied with the
base cations’ Ca®*, Mg®*, K*, and Na*, is called
effective base saturation (BS). It is defined as

2qca + 2qmg + gx + qna

BS, = 100
et (70) CEC. X
(5.32)
where ¢; represents the concentration of

exchangeable cation i (in mmol kgfl).
If the CEC of a soil is determined in a buf-
fered solution at pH 7 to 8, it is called potential

"The cations Ca®*, Mg?*, K* and Na* are called base
cations in soil science, although they are not bases in a
chemical sense. The term refers to the fact that the
hydroxides of these cations (e.g. NaOH, KOH) are strong
bases. The cations H* (or H;0*) and AI’* are called acid
cations. AI’* ions in an aqueous solution act as acid,
because they can release protons through hydrolysis
reactions.
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cation exchange capacity (CEC,,). In acidic
soils the CEC.y is usually smaller than the
CEC,q, because raising the pH results in
increased negative variable surface charge. The
difference between CEC. and CEC,, is partic-
ularly pronounced in acidic organic-rich sandy
soils, highly weathered kaolinitic soils, and
allophane-rich soils, where the relative contri-
bution of variable charge to total surface charge
is high. The CEC,, may be interpreted as the
maximum CEC that can be achieved by liming
an acidic soil to increase the soil’s pH. However,
the CEC, is primarily used as a quantitative
parameter in soil classification. According to
Eq. (5.32), the base saturation can also be cal-
culated relative to the potential CEC (BS,). This
value is used in soil classification as indicator for
the soil nutrient status.

The effective CEC of soils varies widely, with
extreme values of <l cmol, kg™ (e.g. pure
sands) and >200 cmol, kg™' (e.g. strongly
humified peats). The clay and humified organic
matter contents, clay mineralogy, and soil pH are
the most important factors influencing the
CEC.s. The contribution of humic substances to
the CEC. increases with increasing soil organic
matter content and with increasing soil pH. It
often accounts for 25-35 % of the CEC in Ap
horizons of loamy, silty, and clayey soils used for
agriculture, 40-50 % in Chernozems due to the
high soil organic matter content, more than 50 %
in sandy soils, O and A horizons of grassland and
forest soils and in the Bh horizons of Podzols,
and finally often close to 100 % in peats.

The potential CEC of a soil depends primarily
on its clay content and clay mineralogy, as well as
on its organic matter content. The organic matter
contributes between 60 and 300 cmol kg™ of
humus to the CEC,,, depending on the degree of
humification (Sect. 3.4.2).

In soils containing predominantly 2:1 layer
silicates in the clay fraction (illite, vermiculite,
smectite), the potential CEC of the clay fraction®

8Despite their low charge density, vermiculites and
smectites always have a higher cation exchange capacity
(CEC) than illites, because in addition to the external
surfaces, the interlayers are also accessible to cation
exchange. With illites, the majority of the structural

is often 40-60 cmol, kgfl, while the fine and
medium silt fractions have much lower values.
For soils with 2—3 % humus, this results in mean
CEC, ranges of 5-10 cmol, kg_1 for sands, 10—
25 for sandy loams, loams and silt loams, and
20-50 for clay loams and clays, respectively. In
contrast, kaolinitic-oxidic Acrisols and Ferralsols
only have a CECp, < 5-16 cmol, kg™ ! of clay.
For this reason, the CEC in deeper horizons of
these soils is usually below 3 cmol, kg~', how-
ever, it can increase to up to 10 cmol, kg™ in the
mineral topsoil due to the contribution of humus.
Allophane-rich soils (Andosols) have CEC,
values ranging from 10 to 50 cmol, kg™', with a
variable charge fraction of 80-90 %.

5.5.2.2 Cation Exchange

Cation exchange reactions on mineral surfaces in
contact with aqueous solutions can be described
as kinetically fast, fully reversible, and charge
balanced. The overall kinetics of cation exchange
in soils, however, is often limited by slow dif-
fusion of cations between the bulk solution and
exchanger surfaces. While chemical equilibrium
with external surfaces is reached rapidly, slow
diffusion through micropores of soil aggregates,
the interlayers of clay minerals (e.g. vermiculites,
smectites), or thin water films in dry soils limits
the overall rates of cation exchange.

The most important surfaces in soils acting as
cation exchangers are the basal surfaces and in-
terlayers of clay minerals with permanent nega-
tive charge, and the deprotonated acid groups of
soil organic matter (e.g. carboxyl, R-COO ). The
surfaces of oxides and edges of clay minerals
play a minor role for cation exchange, if at all.
The affinity of different cations to negatively
charged surfaces depends strongly on their
charge (valence) and size (hydrated radius). The
higher the valence, the stronger the cations are
attracted to negatively charged surfaces by elec-
trostatic forces, i.e. their affinity to the surface
increases (e.g. Na* < Mg** < AI’** < Th*"). For

(Footnote 8 continued)

negative charge is compensated by non-exchangeable K*
ions in the interlayers, so that the CEC is lower. Kaolinite
and halloysite have no (or very little) permanent negative
charge.
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cations with the same valence, the affinity
increases with increasing ionic radius (e.g.
Li* < Na* < K" < Rb" < Cs"). This correlation
can be explained by the fact that smaller cations
have a higher hydration energy, and thus a
thicker hydration shell in aqueous solutions, than
larger cations of the same valence (Table 5.7).
For this reason, the hydrated radius of the cat-
ions (i.e. radius including the hydration shell)
increases in the opposite sequence than the actual
ionic radius (e.g. Cs* < Rb" < K" < Na™ < Li").
The lower hydration energy allows cations with a
larger ionic radius to approach the surface more
closely than smaller, but more strongly hydrated
cations. Because electrostatic attraction decreases
with the square of the distance to the surface,
larger cations have a higher affinity to the
exchanger surface than smaller cations. This
hydration effect is particularly pronounced in
monovalent cations.

The affinity of Cs*, Rb*, K™ and NH," to basal
surfaces and interlayers of 2:1 clay minerals is
additionally increased by the fact that by losing their
hydration shell, these cations can be pulled into the
ditrigonal cavities formed by the basal oxygen
atoms of Si-tetrahedral sheets (Sect. 2.2.5), where
they are held even more strongly by electrostatic
forces. In the same way, the adsorption of

Table 5.7 Ionic radius (r;), hydration energy (AH,) and
hydrated radius (r;,) of mono-, di-, and trivalent cations
(after Essington 2004)

Cation T VAl Ti AH,, Th
(em) (mH)  mol)  (pm)

Li* 90 0.0111 -515 382
Na* 116 0.0086 —405 358
K* 152 0.0066 -321 331
Rb* 166 0.0060 -296 329
Cs* 181 0.0055 -263 329
Mg 86 0.0465 -1922 428
Ca®* 114 0.0351 -1592 412
Sr** 132 0.0303 —1445 412
Ba®* 149 0.0268 -1304 404
AP 67 0.1343 —4660 480

The ratio between the squared ion valency and the ionic
radius (ZZ/ri) is closely correlated with the hydration
energy

dehydrated K* ions in the interlayers of vermicu-
lites and expanded edges of illites causes the in-
terlayers to collapse to d(001) = 1 nm, and K" is
then fixed within these interlayers (K" fixation,
Sect. 9.6.4). Even if the relative fraction of such
highly specific sorption sites is low, they are still
significant because the K* saturation of many soils
is only a few percent of the CEC (Table 5.8).

The specificity for NH,* and Cs* is similarly
strong or even stronger than for K*. Because they
collapse the interlayers, both cations can retard
(NH,") or completely block (Cs*) the liberation
of K from interlayers. However, blocking by
NH," is of limited significance if nitrification, like
in most aerated soils, maintains the NH," con-
centration of the soil solution so low that NH,* is
desorbed. Radioactive '*’Cs from nuclear bomb
tests and nuclear accidents (e.g. in Chernobyl
1986), which entered the soils through precipita-
tion, has remained almost completely immobile in
soils over decades, due to the strong fixation by
clay minerals (Sect. 10.2.6).

In saline soils, the salt concentration in the soil
solution also influences the cation saturation of the
exchanger surfaces. The ratio of monovalent to
divalent cations (e.g. Na*/Ca®*) on the exchanger
surfaces tends to increase with increasing salt
concentration. Inversely, dilution of the soil
solution, e.g. through rainwater, leads to an
exchange of Na* for Ca®* and thus a reduction in
the Na* saturation of the cation exchanger sur-
faces. The relationships between the cation con-
centrations in solution and on exchanger surfaces
can be described quantitatively using cation
exchange equations (Sect. 5.5.6.2).

5.5.3 Surface Complexation
of Cations and Anions

The adsorption of ions or molecules in a defined
spatial arrangement at the surface (i.e. inter-
atomic distances, orientation, coordination with
surface groups) is called surface complexation.
QOuter-sphere surface complexes are formed
when the sorbate ion or molecule keeps its first
hydration shell and is adsorbed to oppositely
charged surfaces by electrostatic forces and/or
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Table 5.8 Soil pH (in 0.01 M CaCl,), organic carbon (C,,) content, potential and effective cation exchange capacity
(CEC,0 and CEC,g) and cation saturation in selected mineral topsoils under field and forest (Central Europe) as well as

topsoils from other climates

Soil Corz
PH (@)
Arable soils (Germany)
Luvisol (loess, Straubing) 6.3 1.4
Chernozem (loess, Hildesheim) 7.2 1.6
Podzol (sand, Celle) 5.2 2.5
Vertisol (Lias clay, Franconia) 6.7 2.4
Gleysol (deltaic clayey sediment, 5.1 2.7
Wesermarsch)
Forest soils (Germany)
Podzol (granite, Bavarian Forest) 2.6 11.7
Stagnosol (loess, Bonn) 3.6 4.9
Cambisol (loess/pumice, Mount 29 19.8
Vogelsberg)
Soils from other climates
Vertisol (Sudan) 6.8 0.9
Andosol (Hawaii) 4.5 11.7
Ferralsol (Brazil) 3.5 2.8
Acrisol (Puerto Rico) 3.5 33
Solonchak (Arizona, USA) 9.9 0.4

hydrogen bonding (see Sect. 5.3.2.1). This type
of adsorption is relatively weak and the adsorp-
tion typically exhibits an ionic strength depen-
dence. Inner-sphere complexes, in contrast, are
formed when the sorbate ion or molecule loses
part of its hydration shell and instead coordinates
directly with one or several surface atoms in the
first shell, e.g. with oxygen atoms from surface
hydroxyl groups of oxides or edges of clay
minerals. This type of adsorption is stronger and
typically exhibits much less ionic strength
dependence. It is called specific adsorption or
chemisorption. The specific adsorption not only
depends on the charge of surfaces and sorbate
ions or molecules, but also on the type,
arrangement, and reactivity of functional groups
at the mineral surface.

Figure 5.9 shows a diagram depicting different
types of surface complexes. Strongly hydrated
monovalent ions, such as ClI", NO;~, and Na",
form weak outer-sphere surface complexes or
reside in a diffuse ion swarm surrounding an

CEC,,, CEC.  Cation Saturation (% of CEC.g)
(cmol,, kg™) Al Ca Mg K Na
17 14 0 80 15 5 <1
18 18 0 90 9 <1 <1
12 3 0 86 6 7 1
22 17 0 83 8 9 0
37 25 0 50 42

- 7 65 22 6
15 7 79 16
60 12 85 6 4
47 47 0 71 25 <1 4
53 13 4 71 20 4 2
13 3 89 3 4 3 1
26 7 72 15 8 3 2
36 - 0 45 6 3 47

oppositely charged surface. In contrast, many
oxyanions (e.g. H,PO, /HPO,*"; H,AsOQ,/
HAsO,4>"), transition metals (e.g. Cu”*, Zn**, Ni**,
Cd**), and low-molecular weight organic acids
(e.g. oxalate, malate) form much more stable
inner-sphere surface complexes with reactive
hydroxyl groups of oxide surfaces and edges of
clay minerals. Depending on whether the sorbate
ion is coordinated with only one or two surface
groups, the complexes are called monodentate or
bidentate, respectively. Furthermore, the com-
plexes are called mononuclear or binuclear if the
involved surface groups are coordinated with one
or two metal nuclei of the sorbent.

The formation of a monodentate, mononuclear
surface complex of Cu®* on an oxide surface can
be represented by the following equation:

= SOH*>™ + Cu*t = =s0oCu®™* + H* (5.33)

where =SOH">~ represents a surface hydroxyl
group. The equation reflects that the formation of
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Fig. 5.9 Examples for various types of surface com-
plexes on an oxide surface (schematic): C1~ and Na* ions
form outer-sphere complexes through electrostatic attrac-
tion to positively or negatively charged surface groups,
respectively. Cu®* and HPO,*~ form bidentate, binuclear
inner-sphere complexes. F~  forms a monodentate
inner-sphere complex, and oxalate forms a bidentate,
mononuclear inner-sphere complex (after Stumm 1992)

inner-sphere complexes with metal cations on
oxide surfaces leads to the liberation of protons,
although the stoichiometry can take different
values. Decreasing solution pH would shift the
equilibrium to the left, i.e. adsorption of Cu®* is
expected to decrease with decreasing pH. The
equation also illustrates that the specific adsorp-
tion of metal cations can lead to addition of
positive charge to the mineral surface.

The pH-dependency of the adsorption of Cu*",
Pb**, Zn>*, Co**, Ni**, and Mn** on goethite is
shown in Fig. 5.10. All metal cations demonstrate
strong adsorption at pH values that are consider-
ably below the point of zero charge of the oxide
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Fig. 5.10 Adsorption of Hg**, Cr**, AI**, Cu®*, Pb*",
Zn**, Co*, Ni**, Cd** and Mn’* on goethite as a function
of solution pH (after Fischer et al. 2007)

surface. Thus, they adsorb onto a positively
charged mineral surface, which can be explained
by the formation of inner-sphere surface com-
plexes overcoming the electrostatic repulsion. The
steep increase of adsorption within 2-3 pH units is
typical for metal cations adsorbing to oxide sur-
faces, and is called adsorption edge. The pH at
which the adsorption edge occurs depends some-
what on experimental conditions (e.g. sorbent and
sorbate concentrations), but it also varies sys-
tematically among different metals: Cu** and Pb**
are more strongly adsorbed at lower pH than e.g.
Ni** and Mn?*. The adsorption sequence
(Hg** > Cr’* > A" > Cu®* ~ Pb** > Zn** >
Co** ~ Ni** > Cd** > Mn*") correlates with the
respective first hydrolysis constants of the metals,
indicating that hydroxo-species (MeOH") may
play an important role in the formation of the
surface complexes.

Anions can also be specifically adsorbed to
oxide surfaces and edges of clay minerals. The
adsorption of phosphate (HPO,>") on an oxide
surface can be represented e.g. by the following
equation:

= SOH™~ + H" + HPO; =

= SHPO,’~ + H,0 (5.34)

Here, the surface hydroxyl groups =SOH*>" are
protonated and then substituted by the ligand
HPO,>~ under liberation of H,O. The specific
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adsorption of anions on oxide surfaces is there-

fore also called ligand exchange reaction. In the

surface complex = SHPO}"S’, one oxygen atom

is coordinated both with P and a structural metal
center at the surface of the oxide; it is thus a
monodentate mononuclear complex. Phosphate
can potentially also adsorb as a bidentate, binu-
clear or bidentate mononuclear complex. The
equation accounts for the fact that protons are
consumed during the specific adsorption of
anions on an oxide surface, and the surface
becomes more strongly negatively charged,
although the exact stoichiometry may again
exhibit different values. The reaction equilibrium
is shifted to the left when the pH of the solution
is increased. The adsorption of phosphate and
other oxyanions on oxide surfaces therefore
typically decreases with increasing pH. The
pH-dependency of anion sorption also depends
on the speciation of the sorbate anions in the
solution, whereby the slope of the curve changes
near pH values corresponding to the pK, values
of the respective acid (e.g. for phosphate: H;PO,4
with pK; = 2.15; pK, = 7.20 and pK; = 12.38).
Maximum adsorption is typically observed at a
pH close to or below the acid’s pK; value,
because the undissociated (and thus uncharged)
acid dominates when pH < pK; (Fig. 5.11).

The oxyanions arsenate, molybdate, and sel-
enite are also adsorbed in a similar way as
phosphate. In comparison, the anions sulfate,
chromate, arsenite, and selenate are more weakly
adsorbed, possibly also through the formation of
outer-sphere complexes. The varying bonding
strength causes the anions to compete with one
another (anion competition). Thus, for example,
the adsorption of arsenate and particularly arse-
nite on Fe oxides is reduced in the presence of
phosphate, silicate, and organic anions.

Because of their high specific surface area,
ferrihydrite and allophone have a particularly
high sorption capacity for phosphate and other
anions, while goethite and hematite sorb less.
Gibbsite, calcite, and quartz are sorbents with a
lower sorption capacity for phosphate. Humic
substances are also capable of sorbing some
anions such as arsenite or arsenate, e.g. if
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Fig. 5.11 Adsorption of anions on goethite as a function
of solution pH (6 g/l goethite with 0.3 mM PO,4, AsOy,
SeO3, MoO, and CrO, (after Okazaki et al. 1989)

complexed Fe® is bound to the functional
groups or if arsenite is complexed by reduced
thiol groups of humic substances.

5.5.4 Sorption of Organic
Substances on Mineral
Surfaces

Natural organic substances in soils, including
humic substances, are mostly negatively charged
and have reactive functional groups (e.g. car-
boxylic, phenolic). Therefore, they can be
adsorbed by electrostatic forces and specific
interactions with surface functional groups on
oxide and clay mineral surfaces. The sorption of
humic substances to mineral surfaces generally
increases with decreasing pH and increasing
ionic strength of the soil solution. To a more
limited extent, humic substances are also adsor-
bed to the basal surfaces of layer silicates, pre-
sumably by hydrophobic interactions. Aromatic
and high-molecular weight humic matter frac-
tions are preferentially adsorbed compared to
aliphatic and low-molecular weight humic
substances.

The adsorption of organic matter on mineral
surfaces in soils with high contents of
poorly-crystalline mineral phases leads to an
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inhibition of microbial decomposition, and thus,
to a stabilization of the soil organic matter. This
results in the formation of stable mineral-humus
complexes, which contributes to the sequestra-
tion of organic carbon in these soils. Inversely,
organic substances inhibit the transformation of
poorly-crystalline phases into more crystalline
minerals (e.g. iron oxides).

Adsorption of natural organic substances
typically also adds negative charge to the mineral
surface, so that the net particle charge becomes
more negative. For this reason, iron and alumi-
num oxide particles coated with adsorbed
organic substances are often negatively charged,
even under acidic conditions. These interactions
between mineral surfaces and organic substances
have a great influence on the adsorption of metal
cations and anions in soils. Adsorbed organic
substances increase the adsorption of metal cat-
ions. Experiments with iron oxides, kaolinite,
humic acids, and fulvic acids have shown that
these effects can not only be explained by the
addition of sorption sites, but that electrostatic
interactions between the sorbents also play a role.
Adsorbed organic substances typically cause a
decrease in the adsorption of anions, which is
explained by the competition for sorption sites
and increased repulsive electrostatic forces.
Organic substances can therefore lead to a
mobilization of phosphate, arsenate, and other
anions in soils.

5.5.5 Sorption Kinetics

Adsorption and desorption reactions rarely reach
true chemical equilibrium in soils, which can
complicate the prediction of the behavior of
substances in soils (e.g. reactive transport).
While cation exchange processes take place
rapidly, the kinetics of the formation of
inner-sphere complexes is slower. Also, desorp-
tion is generally much slower than adsorption,
especially in the case of inner-sphere surface
complexation. This can lead to cases where the
experimentally determined adsorption isotherm
does not concur with the corresponding desorp-
tion isotherm, which is often interpreted as
sorption hysteresis (Fig. 5.12). In many cases,
however, the sorption reactions are still revers-
ible and the observed hysteresis is caused by
slow desorption kinetics.

Sorption kinetics is always limited by the
slowest of all reaction steps. The most important
steps of adsorption are: (1) diffusion of the sor-
bate through the bulk solution toward the surface
of the sorbent phase, (2) diffusion through the
stationary water film at the surface (film diffu-
sion), (3) adsorption at the surface, e.g. by for-
mation of a surface complex, (4) other changes in
the surface speciation, e.g. conversion from a
monodentate to a bidentate surface complex,
(5) surface diffusion, e.g. from sorption sites with
lower to sites with higher affinity for the sorbate,
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adsorption and desorption 800 400
processes. a Sorption of ] i Desorption
norflurazon and b of . 700 i 350 | «—
fluometuron on a silt-loam Tco 600 / Q‘\\OQ 300
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and (6) micropore diffusion (in porous sorbents).
Micropore diffusion not only plays a very
important role in porous aggregates of poorly-
crystalline minerals, such as ferrihydrite, but also
in more crystalline oxides, such as goethite.
Diffusion in the interlayers of clay minerals can
also be considered as micropore diffusion. In
some cases, slow sorption kinetics can also be
caused by the slow formation of surface precip-
itates. For example, the sorption of Ni** or Zn**
on clay minerals under neutral pH conditions
leads to the slow formation of new Zn or Ni solid
phases on the surfaces of clay minerals. These
solid phases were identified using spectroscopic
methods (e.g. EXAFS) to be layered double
hydroxides (LDH) or layer silicate structures
containing Ni or Zn in octahedral positions.

5.5.6 Sorption Modeling

The modeling of adsorption and desorption pro-
cesses in soils is an important prerequisite for the
prediction of reactive transport (e.g. leaching of
herbicides or heavy metals) and buffering of the
soil solution when substances are added or
removed (e.g. fertilization, contamination, plant
uptake, leaching). This chapter introduces dif-
ferent approaches of modeling sorption
equilibria.

5.5.6.1 Sorption Isotherms

Adsorption equilibria in soils can be assessed
experimentally by determining sorption iso-
therms. Sorption isotherms represent the rela-
tionship between the sorbed concentration of the
sorbate (in mol kg ') as a function of its
equilibrium concentration (or activity) in the
solution (in mol Lfl) under otherwise constant
conditions (e.g. temperature, pH, concentrations
of other ions). Sorption isotherms represent an
attempt to characterize sorption equilibria, but
do not provide any information on the kinetics
of the adsorption or desorption processes.
Sorption isotherms can be modelled using var-
ious empirical equations, such as the Freundlich
or the Langmuir isotherm equations (Fig. 5.13).
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Fig. 5.13 Examples for sorption isotherms calculated
according to the a Langmuir and b Freundlich equation.
a Three Langmuir isotherms with the same sorption
maximum (b = 90 mmol kg_l), but with different bonding
strengths between the sorbate and sorbent (Ky, = 0.5; 5 and
50L kg_l). b Five Freundlich isotherms with K¢ = 80 and
n = 0.1; 0.3; 0.6; 1:0 and 1.4. One example each is
highlighted in color

The strictly empirical Freundlich isotherm is
given by:

q = K¢ec" (5.35)
where ¢ is the adsorbed concentration of the
sorbate (in mol kg™') and ¢ is the dissolved
concentration (in mol L7'). The Freundlich
coefficient Ky relates to the affinity of the sub-
stance to the surface of the sorbent, while the
parameter n determines the curvature of the
sorption isotherm. If n = 1, the sorption isotherm
is linear and K is equal to a constant distribution
coefficient K. If n < 1, the shape of the sorption
isotherm is concave and describes a decreasing
sorption affinity with increasing concentration of
the sorbate. The Freundlich isotherm does not
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describe a sorption maximum, and it is therefore
only applicable in concentration ranges consid-
erably below full surface coverage (and should
never be extrapolated!). If n > 1, the shape of the
sorption isotherm is convex and it describes an
increasing affinity of the sorbent with increasing
concentration at the sorbent surface (this is less
common, but can occur for some organic sor-
bates). The logarithmic form of the Freundlich
isotherm is also commonly used:

logg = log K¢ + nlogc (5.36)

This equation represents a straight line with slope

n in a plot of log g versus log c. The Freundlich

isotherm is commonly applied to describe the

adsorption of trace metals and pesticides in soils.
The Langmuir isotherm is given by:

bKLC

= 5.37
1+KLC ( )

q

where b is the adsorption maximum (in
mol kgfl) and K is the Langmuir coefficient (in
L kg™"). Ky reflects the affinity of the sorbate to
the sorbent surface, and bK; is the initial slope of
the isotherm at very low sorbate concentrations
(i.e. at ¢ — 0). The Langmuir isotherm was
originally developed for the adsorption of gas
molecules onto solid surfaces. At the time, Irving
Langmuir made the following assumptions:
(1) the surface is homogenous, i.e. all bonding
sites are equal, (2) adsorbed molecules do not
interact with each other, (3) there is only one
sorption mechanism, and (4) only a single layer
of adsorbed molecules is formed (monolayer).
The adsorption maximum is reached when all of
the sorption sites are occupied. Under similar
assumptions, the Langmuir equation can also be
applied to the adsorption of dissolved substances
on solid surfaces. However, all of these condi-
tions are far from reality in soils, so that the
Langmuir parameters b and K should only be
interpreted as empirical parameters with little or
no physical meaning.

The Freundlich and Langmuir equations only
describe the adsorption as a function of sorbate
concentration under otherwise constant condi-
tions (e.g. pH, concentration of competing

species). The parameters in the isotherm equa-
tions, therefore, must be determined for each set
of given conditions of interest, and cannot be
extrapolated to vastly different conditions or
other soils. These equations also do not describe
competitive adsorption involving several sorbate
ions or molecules, nor can they account for the
pH-dependency of many adsorption processes.

5.5.6.2 Cation Exchange Modeling

Cation exchange is generally modeled as a com-
petitive adsorption process, in which the negative
charge of sorption sites X is always balanced by
equivalent amounts of positive charge of
exchangeable cations. The exchange of cations
with the same valence (e.g. Ca**-Mg>*) is called
homovalent ion exchange, and the exchange of
cations with different valence (e.g. Ca®*—Na®) is
called heterovalent ion exchange. Cation
exchange processes can be described using reac-
tion equations with defined stoichiometries. For
example, the following equations can be used to
describe Ca®*~Mg”* and Ca®*—Na* exchange on
a surface with exchange sites X :

X,Mg + Ca*" = X,Ca + Mg*" (5.38)

2XNa + Ca*" = X,Ca+2Na ™" (5.39)

According to this equation, one Ca®* replaces
one Mg?* or two Na* ions on the surface,
whereby the substituted Mg®* and Na* ions are
released to the solution. The equilibrium of each
of these two binary exchange reactions can be
described using an equilibrium constant K.,

according to the law of mass action
(Sect. 5.3.2.2):
X,Ca}{Mg**
= w (5.40)
{XoMg}{Ca®" }
and
X,Ca}{Na*}’
= % (5.41)
{X,Na}*{Ca*"}

where the curly brackets represent activities. The
activities of dissolved ions can be calculated
from measured concentrations and the
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corresponding activity coefficients (Sect. 5.3.1).
In contrast, the determination of the activities of
adsorbed cations is problematic, which led to the
formulation of different selectivity coefficients.
For example, the VanseLow selectivity coeffi-
cient Ky is based on the assumption that the
activity of adsorbed cations under ideal condi-
tions can be set to be equal to their molar fraction
N; on the exchanger surface. As a result, Ky for
binary Ca—Na exchange [Eq. (5.39)] is:

Nea{Nat}?
T
NNa{Ca }
with
qca
Nco =———— 5.43
c qca + gNa ( )
and
gNa
Nyg=—— 5.44
a qca + gNa ( )

In contrast, the GAINES-THOMAS selectivity coef-
ficient Kgr is based on the assumption that the
activity of adsorbed cations corresponds to the
charge equivalent fractions E; on the exchanger
surface. As a result, Kgr for binary Ca—Na
exchange is:

Ec,{Na*}’
Kop = —~ — -~ 5.45
T =gy 0P
with
2qCa
Ech=——"— 5.46
e 2QCa + qNa ( )
and
qNa
Eng=——"7—"— 5.47
N 2qCa + qNa ( )

Inserting the two equivalent fractions into
Eq. (5.45) and rearranging yields:

qCa{Na+}2

qx,{Ca’" }

C QCa{Na+}2
qx.{Ca’" }

Kot = 2(29ca + qna)

= 2CE (5.48)

In a binary Ca—Na system, a modified GAINES-
ThomaAs  selectivity coefficient K& = Kgr/
(2CEC) can be used instead of Kgr. This results
in a simple relationship between the dissolved
activities and the concentrations of Ca®* and Na*
adsorbed on the cation exchanger:

* QCa{NaJr}z

SN o B
The GapoN selectivity coefficient K is based on
adsorbed and dissolved concentrations and on a
different formulation of the exchange reaction
[see Eq. (5.39)], e.g. for heterovalent Ca—Na
exchange according to:

XNa+1/2Ca’" = XCay/, + Na©  (5.50)
For this reaction, Kg is given as
XCa,,|[Nat
K = [L][u]z (5.51)
[XNa] [Ca®"]

The square brackets represent the concentrations
of dissolved (in mmol_l) and adsorbed cations
(in mmol, kg'), respectively. The GaPON
equation is widely used in irrigation agriculture
for predicting the Na* saturation of soils as a
function of the concentrations of Na*, Ca>*, and
Mg?* in the irrigation water. Because Ca** and
Mg>* exhibit a similar exchange selectivity, the
reaction

X(Ca+Mg), ,+Na* =

5.52
XNa +1/2(Ca’" + Mg*") (5-52)

enables the derivation of the Gapon selectivity
coefficient for the substitution between Na* and
the divalent cations Ca** and Mg**

1/2

[XNa][Ca®" + Mg*"] ESR
= == (5.53)
" [xCat Mg, N SAR
with
ESR — [XNa] ~ [XNa]
{X(Ca + Mg)l/z} CEC — [XNa]
(5.54)
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and

[Na™]
[Ca2+ + Mg”] 172

SAR = (5.55)

The exchangeable sodium ratio (ESR) expres-
ses the ratio between Na' and the divalent cat-
ions Ca®* and Mg”* on the exchanger surfaces,
while the sodium adsorption ratio (SAR)
expresses the Na* content of the water relative to
the dissolved Ca®* and Mg>*. In irrigation agri-
culture, SAR is interpreted as an indicator for
water quality, which enables an estimation of the
risk of soil degradation due to excessive Na*
saturation (ESP, exchangeable sodium percent-
age). Here, an ESP of 15 % is considered as the
critical upper limit. The ESR can be converted to
ESP using the following equation:

ESP:ﬂX 100

5.56
1 + ESR ( )

5.5.6.3 The Diffuse Double Layer

The charge of a solid surface in contact with an
aqueous solution is always compensated by an
excess of opposite ion charge close to the
liquid-solid interface, i.e. a cation charge excess
for a negatively charged surface and an anion
charge excess for a positively charged surface,
respectively. As a result, the ion composition in
the solution close to the surface differs from that
in the bulk solution (Fig. 5.14). The solid-liquid
interface can be viewed as an electrical double
layer, in which the charge of the solid surface is
spatially separated from the excess charge in
solution, creating an electrical field with an
electrical potential that decreases with increasing
distance from the charged surface. The magni-
tude and drop of this potential with increasing
distance from the surface depend on the surface
charge, and the concentrations and valence of
adsorbed and dissolved ions. The potential at
some distance from the surface influences the
colloidal properties of the soil particles, espe-
cially their interactions with other particles (e.g.

Particle with negative surface charge

Bulk :
.
solution

Diffuse :
layer ’

Cations

lon concentration

Anions

Distance from the surface

Fig. 5.14 Ion distribution (top) and concentration gradi-
ent (bottom) in the electrical double layer around a cation
exchanger surface according to the Gouy and STERN
model

repulsion and attraction), and thus also affects
colloid aggregation and dispersion processes
(Sects. 6.2.1 and 6.2.2).

Different models exist describing the structure
of this electrical double layer, which can be used
to model the distribution of sorbed ions on the
sorbent surface and the relationship between
surface charge and potential. Based on the con-
sidered forces between the sorbate and sorbent,
these models can be assigned to two groups. The
models in the first group only take account of
electrostatic interactions and are based on the
diffuse double layer model according to
Gouy-CHaprMman. The models in the second group,
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in contrast, also take account of the formation of
surface complexes in addition to the diffuse layer.
These are called surface complexation models.

The diffuse double layer model is suitable for
sorption on the basal surfaces of layer silicates.
Exchangeable cations accumulate as a diffuse
cation swarm on these permanently negatively
charged surfaces. In the ion swarm, the concen-
tration of cations decreases with the distance
from the surface in form of a BoLTzmaNN distri-
bution; in contrast, the anion concentration
increases with increasing distance until it equals
the bulk solution. The equilibrium bulk solution
begins at the point where the sum of anion and
cation charges in solution is zero.

This double layer model was refined by sub-
dividing the ion swarm into an inner layer, lying
close to the surface and densely occupied (STERN
layer), and a diffuse outer layer, which most
strongly affects the physical behavior of the
colloidal particles (e.g. aggregation and disper-
sion). While the ions in the diffuse layer are
completely hydrated, the ions in the STERN layer
are presumably partly dehydrated and more
strongly attracted by the surface charge of the
sorbent. Higher valency ions such as Ca>* and
AI** are preferentially bound in the STERN layer,
in contrast, Na* preferentially resides in the dif-
fuse layer. The cation fraction in the diffuse layer
thus increases with increasing Na* saturation of
the cation exchanger surfaces.

5.5.6.4 Modeling of Surface
Complexation on Mineral
Surfaces
Various surface complexation models have been
developed for the description of anion and cation
adsorption on oxide surfaces and edges of clay
minerals, including its pH and ionic strength
dependence. Several examples for surface com-
plexation models are: constant capacitance model
(CCM), basic Stern model (BSM), triple layer
model (TLM), Stern variable surface charge-
variable surface potential (Stern VSC-VSP)
model, one-pK model, and charge-distribution
multi-site surface complexation (CD-MUSIC)

model. All surface complexation models have the
following features in common: (1) There is a
specific number of sorption sites (=SOH) per unit
surface area (site density in m_z), (2) The
adsorption of protons and other ions and mole-
cules on these sorption sites takes place according
to a defined stoichiometry, which is expressed in
the models using reaction equations, (3) The
change in the surface charge and thus in the
electrical potential at the surface through the
adsorption of protons, metal cations and anions is
taken into account, and (4) The effects of the
surface charge on the adsorption of ions (elec-
trostatic effects) are taken into account. The var-
ious models differ mainly in their formulation
of the protonation reactions (1-pK vs. 2-pK
approach) and in the conceptual description of the
electrical double layer. For example, the BSM
only accounts for one Stern layer and one diffuse
layer, while the TLM allows the assignment of
charges in three layers and thus a differentiation
between inner-sphere and outer-sphere surface
complexes, in addition to a diffuse layer. The
CD-MUSIC model is the most differentiated,
where in addition to the charge distribution, the
model can account for the different reactivity of
surface functional groups and thus the chemical
heterogeneity of mineral surfaces.

5.5.6.5 Modeling Cation Binding
to Organic Matter

Modeling cation binding to soil organic matter is
a particular challenge, because the organic matter
is chemically very heterogeneous and has a large
number of functional groups with different
affinities for protons and metal cations. In addi-
tion, the composition of organic matter varies
depending on the vegetation, degree of humifi-
cation, and other factors. Various modeling
approaches have been developed and further
improved in recent years for the comprehensive
description of proton and metal binding to humic
substances, including sorption competition and
the pH and ionic strength dependence of sorp-
tion. The two most important models are the
NICA-Donnan Model (NICA = non-ideal
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competitive adsorption) and the Humic
Ion-Binding Model VII.

In the NICA-Donnan model, the binding of
protons and metal cations is described using the
NICA equation, which can be derived from
competitive Langmuir equations and continuous
affinity distributions. Two types of functional
groups with low and high pK, values are taken
into account, which are conceptually interpreted
by some researchers as carboxyl and phenolic-
OH groups. The DonNaN model takes account of
electrostatic effects as a function of the ionic
strength, describing humic substances as a Don-
NAN gel with negative charge and ionic strength-
dependent volume.

Humic Ion-Binding Model VII, in contrast,
assumes a discrete affinity distribution. Proton
and metal cation binding is described by two
groups of four log K values each, which are
evenly distributed around a mean value. This
helps in reducing the number of model parame-
ters to be optimized. A BoLTzmANN factor is used
to account for electrostatic effects, which
depends on the charge of the cations and the
ionic strength.

Both models are capable of describing the
binding of protons and metal cations on humic
and fulvic acids as well as other natural organic
substances over a very wide range of concen-
trations. Extensive sets of parameters exist for
both models, if more specific binding parameters
are lacking.

5.6 Soil Reaction and pH

Buffering

The pH value’ of a soil (=soil reaction) reflects
its development and the resulting soil chemical
properties. It allows conclusions on the behavior
of nutrients and contaminants, and on the soil’s

°The pH value of an aqueous solution is defined as the
negative logarithm of the H* activity, pH = —log{H"}.
The soil pH is the pH value that is established in an
aqueous solution in equilibrium with the soil. In practice,
10 g of dry soil are mixed with 25 ml of 0.01 M CaCl,
solution (or water), the suspension is agitated for at least

suitability for plant growth, habitat for soil
organisms, and filter for pollutants. For this rea-
son, soil pH (in addition to color, texture, and
organic matter content) is considered to be the
most important and meaningful soil parameter
that can be easily measured in the field or
laboratory.

The acidification of soils over the course of
pedogenesis under humid climate conditions is a
natural process, because (1) more protons are
added or liberated per unit of time through pre-
cipitation or soil-internal processes than the soils
are capable of neutralizing, and (2) the soluble
products of all chemical reactions in which pro-
tons are consumed are leached with seepage
water and are thereby lost from the soil. This
leads to an increasing (and often irreversible)
depletion of the soil’s buffer systems, i.e. the
acid neutralization capacity (ANC) of the soil
decreases. The soil develops increasing soil
acidity, which would require addition of bases
(e.g. lime) to be neutralized, i.e. its
base-neutralizing capacity (BNC) simultaneously
increases. In arid climates, however, the alkaline
weathering products are not leached out, so that
these soils may exhibit alkalinization (e.g. with
Na,COs5 accumulation). The following sections
explain the causes and characteristics of soil
acidity and alkalinity.

5.6.1 Soil Reaction

Most natural soils have pH values between 3 and
10. Table 5.9 shows a grouping scheme of soils
according to their pH.

5.6.1.1 Alkaline Soils

Soils containing Ca carbonates (e.g. calcite) but
no Na carbonates have a neutral to weakly
alkaline pH (7.0-8.2). These include e.g. Calca-
ric Leptosols that developed on carbonate rocks.
Soils only become more strongly alkaline if the
bases are not leached out, but rather accumulate.

(Footnote 9 continued)
30 min, and then the pH of the solution is measured using
an electrode.
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Table 5.9 Classification of soil pH ranges (measured in
0.01 M CaCl,) and examples for their occurrence

pH range Classification Occurrence

<3.0 Extremely Acid sulfate soils
acidic

3.0-3.9 Very strongly Podzols, Histosols
acidic (peat bogs)

4.04.9 Strongly acidic Dystric

Cambisols/Luvisols

5.0-5.9 Moderately Eutric
acidic Cambisols/Luvisols

6.0-6.9 Weakly acidic Gypsic Solonchaks,

Gypsisols

7.0 Neutral

7.1-8.0 Weakly Rendsic Leptosols
alkaline

8.1-9.0 Moderately Solonchaks,
alkaline Solonetz

9.1-10.0 Strongly Solonchaks,
alkaline Solonetz

10.1-11.0 Very strongly Solonchaks with
alkaline soda

>11.0 Extremely Solonchaks with
alkaline soda

Strongly alkaline soils are therefore mainly found
in arid climate regions, often together with high
salinity. The high pH values are caused by an
accumulation of NaHCO; and Na,COj5 in com-
bination with high Na* saturation of the cation
exchanger surfaces. If Na carbonates and clay
minerals with high Na saturation (XNa) come
into contact with water, OH ions are released
according to:

Na,CO; + H,0 = HCO; +2Na* + OH~

(5.57)
NaHCO; = Na® + CO,(g) + OH™  (5.58)
XNa+H,O = XH+Na" +OH™  (5.59)

The pH values of soils with Na carbonates range
from strongly to very strongly alkaline. Soils
with high Na* saturation but without Na car-
bonate formation are typically in the weakly to
moderately alkaline range. High contents of
neutral salts (e.g. NaCl, MgCl,) lead to

somewhat lower pH values, because the hydro-
lysis reaction on Na-saturated clay mineral sur-
faces is inhibited [Eq. (5.59)]. Likewise, high
CO,, partial pressures in the soil air lead to lower
pH values due to the formation of carbonic acid
in the soil solution [Eq. (5.58)].

5.6.1.2 Acidic Soils

Acidic soils are very widespread in humid cli-
mate regions. As soon as the lithogenic carbon-
ates are dissolved and leached, the soils start to
become acidified. The pH values of intensively
cultivated agricultural soils (e.g. Cambisols, Lu-
visols) lie in the weakly acidic range, provided
that they are limed regularly. Carbonate-free
Gleysols and riparian Fluvisols that are in regular
contact with water containing bicarbonate ions
(HCO;3 ) also have weakly acidic or neutral pH
values. The pH value of such soils is controlled
by the base saturation of weakly acidic groups on
variably charged surfaces. For this reason, it is
generally higher (pH 6.4-6.9) than the pH of
pure water in equilibrium with CO, in the soil air
(pH 5.6). Carbonate-free Gypsisols in deserts
also exhibit a weakly acidic reaction.

The mineral soil horizons of many forest soils
of Central Europe (e.g. Cambisols, Luvisols,
Stagnosols, Podzols) are strongly acidic. The
same is true for most highly weathered tropical
and subtropical soils (e.g. Ferralsols, Acrisols).
The organic horizons (O) of many soils under
coniferous forests (e.g. Podzols) are very
strongly acidic, as are the peat horizons of om-
brotrophic peat bogs. Extremely strongly acidic
pH values are observed in organic layers of forest
soils and in acid sulfate soils, where the oxidative
weathering of iron sulfides leads to the formation
of H2S04.

5.6.1.3 Soil Acidification
and Exchangeable Cations

The saturation of the cation exchanger surfaces in
soils changes dramatically during the course of
soil acidification. In weakly acidic to weakly
alkaline soils of humid climate regions, Ca®t is
almost always the most abundant exchangeable
cation (>80 % of CEC.y). The saturation of the
CEC 4 with Mg2+ is much lower (5-15 %),
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followed by K* (2-5 %) and Na* (<2 %). Higher
Mg-saturation is observed in young soils devel-
oping from ultramafic or mafic rocks, because
high amounts of Mg?" are released by weathering
of Mg-rich silicates. Significantly higher Na*
saturation is found in coastal marshes, in soils
affected by road salt, and in soils of arid regions.
Table 5.8 shows several examples.

The saturation of a soil’s CEC.y with A
increases with increasing soil acidification; espe-
cially below pH 4.5. Accordingly, the base satura-
tion decreases. The Al-saturation can rise to above
90 % of the CEC,g in strongly acidic mineral soil
horizons, so that only small amounts of exchange-
able base cations remain. Because the elements Ca,
Mg and K are essential plant nutrients, the supply of
these nutrients to the plants decreases with
increasing soil acidification. At the same time, a
high Al concentration in the soil solution, which is
in equilibrium with the exchangeable AI**, can lead
to aluminum toxicity in sensitive plants, and thus to
astrong inhibition of root growth. Secondary effects
of inhibited root growth can include phosphate
deficiency and increased susceptibility to drought
stress.

The relationships between soil pH, cation
exchange capacity, and base saturation are
depicted schematically in Fig. 5.15. In neutral to
weakly alkaline soils (pH 7-8), the total CEC.
is saturated with the base cations Ca®*, Mg?*, K*,
and Na*. Here, per definition, the CEC,, equals
the CEC.g. If the soil pH drops, first the base
cations on variable charge sites are substituted by
H*, and the CEC.; decreases accordingly.
However, the base saturation (BS.g) is still close
to 100 %. Below pH ~ 4.5, AI** increasingly
occupies cation exchanger sites, at the expense of
base cations. In the acidic to strongly acidic
range (depending on the acid strength of the
functional groups), the CEC.g reaches its mini-
mum and is then increasingly dominated by
surfaces with permanent negative charge.
Exchangeable H* ions, probably originating from
humic substances, dominate in very acidic
organic layers. In contrast, exchangeable H*
occupies only a minor fraction of the CEC.g in
mineral soils, because it reacts with clay minerals
and liberates AI’* ions.
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Fig. 5.15 Potential and effective cation exchange capac-
ity (CEC,,; and CEC,y), exchangeable base cations (Ca2+,
Mg?*, K*, Na*), and exchangeable acidic cations (H,
AP depending on the soil pH (schematic). The CEC.g
decreases with decreasing soil pH, because the negative
variable charge on mineral surfaces and humic substances
decreases. The proportion of exchangeable acidic cations
relative to the CEC.g increases, and the base saturation
drops with decreasing soil pH

5.6.2 Soil Acidity and Base
Neutralization Capacity
(BNC)

Although the soil pH value indicates whether a
soil is acidic or alkaline, it does not provide
quantitative information on the soil acidity. Soil
acidity corresponds to the quantity of bases that
must be added to an acidic soil to raise its pH to
the neutral range. Thus, it is a measure for a
soil’s pH buffering upon addition of bases. It is
equal to the base neutralization capacity (BNC)
of the soil, which can be used to calculate the
lime requirement for agricultural soils (see
Sect. 5.6.5).

The total soil acidity includes the sum of all
solid and dissolved acids in a soil, which can
release protons within a short time and thus neu-
tralize bases. By far the greatest portion of the total
soil acidity is attributed to the acidic exchangeable
cations H* and AI**, and it is therefore called
exchangeable acidity. The exchangeable acidity
can be determined by titrating a 1 M KCI soil
extract. The actual acidity (all dissolved acids in
the soil solution, especially carbonic acid, organic
acids, HNOs, and H,SQO,) and the reserve acidity
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(all solid acids that are non-exchangeable with
1 M KCl) only account for a small portion of the
total acidity. In mineral soils, the greatest portion
of the exchangeable acidity is attributed to
exchangeable AI’* ions, which are always coor-
dinated with six water molecules in aqueous
solutions (hexaquo complex, Al(H,0):") and can
release protons through several hydrolysis
reactions:

Al(H,0);" = AI(OH)(H,0)*" + H*

logK = —4.97 (5.60)

AI(OH)(H,0)2" = Al(OH),(H,0)} + H*

logK = —4.93 (5.61)

AI(OH),(H,0); = AI(OH);(H,0)} + H*

logK = —5.70 (5.62)

An acidic solution containing AI** is buffered by
these reactions. When titrating such a solution up
to pH 7, three protons are liberated by each AI**
cation, under precipitation of amorphous to
weakly crystalline Al(OH)s;(am) at higher Al
concentrations. Accordingly, the total exchange-
able AI>* must be neutralized when liming acidic
soils.

The remaining exchangeable acidity is mainly
attributed to exchangeable H, in some cases also
to smaller quantities of exchangeable Mn”* and
Fe?*/Fe**, which (after oxidation of Mn** and
Fe**) can also release protons through metal
hydrolysis. However, exchangeable Fe®*/Fe**
and Mn?* ions only play a role in strongly acidic
and/or anoxic soils. Exchangeable protons are
mainly bound to organic matter, especially humic
substances. In organic layers and peats, H* ions
dominate the exchangeable acidity, because only
little exchangeable AI** is available.

The actual acidity includes all of the acids
dissolved in the soil solution at a given point in
time. Dissolved carbonic acid (H,COs) domi-
nates in many soils, the concentration of which
strongly depends on the CO, partial pressure in
the soil air and thus on the biological activity and
aeration of the soil. In addition, soil solutions

also contain organic acids, which are mainly
weak acids and have pK, values between 2 and 6
(e.g. oxalic acid: pK; = 1.25, pK; = 4.27; malic
acid: pK; = 3.46, pK, = 5.10; citric acid:
pK; =3.11, pK, = 4.78, pK; = 6.40). HNO; and
H,SO, are the most common strong acids found
in soil solutions, which are fully dissociated in
the pH range of soils and therefore do not act as a
buffer.

The reserve acidity includes all “solid acids”,
i.e. all solid materials that can donate protons in
response to an increase in pH, and thus contribute
to the BNC. These include, for example, the
surfaces of oxides and edges of clay minerals with
hydroxyl groups on their surfaces that can bind or
release protons. Also included are solid organic
substances in the soil that have a large number of
different acidic functional groups. Carboxyl
groups play the most important role in the pH
buffering of soils, because they strongly dominate
in terms of quantities and their pK, values lie in
the acidic pH range (pK, = 2-6). Moreover, in
very strongly acidic soils, surfaces of Fe and Al
oxides may be covered with adsorbed oxyanions
such as H,PO,~ or SO,>". When such soils are
limed, the release of these sorbates also consumes
OH  ions, which are therefore important for the
BNC and pH buffering of soils (Sect. 9.7.7).
When acidic soils are limed, the oxide surfaces,
edges of clay minerals, and soil organic matter
release protons that must be neutralized. This
causes an increase in negative surface charge of
soil components, and thus, the CEC.¢ increases
until the CEC,,, is reached at pH ~ 7.5.

5.6.3 H* Sources

5.6.3.1 Input Through
Precipitation

Water in equilibrium with CO, in the atmosphere
(Pco, = 0.00038) has a pH value of about 5.6.
The pH values of precipitation in Central Europe,
however, are often considerably below this value
(pH < 5), which can be mainly attributed to
strong acids such as H,SO, and HNOj;. These
inorganic acids mainly originate from anthropo-
genic emissions, which are produced e.g. with
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the combustion of fossil fuels. The emission of
nitrogen oxide (NO,) and sulfur dioxide (SO,,
from industry, traffic, energy production) leads
(through reactions with Oz or ‘OH radicals in the
atmosphere) to the formation of HNO; and
H,SO,4. In several regions of the world, this
causes pH values in rainwater to be at pH 4 or
lower (“acid rain”). Installation of filters and the
use of low-sulfur coal have led to a significant
drop in sulfuric acid emissions in Central Europe
in the past decades; in other parts of the world,
however, it is still high (e.g. China). Nitric acid
concentrations in the precipitation are also still
elevated in Central Europe.

In addition, ammonia emissions from live-
stock farming (e.g. from liquid manure) can
result in elevated inputs of NH,* to the sur-
rounding soils. Because protons are released
during the nitrification of NH4" to NO;~
(Sect. 5.6.3.5), this process also contributes sig-
nificantly to soil acidification in regions with
high livestock densities.

In Germany, depending on the location and
vegetation, H input with precipitation varies
from <1 to >5 kmol ha ! a”!, about 75 % of
which can be attributed to N inputs (NH,* and
NO; ). Inputs are particularly high under conif-
erous forests, because evergreen coniferous trees
are very effective at filtering acids from the
atmosphere (interception). The protons from
H,SO, and HNOj react with the solid phases of
the soil and cause the release of metal cations,
which are leached together with SO4*~ and

NO; .

5.6.3.2 Formation of Carbonic Acid
Through Soil Respiration

The aerobic respiration of soil organisms
(microorganisms, soil fauna, roots) leads to the
formation of large quantities of CO, (ca.
10 kmol ha™' a™'). Because gas exchange
between the soil air and the atmosphere is not
very rapid, the relative CO, partial pressure in
the soil air can be several orders of magnitude
higher than in the atmosphere (up to
(Pco, =0.1)). According to Henry’s Law
(Sect. 5.2), the concentration of H,CO3* in the
soil solution is also strongly elevated.'”

5.6.3.3 Exudation of Organic Acids

Plant roots and microorganisms exude organic
acids, which in many cases is a specific adaptation
to nutrient deficiency. Exudation of organic acids
enables them to mobilize nutrients in the soil. For
example, white lupines (Lupinus albus L.)
and several other plant species exude large
amounts of citric acid into the rhizosphere under
phosphate-deficient conditions. Similarly, a defi-
ciency in iron or other trace nutrients can induce
increased exudation of organic acids in many
plant species. Examples for organic acids that are
found in the soil solution, and notably in the rhi-
zosphere of plants, include citric acid, malic acid,
fumaric acid, succinic acid, and oxalic acid.

5.6.3.4 Exudation of H" by Plant
Roots

Plants take up all essential nutrient elements from
the soil. In most plants, the requirements for
macronutrients increase in the sequence
S<P<Mg< Ca<« K<«KN.The sum of cation (K™,
Mg®*, Ca®*) uptake is therefore often much
greater than the sum of anion (HPO,* /H,PO, ",
S0,%7) uptake. Nitrogen can be taken up as NH,*
and NOj, i.e. both in cationic and anionic forms.
If mineral nitrogen in the soil is mainly present as
NH,", a plant inevitably must absorb much more
cations than anions. To maintain their electro-
neutrality, they must exude a corresponding
quantity of H* to balance the charge. This causes
the rhizosphere to become acidified relative to the
bulk soil, i.e. the pH value of the rhizosphere is
lowered. If the plant N-supply is in the form of
NO;, the difference between cation and anion
uptake is smaller, and the plants do not need to
exude as many protons. If a large quantity of NO;
is taken up by the plant, the rhizosphere pH can
even increase, because the plants release OH ,
HCOj; ", or organic anions to balance the charge.

Internally, the plant compensates for the
excess cation uptake by formation of salts of
weak organic acids, which are stored in the

1Because the dissolved carbonic acid (H,COs3) cannot be
analytically  differentiated from dissolved CO,
(CO,'H»0), H,CO5* is defined as the sum of H,CO;
and C02H20
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vacuoles (R-COO"M™). When the plant dies,
these salts re-enter the soil as litter and neutralize
acidity according to:

R—COO M" + H" = R—COOH + M" (5.63)

Thus, the soil H* balance is restored. However,
cation uptake occurs in the entire root zone, but
the neutralization of protons by the litter mainly
takes place in the topsoil. Therefore, the two
processes are spatially separated, which explains
why many natural, more strongly weathered soils
(e.g. Acrisols, Ferralsols) have higher pH values
and base saturation in the topsoil than in the
subsoil. The vegetation acts here as a “base
pump”. This natural cycle is interrupted in soils
used for agriculture and forestry, because a large
portion of the formed biomass is removed as
harvested biomass. The exudation of protons by
plant roots then leads to a net acid input and
contributes to soil acidification.

5.6.3.5 Oxidation of NH,* to NO;~

The microbial decomposition of organic matter in
the soil liberates organically bound nitrogen as
NH,", a process called N mineralization. N fer-
tilization (e.g. liquid manure, mineral fertilizer
containing NH,") and atmospheric inputs also add
NH," to the soil. Under aerobic conditions, the
aerobic bacteria Nitrosomonas and Nitrobacter
oxidize NH,* in two steps to form NO3, a process
that is called nitrification (Sect. 9.6.1). Thereby,
two H' are released for each NH,*, which is
illustrated in the following reaction equation:

NH,* 420, — NO3~ +2H' + H,0 (5.64)

The acidifying effect of nitrification is weakened
if the plants take up more NO3~ and less NH,",
and therefore also exude less H* into the rhizo-
sphere. Still, the nitrification of NH4" leads to
excess H", and thus many fertilizers containing
ammonium have an acidifying effect on the soil.
The H* quantities attributed to N input in Central
and Western Europe range between 1 and
3 kmol ha ' a™'; in areas with high liquid manure
production, however, the values can rise to
7 kmol ha ' a™.

5.6.3.6 Oxidation of Soluble Fe?*
and Mn?* lons and of Fe
Sulfides

Under oxic conditions, redox reactions can take
place in the soil that release protons, while under
anoxic conditions, protons tend to be consumed
by reductive processes (Sect. 5.7.1.1). An
important example is the oxidation of Fe** to Fe>*
in the presence of oxygen, and the resulting pre-
cipitation of Fe(Ill) oxyhydroxides:

Fe*t + H" + 1/40, = Fe** +1/2H,0 (5.65)

Fe*™ 4+ 2H,0 = FeOOH(s) + 3H"  (5.66)
Fe’* +3/2H,0 + 1/40, = FeOOH(s) + 2H"

(5.67)

Although one proton is consumed in the oxida-
tion of Fe** to Fe®* [Eq. (5.65)], Fe** is imme-
diately hydrolyzed and precipitated as sparingly
soluble Fe(IIl) oxyhydroxide (e.g. FeOOH) at the
pH ranges found in soils (pH > 3). In the
hydrolysis process, every Fe’* releases three
protons [Eq. (5.66)]. Analogously, the oxidation
and hydrolysis of Mn®* to MnO, also liberates
two H*. However, because the reverse reactions,
i.e. the reduction and dissolution of FeOOH and
MnO,, respectively, consume two H*, the pH
increases again up to the neutral range under Mn-
and Fe-reducing conditions. Reductive dissolu-
tion of Fe oxyhydroxides can lead to the release
of high concentrations of dissolved Fe>* ions,
which displace base cations (Ca>*, Mg>*, K7,
Na™) from cation exchanger surfaces, allowing
them to be leached with seepage water. When the
soil is aerated again, Fe** is oxidized and protons
are liberated by hydrolysis of Fe*. This process
(ferrolysis) contributes to the acidification of
periodically anoxic soils (e.g. Stagnosols). The
oxidation of Fe*" released during the chemical
weathering of Fe(Il)-bearing silicates, in contrast,
does not lead to soil acidification, because the
silicate acts as a base and binds the protons
(Sect. 5.6.4.4).

Marine or coastal sediments often contain iron
sulfides, which can become an important source
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of protons when they are subject to oxidative
weathering in soils. Iron sulfides occur as FeS,
(pyrite) and FeS (mackinawite). Under aerobic
conditions, both Fe?* and S*>~ can be oxidized
under formation of Fe(Ill) oxyhydroxides and
sulfuric acid:

FeS,(s) + 15/40, + 5/2H,0 = FeOOH(s)
+2804% +4HT

(5.68)

FeS(s) + 9/40; + 3/2H,0 = FeOOH(s)
+S04>” 4+ 2H*

(5.69)

If iron sulfide-rich and carbonate-poor soils are
drained and therefore well-aerated, they can
become very strongly acidic through sulfide
oxidation. In tropical regions, such soils (termed
acid sulfate soils) are often used for paddy rice
cultivation, because strong acidification and
resulting aluminum toxicity to plants can only be
prevented by keeping the soils permanently
flooded. The formation of sulfuric acid through
oxidative pyrite weathering also plays a very
important role in carbonate-poor mine tailings
containing metal sulfides, which leads to strongly
acidic seepage water (pH < 2, acid mine
drainage) with high concentrations of dissolved
Fe?*, Mn?*, SO,%", and toxic trace metals that
pollute the environment (Sect. 2.4.2.3).

5.6.4 pH Buffering, Soil
Acidification and Acid
Neutralization Capacity
(ANC)

The acidification rate in soils under humid
climate conditions depends, in addition to the
proton input per unit time, on its capacity to
buffer acid inputs. The soil’s buffering capacity
results from its acid neutralization capacity
(ANC), a capacitive parameter, and the reaction
rates of all relevant buffer systems as kinetic

parameters. Buffer systems include all chemical
reactions involving the conversion of free pro-
tons into an undissociated form. A proton input
always leads to a reduction in the soil’s ANC,
however, not necessarily to a corresponding drop
in the pH value. During the course of soil
development in humid climate regions, the ANC
gradually decreases through the constant input of
H*. For Central Europe, the analyses of numer-
ous soil profiles indicate that the ANC has
decreased in the post-glacial period on average
by ca. 8000 kmol ha™'. Because more H* has
been added to soils through the atmosphere in
industrial countries in the past century, their
remaining ANC is of great importance for their
critical loads of acid deposition. Buffering is
mainly accomplished by solid soil components
(carbonates, clay minerals, oxides, organic mat-
ter) and only to a limited extent by dissolved
substances.

Weakly alkaline to weakly acidic soils are
capable of buffering acid inputs rapidly and
completely, because they either contain carbon-
ates or at least have high base saturation of the
cation exchanger surfaces. A more rapid drop in
soil pH occurs if the carbonate buffer system and
the cation exchange buffer system are largely
depleted, because the neutralization of acid
inputs by silicate weathering is slow in moder-
ately acidic soils. Soils developed from mafic and
ultramafic igneous or metamorphic rocks, due to
their high contents of readily weatherable silicate
minerals, can remain buffered near pH 5.5-6.0
over longer time periods (Sect. 5.6.4.4). In con-
trast, soils developed from felsic igneous or
metamorphic rocks acidify within short time
periods to about pH ~ 4. This pH value is
caused by the high Al-saturation on the exchan-
ger surfaces. FElevated acid input from the
atmosphere has caused the pH of many forest
soils in Northern and Central Europe to decrease
by 1.5 units in the second half of the 20th cen-
tury, in some cases within a decade. The
above-mentioned course of soil acidification
explains why the pH values of forest soils in
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Fig. 5.16 Distribution of soil pH values (in 0.01 M
CaCl,) of 262 forest soils in Switzerland: a 818 mineral
topsoil samples, b 796 subsoil samples (>20 cm depth)
(after Walthert et al. 2004)

Central Europe follow a bimodal distribution,
with frequency maxima at pH 3.8-4.5 and at
pH 7.9-7.5 (Fig. 5.16).

5.6.4.1 Buffering by Carbonates

In soils containing carbonates, the dominant
buffer system is the dissolution of carbonates
under consumption of protons. The following
reaction shows that one mol H* is buffered per
mol CaCOQOs (calcite):

CaCO;(s) + H = Ca*™ + HCO;~  (5.70)

The HCO; dissolved in the pore water is lea-
ched together with Ca®* (or other cations). The
removal of dissolution products leads to an irre-
versible loss in ANC of the soil. Because the
kinetics of this buffer reaction is relatively fast,
the pH value established in the soil can be
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Fig. 5.17 pH-value and Ca®* concentration in the
solution at equilibrium with calcite (CaCO3) depending
on the relative CO, partial pressure at 25 °C (calculation
with Visual-MINTEQ)

estimated from the chemical equilibrium of cal-
cite in water at a given CO, partial pressure in
the soil air. As can be seen in Fig. 5.17, the
calculated pH value varies between 8.2 and 6.9
(pH = 5.9925 — 0.653logPco,) if the relative
CO, partial pressure is varied from atmospheric
to 100-fold elevated (Pco, = 0.00035 to 0.035).
The calculation also demonstrates that elevated
CO, partial pressure in the soil air leads to
increased dissolution of calcite, and that HCO5;
and Ca** are the most important dissolved spe-
cies involved in the buffer reaction.

The relatively fast reaction of calcite with
protons often results in a sharp decarbonatization
boundary in the soil profile. Only if carbonate is
present exclusively in coarse limestone gravel
can the soil pH drop to values below pH 7 before
the soil horizon is completely carbonate-free.
This is because the dissolution of carbonates in
gravel pieces with a small reactive surface area is
not fast enough to neutralize acid inputs. Dolo-
mite (CaMg(COs3),) reacts similar to calcite,
although much more slowly due to its lower
solubility.

The stoichiometry of the reaction is somewhat
different when strongly acidic soils (pH < 5) are
limed with CaCOj;. Under strongly acidic con-
ditions, HCO3™ is no longer the dominant dis-
solved carbonate species, but rather H,CO3*:

CaCOs(s) + 2H" = Ca’" + H,CO3*  (5.71)
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and H,CO5s* is in equilibrium with the soil air
according to:

H,COs* = CO,(g) + H,0 (5.72)

Thus, two mol H* are neutralized per mol
CaCOs. The main products of this buffer reaction
are Ca’", CO»(g) and H,O. The formed CO,(g)
leaves the soil through gas exchange with the
atmosphere.

5.6.4.2 Buffering by Surfaces

with Permanent Charge
Through cation exchange, clay minerals with
permanent negative charge (X ) and high base
saturation can act as a rapid pH buffer, e.g.:

X,Ca +2H" = 2XH + Ca*" (5.73)

Such exchange reactions result in the adsorption
of free protons onto the exchanger surfaces, thus
buffering the pH value of the soil solution.
Because H*-saturated clay minerals are not sta-
ble, only a small fraction of the cation exchanger
sites X in mineral soils are typically occupied by
H*. Protons attack the silicate structures and are
neutralized by slow silicate weathering reactions.
Thus, cation exchange on clay minerals with
permanent negative charge can only be consid-
ered as a temporary, but nevertheless rapid and
effective buffer system. Such rapid buffer sys-
tems play an important role in the rhizosphere of
plants, because they have an influence on the
short-term pH decrease by root exudates.

5.6.4.3 Buffering by Surfaces

with Variable Charge
Solids with variable (i.e. pH-dependent) surface
charge can bind and release protons and thereby
act as a pH buffer. In the neutral pH range, humic
substances are mainly negatively charged,
because a large fraction of the acidic functional
groups, especially carboxyl groups, are present in
a dissociated form. The negative charge is com-
pensated by exchangeable adsorbed cations, e.g.
Ca®*. These dissociated acid groups act as
BRoNsTED bases and can be protonated:

R—(COO™),Ca*"

+2H" = R—(COOH),+Ca*"  (5.74)

This leads to a decrease in both the soil’s ANC
and CEC. The exchanged Ca®* jons can be
leached with the seepage water. Humic sub-
stances act as a buffer substance across the entire
soil pH range (pH 3-10), because they have a
large number of different functional groups
covering a wide range of pK, values. The ANC
of humic substances often accounts for the larg-
est fraction of the total ANC of topsoils in the pH
range 5-7, in which the ANC of topsoils closely
correlates with the humus content.

The edges of clay minerals and surfaces of
oxides and hydroxides also carry variable surface
charge and act as a pH buffer. Above their point
of zero charge (pHpzc), the surfaces are nega-
tively charged (e.g. edges of clay minerals in the
neutral pH range). Like with humic substances,
the binding of protons results in a decrease in the
negative surface charge, and thus in the CEC.g,
and a release of exchangeable cations. Below the
point of zero charge (e.g. Fe and Al oxides in the
acidic pH range), proton absorption increases the
positive surface charge and therefore the anion
exchange capacity of the soil. Acidic soils that
are rich in Fe and Al oxides and hydroxides owe
a significant fraction of their buffering capacity to
the functional groups of these constituents (e.g.
Ferralsols). Similarly, the variable charge of al-
lophanes contributes to pH buffering in
allophane-rich soils (e.g. Andosols).

5.6.4.4 Buffering Through Silicate
Weathering

The chemical weathering of many silicates
(Sect. 2.4.2) leads to a consumption of protons and
to a buffering of the soil pH. For this reason, high
contents of readily weatherable silicates counter-
act rapid acidification, and therefore contribute
significantly to ANC of the soil. However, silicate
weathering reactions, and thus also pH buffering,
take place much more slowly than adsorption
reactions or the dissolution of carbonates. As a
result, silicate weathering represents a slow-acting
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buffer system. In addition to the mineral stability,
the weathering rate also depends on the grain size
and specific surface area, pH value, as well as other
environmental conditions (e.g. temperature,
leaching of weathering products). At neutral pH,
silicate weathering is very slow. Because silicate
weathering is promoted by protons, the weathering
rates increase logarithmically with decreasing pH.

Consider for example the weathering of
anorthite, a Ca feldspar:

CaAl,Si;Og(s) + 8HT — Ca>" 4 2A1°F
+ 2H,Si0}}

(5.75)

This reaction initially consumes 8 protons. Fur-
ther reactions of AI’*, however, release protons
again so that the net consumption of protons is
lower. In weakly acidic soils, a large portion of
the released AI>* is precipitated again in the form
of secondary minerals, for example with silicic
acid resulting in the formation of kaolinite:

2H,Si0,° + 2A1’t + H,0

— ALLSi,O5(OH),(s) + 6Ht  (5.76)

If the concentration of silicic acid in the soil
solution is very low (e.g. in highly weathered
soils), gibbsite is also formed:

2AP* + 6H,0 — 2A1(OH);(s) + 6H' (5.77)

In both cases, the formation of secondary min-
erals results in the liberation of 3 protons per Al**.
Another important reaction of AI** is the
adsorption on negatively charged surfaces of clay
minerals and humic substances. Cation exchange
or the complex formation of AI’* on organic

substances liberates other base cations, e.g.
through cation exchange according to:
3X,Ca + 2A1°" = 2X;A1 4+ 3Ca*"  (5.78)

Under humid climate conditions, the dissolved
Ca’" ions and the silicic acid (H4Si02) remaining
in solution are leached from the soil with seepage
water. The Al-saturation on the cation exchanger
surfaces increases, and thus also the soil’s
exchangeable acidity. The neutralization of 2

exchangeable AI** ions would require 6 OH™, i.e.
in this case the resulting exchangeable acidity
also corresponds to 3 protons per AI** ion.
Altogether, only 2 H" are buffered per
CaAl,Si,0g during the chemical weathering of
anorthite.

Silicates containing no or only little Al and Fe
(II) have a greater net buffering effect. Consider
for example the weathering of augite, a
pyroxene:

Ca25i206 (S) + 2H20 + 4HJr

— 2Ca*" + 2H,Si04° (5.79)

This reaction consumes 4 protons, but no acid
cations are released. In addition to Ca and Si,
most augites also contain smaller amounts of Al,
Fe and Mg (Sect. 2.2.3.3, Table 2.3). The higher
the Al and Fe(Il) content, the more the buffering
effect of augite weathering is reduced. Through
oxidation and hydrolysis, every liberated Fe**
ion leads to the formation of 2 protons
[Eq. (5.67)].

Silicate buffering is of great ecological
importance. On the one hand, it results in the
release of plant nutrients (Ca, Mg, K, Fe, Mn),
but on the other hand, it can also lead to the
release of phytotoxic Al** below pH 4.5, and
promote the depletion of exchangeable nutrient
cations in the soil. The latter plays a particularly
important role for the Mg supply of forest trees.

5.6.5 Liming of Acidic Soils

5.6.5.1 Optimum pH Value
for Agricultural Soils

Soil pH has numerous direct and indirect effects
on plant growth and crop yields, and it is there-
fore considered to be one of the most important
soil chemical parameters. In addition to the plant
species, the optimum pH of agricultural soils
depends on a number of ecologically relevant
soil properties, which are influenced in different
ways by pH. These include the potentially toxic
effects of AI’** and Mn?*, the availability of
macro- and micronutrients, the mobility of toxic
trace metals, humus decomposition, soil
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structure, and growth and diversity of the
accompanying flora. In any case, the soil pH
should be kept sufficiently high (pH > 5) to
exclude Al and Mn toxicity. However, significant
further increases in soil pH can result in
decreased availability of micronutrients such as
Mn, Cu, Zn, and B (Sect. 9.7). The same is true
for phosphate, which becomes less plant avail-
able above pH 6 (Sect. 9.6.2). Because a rise in
pH stimulates microbial activity, organic matter
can be more strongly decomposed leading to
enhanced N-mineralization. Finally, aggregation
in clayey soils is promoted by a higher percent-
age of exchangeable Ca®*, and especially by a
higher Ca®* concentration in the soil solution.

These considerations are reflected in recom-
mended pH values for agricultural soils depend-
ing on their clay and humus contents. In soils with
<4 % organic matter and <5 % clay the recom-
mended pH lies between 5.0 and 5.5, with 5 to
12 % clay between pH 5.4 and 6.0, and with
>13 % clay between pH 6.0 and 6.5, respectively.
The rising pH optimum with increasing clay
content primarily reflects the belief that more
clayey soils require a more stable soil aggregate
structure, and that this can be promoted through
liming. However, this could not be confirmed
beyond a reasonable doubt in field trials. If the
organic matter content is above 4 %, a lower pH
value is typically recommended regardless of the
clay content, e.g. a soil pH of 5.0-6.0 at 9-15 %
organic matter, and a pH of 4.0 in drained peat
bogs used for arable farming. In any case, Al and
Mn toxicity is not a problem in these organic
soils. For grasslands, pH values of 5.0-5.5 in the
topsoil of mineral soils are sufficient for the pro-
duction of good quality fodder (in terms of spe-
cies composition and micronutrient contents),
while soil pH values around 4.5 are sufficient for
peat bogs used as grassland.

In highly weathered tropical and subtropical
soils (e.g. Ferralsols, Acrisols), the primary aim
is to raise and keep the soil pH at a value where
the plant-available Al is reduced to a harmless
level, especially since lime is not always easily
available.

5.6.5.2 Liming and Lime
Requirement

If the pH of an arable soil drops below its desired
value, it can be raised by adding neutralizing
alkaline materials. Such alkaline materials
include limestone, marl, and dolomite, which are
naturally available in large quantities in many
regions of the world, as well as burnt lime (CaO),
which is produced by heating limestone. The
liming of acidic soils is a widespread and
long-established measure to increase agricultural
yields. While the liming of intensively cultivated
soils in Central Europe usually aims to compen-
sate the annual losses of base cations, there is a
significant lime requirement in many tropical and
subtropical regions for reducing aluminum tox-
icity, particularly for alleviating subsoil acidity.

The neutralization rate of lime increases with
decreasing soil pH. Above pH 6.0-6.5, carbonate
lime only reacts over the course of several years,
depending on its grain size. The first neutraliza-
tion step of CaCOj; takes place in the immediate
surroundings of the lime particles, and thus ini-
tially does not have an effect on the subsoil.
However, dissolved Ca®* and HCO;3; can be
transported downward with seepage water and, if
the subsoil is strongly acidic (pH < 5), lead to an
increase in subsoil pH. Ca®" promotes the
exchange and leaching of acidic cations (H*, AI®
*) and causes an increase in the base saturation.
HCOj;™ acts as a base and reacts under strongly
acidic conditions with H" to form H,CO5*.

Two examples of the long-term effects of
liming on subsoil acidity are shown in Fig. 5.18.
The left panel shows that 4 t ha~' of dolomite
lime, applied in 1984 between spring (F 84) and
autumn (H 84) on the surface of a strongly acidic
loess Cambisol under spruce, only raised the pH
value in the O horizon. Soil pH in the top layer
dropped again already after 2 years (H 86). Under
grassland (right panel), the rise in pH reached a
depth of 20 cm after 9 years, and more than 60 cm
after 23 years, although here the topsoil was then
already slightly acidified again. Subsoil liming
can be performed to more rapidly create better
growth conditions below the plough layer. This is
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Horizons

Fig. 5.18 Change in pH of two soils following lime
application. Left Luvisol developed on loess under spruce
forest after addition of 4 t ha~' dolomitic lime (S spring,

particularly important if the exchangeable Al
content in the subsoil is too high.

The amount of lime that is required to raise a
soil’s pH to the desired range is called lime
requirement. The lime requirement strongly
depends on the base neutralization capacity (BNC)
of the soil. This quantity can be determined
experimentally by titrating the soil with a strong
base (e.g. NaOH). Because this method is too
elaborate for routine analysis, the lime requirement
for agricultural soils is often estimated based on
empirical data under consideration of soil pH,
texture, organic matter content, and other factors.

In soils used for intensive agriculture, only
small quantities of lime are generally required to
neutralize the exchangeable Al and the strong
acids added to the soil from the atmosphere (in
Germany ca. 50 kg CaO ha 'a™"). In contrast, if
a pH value of >6 should be maintained, the lime
requirement increases exponentially, because the
weak acidic groups must also be neutralized to
achieve pH values >6. However, these weak
acidic groups are easily protonated again, mainly
by the carbonic acid produced in the soil.

20 A

40 -

Soil depth (cm)

60 A

F Fall of the given year; after Kreuzer 1995). Right Fine
sandy loam under grassland, 9 and 23 years after liming
with 10 and 40 t CaO ha™! (after Brown et al. 1956)

Redox Reactions
and Redox Dynamics

5.7

Redox reactions in soils have major effects on the
chemical form and availability of nutrients, the
transformation of organic matter, as well as the
mobility and toxicity of many trace elements.
Thus, they influence soil formation and biogeo-
chemical cycles. The behavior of C, N, S, Fe, and
Mn is particularly strongly dominated by redox
processes. The behavior of several potentially
toxic trace elements, such as Cr, As, Se, and U, is
also strongly controlled by redox processes.
Redox processes in soils are ultimately driven
by the photosynthesis of higher plants. During
photosynthesis, plants make use of the sun’s
energy to reduce atmospheric CO, and produce
carbohydrates, with the simultaneous oxidation of
2H,0 to O,. In the process, carbon is reduced
from oxidation level +4 to 0, while oxygen is
oxidized from —2 to 0. If the reduced carbon
compounds are added to the soil (through litter,
root exudates, etc.), they are oxidized again by the
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soil fauna and microorganisms to form CO,. The
organisms thereby obtain energy for their
metabolism. The oxidation of carbon liberates
electrons, which are transferred to O, (aerobic
respiration) or, in the absence of O,, to other
electron acceptors such as nitrate or sulfate.

Redox Reactions
and Redox Potential

5.7.1

5.7.1.1 Redox Reactions
Redox reactions involve a transfer of electrons
(¢) from one element or molecule (=electron
donor or reductant) to another element or mole-
cule (=electron acceptor, oxidant). The donation
of electrons is an oxidation, the acceptance of
electrons is a reduction. Because oxidation and
reduction are always coupled with each other,
they are referred to as redox reactions.
Conceptually, a redox reaction can be divided
into two half reactions, one reduction reaction and
one oxidation reaction. A reduction reaction (from
left to right) can be written in the general form:

Ox +mH" + ne” = Red (5.80)

Here, Ox is the oxidized form and Red is the
reduced form of an element (or molecule), and
m and n are stoichiometric factors. The corre-
sponding oxidation reaction proceeds from right
to left. The equation indicates that many reduc-
tion reactions consume protons, and oxidation
reactions release protons.

An important example is the reduction of Fe
(Il) in iron oxides (shown here simplified as
Fe(OH);) with the simultaneous oxidation of
organic carbon (shown here simplified as CH,O):

4Fe(OH), + 12H" + 4e~

— 4Fe”™ 4 12H,0 (Reduction)  (5.81)

CH,0 + H,O — CO, +4H"

5.82
+ 4e” (Oxidation) (5.82)

Both half reactions put together result in a
complete redox reaction:

Table 5.10 Redox-sensitive elements and their most
common oxidation states in soils

Elements Oxidation states (in soils)
(0) —-2,-1,0

C —4,-2,0, +2, +4

N =3,0, +1, +2, +3, +5
S —2,-1,0, +4, +6

Fe +2, +3

Mn +2, +3, +4

Cu 0, +1, +2

As -3,0, 43, +5

Se -2, 0, +4, +6

Cr +3, +6

U +4, +6

4Fe(OH), + CH,0 + 8H' — 4Fe?* + CO, + 11H,0
(Redox)
(5.83)

Here, iron is reduced from oxidation state +3 to
+2, and carbon is oxidized from oxidation state O
to +4. Because Fe’* is much more water-soluble
than Fe?*, this reaction dissolves iron hydroxide
(Fe(OH)5) and Fe?* is released into solution. This
reaction occurs under anoxic conditions in soils
and is driven by iron-reducing bacteria, which
gain energy from the oxidation of organic com-
pounds and use iron as an electron acceptor.

Table 5.10 lists the most important elements
involved in redox reactions and their most
common oxidation states in soils. Table 5.11
shows selected half reactions relevant in soils,
represented as reduction reactions. Possible
redox reactions can be derived by adding two
half reactions, one written in reverse direction as
oxidation reaction.

5.7.1.2 Redox Potential

The redox potential (E) of a solution depends on
the ratio of the activities of reduced and oxidized
species in the solution. If the reduced species
dominate, the environment is reducing and the
solution can easily donate electrons to other
substances. If the oxidized species dominate, the
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Table 5.11 Examples of reduction reactions (half reac-
tions) and their standard potential EY (at 25 °C and
1013 hPa) (after Essington 2004)

Oxidized form Reduced form E)
V)

1/5 NO5™ + 6/5 —  1/10 Ny(g) + 3/5 1.248

H' + e Hzo

1/4 Ox(g) + H" + ¢ — 1/2 H,0 1.230

1/2 MnO,(s) + 2 — 12Mn*" +H,0 1230

H +e¢

Fe(OH)3(s) + 3 —  Fe’" + 3 H,0 0.935

H +e¢

FeOOH(s) + 3 —  Fe’" +2 H,0 0.769

H +¢

1/8 SO + 5/4 —  1/8 H,S + 1/2 0.308

H +¢ H,O

1/8 — 1/8 0.172

COx(g) + H" + ¢~ CHy(g) + H,O

H' + e —  1/2 Hx(g) 0.000

environment is oxidizing and the solution can
easily accept electrons from other substances.
Thus, the redox potential indicates whether a
substance can be reduced or oxidized in contact
with the solution.

The redox potential of an aqueous solution can
be measured using an inert noble metal electrode
(e.g. made of Pt) as an electrical potential (in volts)
relative to a reference electrode. The standard
hydrogen electrode,'! with a potential equal to
zero, is the internationally accepted reference
electrode. The redox potential relative to the
standard hydrogen electrode is called Eh value.

The NERNST equation expresses the relation-
ship between the redox potential Eh and the
activity ratio of the reduced and oxidized species
of a redox couple:

Eh — B — 2303RTlog {Red}
nF {Ox}

(5.84)

Here, Eh? is the standard potential of the redox
couple (Red/Ox) relative to the hydrogen

""Because using a standard hydrogen electrode is incon-
venient, a calomel (Hg/Hg,Cl,) electrode or a silver/silver
chloride electrode is generally preferred as a reference
electrode. The measured potential can then be converted
to the Eh value by adding +0.248 V (calomel) or
+0.204 V (silver/silver chloride).

electrode. R is the molar gas constant, T is the
absolute temperature, F' is the FARADAY constant,
and n is the number of transferred electrons in the
reaction. The standard potential can be derived
from the thermodynamic data for every redox
reaction. At 25 °C, the NERNST equation reduces
to:

0.059

Bh — o — 2039 1 {Red)
n

{Ox}

The tendency of a solution to accept or donate
electrons can also be considered as the activity of
electrons, which is expressed as pe value (similar
to the pH value). A low pe value means that the
activity of electrons in the solution is high, and
thus substances in contact with the solution will
tend to be reduced. A high pe value, in contrast,
indicates low electron activity and thus an oxi-
dizing environment. The Eh- and pe values can
be easily converted into one another using the
following equation at 25 °C:

(5.85)

Eh = 0.059pe (5.86)

Table 5.11 shows examples of the standard
potential (Eho) for several selected half reactions
that are relevant in soils.

5.7.2 pe-pH Diagrams

As shown in the examples in Table 5.11, most
redox reactions involve protons. For this reason,
the soil’s pH and pe values are closely coupled.
The creation of pe-pH diagrams (or Eh-pH dia-
grams) is a simple way to illustrate which redox
species are expected to dominate at given pH and
pe values in a soil. The pe values in soils and
aquatic systems can vary by several orders of
magnitude, whereby the upper and lower
boundaries are determined by the stability of
water. Water oxidizes according to the reaction:

1/2H,0 — 1/40,(g) + H + ¢~ (5.87)

The equilibrium constant for this half reaction is
log K,x = —20.8. This results in the relationship
(assuming that the activity of H,O is unity):
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—20.8 = %log P, — pH — pe (5.88)
And in pure oxygen gas (Po, = 1):
pe = 20.8 — pH (5.89)

This equation shows that water is only stable at
pe + pH <20.8. At higher (pe + pH) values, water
would disintegrate under formation of O, and H*.
Accordingly, the lower boundary of the (pe + pH)
value is given by the reduction of protons to form
hydrogen gas, which would also lead to the
cleavage of water to form H, and OH :

H +e” — 1/2H,(g) (5.90)

The equilibrium constant for this reaction is
log K.q = O (this reaction corresponds to the
hydrogen electrode). At a relative H, partial
pressure of (Py, = 1), the following relationship

is obtained:
pe = —pH (5.91)

Thus, water is only stable at pe + pH > 0 and
would disintegrate into H, und OH  at lower

20

15 1 RSN

..
~~

10 - E “\‘ ‘~\~\\~

~o e
~

Fig. 5.19 Theoretically possible pe-pH range in aqueous
environmental systems (white area) and common pe-pH
range found in soils (red hatched area). The pe-pH range
is divided into an oxic (pe + pH > 14), a suboxic
(9 < pe + pH < 14) and an anoxic (pe + pH < 9) range.
The upper and lower boundaries of the theoretically
possible pe-pH range are given by the stability of water
[Egs. (5.87)-(5.91)]

values. Figure 5.19 shows the pe-pH range that is
theoretically possible in aqueous systems. The
pe-pH range is divided into an oxic
(pe + pH > 14), a suboxic (9 < pe + pH < 14),
and an anoxic (pe + pH < 9) range. The pe-pH
range commonly measured in soils is also shown.

The so-called rH value is also sometimes
given instead of the pe + pH value. The rH value
is defined as the negative logarithm of the

hydrogen partial pressure py,
rH = —log py, (5.92)

It is derived from the Nernst equation for the
redox reaction

H, = 2H" + 2~ (5.93)
as follows:
Eh
H=2——+2pH 5.94
g 0.059 " P (5:94)
and
rH = 2(pe + pH) (5.95)

The rH value represents a combined parameter for
the measured pH and Eh values. It can range in
value between O (in pure hydrogen gas) and 41.6
(in pure oxygen gas). rH values below 18 charac-
terize strongly reducing (anoxic) conditions, and
above 28 oxidizing (oxic) conditions. The suboxic
range lies in between with values 18 < rH < 28. In
the 1980s, rH values were introduced to the Ger-
man soil classification to define redoximorphic,
reductomorphic, and oximorphic soils, and were
later also adopted by the WRB for the definition of
Gleysols, Stagnosols, Planosols, and Reductic
Technosols (Sect. 7.2.5).

In the same way as for water, the dominance
fields of different redox species can be derived for
all of the other redox reactions. Figure 5.20 shows
pe-pH diagrams for various Fe or Mn species in
equilibrium with CO, and H,O. Panels (a) and
(b) demonstrate that under oxic conditions, iron is
present in its +3 oxidation state, which forms
poorly soluble hydroxides (goethite or Fe
(OH)s(am)). Under suboxic to anoxic conditions,
Fe(lll) hydroxides can dissolve reductively
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forming Fe?*. If the pH value is high enough,
mixed-valence Fe(II/IIT) phases such as magnetite
(Fe50,4) or carbonate green rust (a layered Fe(II)/
Fe(IIT) hydroxide) can be formed (Fig. 2.20). At
pH > 6, the concentration of HCO;  dissolved in
the water is high, which could lead to the pre-
cipitation of Fe®* as siderite (FeCO5) (green rust
and siderite are not considered in Fig. 5.20).

Figure 5.20c, d show the dominance fields for
Mn species in the absence (c) or presence (d) of
1 % CO, in the soil air. This example demon-
strates that the formation of rhodochrosite
(MnCO3) strongly depends on the CO, partial
pressure in the soil air.

5.7.3 Redox Reaction Kinetics

Without the activity of microorganisms, many
redox reactions would not take place in soils, or
only extremely slowly. A good example is the
high stability of N, in the presence of O,
although thermodynamically, the oxidation of N,

to NOz should be strongly favored. Even
microorganisms are not able to catalyze this
reaction, because the activation energy required
to cleave the N = N triple bond is too high. Many
other redox reactions are catalyzed by microor-
ganisms, which then use a portion of the liber-
ated energy for their own metabolism. However,
this only occurs if the reaction is thermodynam-
ically favorable, i.e. the reaction liberates energy.
Thermodynamics can therefore be used to
determine whether a redox reaction can take
place, and how much energy is liberated in the
process. It does not deliver any information on
the kinetics of the reaction.

Some redox reactions take place spontaneously,
without the participation of microorganisms. For
example, Fe** oxidizes rapidly in contact with O,
and water at pH > 6 to form Fe>*, which precipitates
as sparingly soluble iron hydroxide. The kinetics of
this redox reaction depends on the concentrations of
Fe?* and O, as well as the pH value of the solution.
The oxidation rate of Fe** can be expressed with a
simple kinetic equation

Fig. 5.20 Stability fields (a) 20 (b) 20
of Fe and Mn species as a 1 1
function of solution pe and 15 A 15 A
pH, for an ion activity of A ]
107> M under standard 10 1 10 1
conditions (1 bar, 25 °C): o 1 o i
a Fe™*, Fe?", FeOH>, Fe =~ 9 O] a 57
(OH)3(am) and magnetite 04 0-
(Fe;04); b Fe**, Fe?*, | i
goethite (a-FeOOH) and -5 -5 4
magnetite; ¢ Mn>*, - -
perlUSiIC (ﬂ—MHOz), -10 — 1 T T T T L -10 —7r r 1T r 1 r 1 r 17
bixbyite (Mn,05), 0 2 4 6 8 10 12 0 2 4 6 8 10 12
hausmannite (Mn30,4) and pH pH
Mn(OH),(am), and
d Mn**, pyrolusite, (c) 20 1 (d) 20 IS
bixbyite, and rhodochrosite 15 4 \\\\ 15 4 -
(MnCO5) at a CO, content - Pyrolt]éi}é‘x . el
of 1 % in the soil air 10 - N 10 - Pyrolusite~~__
PCO» =0.01). The 7 04 1 o4
s(‘,tabifity ﬁelds) were g 51 Mn g 51 Mn
calculated with The 1 ) ] Bixbyite
Geochemists Workbench 07~ Hausmannite 0.
I \“\, )\ i \‘\\ hodochrosite]
—51] T3 ~.._Mn(OH). (am) -5
_10 T T T T T "~ || _10 T T T T T ~'~ T T
0 2 4 6 8 10 12 0 2 4 6 8 10 12
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d[Fe*t]

=k [Fe**][OH™ Py,

(5.96)
where square brackets represent dissolved con-
centrations, Po, is the relative partial pressure of
oxygen, and the rate constant is
k=8 x 10" min~' mol™> L? (at 20 °C). This
reaction takes place rapidly at neutral to weakly
acidic pH values. At low pH or low O, partial
pressures, however, the reaction is much slower.

Compared to the oxidation of Fe**, the
spontaneous oxidation of Mn>* by O, in solution
is much slower and only significant at pH > 8.
For this reason, MnZ* s considerably more
mobile in soils than Fe>*. As a result, the con-
centration of dissolved Mn* in the soil solution
is often higher than would be expected based on
thermodynamic calculations. The oxidation of
Mn?* in soils mainly takes place autocatalytically
on the surfaces of already existing Mn oxide
particles. In this process, Mn®* is initially
adsorbed onto the surface of MnQO,. Adsorbed
Mn?* is oxidized by O, to form MnO, much
faster than dissolved Mn?**. This behavior
explains why, in contrast to Fe, Mn forms very
sharply defined enrichments and concretions in
hydromorphic soils. Some microorganisms are
also capable of catalyzing the oxidation of Mn**
by O, to obtain energy. Thereby, they form
biogenic Mn oxides that are extremely
nano-crystalline and highly reactive.

The surfaces of Fe and Mn oxides as well as
of iron-bearing clay minerals can participate in
numerous other redox reactions and sometimes
act as a catalyzer. For example, phenols and
aromatic amines, as well as As(IIl) and Cr(III)
can be oxidized on the surfaces of Mn oxides.

Because the kinetics of many redox reactions
is controlled by microorganisms, which consume
oxygen and catalyze reactions, the redox
dynamics of soils is highly dependent on the
environmental conditions. The most important
influencing factors are the availability of O, and
carbon sources (decomposable organic matter),
the temperature, the pH, and the nutrient avail-
ability. Neutral soils rich in labile organic matter
under warm temperature conditions exhibit the
strongest redox dynamics. Under such

conditions, soil microorganisms respire O, very
rapidly, and the soil becomes anoxic after a few
days of water saturation.

5.7.4 Redox Processes in Soils

Intense rainfall and/or poor drainage, ground-
water rise, or floods can cause prolonged water
saturation of soil pore space. With increasing
water saturation, the diffusion rate of O, in the
pores drops dramatically. The diffusion of O, in
water-filled pores is about 10,000-fold slower
than in air-filled pores. Oxygen that is still
present in the soil under these conditions is
consumed much faster by aerobic microorgan-
isms and plant roots than it can be replenished
through diffusion from the atmosphere. As a
result, the oxygen content in the soil drops to
practically zero within a few hours to days; the
soil first becomes suboxic and then anoxic, and
the redox potential Eh (or pe value) decreases.

In the suboxic and anoxic range, the soil
organisms are dominated by facultative and
obligate anaerobic microorganisms. These also
oxidize organic substances to yield energy,
however, they do not transfer the liberated elec-
trons to oxygen as the terminal electron acceptor,
but rather to other organic or inorganic com-
pounds, which are then reduced. Under anoxic
conditions, organic substances are decomposed
to form CO, and H,, as well as low-molecular
aliphatic acids (e.g. acetic acid, butyric acid,
lactic acid), polyhydroxy carboxylic acids, alde-
hydes, amines, mercaptans, NH,", H,S, C,H,
and CHy. These degradation processes are much
slower than with aerobic respiration under oxic
conditions.

Analogous to a pH buffer that absorbs liber-
ated protons and stabilizes the pH value in a
certain range, redox couples can also buffer the
pe value or the redox potential. With gradually
sinking redox potential, a sequence of redox
reactions sets in, which corresponds to the ther-
modynamic properties of the involved redox
couples (Table 5.12).

If the O, content in a soil drops to the suboxic
range, the first alternative electron acceptor used
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Table 5.12 Experimentally determined redox potentials
for various redox reactions (converted to pH 7)

Eh (V) at pH 7
+0.45 to +0.55

Observed redox process

Onset of NO3 ™ reduction

Onset of Mn>* formation +0.35 to 0.45
O, no longer detectable +0.33

NO; no longer detectable +0.22

Onset of Fe?* formation +0.15

Onset of SO, reduction and —0.05

sulfide formation

Onset of CHy-formation —0.12

SO,>" no longer detectable —-0.18

by many microorganisms is NO;3 ™, which is then
reduced to N, and smaller amounts of N,O, NO
and metastable NO, . Because the gases N, and
N>O can escape to the atmosphere, this process
(denitrification) leads to significant gaseous
nitrogen losses from cultivated arable soils
(Sect. 9.6.1.4). The trace gas N,O is a potent
greenhouse gas and contributes significantly to
global warming. Smaller fractions of NO;3  can
also be reduced to NH,* (nitrate ammonifica-
tion). This process was observed in subhydric soils
and in soils with waste water irrigation. However,
its quantitative significance compared to denitrifi-
cation has still not been sufficiently investigated.
When O, and NOj™ are depleted, the redox
potential drops further into the anoxic range.
Various facultative (e.g. Shewanella sp.) or
strictly (e.g. Geobacter sp.) anaerobic bacteria
now use oxidized metal species as electron
acceptors. The reduction of Mn(IV/III) to Mn(II)
begins first, followed by the reduction of Fe(IlI)
to Fe(I). This leads to a reductive dissolution of
oxides and hydroxides of Mn(IV/III) and Fe(II),
and to a strong increase in the concentrations of
Mn?* and Fe** in the soil solution and on cation
exchanger surfaces. Humic substances and other
organic compounds play an important role as
electron shuttles between bacterial cells and oxide
surfaces, and thus strongly promote the reduction
of Mn and Fe oxides. The reductive dissolution of
Mn and Fe oxide minerals leads indirectly to a
mobilization of trace elements (e.g. As, Mo, Cd,

Pb, Cu, Zn) and phosphate, which were adsorbed
to these oxides. Redox-sensitive trace elements
can also be reduced by bacteria (e.g. As(V) to As
(IIT) and U(VI) to UIV)).

A further decrease in the redox potential leads to
a microbial reduction of sulfate (SO,>7) to H,S.
Many different bacterial species are capable of this,
which are combined under the name sulfate-
reducing bacteria (SRB) according to this meta-
bolic function. Most SRB use low-molecular
organic compounds (e.g. formic acid, acetic acid,
butyric acid, lactic acid) as a substrate and liberate
H,S according to the reaction:

2CH,0 + SO,*” = H,S +2HCO;~  (5.97)

Although many SRB tolerate the presence of
oxygen, their activity is strongly inhibited. For
this reason, sulfate reduction can start very rap-
idly as soon as the conditions are sufficiently
anoxic. In soils, anoxic niches where sulfate is
already being reduced can occur locally, while in
other areas of the soil, the redox potential is still
too high. The produced H,S either reacts with
metals to form poorly soluble sulfides (e.g. HgS,
CuS, CdS, PbS, FeS), or in cases of strong pro-
duction, it escapes as a toxic, foul-smelling gas.
Metal sulfides form via clusters and nanoparticles
suspended in the soil solution, which potentially
may transported with seepage water.

Finally, under extremely anoxic conditions,
CO, is reduced to CH4 (methanogenesis). This
leads to the formation of fermentation gas
(swamp gas), which mainly consists of methane.
Methane emissions from soils (peatlands,
swamps, paddy soils) play an important role in
global climate change, because methane is a
highly effective greenhouse gas.

5.7.5 Soil Redox Potential

The measurement of redox potentials in soils or
soil samples in the laboratory encounters several
problems. Because all redox couples are rarely at
chemical equilibrium in the soil, and the Pt elec-
trode is not equally responsive to all redox cou-
ples, the measured potential is a poorly defined
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“mixed potential”. Especially at very low con-
centrations of the oxidized and/or reduced species,
the Pt electrode reacts only very slowly. Further-
more, several substances can poise (e.g. H,S) or
inactivate (e.g. oxide or carbonate precipitations)
the Pt electrode. In this case, mechanical or
chemical cleaning of the electrode must be per-
formed regularly. The calomel electrode
(Hg/Hg,Cl,), used as a reference electrode, can
also be destroyed by H,S as a result of the for-
mation of mercury sulfide. For this reason, in
samples containing sulfides, the reference elec-
trode has to be protected from contact with the
sample using an electrolyte bridge. Redox poten-
tial measurements in the field also often exhibit
strong fluctuations, because the redox conditions
in soils can exhibit strong spatial heterogeneity.
Other systematic errors may occur because traces
of oxygen are carried over when inserting the
electrodes (especially in wet soils), or due to poor
or lacking electrode contact (especially in dry
soils). Redox potential measurements in soils
should therefore be interpreted qualitatively.
Nevertheless, they can provide valuable infor-
mation on the redox dynamics in soils, and are
therefore used in field and laboratory experiments
together with other measurements.

Well-drained, strongly acidic soils have the
highest redox potentials (up to +0.8 V). The
lowest values are found under anoxic, neutral to
alkaline conditions (up to —0.35 V). The redox
potential of soils can vary strongly during the
course of the year, especially in soil horizons
influenced by groundwater or stagnant water,
which are periodically wet. Here, in addition to
the temperature, the redox dynamics also
depends strongly on the soil’s degradable organic
matter content. When humus-rich Ah horizons
are water-saturated, the redox potential decreases
within a few hours, because microorganisms
rapidly consume oxygen and the soil becomes
anoxic. In contrast, microbial activity is much
lower in subsoils with low organic matter con-
tents, and the redox potential therefore drops
more slowly and less strongly at water saturation.
Cool temperatures also slow down the redox
dynamics due to the lower microbial activity. In
Reductosols, reduction takes place in unsaturated

soils, because of leaking reductive gases (CO,,
CH,) from post-volcanic mofettes, from landfills,
or damaged gas pipelines preventing atmospheric
O, from entering the soil (Sect. 7.5.1.16).
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Physical Properties and Processes

Soils are natural entities and as such, each soil is
characterized by typical physical properties, with
color (Sect. 6.8) and texture (Sect. 6.1) being the
most readily visible. Therefore, they are impor-
tant components of any soil description.

Beside both of these properties, the next
parameter to be defined is the spatial distribution
of the particles, being either homogenous or
aggregated. Thus, structure is the next physical
property that can generally be exhaustively doc-
umented by morphological description.

All other physical properties such as the sta-
bility, and therefore load-bearing capacity for
trampling and wheeling, the pore size distribution
and thus root penetration, as well as the water and
air storage capacity, and temperature, i.e. the pri-
mary growth conditions for all plants, are corre-
lated in different ways with the above-mentioned
morphological properties. However, the correla-
tions are often not very close when the soil primary
properties are clearly altered by soil development
and land use. For this reason, special measure-
ments are required in most cases.

This applies particularly to movement and
associated transport processes. These complex
processes depend on the climate and weather
conditions, and are therefore often seasonal.
They influence the water and air balance of any
soil, and non-stationary and periodically occur-
ring processes are much more frequent and
exceed the existence of continuous measure-
ments within the scope of these regimes.

© Springer-Verlag Berlin Heidelberg 2016

Correlations between the properties of all
three groups are therefore of great practical sig-
nificance. They enable statements without labo-
rious and time-consuming measurements. This
applies both to use-relevant properties and to the
design of computer models for the representation
of process cycles. In both cases, the results
depend on the understanding of the type and
extent of the correlations.

6.1 Texture and Packing
The material constituting the solid phase of the
soil does not usually lie on the surface of the
lithosphere as a continuum, but rather is in
granular form. This applies not only to the
inorganic components, which consist of rock
fragments or mineral particles, but also to the
organic components, which consist almost
exclusively of or are derived from more or less
broken down and decomposed plant material.
The texture and porosity resulting from the
packing of these particles create space within the
soil volume for water and air, as well as for roots
and soil fauna. For this reason, these soil prop-
erties not only influence all living processes in
the soil, but also the interactions between the
solid, liquid and gaseous phases, as well as any
transport and dislocation.
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6.1.1 Particle Formation

When solid rock is exposed to changing climatic
conditions through geological processes, such as
volcanoes, erosion by wind and water, retreat of
water or ice, and changing environmental con-
ditions, the internal stress conditions also
change. This leads to tensile and shear failure
fractures and the formation of a crack network.
A previously continuous emerging rock mass
thus soon becomes a collection of fragments and
particles. During the course of further physical
weathering (Sect. 2.4.1), the rock fragments
continue to be crushed and sorted depending on
the type of parent material, weather and climatic
conditions as well as transport processes. This
leads to the formation of various distributions
and mixtures of particles of different sizes, the
diameter of which can vary by several orders of
magnitude. A comparable size distribution of the
discrete particles can also be documented for
organic soil components, resulting from the
decomposition of plant debris mainly through
the feeding processes of different soil-dwelling
organisms, ranging from rodents to arthropods
(e.g. mites). These organic particles often have
much more irregular shapes than mineral or rock
particles. In addition to such fragments and
decomposition products, new formations also
occur in soils in the form of inorganic or organic
components. With increasing size of these new
formations, their fraction in the overall texture
decreases. New formations do not always occur
as discrete particles. They may also be formed as
a film or coating on larger particles and only

become free particles during further soil
development.
Such unconsolidated particles are also

described using the term primary particle, in
order to clearly differentiate them from aggre-
gates, i.e. units consisting of adhering primary
particles. Aggregates can occur in all sizes and
exhibit different stabilities. For the assessment of
the particle size distribution, it is therefore
important to consider the degree to which the
aggregates were broken down into their primary
particles before or during the analytical process.
Because of the mentioned varying strength, the

proper recording of primary particles always
represents difficulties, which can only be avoided
by observing the conventional laboratory pre-
treatments e.g. of the organic matter or
carbonates.

Particles with a diameter <2 mm are of special
significance for soil development and use. On the
one hand, significant amounts of water can be
held between them against the force of gravity,
which than also influences the fraction and
quantity of air. On the other hand, the extent of
chemical adsorption and exchange processes
depends on the available mineral surface per unit
mass. This, in turn, increases with decreasing
particle size.

6.1.2 Particle Size

Both the crushing of coarse fragments into
smaller ones but also the formation of new and
coarser particles result in a great variation in the
scale of the occurring sizes. They may vary from
the meter range to beneath the resolution limit of
an optical microscope. In order to have a stan-
dard index for this wide range, the median (of the
logarithm) of the equivalent diameter of the pri-
mary particles is generally used for character-
ization. The equivalent diameter is an auxiliary
value that enables the assignment of a diameter
both to individually tangible particles and to
those that can only be seen under the microscope.
It is thus a convention.

For particle separation by sieving, the particle
diameter is defined by the diameter of the holes
or mesh of the sieve as the boundary between
two particles size classes, especially when the
particles are not spherical. In the range of particle
separation by sedimentation, the equivalent
diameter corresponds to double the radius of a
sphere that settles just as fast as the corre-
sponding primary particle during sedimentation
assuming spherical form. This single parameter
enables the measurement of particles across the
range of all existing shapes and dimensions. The
particle size scale can then be represented as a
continuum. Due to its large span from 10°-107°,
it is depicted on a logarithmic scale.
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Since digits do not illustrate the equivalent
diameter very well, simple names, some of which
are colloquial, are used to designate the main
particles fractions. The fraction limits used here
are defined by convention (Fig. 6.1).

6.1.3 Particle Classification

In most cases, the size of the primary particles,
represented by the equivalent diameter, is used
for their classification.

6.1.3.1 Particle Size Fractions

In many countries, a logarithmic scale is used
for the classification of equivalent diameters into
fractions. The fraction limits suggested by
ATTERBERG are based on the digit 2. According
to this convention, first the soil skeleton (coarse
soil) with equivalent diameters >2 mm is sepa-
rated from the fine soil with diameters <2 mm.
In Germany, the fine soil fractions for sand, silt
and clay are further classified by dividing the
scale sections based on the digit 2 in the middle

GroBblicke Large Boulders
630 mim{ 600 mm
Eléicke (mX) - Boulders
200 4
Steine (X) Stones
grob coarse
| 20
Kg)g ritted medium Gravel
14 63
fein fine
2mm 1 2 mm
grob 1000 ym_ VerY conrse
630 i b coarse
5 500
Sand nlll‘.l.‘i 250 medium Sand
(s) ) fine
fein 100
63 very fine
grob 50 pm
20
Schiuff “;‘f;i . Silt
w oo
2 pm 2pm
grob
630
Ton mitted Clﬁy
m 200

fein
83 nrmr{

Fig. 6.1 Classification of particle size fractions. German
(left) and American nomenclature (right)

of the logarithmic scale, i.e. at the digit
sequence 63. The resulting fraction boundaries
are shown in Fig. 6.1. The figure demonstrates
that e.g. the USA does not adhere to the con-
vention of the equidistant logarithmic interval
(0.5 as the difference between the digits
lg 2 =0.3 and 1g 6.3 = 0.8 etc.) for the fine earth
range at the transition from silt to sand (at
50 pm). The boundaries also vary in the range
of the skeleton. Nonetheless, all classification
systems share the same boundary for the clay
fraction beginning at <2 um; for soil evalua-
tions, however, the smallest particle size
is <10 pm (see Sect. 11.2).

6.1.3.2 Mixtures, Particle Size
Distributions

The particle mixture existing in a soil can cover a
wide or narrow range on the size scale shown in
Fig. 6.1. Their sizes can be mixed, or more or
less well-sorted. This data is best shown by
means of a cumulative particle size distribu-
tion curve (Fig. 6.2). This continuous curve is
obtained by connecting the points representing
the experimentally determined cumulative frac-
tions that are bigger or smaller than a given
equivalent diameter. This representation reflects
the character of a particle size distribution better
than a histogram drawn from the analytical data.
Smoothed cumulative curves also offer the pos-
sibility to convert the percent fractions from
other classification systems to standard values, as
shown e.g. in Fig. 6.1.

Examples of conventional classifications for
the fine earth particle mixture are the triangle
diagrams shown in Fig. 6.3 (for the German), and
in Fig. 6.4 for the FAO and the World Reference
Base (WRB) classification systems. They are
based on the agreement in the definition of the
upper limits of the clay and sand fraction shown in
Fig. 6.1. Within these fractions, however, the
classification does not concur. In Germany, the
classification shown in Fig. 6.3 is defined by a
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German Standard 4220 but also introduced in
Europe as DIN—ISO. In addition to the designa-
tions listed in Fig. 6.1, the term “loam” also
appears in the texture triangle (Figs. 6.3 and 6.4). It
does not represent an inherent particle size frac-
tion, but rather a mixture (of sand, silt and clay).

% Silt (2—63 um @) —»

In German, the term soil texture was intro-
duced for the particle size distribution of fine
earth. It is based on the designation of the texture
mixtures in the country’s soils evaluation in
1934, where it is only defined by the % frac-
tion <10 pm, as it still is today. The German
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Fig. 6.4 Soil textures of
fine earth according to the
FAO and the World
Reference Base (WRB)

mapping instructions (5th Edition) make a dis-
tinction between a total of 21 different groups,
from pure sand (Ss) through to clayey clay (Tt).

6.1.3.3 Determination
of the Particle Size
Distribution

The proportions of the individual fractions are
generally determined for the purpose of drawing
a cumulative particle size distribution curve.
Depending on the conditions, a varying number
of fractions can be used. This curve is generally
drawn for the fine earth fraction (@ < 2 mm)
(Fig. 6.2). In skeletal soils, however, the percent
fraction of gravel must also be considered.

Before the fine earth is analyzed, readily solu-
ble salts (including gypsum) must be removed
with water because they inhibit dispersion;
carbonate/lime is often destroyed using hydro-
chloric acid, and organic matter is oxidized
using hydrogen peroxide. In special cases, the
iron oxides are also removed using a
Na-dithionite/citrate/hydrocarbonate extract. The
aqueous solution is then agitated with a dispersion
agent such as sodium metaphosphate, because
phosphate complexes Al, Ca and Mg ions that
have a coagulating effect, which are then replaced
by strongly peptizing Na ions.

+— % Sand (0.063—2mm)

Other methods are also used in addition to the
preparations described here, depending on the
purpose of the investigation. For example, the
lime may not be destroyed if the lime particles
exist as separate constituents of the texture range.

In the fine earth fraction, the proportions of
the sand fractions are determined by sieving. The
proportions of the silt and clay fractions, in
contrast, are determined by sedimentation, usu-
ally using the pipette or areometer methods.
These methods involve the calculation of the
sedimentation velocity (v), which depends on
the particle size (radius r), the difference in
density between the particles (ps) and water (p,y),
as well as the temperature-dependent viscosity of
water () and the acceleration (g), according to
the equation by Stokes (1845):

v:2XV2X(pF—pW)><g
9%y

(6.1)

The equation only applies for spheres and is
therefore, strictly speaking, only directly appli-
cable for sands. The finer the particles, the more
they deviate from a spherical shape, and in clay
minerals, they ultimately reach a completely
platy shape. For all shapes other than spheres, a
so-called equivalent radius is determined as the
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average radius of the particles, and this is set to
be equal to the radius of the sphere.

The density of quartz is usually used as the
density of the mineral particles (p; = 2.65 g cm ™)
because this mineral is common in soils, provided
that the soils do not consist of e.g. basalt, lime-
stone, high iron oxide contents or humic material.

It is very time-consuming to perform a com-
plete texture analysis. Alternative methods
involving the use of gamma radiation or laser
technology are used just as estimation methods.
The latter are mainly used within the scope of
field work. A finger test can be performed on a
moist sample to identify texture criteria such as
plasticity, rollability, smearability and coarse-
ness. The clay fraction can be easily formed and
has a shiny surface due to the squeezed-out
water, and at the same time, it has a smooth
smeared surface due to the alignment of the clay
platelets. Silt is less deformable; it is floury and
becomes easily dusty. Its smeared surface is
coarse. Finally, sand cannot be rolled and
deformed, and its grains are visible. In humic
samples (to be described with the color), the
humus content must be subtracted from the value
estimated for the clay fraction. Experienced soil
surveyors are capable of estimating the fractions
of these three soil components with ca. 5 %
accuracy in the range up to 20 % clay. If the clay
fraction is more than 20 %, the estimates are less
accurate. Thus, in many cases it is possible to use
a finger test to assign the soil texture to a soil
type, i.e. a section of a soil texture triangle as
shown in Fig. 6.3, with high reliability.

6.1.4 Particle Properties

The particles (primary particles) of the inorganic
components generally determine the soil’s char-
acter. Only in cases with high organic matter
fractions, as they are observed in e.g. humus rich
soils or moors (Sect. 7.5.4), the character of the
mineral particles is masked by their properties.

6.1.4.1 Composition and Shape

While the primary particles in block, stone,
gravel and coarse sand fractions are generally
rock fragments, mineral particles dominate the
finer sand, silt and clay fractions. Here, the pro-
portion of new formations from the clay mineral
and oxide groups is the greatest. In terms of the
shape and the variation spectrum of the shapes,
the roundness of the particles in both the skeletal
fraction and in the silt and clay fractions
decreases, while a spherical shape is most com-
mon in sands from sedimentary rocks. In the
gravel and stone range, very sharp-edged shapes
can occur (=debris, grit), while boulders and
pebbles can be very rounded. The particles also
approach the shape of the minerals from which
they are formed. For this reason, the clay fraction
is characterized by its irregular shapes, and many
clay minerals by a pronounced platelet shape
because they are layered silicates (Sect. 2.2.3).
Irregular shapes also characterize the fine parti-
cles in strongly humified peat.

6.1.4.2 Surfaces

The surface area and the mass unit are closely
related to the degree of roundness and the particle
size. Already the division of the mass of a sphere
into always more and smaller spheres leads to a
considerable increase in the surface area
(Table 6.1). Any deviation from a spherical shape
increases the surface area of a body in relation to
its volume. Thin platelets represent the furthest
deviation from a sphere. For this reason, they
have the largest surface area related to their mass
(or their volume). The size of the platelet diam-
eter, which is measured using the surface area, is
not as important as its thickness. Because the
similarity to a sphere decreases from sand through
silt to clay, the increase in surface area per unit of
mass is much greater in natural soils than shown
in Table 6.1. If the platelets are thin enough, it can
reach ca. 1,000 m*/g of clay. The surfaces of the
mineral particles in the sand and silt fractions are
generally not completely exposed. They are often
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Table 6.1 Relationship between particle size, grain
number, and total surface when dividing a sphere with a
radius » = 1 cm into spherical particles

Sphere Number of Total surface
radius spheres area

10 mm 10° 1.26 x 10" cm?
1 mm 10° 1.26 x 10 cm?
0.1 mm 10° 1.26 x 10* cm?
0.01 mm 10° 1.26 x 10* cm?
1 pm 102 1.26 x 10° cm?
0.1 pm 10" 1.26 x 10° cm?

covered with thin films of fine material, such as
newly formed minerals or their precursors. In the
A horizon, these films often consist of organic
material, which in turn can have significant sea-
sonal effects on the wettability of particles and
aggregates. In the clay fraction, accessibility of
the surfaces is impeded by the formation of
microaggregates. This is exhibited e.g. by the fact
that textural analysis performed using only water
as a dispersing agent only records part of the
material belonging to the total clay.

6.1.5 Common Particle
Distributions

The texture of a given soil is the result of inter-
actions between the parent material and its
development, weathering and rounding and
where applicable, the size and mineral type
sorting due to transport by flowing water or by
wind. As a result, some textures occur more often
than others, and the spatial distribution is also
subject to physical laws.

6.1.5.1 Reasons

Particle mixtures that are transported by wind or
water are more strongly sorted, i.e. they have a
narrower concentration of the diameter around an
average value, than those flowing in the presence
of large amounts of water or sliding down a slope
(e.g. mudflows). Sediments transported by ice are
also unsorted, unless the glacier carried material
that was already previously sorted.

As aresult, well-sorted textures are more often
found in landscapes where the arid climate pro-
motes transport by wind, i.e. in deserts (cold and
hot deserts), and also areas with extensive water
flow events, such as floodplains, in the tidal zones
of oceans, and in wadis in hot deserts. Another
correlation is the fact that individual particles of
the silt fraction are most easily carried by wind
and can be transported over long distances,
because they can remain in a suspended state for a
long time at the frequently occurring wind
velocities. For this reason, silt-rich eolian deposits
(loess) on continental surfaces are the most
common and their texture provides a uniform
parent material for soil development.

Coarser particles are less frequently found
over large areas, because neither the water nor the
wind velocity is sufficient to initiate more exten-
sive or long-distance transport. Desert crusts and
gravel layers, originating from deflation, washing
out of fine fractions or through downward
movement of coarser particles (cryoturbation and
peloturbation), are generally very thin, as sug-
gested by their names. Clays are also seldom
extensively transported by wind, and if they are,
then usually in the form of aggregates that would
be assigned to the silt fraction. Transport by
flowing water, in contrast, leads to large-scale
clay accumulations, because clays are more
strongly dispersed in water, i.e. they are displaced
without restriction to the aggregated state.

These regularities cause some textures to occur
more often than others (Fig. 6.5). The texture
triangles show that sands are the fraction that is
purest, i.e. is the most well-sorted (up to >95 %).
Silt-rich sediments, as they are found in loess or
in marshes and floodplains, hardly ever contain
less than ca. 10 % clay. Clay contents of more
than 80 % are also rare, and the rest of the texture
then consists of silt. Clay-rich textures are not
only found in fresh sediments and in weathered
clay rocks (clay-schist series), but are also
observed as a product of the weathering of lime-
stone, if the non-carbonate residues accumulate.
These mainly belong to the clay fraction, because
the coarser grains are seldom transported into the
range of lime deposition.
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Fig. 6.5 Texture of common soils developed from different parent rocks from Central Europe (from Hartge and Horn

2014)

6.1.5.2 Landscape-Related
Occurrences

The described correlations cause the occurrence
of specific textures to be roughly determined by
the geological and climatic history of a landscape
and the influenced geomorphological forms.

This includes the observation that the char-
acter of a hard sedimentary rock in young land-
scapes determines the texture of the weathering
material and thus the nature of the soils. Soils
developing from the weathering of sandstone
have high sand fractions, while the weathering of
schist results in high clay fractions. Sites where
the parent material for soil formation is located
near the weathering site due to gravitational mass
movement (landslides, solifluction) generally
have a particularly wide spectrum of grain sizes.
This is true for sites close to mountains, but also
for areas affected by former glaciations. In con-
trast, more strongly sorted textures are always
found in floodplain landscapes and also in
mudflat and sander sediments. The sorting
increases with the distance from the weathering
site, i.e. in rivers, towards the lower reaches of
the waterways. In principle, the average grain
size decreases in the same direction. For this
reason, finer textures are more often observed at
the lower reaches of rivers and streams than at
their origins. Parallel to this, the texture close to
the river, in the banks, is always coarsest and
becomes finer with increasing distance from the

riverbed, because only here does the current
allow the finer particles to settle (see Sect. 8.3).
The widespread distribution of loess-like textures
has already been mentioned. They are formed in
areas with climates where the substrate is rarely
wetted so that menisci are formed, i.e. if it is dry
or cold. In parent rocks from old geological
surfaces, the results of the above-mentioned
processes can be so altered by the further
course of weathering at the site that the correla-
tions described here are no longer observed.

As a general rule, it can be assumed that most
soils fall into the wide range of loams and loamy
soils. This can be seen in the frequency distri-
bution curves in Fig. 6.5, but also in the fre-
quency with which loamy soils are found in data
compilations. As a result, the classification of this
texture range is particularly well differentiated
(Figs. 6.3 and 6.4).

6.1.6 Packing of the Primary
Particles

Because of the varying particle size distributions
and the diversity of shapes of the primary parti-
cles, the solid phase is not able to completely fill
the space, even at the highest packing densities.
The remaining interstices are called pores.
Together, the solid particles and pores form the
matrix, where water and air are stored and flow,
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and where all chemical and biological processes,
but also leaching and accumulations take place.
For this reason, the porosity as well as the
physical laws governing its development and
changes describe soil properties that significantly
influence almost all processes in all soils.

6.1.6.1 Bracing and Contact

A central point of the packing of primary parti-
cles is the mutual bracing in the overall structure.
This takes place at the contact points between the
particles. The closer these particles are packed,
and thus the higher the soil density, the more
there are points of contact, in principle on every
grain. The more intensive the bracing due to
more contact points within the soil volume, the
greater the soil’s resistance towards further
compression or displacement.

This relationship is so universal in soil science
terminology that it is used as a generalizing
contrast to a loose soil for both ‘more compact’
(=compaction) and ‘more dense’ soils (=consoli-
dation, stabilization). However, this wide-spread
simplification neglects the fact that although an
increase in the number of contact points is a
common cause for an increase in density, it is not
the only reason. A selective increase in the
strength at a given number of contact points is the
alternative. Examples for this are the formation of
hard pans in Podzols, the formation of bog iron
ore in Ferric Gleysols, the formation of loess
puppets in Chernozems, the formation of calcrete
in Calcisols or the formation of duripans in
Durisols (see Sect. 7.2.6).

The correlation between the number of con-
tacts per sphere and the mass per unit of volume
and thus with the void ratio is particularly evi-
dent with same-sized spheres (Fig. 6.6). The
volumetric void ratio in this figure is based on the
volumetric ratio of the solid particles, i.e. the
volume of the spheres, because it does not
change. For this reason, the void ratio is plotted
on the ordinate. The graph shows that the total
volume increases with a reduction in the number
of contact points per sphere. In a soil where the
solids cannot deflect to the side, which is gen-
erally the case in large-scale load changes, the
height of the packing increases. Changes in the
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Fig. 6.6 Top Correlation between the number of contact
points and the void ratio with same-sized spheres. Bottom
Height difference based on the same total volume of the
spheres depending on the number of contact points (after
Hartge and Horn 2014; values from von Engelhardt 1960)

number of contact points not only also lead to
changes in strength, but also to changes in the
height of the soil surface.

In the case of ideal rigid spheres, the contact
surfaces are infinitely small. With irregularly
shaped primary particles, in contrast, more
extensive contact surfaces can also occur. This
may potentially prevent direct grain-to-grain
contact, because water films remain between
the mineral particles that would be expelled with
true point contact. This affects the strength of the
soil when subject to changes in the applied stress
(Sects. 6.3.3 and 6.3.4).

Because the soil mineral particles beneath the
gravel fraction are rarely loaded to their break
point under the loads occurring in the topmost 5—
10 m, configurations that develop during sedi-
mentation cannot be easily changed at a later
time. The most dense orderly packing, as shown
in Fig. 6.6 for same-sized spheres with 12 contact
points each, is therefore never reached under
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natural conditions, even if during the glacial
periods, glaciers with a thickness of several
hundred meters not only planed the subsoil
smooth, but also the ground moraines became
more intensely compressed due to shearing. After
melting, during which a slight relief occurs and
platy structures are formed, glacial till still
exhibits ca. 30 % pore volume and thus less than
12 grain contact points.

6.1.6.2 Packing Parameters
Depending on the required information, various
methods are used to characterize the packing
state of a soil, which differ mainly in their ref-
erence basis.

If the focus is on the total soil volume (Vt) and
the change in the pore ratio (Vp) is based on this,
it is referred to as porosity or the pore volume
(n or PV) (Fig. 6.7).

Vp _Vp

PV =n=—

== (6.2)
Vi Vp+ Vs

If the focus is on the change in volume in the
overall system, then the solid particle volume
(Vs) is used as a reference basis. This correlation
parameter is called void ratio (¢ or PZ).

W

PZ =¢=
Vs

(6.3)
Both the porosity as a decimal (e.g. 0.4) or as a
percent (e.g. 40 %) and the void ratio can be
calculated using the bulk density of a sample

Fig. 6.7 Fractions of the /
pore space in the total

(pB), because this is the easiest method and is
least prone to error. The equations used for this
purpose are:

_Ps.
PF’

n—

(6.4)

_PE_
PB

€ (6.3)

The bulk density of the sample (pg) can therefore
also be directly used as a measurement for the
packing. This is then referred to as the bulk
density or soil density (in contrast to the particle
density p,), where the mass of the soil dried at
105 °C is related to the total volume.

my

=3 (6.6)

PB
Here, my is the mass of the solids contained in a
volume Vz.

If the mass of the moist soil is related to the
total volume, it is called the wet density. In this
case, the total mass includes the mass of the
water (m,,) contained at that moment
(m = mg + my,).

6.1.6.3 Soil Pore Ratios

The size of the pore volume (or the void ratio)
depends on the texture and grain shape, the soil
organic matter content, and on the soil develop-
ment. Initially considering the most dense pack-
ing with spheres of the same size, regardless of

calculation of pore volumes
(=porosity) and void ratio;
Vp = pore volume,

V, = solid volume,

V, = total volume

volume as a basis for the T
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the sphere size, a pore volume of just under 26 %
is obtained, a void ratio of 0.35, and with quartz,
a soil density of pg = 1.96 g/em®. If the packing
is less well-arranged, the sample’s pore volumes
are larger. Thus, when spheres of the same size
are filled (e.g. glass beads) into a vessel, pore
volumes of 38-42 % (pg = 1.65-1.54 g/cm?) are
obtained. The pore volumes or soil densities
observed in sandy soils below the Ah horizon lie
in the same range. If this is compared to packing
with spheres of different size, the pore volume
decreases as the difference in size of the spheres
increases. Deviations from the spherical shape,
e.g. towards a more platy form, usually lead to an
increase in the pore volume (card-house struc-
ture). In general, an increase in pore volume is
observed with decreasing particle size
(Table 6.2), which is partly due to increasing
deviation from the spherical shape, and partly
due to the increasing effects of surface forces.
This is particularly true for the finest particle
size fraction, clay. If its generally platy particles
were all aligned in the same direction, its pore
volume should be much smaller than that
between the spherical sand particles. In reality,
however, clayey soils almost always have greater
pore volumes (Table 6.2). This is due to the
irregular, card-house-like packing of the clay
minerals, where the surface forces overshadow
the mass-related forces. Freshly deposited clayey
sediments, in which the interstitial spaces
between the particles are filled with water, have
pore volumes of 70-90 %. Due to the ‘floccu-
lating sedimentation’, the salt concentration in
this water as well as the type of exchangeable
cations further increase the pore volume.

Table 6.2 Variation of the bulk density, pore volume
and void ratio in mineral soils (C content up to 2 %)

Bulk density Pore volume Void
(g em™) (PV) (%) ratio (¢)
)
Sand 1.16-1.70 56-36 1.27-0.56
Silt 1.17-1.63 56-38 1.27-0.62
Loam  1.20-2.00 55-30 1.22-0.43
Clay 0.93-1.72 65-35 1.85-0.54

However, this large pore volume in clays is not
stable. If the particles move closer together when
water is removed from the overall system or if
the overlying layers press them together
(Sect. 6.2.2: shrinkage), the pore volume is
reduced to 40-50 %. Even in this range of
magnitude, however, the pore volume in clayey
soils is never as stable as that in sandy soils, but
rather can increase again with additions of water
due to swelling.

The pore volumes in other textural classes, e.g.
in silty soils, lie between those of sandy and
clayey soils (Table 6.2). This is especially true for
loess soils, which are important in agriculture. The
main exceptions are soils where the interstitial
space between large particles can be filled to a vast
extent with finer particles. As a result, the bulk
density increases in more poorly sorted textures.
This is observed e.g. in glacial loams, where this
effect is even intensified when the alignment of the
texture is improved by high pressure under the ice.
For this reason, ground moraines are often more
densely packed than push moraines, where the
finer particles are washed out by secondary melt
water outflow and the degree of sorting is
increased. In ground moraines, the measured pore
volumes range between 26-0.30 % (pg = 1.96—
1.78 g cm; & = 0.35-0.49). Bogs represent the
other extreme, with pore volumes of up to 95 %
(ps=0.1gcm >;£=9.77; ps = 1.4 g cm ). Soils
from volcanic ashes and tuffs (Andisols), which
are mainly found in Chile, Japan and New
Zealand, have pore volumes of 70-80 %
(pp = 0.8-0.5 g cm ;£ = 2.3-4.3).

The pore volume (PV) and void ratio (¢) can
be determined through sampling with a cylinder
of known volume and separately calculating the
volume fractions of water and air using
Egs. 6.1.2 and 6.1.3 in Sect. 6.1.6.2. The volume
of water is obtained by drying the soil at 105 °C
(pbw ~ 1 g cm™), and the volume of air can be
directly measured using e.g. an air pycnometer.

6.1.6.4 Pore Shapes

The shape of the pores in a subsoil consisting of
densely packed sand can be described using
linked tetrahedra and octahedra with the convex
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surfaces curved towards the middle of the pore.
These pores are called primary pores or also
texture-related pores.

It is difficult to describe the shapes of primary
pores in clayey soils, because they depend on the
orientation of the clay platelets, i.e. the type of
card-house structure (Fig. 6.10), and on the
mutual distance (Figs. 6.15 and 6.16). The
development of the card-house structure depends
on the composition of the exchangeable ions, the
salt content of the soil solution and the extent of
the maximum previous drainage.

In addition to these texture-related pores,
another group is found in soils, the secondary
pores. These mainly include the shrinkage
cracks, root and animal tunnels (earthworm
burrows), as well as irregular voids that are
formed e.g. through loosening and rummaging
by animals, windthrow or soil tillage (Fig. 6.16).

These secondary pores are often characterized
by strongly pronounced continuity and, com-
pared to the primary pores, a significant size
(equivalent diameter >50 pm). Their proportion
and their vertical length often have a strong
effect on the soil water and air regimes. Sec-
ondary pores also differ from primary pores in
that they can be relatively easily destroyed,
because the edges of the primary particles are
only supported by other particles on one side.
This is even truer for extensive pores, i.e. cracks,
than for tunnel-shaped pores. The secondary
pore system is often the hollow mold matrix of
the aggregates; in coherent soils, it is the worm
and/or root tunnels. The extent of the develop-
ment of the secondary pore system can therefore
also be described by the type of aggregates
(Sect. 6.3.1). It generally decreases in the soil
profile from top to bottom. This is clearly
expressed by the distribution of the hydraulic
conductivities, where the influence of the pri-
mary pore system increases with increasing
depth (Fig. 6.35). Thus, in soils with aggregated
structures, there are two interconnected pore
systems: a coarser secondary pore system and a
fine primary pore system.

6.1.6.5 Pore Size Distribution

Like for the texture, the pore size distribution
also represents a continuum that is divided into
conventionally defined ranges. The classification
used in this book is based on papers by F. SEKERA
and M. DE Boobt (Table 6.3). The boundaries
between the pore size ranges are based on char-
acteristic parameters of the water regime. The
equivalent diameters of 50 and 10 pm corre-
spond to the drainage boundary at different
matric potentials at field capacity (e.g. pF 1.8 and
2.5) and 0.2 um is the drainage boundary at the
permanent wilting point (pF 4.2) (see Sect. 6.4).
This classification shows that water in the fine
pores is generally not plant-available, although
certain desert plants (halophytes) are still capable
of extracting moisture out of fine pores up to a pF
value of 6.5. In contrast, the water in the
medium-sized pores is plant-available. The
coarse pores are generally empty of water in
terrestrial soils, and therefore their proportion is
decisive for the degree of soil aeration. This is
particularly true for pores with >50 um diameter,
which are also called large coarse pores. The
pore size is also important for root growth and
microbial activity, since root hairs (diame-
ter >10 um) are only able to penetrate coarse
pores, while fungal mycelia (diameter ca. 3—
6 um) and bacteria (diameter 0.2—1 pm) can also
live in medium-sized pores. However, the fine
pores are not accessible to microorganisms. In

Table 6.3 Division of the pore size ranges according to
the equivalent diameter and the matric potential (hPa, pF)
as a threshold value for the drainage of cylindrical pores

Pore size range ~ Pore Matric pF
diameter potential
(pm) (hPa)
Wide coarse >50 >—60 <1.8
pores
Fine coarse 50-10 —60 to 1.8-
pores =300 2.5
Medium-sized 10-0.2 =300 to 2.5-
pores —15000 4.2
Fine pores <0.2 <—15000 >4.2
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addition to the classifications mentioned here,
there are also other systems.

The pore size distribution of the primary pores
depends on texture and particle shape, and for the
secondary pores, on soil structure and thus on soil
development. For this reason, the coarse pore
fraction is generally greater the coarser the tex-
ture, i.e. the more sandy or gravel-rich the soils. In
contrast, the fine pore fraction is greater the finer
the soil texture. In sandy soils, the coarse pore
fraction dominates with 30 &+ 10 %, and decreases
with increasing clay content (Table 6.4). In clayey
soils, it is sometimes only of 2-3 %, and just like
with silty and loamy soils, it is strongly dependent
on soil structure. In contrast, there is a close
correlation between the fine pore fraction and the
clay content, which is reflected in the pore vol-
ume, even if it is less pronounced. In extreme
cases such as freshly deposited clays, it can be of
70 % and more. The mesopore fraction generally
correlates closest with the coarse silt content (20—
63 um) and reaches a maximum of 15 +7 % in
silty soils (loess soils). The relationship between
the coarse pores and the texture is not as close,
because they include the secondary pore fraction,
which is hardly texture-dependent.

Especially in sandy soils, an increasing soil
organic matter content leads to an increase in the
medium-sized and fine pores. Their extent
depends on the form and degree of humification
of the organic matter. Soils with high organic
matter contents, especially moors, usually have
very high pore volumes. However, their coarse
pore fraction decreases if the degree of humifi-
cation of the organic matter increases, and the
fine pore fraction increases at the same time.

Because of the water contents, the pore size
distribution is calculated at different matric
potentials. The physical law is described by the
capillary rise equation, i.e. the law of capillarity
or the Young-Laplace Equation:

r:2-y'cos<x 6.7)

h-py-g

Here, r is the capillary radius, y is the surface
tension of water, a is the wetting angle, & is the
height of the capillary rise, p, is the density of
water, and g is the acceleration of gravity. Because
the formula actually only applies to cylindrical
pores, an equivalent diameter is defined similar to
that used for determining the particle sizes
(Sect. 6.1.2). In doing so, all pores are included
whose capillary rise is equal to that in cylindrical
capillaries with a radius r. The height of the cap-
illary rise (k) is generally determined using the
pressure required to drain these capillaries. In
principle, the same methods are used as for the
determination of the binding strength of various
water fractions in the soil (cf. matic potential/water
content curve; Sect. 6.4.2.3). In addition to
assuming that the menisci are circular, the con-
version to capillary radii also requires assuming
that the soil has a rigid pore system. However, this
depends on the mechanical, hydraulic and chem-
ical tension situation (Sect. 6.3.3), and must be
defined specifically. Because every pressure can
be assigned to a specific pore diameter, providing
that the sample can be completely wetted: cos a = 1
and the chemical composition of the soil solution
is known, the water loss between two pressures
corresponds to the volume of a specific pore size
range. If the pressure is expressed as pF = log cm

Table 6.4 Total pore volume and the pore size distribution in mineral soils (C content up to 2 %) and organic soils

Pore volume

(%) pF< 138
Sand 46 £ 10 30 + 10
Silt 47 £ 9 15 £ 10
Clay 50 + 15 8+5
Half-fen 70 £ 10 5+£3
Bog 85+ 10 25 + 10

Wide coarse pores (%)

Medium-sized pores (%) Fine pores (%)

pF 1.8-4.2 pF> 42
75 5+£3
15+7 15+5
10+ 5 35+ 10
40 £ 10 25+ 10
40 £ 10 25 £ 10
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water column or log hPa, the correlations
between the pore diameter and pF shown in
Table 6.3 are obtained.

6.1.7 Temporal Changes

The particle size distribution is one of the soil
properties that changes relatively slowly. Still, it
must not be neglected that this soil characteristic
is also subject to changes governed by physical
laws. The same is also true for the packing of the
primary particles into aggregates. However, the
changes here take place much faster, which are
the regular results of pedological and also
anthropogenic processes. In contrast to textural
properties, structural properties have a more
short-lived character.

6.1.7.1 Textural Changes
Changes in texture through translocation in soils
(turbations) or material transport within the soil
take place more rapidly than changes in the size
of individual particles due to progressive
weathering. The same is true for the new for-
mation of primary particles. The mechanisms
within a soil that change the texture are particle
segregation (separation) and particle mixtures.
The former occurs at the soil surface as a result of
erosion events, if no further transport has taken
place. In the soil profile, downwards -clay
migration is the most important form of segre-
gation, which ultimately leads to the formation of
Luvisols (Sect. 7.6). Particle segregation can also
occur through the freezing of water (upward
movement of stones due to freezing, cryotur-
bation), still taking place today as a long-term
process in glacial till landscapes, or resulting in
the formation of stone garland or stone ring soils
in Arctic regions. Deeply humic and intensely
aggregated Vertisols can form as a result of
strong changes in volume in intensely swelling
clay minerals where there are regular
shrinkage/swelling cycles, leading to high
swelling pressures (peloturbation).

Especially in thin-layered deposited sedi-
ments, the particle mixtures are changed by root
and animal activity. This also includes the

mixing by endogeic earthworm species, which
hardly carry any soil material to the soil surface,
while other species make burrows with less
mixing. This bioturbation thus also changes the
particle mixture and often creates gravel layers in
the subsoil. Among the earthworms, the endogeic
species that consume soil along with their food
cause more mixing than the deep-burrowing
worms, which only build their living burrows
once in a lifetime. Tropical earthworms are par-
ticularly active (up to 27 kg m > a™"). Ants, and
in warm climates also other invertebrates such as
termites, contribute similarly to bioturbation
(see Sect. 4.1). The same is true for rodents
(hamsters, European ground squirrels, gophers)
in steppe soils. Another form of turbation is
windthrow in forest climates, which is so
important that it was given a special term,
arboturbation. This arboturbation plays a deci-
sive role in the formation of Stagnic Albeluvisols.

6.1.7.2 Changes in the Packing

Changes in the packing represent either an increase
or a decrease in the proportion of pores. Increases
are generally associated with a rise in the soil sur-
face as well as a reduction in the number of contact
points per primary particle. A reduction in the pore
volume generally leads to a lowering of the soil
surface and an increase in the number of contact
points per primary particle (Fig. 6.6).

Under natural conditions, without any
anthropogenic influences, every soil formation is
initially associated with a rise in the soil surface,
and therefore a loosening of the initial packing.
This rise does not affect all parts of the soil
profile to the same extent, rather its effect
decreases with increasing depth of the observed
zone in the profile. This is caused on the one
hand by decreasing bioturbation and/or cryotur-
bation intensity with increasing depth, and on the
other, by the decreasing load of the soil horizons
to be lifted when moving towards the soil sur-
face. Because soil heaving is associated with a
reduction in the number of contact points, it
simultaneously leads to a decrease in the stabil-
ity, i.e. of the strength towards increasing loads.
This pedogenic heaving is clearly visible when
the subsoil has a high density, as is the case in
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most terrestrial soils. This limitation is particu-
larly striking in soils originating from glacial till,
where the soil was loosened only to a maximum
depth of 2 m in more than 10,000 years. This is
then followed by a layer with a high bulk density,
which can be derived from the former glacier
thickness, and has a higher strength (=precom-
pression stress due to former loading). The value
of the preload is therefore also used to recon-
struct the glacier thickness (see Sect. 6.3.2.2).
Human activity on the soil surface always
leads to a compression on the long term, which is
associated with lowering of the soil surface. This
is true for all forms of soil management (agri-
culture, forestry, pasture) (see also Sect. 10.7.2).
The extent of pedogenic loosening, as well as
pedogenic (during weathering such as decalcifi-
cation, podzolization and clay migration) or
anthropogenic subsidence generally cannot be
directly observed in the field. However, it is
usually clearly discernible when the void ratio for
a depth of up to ca. 1 m is plotted against the soil
mass overlying the corresponding reference
depth (=load). On a semi-logarithmic represen-
tation, this results in a straight line for virgin
(normal compacted ) soils, and a broken line for
soils that have been used. Figure 6.8 shows
examples of these packing curves for a Cambisol
under forest or under agricultural use. In an
“unused” state under forest, intense bioturbation
(also in association with arboturbation) leads to a
very loose packing, represented by the packing
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Fig. 6.8 Packing curves: correlation between void ratio
and normal stress of the soil for two normal i.e. virgin
soils (virgin compaction state of the profile) and two soils
under agricultural use (pre-compacted state of the profile)

curve with a strong negative slope. With agri-
cultural (field) use, in contrast, a corresponding
strong compression takes place, because espe-
cially in ploughed topsoils, the loosened soil is
less stable due to reduced support of the primary
particles and aggregates, and is thus very sus-
ceptible to compaction.

The other example shows Castanozems in
short grass steppes. Here, the negative slope of
the packing curve is much lower, not only
because there is little pedoturbation in the arid
climate, but also because simultaneously the
more intensive desiccation results in more sig-
nificant contraction of the particles and thus
contributes to aggregate formation. Accordingly,
there are a greater number of contact points with
aggregates and primary particles, and the
strength increases. In this case, agricultural use
does not result in much change.

6.1.8 Correlation Between
the Solid Phase and Other
Soil Properties

Because of the close relationship between the
soil’s water holding capacity and its texture,
packing and stability, it is also possible to use
this data to draw conclusions on the character-
istics of the soil water and air regimes, and on its
mechanical strength. Because in many cases, this
is the only source of data on the water regime or
on the large-scale mechanical stability, and also
often represents a procedural simplification,
numerous mathematical approaches exist that are
called pedotransfer functions.

6.2 Interactions Between
the Solid and Liquid

Phases

Contiguous phases generally do not react neutral
to each other, rather there is always attraction or
repulsion reactions taking place. In the case of
attraction, the mobile phase is adsorbed to the
solid phase. This is mainly true for water
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molecules, which are preferentially adsorbed
onto mineral surfaces due to their polarity. As a
result, the particle surfaces in soils (apart from
the exceptions: the topmost cm of soils in
extreme aridic deserts, are so-called “puffy”
(these are soils containing organic matter, or
drained moors, where peat mineralization takes
place. The drained moor particles react therefore
hydrophobic with very reduced swelling
potential.

Generally, the first layers of water molecules
are firmly bound to the particle surfaces, whereas
the further layers are less firmly bound with
increasing distance.

As a result, the first water molecule layers can
only be displaced at punctual sites through
grain-to-grain contacts with minimal area; this is
hardly the case with extensive contact areas, as they
are found in fine-grained and clay-rich substrates.
Here, the water films are contiguous. This has
effects on the changes in volume caused by water
additions (=swelling) or desiccation (=shrinkage).

Thus, swelling processes depend on the
properties of the clay minerals, their state of
flocculation, or the stress release of the aqueous
phase. Shrinkage processes depend on the wet-
tability of the particle surfaces and on the surface
tension of the soil water. The consistency of a
soil, in turn, depends on the one hand on the
texture, and on the other, also on the state of
flocculation of the clay particles. Especially with
sudden changes in the ambient conditions, e.g. if
there are sudden changes in pressure in the soil
water, or if changes in pressure are caused by
compression of the granular packing, the floc-
culated soil structure can collapse or also liquify.

6.2.1 Flocculation

and Peptization

The processes of flocculation (=coagulation) and
peptization affect particles of colloid size. In
chemistry, the boundary between coarsely dis-
persed and colloid-dispersed substances is drawn

at a diameter of 0.1 pm. In soil science, however,
the range of the colloid fraction in soils is com-
bined with the range of the clay fraction, because
soil particles with a diameter of up to 2 pm also
exhibit colloidal properties.

This is amongst others due to the particle
shape in the clay fraction. The thinner the clay
mineral platelets, the more the properties caused
by the mass are overshadowed by the properties
related to the surfaces. Therefore, the colloid-like
behavior becomes more obvious.

In a soil suspension, the particles are subject
on the one hand to gravity, which causes sedi-
mentation, and on the other, to the effects of
diffusion due to Brownian molecular motion,
which  counteracts the settling. If an
electrolyte-free, strongly diluted clay suspension
is left to settle, the clay particles can remain in
suspension for a long time (days or even weeks)
before they flocculate. Under these conditions,
the collisions between the particles caused by
Brownian motion only seldom result in adhesion
of the particles to each other, because only
high-energy collisions (high kinetic potential)
enable the particles to approach enough to pen-
etrate the relatively large thickness of the elec-
trical double layer (Sect. 5.3).

The frequency of adhesion of two particles
after a collision caused by Brownian motion is
greater if (a) the electrical double layer becomes
thinner, i.e. the salt concentration in the outer
solution increases, and/or if (b) the pulse inten-
sity of the collisions increases, i.e. with increas-
ing temperature in the system. The process
involved in the formation of larger units from
adhering primary particles is called flocculation
or coagulation. The newly formed larger units
(flakes, coagulates) sink more rapidly out of the
suspension to the ground, because they are less
affected by Brownian motion than the individual
particles.

When the salt concentration in the soil solu-
tion decreases, the flocculated state is lost again.
The primary particles can then be easily sepa-
rated again by light kneading or stirring. This
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separation process with the reestablishment of
the non-flocculated, i.e. suspended state, is called
peptization.

Because the flocculated particles are irregu-
larly attached to each other, sediments that are
formed from flocculated suspensions are more
voluminous than those originating from
non-flocculated (peptized) suspensions. They
have a larger pore volume and therefore inhibit
the percolation of water less than sediments from
non-flocculated deposited particles. For this rea-
son, layers of non-flocculated deposited clay can
be used e.g. to seal irrigation channels. Inversely,
the separation of non-flocculated colloids from
water is impeded by the formation of a poorly
permeable sedimentation layer e.g. on the soil
surface.

Flocculated and peptized soil particles behave
differently due to the varying nature of the link-
ing of their individual particles under different
types of loads. In a flocculated state, the free
mobility of individual particles is smaller than in
a peptized state. Their dislocation during the
course of soil surface sealing is therefore smaller.
However, the plastic deformability at the same
moisture content is greater in a flocculated state
than in a peptized state, because the open struc-
ture of the flakes contains more readily mobile
water.

Due to the friction to be surmounted during
particle displacement, kneading stress often ini-
tially results in high resistance, which rapidly
decreases with progressive deformation through
the “lubricating effect of water” The resistance
threshold caused by the reversible disruption of
weak links through kneading, stirring or shaking
is called thixotropy; the resulting flow of soil is
called liquefaction. Especially in the building
sector, this liquefaction is of special importance
considering the total loss of stability exhibited by
some soils; in agriculture and forestry, the
vibrations caused by harvesters on moist soils
can lead to extensive liquefaction and thus
transform the soil structure into a soupy state.
Also to be mentioned in this context, the proce-
dure involving simple knocking on a soil auger
to determine the height of the effective capillary
fringe in the soil is based on the visual effect of

the soil flowing back together in the sampler
(=thixotropic behavior).

6.2.1.1 Energetic Interactions
Between Soil Colloids

Soil colloids interact through their adsorbed
cations, adsorbed water, and direct contact,
whereby electrostatic interactions take place
between positively and negatively charged sites
on the surfaces. Above the (pH-dependent) iso-
electric point, the charge is always negative on
the edges of clay minerals and on humic sub-
stances, and below this point, it is always posi-
tive (see Sect. 5.5), so that corresponding
interactions can be expected. Attraction and
repulsion forces can occur between soil colloids.

The repulsion between two approaching clay
particles is based on (a) the same electrical
charge of the counterion, (b) the binding strength
of the adsorbed molecules in the ambient med-
ium and (c) the concentration and composition of
the solution within the electrical double layer. As
a result of the strong osmotic pressure gradient,
the soil solution tries to dilute the solution in the
double layer. This causes neighboring particles to
be pressed apart. The strength of osmotic forces
is demonstrated e.g. by the swelling and the
swelling pressure of strongly drained clays.

Two particles become attracted to each other
when they separated by a distance of less than
about 1.5 nm. This is caused by various forces
(see organo-mineral compounds, Sect. 3.2):
(a) Van der Waals forces between molecules and
atoms, (b) formation of bonds through chain
molecules (see polyelectrolytes, Sect. 5.4),
(c) Coulomb forces between positive and nega-
tive surface charges, (d) boundary surface forces
between non-miscible components (e.g. water/air
meniscus forces). When the particles are closer
than ~ 1.5 nm apart, the diffuse layer overlap and
they now belong to both particles. The attraction
forces outweigh the repulsion forces as long as
the repulsion forces don’t increase again signifi-
cantly if the particle distance becomes even
smaller (and thus also with positive potential),
due to irregularities on the particle surfaces that
are approaching each other (Born repulsion). All
factors that reduce the thickness of the electrical
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double layer therefore promote the formation of
flakes and larger aggregates. The two main fac-
tors here are the concentration of the solution and
the valence of the adsorbed cations. Figure 6.9
shows the effect of the salt concentration on the
potential occurring when colloids approach each
other. Here, the potential is the work or energy
that must be expended to force the particles to
approach against the repulsive forces. The figure
shows (a) the individual curves for the positive
potentials caused by repulsive forces (dashed
curve above the abscissa), (b) the individual
curves for the negative potentials caused by
attractive forces (dashed curves below the
abscissa), (c) the resultant obtained by adding the
positive and negative potentials for the individual
particle distances. If the observations are based
on respectively the same particles, the potential
curves can also be considered as energy curves.
The slope of the curves for the different particle
distances is a measurement for the effective
attractive or repulsive forces. Their size and
orientation depending on the distance from the
particle surface is also shown in Fig. 6.9 (dotted
curve). The increasing attraction below a dis-
tance of ~ 1.5 nm is defined by the intersection
of the resultant with the abscissa. However, if the
distance becomes even smaller after crossing the
minimums (for the potentials or forces), the
particle repulsion resulting from irregularities
(BORN repulsion) once again leads to increasing
repulsive forces or positive potential values.
Furthermore, the figure demonstrates that the
course of the potential curves depends on the salt
concentration. At low salt concentrations, the
potential, i.e. the energy required to approach
even closer, initially increases almost exponen-
tially as the particles approach. The curve
becomes flatter with the increasing effect of
attractive forces as the particles approach closer.
The energy contributions required to approach
closer become smaller and smaller, and reach a
value of zero at the maximum of the curve. This
energy barrier, or the distance at which this
maximum energy contribution is required, must
be crossed if the particles are to unite and form
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Fig. 6.9 Schematic representation of the potentials (P),
the potential cumulative curve (=resultant), and the forces
between two particles in a suspension as a function of the
particle distance (after van Olphen, modified)

flakes. The figure also shows that the repulsive
force reaches its maximum (Point B) at the par-
ticle distance where the slope of the potential
cumulative curve is the greatest (Point A). When
the maximum potential is reached, the repulsive
force is equal to zero (intersection of the forces
curve with the abscissa). The particles attract
each other as they approach further. This rarely
occurs at low salt concentrations, so that floc-
culation only reaches a greater extent after weeks
or months. Soles with such properties are called
stable. With increasing salt concentration, the
attractive forces dominate at every particle dis-
tance, except with maximum proximity. There-
fore, there is no energy barrier to surmount. The
flocculation rate reaches its maximum at high salt
concentrations. The increase in the flocculation
rate, both with a rise in the salt concentration and
under the influence of polyvalent cations (com-
pared to monovalent), is due to a decrease in the
thickness of the diffuse part of the double layer
(see Chap. 5). In this case, it is referred to as
rapid flocculation.
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6.2.1.2 Effect of Exchangeable
Cations and Valence
on Flocculation

The flocculation sensitivity of exchange media,
i.e. the tendency to change over to a flocculated
state, increases with the valence of the sorbable
cations; for negatively charged exchange media in
the sequence: Me* < Me?* < Me** — (Me = metal
ions). If e.g. an Na*™—saturated clay mineral is
suspended in water, a very stable sol is formed.
The peptizing effect of Na™ ions is used for texture
analysis (Sect. 6.1.3.3). In contrast, sols from
exchange media that are saturated with polyvalent
cations, e.g. with Ca®* or AI’*, are very instable
and flocculate within a relatively short time.
Flocculation is accelerated when a saline solution
is added to the sol. At high salt concentrations,
flocculation takes place very rapidly, regardless
of the valence of the exchangeable ions and of the
cations in the solution. At low concentrations, as
they are found e.g. in soil solutions in the field,
flocculation takes place slowly, but it is strongly
influenced by the valence of the ions.

(a) Particles with negative charge (cation
exchange media)
According to the rule by SchuLze-HArpY,
the flocculating effect of electrolytes that do
not react chemically with the colloid is
greater the higher the valence of the coun-
terions, i.e. in the case of clay minerals, that
of the cations. Investigations on various
colloids (arsenic(IIl) sulfide, silver iodide,
gold) delivered the following flocculation
values, i.e. the salt concentration at which
rapid flocculation of the sol begins, for

Monovalent cations 25 to 150 mmol L!
Divalent cations 0.5 to 2 mmol L ™!
Trivalent cations 0.01 to 0.1 mmol L™*

Particularly high salt concentrations are
required for flocculation in soils with high
Na saturation (Table 6.5). Na-rich soils are
therefore only flocculated in the presence of
relatively high salt contents in the soil
solution, and easily change over to a pep-
tized state in case of desalination. In this

Table 6.5 Flocculation values for an aqueous suspension
of a Na and a Ca montmorillonite after the addition of
NaCl and CaCl, (after O’BRIEN)

Clay mineral NaCl CaCl,
(mmol L™1) (mmol L)

Na 12-16 1.2-1.7

montmorillonite

Ca 1.0-1.3 0.09-0.12

montmorillonite

state, in turn, they have a high swelling
capacity. In contrast, drainability and infil-
tration are strongly impeded due to the often
relatively dense packing. For this reason, in
soils with high Na saturation, an attempt is
made to substitute Na* with Ca®* (structural
amelioration of saline and sodic soils).
Compared to cations of different valence,
cations of the same valence exhibit only
very small differences in the flocculation
values. It was often observed that they
increase according to the lyotropic series
(=Hofmeister ion series, see Chap. 5):

Lit <Na* <K' <NH,;" <Rb" <Cs*
Mg®" <Ca*" <Sr*" <Ba**

For cation exchange media, the valence of
the anions of salts only has a very slight
effect on the flocculation values, provided
that the anions do not chemically react with
the particles. Therefore, with the same cat-
ion, chloride, nitrate and sulfate have very
similar flocculation values. Already because
of its very low concentration in the soil
solution, the flocculating effect of phosphate
ions is of minor importance.

Particles with positive charge (anion
exchange media)

For positively charged colloids and thus
anions as counterions, e.g. with Fe and Al
oxides below their point of zero charge, the
valence of the anions is decisive for floccu-
lation, for example in acidic Ferralsols. The
Schulze-Hardy rule also applies to anions. As
was proven for sols of Fe and Al oxides, for